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Abstract

Rodhe, A., (1987): The origin of streamwater traced by oxygen-18. Uppsala Univ., Dept. Phys. Geogr.,
Div. Hydrol., Report Series A 41, 260 pp. Appendix 73 pp.

Along what flowpaths the rain- or meltwater flows before reaching the stream, and the related dyna¬
mics, are basic questions in many environmental problems. The stable isotope oxygen-18 was used as
a tracer to separate stream discharge into flows originating from groundwater and rainwater or melt-
water. Ten basins, with areas 0.03-6.6 km2 and dominated by forested till soils, were investigated.

For 29 separated snowmelt runoff events, the volume fraction of groundwater, or pre-event water,
ranged between 32% and 95% of the discharged volumes, with a median value of 61%. Of the total
streamflow in spring, the fractions ranged between 41 and 86%. The groundwater fractions were gene¬

rally larger during rainfall-generated events, with fractions always exceeding 68%. Groundwater frac¬
tion and maximum specific discharge were inversely related. Isotope enrichment in wet areas may have
introduced an error when hydrograph separation of some events in basins of low relief was performed,
as may also molecular exchange of oxygen-18 between overland-flowing water and groundwater.

The areal extent of saturated discharge areas was estimated assuming all new rainwater or meltwater in
the streams to originate from the rainfall or melting on such areas. The discharge area of the basins was

then found to range between 2% and 60%, median value 22%, for snowmelt events and between 0.2%
and 17%, median value 3%, for rainfall events. From a few field surveys during snowmelt it was found
that the estimations of the discharge areas were realistic, with the exception of the highest fraction.

Reservoir volumes for soil water and groundwater were estimated from the damping of input fluctua¬
tions in the oxygen-18 content during water flow through the basins. The calculated reservoir volumes
of 200-300 mm corredspond to mean transit times for water in the basins of 0.5-1.5 years.
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1 INTRODUCTION

The mechanism by which rainfall or snowmelt in a basin is trans¬
formed into streamflow, i.e., the runoff process or the process

of streamflow generation, is not yet fully understood. Three
hundred years after the establishment of the mass balance for
water in a basin (generally attributed to Perrault 1674) many

questions remain concerning the water flow from rainfall to the
stream. The basic questions which need to be answered, and
related to climate and physiography, are: What paths do the
water particles take through the basin, what are the magnitudes
of the flows and residence times of the water on the surface
and in different soil layers, and how can these processes be
formulated mathematically? A better knowledge of the runoff
process is urgently needed for a further development of math¬
ematical runoff models and, particularly, for an understanding
of the chemical changes taking place in the water during its
flow through the basin to the draining stream.

In this study, one aspect of the runoff process is investigated:
the origin of streamwater. Estimates are made of the contri¬
bution to streamwater flow by fresh rainwater or meltwater, on
the one hand, and by groundwater, on the other. The estimates
are made using the environmental stable isotope oxygen-18 (180)
as a tracer.

1.1 Theories on streamflow generation

What is considered today to be the traditional picture of
streamflow generation is the infiltration theory formulated by
Robert E. Horton during the early decades of this century
(Horton 1933, 1945). The theory was advocated as a tool for
making better forecasts of streamflow from rainfall data than
the existing theories, which viewed runoff either as a certain
fraction of rainfall or as the difference between rainfall and

evapotranspiration. These latter approaches could at best give
information about long-term mean flow, not about individual run¬

off events (Horton 1933). Horton introduced the term "rainfall
excess" as the amount of rainfall which falls at intensities

exceeding the infiltration capacity of the soil. He thereby
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stressed the role of soil properties in determining the infil¬
tration capacity, and rainfall intensity as giving more
information than just rainfall amount.

The rainfall excess is assumed to generate overland flow, some

of which is captured as surface detention while the remainder
flows to the draining stream. Stormflow in streams is considered
to originate from overland flow from the whole basin. This over¬
land flow is added to outflowing groundwater which, depending
on soil moisture conditions, is in varying degrees affected by
the rainfall that caused the stormflow. Between the stormflow

events the streams are fed by groundwater. From the storm event
hydrograph and the recorded rainfall the infiltration capacity
of the basin can be calculated and used later in forecasting
streamflow for given rainfalls.

This view of the runoff process has formed the basis for
applied hydrology up to the present day. The widely used unit
hydrograph (Sherman 1932) is an early forecasting model based
on the Hortonian infiltration theory. Alternative views,
stressing the dynamic nature of subsurface flow, existed early
(Hoyt 1942, Hoover and Hursh 1943) but seem to have had little
influence on hydrological practice. However, during the 1960s
and 1970s the validity of the Hortonian infiltration theory in
humid temperate areas was questioned, even though it still
forms a common visualization of streamflow generation.

In the early 1960s, researchers in the eastern United States
suggested that rainfall over only a minor part of the drainage
basin contributed to stormflow. Starting from Hortonian theory,
Betson (1964) developed an infiltration equation and inter¬
preted the results such that rainfall intensity exceeded infil¬
tration capacity over only a fraction of the basin, which he
called "partial areas". These were supposed to be mainly those
regions close to the stream where the infiltration capacity is
low, or zero, due to high soil moisture content. On the basis
of hydrograph analysis the Tennessee Valley Authority (1965)
developed a time distribution function for storm runoff from
precipitation. The best fit to observed stream discharge was
obtained when runoff was assumed to originate from rainfall
over "variable runoff-producing areas", i.e., areas whose
extension varies with time due to changes in soil moisture
status. The runoff process is thoroughly discussed by Hewlett
and Hibbert (1967) on the basis of their concept of "variable
source areas" (introduced by Hewlett 1961). The limitation of
the Hortonian infiltration theory was demonstrated in a later
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study by Hewlett et al. ( 1977). Regression analyses of a 30-
year series of recorded precipitation showed that storm runoff
was strongly correlated to rainfall volume and that rainfall
intensity had little influence upon stormflow production.

In a classic field study of runoff production Dunne and Black
( 1970a, b) found that overland flow occurred only on areas where
the water table had risen to the soil surface. They introduced
the term "saturation overland flow" to distinguish this over¬

land flow from that described by Horton, which occurs on
unsaturated soil (although the very topmost layer must be satu¬
rated for any type of overland flow to occur). Dunne and Black
stressed that the areal coverage of the partial areas depends
on the groundwater level, which thus determines the hydro-
logical response of a basin to a certain rainfall. According to
them, stormflow in streams is dominated by saturation overland
flow, mainly caused by rainfall on saturated areas. The role of
groundwater in streamflow generation is passive. It regulates
the extension of the saturated areas, which in turn determines
the occurrence of overland flow and thus streamflow production.
This view is strongly supported by Freeze (1972a, b; 1974) who
argued from results of simulations with physically based math¬
ematical models for hillslope runoff.

The partial area concept discussed by Hewlett and Hibbert (1967)
is different. They emphasized the active role of soil water and
groundwater in streamflow generation. Their "variable source
areas" constitute saturated or near-saturated areas connected

to the stream. These areas transmit unsaturated subsurface flow

from the upper parts of the hillslopes to the stream. The sub¬
surface flow is considered to be an important component of
stormflow, and a large fraction of the streamwater discharged
during a storm is assumed to consist of old water, transported
in the soil by so-called "translatary flow". The existence of
this subsurface stormflow has been under considerable debate

(Freeze 1974, Knisel 1973, Hewlett 1974, Martinec 1975, Ward
1984) .

Several studies using environmental isotopes have shown that
fresh rainwater generally constitutes a minor part of the
streamwater during runoff events (e.g. Sklash and Farvolden
1979, see Chapter 3). These studies give little information on
the flow processes within the basin, but they show unequivo¬
cally the existence of some sort of "subsurface stormflow".
However, many recent papers, discussing the runoff process,
make no reference to isotope studies (see for instance the two
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textbooks "Hillslope Hydrology" (Kirkby 1978) and "Hydrological
Forecasting" (Anderson and Burt 1985), both of which contain
several chapters on streamflow generation).

The concept of "variable source area" is somewhat similar to
the concept of "variable discharge area for groundwater", which
has formed the basis for a great part of the hydrological re¬
search in Sweden since the late 1960s. Noting that the water
table in Swedish till soils largely follows the topography,
Gustafsson (1968), using an earlier mathematical model of
groundwater flow (Gustafsson 1946), showed that a basin can be
divided into recharge and discharge areas for groundwater,
depending on whether the flow is directed into or out of the
groundwater zone. The lower part of certain slopes, certain
low-lying areas adjacent to the stream, and the stream itself,
constitute discharge areas. The upper parts of slopes and elev¬
ated areas in general are recharge areas. The upward and down¬
ward directions of groundwater, caused by an undulating water
table, was shown theoretically by Hubbert (1940) and given some

field evidence from piezometer measurements by Kirkham (1947).
Further support comes from the mathematical analysis of ground¬
water flow by Töth (1963), who identified different groundwater
flow systems in the vertical plane. Gustafsson (1968) discussed
field characteristics of the discharge areas, such as veg¬

etation, soil profile, and agricultural practice.

The view of recharge and discharge areas, based on steady-state
flow conditions, has been developed into a general picture of
streamflow generation in Swedish till soils (e.g. Eriksson,
1985). Stormflow in the streams is mainly caused by outflowing
groundwater from discharge areas due to infiltration in recharge
areas. The other component of stormflow is the rainfall on the
discharge areas, flowing as overland flow to the stream together
with the out-flowing groundwater. This view, which is discussed
in some detail in the last chapter of this report, is the hypo¬
thesis for the present study.

Recent literature reviews on the process of streamflow gener¬
ation are those by Dunne (1983) and Ward (1984) and, for
tropical areas, the one by Walsh (1980). The above-sketched
hypothesis for streamflow generation in Swedish till soils is
discussed in detail by Grip and Rodhe (1985), who also relate
the flow pattern to chemical processes in the water.

To conclude this presentation of the growth of theories for
streamflow generation, one can state that the general view
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among researchers today is that the Hortonian model is of
little relevance in humid temperate areas and that some sort of
areally variable active area has to be considered. There are,

however, contradicting opinions in the international literature
concerning the processes involved, particularly concerning the
role of soil water and groundwater flow in generating stream
stormflow. This disagreement is certainly partly due to differ¬
ent topographical, geological and climatological conditions in
the areas where field studies have been undertaken, and to the
problems of generalizing the results with regard to these
factors. But it may also reflect the difficulties in inter¬
preting field data so as to understand the processes involved
in one single investigated basin.

1.2 Outline of the present study

The aim of the present study is to contribute to the under¬
standing of the processes of runoff by investigating the roles
of new rain- or meltwater and groundwater in stream runoff.
Streamflow in ten small basins and sub-basins is divided into

these two flow components using environmental 180 as a tracer.
The separation of streamflow into components is commonly called
hydrograph separation (e.g. Linsley et al. 1949). Here isotopes
of the water are used for the separation, hence isotopic hydro-
graph separation.

Since stable isotopes have seen little use in hydrological
studies in Sweden, their application to problems concerning the
process of runoff is investigated in some detail. Particular
emphasis is placed on the methodological problems associated
with isotopic hydrograph separation and the problems involved
in using isotopes to model the flow of water and chemical com¬

pounds through a basin.

The thesis is arranged as follows:

Chapter 2 is a literature review of studies on the process of
runoff. The review is organized according to the methods of
investigation. Field studies on the various stages of the
process are treated in rather great detail. Then follows a dis¬
cussion on the more or less integrated results of the various
processes involved, obtained by mathematical modelling of hill-
slope flow and by isotope studies.
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Chapter 3 presents the method used for isotopic hydrograph
separation and for interpreting the estimated contributions of
new rain- or meltwater in terms of hydrologic conditions within
the basin. An introductory presentation of oxygen-18 as a

tracer in hydrology is also given.

The investigated basins and the measurements are described in
Chapters 4 and 5 respectively.

Chapter 6 is a discussion on fractionation processes for 180
during water flow through a basin. The intention is to ident¬
ify, and if possible quantify, isotopic changes which may
affect the interpretation of the -*-80-content of water in terms
of hydrological processes. A model for isotopic changes of
water exposed to the atmosphere is developed and its sensi¬
tivity to variations in parameters and input data is discussed.
The rate of isotopic change under various conditions encountered
by the water (as liquid water or as snow) is judged from exper¬
imental results reported in the literature and from applications
of the model. In these theoretical considerations, climatic,
hydrologic and physiographic conditions are chosen so as to
roughly represent the basins in the present study.

As a background to the hydrograph separations by 180, and to
the use of 180 for hydrological and hydrochemical modelling,
observed data on the ^80-content of precipitation and snowpack
are presented in Chapter 7. The data on precipitation are dis¬
cussed briefly in order to give an idea of the temporal and
areal variability related to the present study. The snowpack
data are analysed in more detail in an attempt to make general¬
izations on the relationship between the 180-content of melt-
water, i.e., of the water input to the soil, and the 180-content
of winter precipitation.

The hydrograph separations by 180 are presented in Chapter 8.
Here, runoff events generated by snowmelt and by rainfall are

treated separately. Many methodological problems are discussed,
such as changes of the 180-content of the groundwater component
of streamfiow during runoff events, the time lag between the
changes in tracer concentration and discharge during streamfiow,
and damping in the channel network of short-term fluctuations
in tracer concentrations. The extent of discharge areas as
estimated from 180 is compared with the results of a few field
surveys. A simple model for estimates of reservoir volumes and
transit times for water in a basin is also presented and
applied. Contrasting with the hydrograph separations, which are
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event studies, these estimates are based on the long-term
variations (several months) of the 180-content of precipitation
and streamwater. The discussion on the hydrograph separations in
this chapter is mainly restricted to methodological questions.
Conclusions concerning the process of runoff are drawn in
Chapter 10.

The sensitivity of the isotopic hydrograph separations to errors

in the input variables is discussed in Chapter 9. Attempts are

made to quantify random and systematic errors in the input
variables and to give figures on the accuracy of the results
obtained.

In Chapter 10, finally, the results of the hydrograph separ¬
ations are summarized and related to the hydrologic character¬
istics of the events. The mechanism by which rain- or meltwater
generates streamflow and the role of different parts of a basin
in this process is discussed on the basis of a hypothesis given
for the runoff process in forested till soil.

An appendix is printed as a separate volume. It contains dia¬
grams on the temporal variation of the isotope content of
precipitation and streamwater during the investigated periods,
diagrams of all separated snowmelt events, and annotated dia¬
grams of the rainfall events not presented in the main text. It
further contains two appendices to the uncertainty discussion
in Chapter 9. In one of them, possible systematic errors due to
tracer changes by molecular exchange between overland-flowing
water and groundwater are discussed rather thoroughly.
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2 REVIEW OF LITERATURE ON STREAMFLOW GENERATION

When analysing field results on the process of runoff, the first
step is, of course, to interpret the results in terms of pro¬
cesses within the investigated domain, which may be a plot, a

hillslope section or a basin. The difficulties may be very great
even at this stage, and erroneous conclusions are certainly
drawn in many cases. When it comes to generalizations of the
results for applications at other sites, the difficulties might
seem insurmountable, considering the complex structure of a

natural basin and the large variability in topography, geology
and climate between different basins. But it is necessary to
make generalizations, and since the physical laws governing
water storage and flow are universal, it is possible. At the
present stage of knowledge there exist a few very general views
on the process of runoff, commented upon in Chapter 1. These
views are useful when one is to interpret field results or

predict general flow patterns for water. But when one tries to
understand the details of the runoff process in a particular
basin, one has to consult the sum of experience from various
investigations. With this in mind a review of studies that
enlighten the process of streamflow generation is given in this
chapter. The various results are presented in rather great
detail, and general conclusions are drawn at the end of the
chapter. An important question when making the review has been
to find documented field evidence of subsurface stormflow and

explanations of the mechanism governing such flow. The review
is restricted almost exclusively to literature in English,
mostly reporting investigations in humid, temperate areas in
North America, Great Britain and Central Europe.

The hydrological conditions in most of the areas in which
investigations have been reported differ from those in the
Swedish till soils on crystalline rocks. One important differ¬
ence is the shallow groundwater encountered in such Swedish
areas, even in elevated localities. In many of the reported
studies the groundwater table is close to the soil surface only
in the valley bottoms, whereas shallow groundwater-in the hill-
slopes is absent or develops only during wet conditions.

Knowledge of streamflow generation has been obtained by investi¬
gations using many different methods. The most important have
been:
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Measurement of infiltration capacity by infiltrometers

Overland flow measurements from runoff plots

Subsurface flow measurements by water collectors in pits or

natural seepage faces

Subsurface flow measurements using artificial tracers

Detailed monitoring of soil water and groundwater conditions
including mapping of surface saturated areas.

Comparisons between rainfall and streamflow characteristics
Mathematical modelling of soil water and groundwater flow in
hillslopes
Mathematical analysis of groundwater levels and flowpatterns
on a basin-wide scale

Hydrograph separation using water chemistry or environmental
isotopes

The review is organized according to the above list. Special
attention is given to results applicable to Swedish conditions
and to the method used in the present study, i.e., hydrograph
separation by environmental isotopes.

Some central terms used in the literature on the process of run¬

off are listed below. The terms are not always clearly defined,
or they are defined in different ways by different authors. The
definitions given here are those used in the present text.

Soil water. Water in the soil or bedrock having a pressure

below that of the atmosphere. Occurs in the unsaturated zone.

Groundwater. Water in the soil or bedrock having a pressure

above or equal to that of the atmosphere. Occurs in the satu¬
rated zone. Saturated zones may develop above impeding layers,
underlain by an unsaturated zone. If such a saturated zone is
permanent, deep, and of large areal extent, its water may be
considered as groundwater (so-called perched groundwater). If a

saturated zone overlying an unsaturated zone is very shallow
and small, and if it occurs only occasionally during wet
periods, the water is not considered to be groundwater.

Saturated area. Area in which the groundwater zone reaches the
ground surface.
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Recharge area. An area in which the flow is directed into the

groundwater zone. (An area with downward flow in the uppermost
groundwater.)

Discharge area. An area in which the flow is directed out of
the groundwater zone. (Normally an area with upward flow in the
uppermost groundwater).

Unsaturated flow. Flow of water having a pressure below that of
the atmosphere.

Saturated flow. Flow of water having a pressure above or equal
to that of the atmosphere. Saturated flow in the soil may occur

in zones not considered as groundwater zones (see definition of
groundwater).

Subsurface flow. Unsaturated or saturated flow in the soil or

bedrock with flow paths directed towards the discharge area.

Subsurface stormflow. Subsurface flow that contributes signifi¬
cantly to the stormflow hydrograph in the stream.

Overland flow. Flow of water on the ground.

Saturation overland flow. Overland flow in saturated areas.

Hortonian overland flow. Overland flow in unsaturated areas,

occurring when the rain or snowmelt intensity exceeds the infil¬
tration capacity of the soil.

Runoff event. The increase of streamflow directly associated
with a certain period of rainfall or snowmelt and the sub¬
sequent recession to about the initial value. The term'is also
used to denote the time period during which the above flow
takes place.

Event water. Liquid water entering the basin during the event,
i.e., new rain- or meltwater.

Pre-event water. Liquid water existing in the basin prior to
the event.

Groundwater flow in a stream. Flow of water that has entered
the stream after having passed the groundwater zone. In general
discussions the term is used as a synonym to pre-event water,
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although some of the groundwater in the stream may be new rain-
or meltwater.

Flow of rain- or meltwater in a stream. Rain- or meltwater that
has reached the stream as overland flow or channel interception.
In general discussions the term is used as a synonym to event
water, although some of the event water in the stream may have
passed the groundwater zone and is thus a part of the ground¬
water flow in the stream.

Contribute to a runoff event. A sub-area in a basin contributes

to a runoff event in the stream if rainfall or snowmelt on the

sub-area in some way causes an increase of streamflow, either
directly via water flow or indirectly via pressure propagation
through unsaturated and saturated zones.

2.1 Field measurements of water flows and potentials

2.1.1 Infiltration and overland flow

There are numerous measurements of the infiltration capacity of
soils reported in the literature, but few of them are made on a

large-scale basis allowing conclusions to be drawn for a whole
basin. An extensive study of infiltration capacities was per¬

formed in south-western England by Hills (1971) using cylindric
infiltrometers. From comparisons with rainfall statistics he
concluded that only a small fraction of the rainfall events
(10-30%) can produce overland flow, and then only on bare or

lightly vegetated compacted ground. A similar study, but aimed
at covering one particular basin, was performed in northern
England by Tricker (1981). Tricker gives a map of infiltration
capacities in the 3.6 km2 basin, according to which the soil in
about 70% of the basin has an infiltration capacity greater than
20 mm h-1, but no relation to rainfall rates is given.

Sharma et al. (1980) investigated the spatial variability of
infiltration parameters in a 0.1 km2 grassed basin of low
relief in the central United States. Ring infiltrometer tests
at 26 points gave infiltration capacities ranging from 4 to
130 mm h"1, with a median value around 40 mm h-1. The existence
of a seasonal variation of the infiltration capacities in this
basin was emphasized by Luxmoore (1983), who suggested that the
infiltration capacity was considerably smaller in spring than
during summer, when Sharma et al. performed their measurements.
Development of cracks due to shrinkage of the soil mass was
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considered to increase the infiltration capacity during the dry
summer.

Hortonian overland flow, i.e. flow on the ground surface in
non-saturated areas, has generally been measured by troughs in
pits, oriented orthogonally to the slope direction, collecting
the flow either from artificially demarked plots or from natural
micro-basins. In most studies performed in vegetated, humid
areas, Hortonian overland flow was absent or very small (Hursh
and Hoover, 1941, in the eastern United States; Hesmer and
Feldman, 1953, in West Germany; Whipkey, 1965, in the eastern
United States; Ragan, 1968, in the eastern United States; Dunne
and Black, 1970a, b, in the eastern United States; Weyman,
1973, in south-eastern England; Beasley, 1976, in the southern
United States; Niemczynowicz, 1977, in southern Sweden; Bren
and Turner, 1985, in south-eastern Australia; Ando et al., 1983,
in Japan; Heede, 1984, in the south-western United States). In
many studies (e.g. Corbett et al.,1975) it is stated, without
reference to measurements, that no Hortonian overland flow
occurs in the basin. Selby (1973) showed, from 20 runoff plot
experiments in New Zealand, that the generation of Hortonian
overland flow is closely related to land use. The largest pro¬
ducer of overland flow was pasture land, where about 5% of two
years' precipitation was collected. From ungrazed grass and
shrub overland flow constituted about 1% of the precipitation.

Walsh (1980) reviewed studies on runoff processes in tropical
areas and concluded that Hortonian overland flow is unimportant
in the ever-wet tropics. It has been reported in seasonal trop¬
ical areas, mainly in cultivated land. In arid and semi-arid
areas Hortonian overland flow is generally believed to be the
main supplier of streamflow, but there seem to be few studies
that support this statement guantitatively.

In Sweden frontal rainstorms generally have intensities of
less than 5 mm h_1 and heavy convective showers may deliver
30-50 mm h"1 for a few minutes. About 50% of the rain falls

with intensities lower than 2 mm h-1 and 80% lower than

7 mm h"1 (unpublished data from the Swedish Meteorological and
Hydrological Institute, see Grip and Rodhe 1985). Snowmelt
rates are low as compared to rainfall intensities. In Sweden
rarely more than 30 mm of meltwater is produced in one day,
corresponding to a maximum intensity in day time of less than a

few mm h_1. Lundberg (1974) reviewed infiltration measurements
carried out in Sweden, Norway and Finland. From the infiltration
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measurements reported by Lundberg, the only generation of over¬

land flow on unfrozen ground would occur from heavy convective
showers on certain clay soils. Later infiltrometer measurements,

mainly in south-western Sweden, have been reviewed by Lindblad
(1981). She reported small differences between soil types, with
a log mean for till soils of 20 mm h-1 and for clay of 6 mm h"1.

The above reports concern infiltration into unfrozen soil.
Studies of infiltration into frozen soil have shown that the

infiltration capacity is generally reduced and that the re¬

duction is highly dependent upon the frozen water content of
the soil. Kane and Stein (1983a) in Alaska, and Price and
Hindre (1983) in Canada, observed overland flow from runoff
plots only during those springs that were preceded by unusually
wet autumns. Ring infiltrometer measurements by Kane and Stein
(1983b) in Fairbanks silt loam showed infiltration capacities
of about 15 mm h"1 for unfrozen soil. When the soil was frozen

with low total moisture content the infiltration capacity was

only moderately reduced, to about 5 mm h"1. But when the total
moisture content was high, the capacity declined to 0.2 mm h-1
after freezing. High infiltration capacities, 10-30 mm h-1, were

reported by Haupt (1967) from plot experiments with simulated
rainfall on frozen ground in the western United States. In some

cases the infiltration capacity increased with freezing of the
soil, attributed by Haupt to favourable changes of the soil
structure. Granger et al. (1984) determined infiltration in
various soils (sand to heavy clay) in the Canadian prairies by
soil density monitoring. At many sites with uncracked soil the
total estimated infiltration, i.e., the increase in ice and
water content of the soil, was considerably less than the total
meltwater production. No measurements of overland flow were

reported, however.

The only studies showing Hortonian overland flow as an important
contributor to stream stormflow in humid areas were performed
on frozen ground. Dunne and Black (1971) collected overland
flow from a 50 m hillslope with frozen pasture ground in the
north-eastern U.S. The water was intercepted by long troughs in
a 100 m trench at the foot of the hillslope. The sandy soil is
reported to have an infiltration capacity in summer larger than
80 mm h"1, allowing all summer rainfall to infiltrate. During
the investigated melting of a snow cover of 65 mm water equi¬
valent, which took place during one week, the streamflow
generation from the slopes was dominated by Hortonian overland
flow. The reduced infiltration capacity was attributed to
concrete frost on the surface and in the upper few decimetres
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of the soil, caused by repeated melting and freezing earlier
during the winter. A complete dominance of Hortonian overland
flow in the runoff from plots during snowmelt was reported by
Price et al. (1978) from a study in the Canadian Subarctic. They
measured the flow from 4 plots, with areas of about 2000 m2, on

forested clayey glacial till that was frozen by concrete frost
to a few metres depth. The water volumes collected in the
surface troughs during melting corresponded closely with the
total amount of snow water eguivalent on the plots before
melting.

2.1.2 Subsurface flow

Direct measurement of subsurface flow during rainstorms has
been undertaken in natural slopes by the use of pits with
troughs inserted in the upslope wall (Hursh and Hoover, 1941;
Whipkey, 1965; Ragan, 1968; Dunne and Black, 1970a, b; Beasley,
1976, Bonell and Gilmour, 1978; and Mosley, 1979.) The measure¬
ments are complicated by the fact that the construction of a

pit changes the flow pattern (Whipkey and Kirkby, 1978). In the
case of unsaturated flow, the flow lines are diverged by the
presence of the pit, resulting in an underestimation of the
flow. The opposite effect takes place for saturated flow, in
which case the flow lines are converged towards the pit.
(Strictly speaking, the only flow that can be collected with a

trough is saturated flow, because the water must be of a

pressure greater than that of the atmosphere in order to leave
the soil. But in the case of unsaturated flow, a saturated zone

might develop above the pit and act as a transmitter of some of
the unsaturated flow from above.) Errors due to horizontal con¬

vergence or divergence are reduced by using long pits. In a few
cases, saturated subsurface flow from hillslope segments has
been measured with troughs in natural seepage faces (Weyman,
1973; Megahan, 1983). Subsurface flow has also been measured in
large inclined soil columns, draining at the downslope wall
(Hewlett and Hibbert, 1963; Nutter, 1971).

In a laboratory experiment of saturated flow, Anderson and Burt
(1978a) showed that if water is collected by troughs at differ¬
ent depths there is a great risk of drawing incorrect con¬
clusions about the relative magnitudes of flow in different
layers. At the vertical face in the pit the upper layers will
be partly drained by the deeper layers, which gives an over-
estimation of the flow from the deeper layers.
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The study by Hewlett and Hibbert (1963) in the eastern United
States demonstrated that unsaturated flow was able to sustain
baseflow via a saturated zone interconnected to the stream. In

the same area Nutter (1971) compared the outflow from a 61 m

long artificial slope segment to the stream hydrograph and con¬
cluded that unsaturated flow was the main component of stream
stormflow. Early pit measurements by Hursh and Hoover (1941) in
the same area indicated subsurface stormflow in the top 30 cm of
the soil during natural conditions.

The results obtained in the eastern United States by Whipkey
(1965), whose trough system for flow measurements on several
depths has been used by many others, also indicate that sub¬
surface stormflow may be a major component of stormflow,
although the study used artificial rain and thus could not be
related to the stream hydrograph. The recorded flow took place
above the transition from permeable sandy loam to a less per¬
meable loam at 0.9 m depth.

Pit measurements by Beasley (1976) in the southern United States
recorded subsurface stormflow from the upper, as well as from
the lower, part of a hillslope. The rapid response to rainfall
led him to the conclusion that the flow took place in macropores

which, due to low conductivity of the soil matrix, could be
waterfilled, although the soil was not saturated. Similar re¬

sults were obtained by Mosley (1979) in New Zealand. In Mosley's
study of a 0.3 ha basin with 0.5 m soil on impermeable bedrock,
the flow was measured in several pits and natural seeps, and
related to the stream hydrograph. Flow in macropores seemed to
occur both during saturated and unsaturated conditions in the
soil mass. (An extreme case of subsurface stormflow is the flow
in so called soil pipes of several centimetres in diameter,
which form natural underground drainage systems in certain soils
in England (Jones 1978).)

Weyman (1973, in south-western England) installed troughs at
different depths into a natural exposed soil face at a slope
base. No overland flow was recorded, and the hillslope hydro-
graph was dominated by saturated subsurface flow which could be
related to the vertical and lateral extension of a saturated
zone within the soil. The flow occurred above a level in which

there was a sharp downward decrease in the saturated hydraulic
conductivity of the soil. The hillslope hydrograph was not
compared to the basin hydrograph, and the author did not regard
it as subsurface stormflow.
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The works by Dunne and Black (1970a, b; 1971) were carried out
in a hillside with about 0.5 m highly permeable sand resting
on a layer of varved silt underlain by silty clay till. A 100 m

long trench at the base of the slope was equipped with troughs
to collect overland flow, flow in the root zone, and flow in
the upper layer of the permanently saturated zone. Three seg¬

ments of the slope were monitored separately within the 100 m

trench: one convex, one concave, and one straight slope.
Natural and artificial rainstorms were investigated, and the
flows were related to the stream hydrograph. Although some

rapidly responding subsurface flow was recorded in the root
zone its significance to stream stormflow was regarded as

small. Saturation overland flow from the foot of the concave

slope segment was found to dominate the stream hydrograph
during storms. The authors strongly deny the existence of sub¬
surface stormflow, but estimate the measured saturation overland
flow during one storm to be about 25% direct rainfall with the
remaining 75% being return flow, i.e., subsurface flow escaping
from the soil before it reaches the stream. It seems a little

strange, however, to emphasize a difference between "return
flow" and "subsurface flow", the latter term being restricted
to water in the soil discharging directly into the stream. As
far as I understand, these studies by Dunne and Black show that
stream stormflow was dominated by contributions from soil water
or groundwater discharging outside the stream. Ragan (1968),
whose study was made in homogeneous sand in the same region,
recorded no subsurface flow in his pit, except for a flow in
the litter during heavy storms, estimated to be about 10% of the
hillslope contribution.

In an Australian tropical rain forest, pit measurements in a

0.3 km2 basin with steep slopes were made by Bonell and Gilmour
(1978) and related to the stream hydrograph. The soil is highly
permeable in the top 0.2 m, below which depth the hydraulic con¬

ductivity decreases over a short distance. In this area, with
an annual rainfall exceeding 4000 mm, a perched groundwater in
the top 0.2 m developed rapidly following rainfall. Thus the
whole area became saturated, causing saturation overland flow
from the whole basin. The measured subsurface flow was of minor

importance for the stream stormflow hydrograph, which was con¬
sidered to be dominated by saturation overland flow.

The above-mentioned attempts to measure subsurface flow were
all carried out in areas where the permanent water table did
not reach above the top metres of the soil, except in the close
vicinity of the stream. In those cases where rainfall was
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reported to cause a substantial increase of subsurface flow
(though not always considered as subsurface stormflow), it
occurred in the top 0.5 m of the soil, either as saturated flow
in an occasionally saturated permeable layer overlying a layer
of low permeability (Hursh and Hoover, 1941; Whipkey, 1965;
Weyman, 1973 ; Dunne and Black, 1970a, b) or as flow in macro-

pores in unsaturated as well as saturated soil (Beasley, 1976;
Mosley, 1979). The only case where no subsurface flow (except
in the litter) was observed at pit measurements was in the study
by Ragan (1968), whose measurements were made in homogeneous
sand. Thus, a large decrease in the hydraulic conductivity
(either textural or structural) with depth seems to be a pre¬

requisite for the occurrence of subsurface stormflow along
slopes with low permanent water tables.

2.1.3 Soil water and groundwater potentials

Since the hydraulic conductivity in soils often increases by
orders of magnitude in a small tension interval when going from
unsaturated to saturated conditions, the existence of saturated
zones has a decisive role in the water flow. Measurements of

subsurface water potentials and moisture content in the studies
on the runoff process have given information about the direction
and magnitude of subsurface flow. Important results concerning
the role of topography have been achieved in some studies.

Lundin (1982) made a detailed investigation of soil and water
conditions in a small basin with glacial till soil in central
Sweden. He observed a characteristic depth variation of the
saturated hydraulic conductivity, which at many sites decreased
by two orders of magnitude from 0.1 m to 0.5 m below the ground
surface. Corresponding depth variations were also observed for
the total porosity (decreasing with depth in the top layers)
and for the water-holding capacaity of the soil (increasing
with depth). From long-term observations of groundwater levels
and soil moisture content and from tracer experiments, he showed
that lateral groundwater flow in the topmost layers of the soil
was the main component of stream stormflow. The magnitude of
the groundwater flow was very sensitive to variations in the
groundwater level. The results of Lundin, which are frequently
referred to throughout this thesis, are discussed in more detail
in Chapter 10.

Betson et al. (1968) installed maximum-level recording piezo¬
meters in the A-horizon (0.1 - 0.3 m deep) in a basin with deep
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permanent water table. The existence of an occasionally satu¬
rated layer during storms was demonstrated, predominantly in
areas with a thin A-horizon. The saturated flow in this layer
in the upslope areas, dominated by a shallow A-horizon, was
considered to contribute to stream stormflow only during heavy
storms, because of subsequent deep layer infiltration downslope.
From piezometric measurements in a small, gently sloping
depression in Luxembourg, Bonell et al. (1984) concluded that
storm runoff appeared when the perched groundwater reached the
top few cm of the soil, having high hydraulic conductivity due
to biological activity. The lateral flow in macropores in this
layer was considered more effective in generating stormflow
than was saturation overland flow, which also occurred.

From long-term soil moisture measurements along hillslopes with
a deep water table, Halvey et al. (1972) showed that the soil
moisture content increased down the slopes, thus giving evidence
to the notion of near-stream areas as source areas for stream-

flow (by saturated or unsaturated flow initiated by local
infiltration). High soil moisture content close to the stream,
interpreted as high potential for generation of surface runoff,
was also shown by Henninger et al. (1976), who investigated the
spatial variability of surface soil moisture within an agri¬
cultural watershed.

Changes in soil water potential along a slope with a gauged
natural outlet were studied by Weyman (1973). The measured out¬
flow could be related to the vertical and upslope extent of a

wedge-formed saturated zone at the slope base. The importance
of the saturated zone within the soil at the slope base was also
pointed out by Harr (1977), who, in a very instructive paper,

analysed the flow in a steep 110 m long, highly permeable
forested hillslope (gradient 75%) in a 0.1 km2 watershed
(Oregon, the north-western U.S.). Soil depth was 3-8 m, with
a permeability decrease by a factor 10 at 1.2 m depth. Flow
directions were determined from tensiometer recordings, and
flow magnitudes estimated using empirical relationships between
measured saturated conductivity and unsaturated conductivity as
a function of che water tension. During storms, unsaturated
lateral flow dominated in the upslope parts of the hillslopes,
although saturated zones of limited areal extension developed
at a depth of 1.1-1.5 m. These saturated zones, however, seemed
to be isolated by unsaturated regions, which regulated the
downslope water flow. In the lowest 12-15 m of the slope, a
saturated zone within the soil transmitted the unsaturated flow

from above and upslope. The storm discharge peak (quickflow)
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constituted on the average 38% of the rainfall over the basin.
Out of this 38%, channel interception constituted 3%, and sub¬
surface stormflow 97% (no overland flow was observed). The fact
that as much as 38% of the rainfall over the basin ran off as

quickflow, indicated that a considerably larger portion of the
slope than the 12-15 m wide zone along the stream, in which
there was a watertable, contributed to the quickflow. The
results stress the importance of unsaturated lateral flow in
these slopes.

By detailed monitoring of soil water potentials in the lower
part of a hillslope of 1-2 m deep, highly permeable soil,
resting on impermeable rock, Anderson and Burt (1978b) were

able to relate water potentials and subsurface flow to the
micro-topography. Spurs and hollows in the hillslope are
oriented orthogonally to the stream. The flow was always
converging to the monitored hollow, where a saturated zone
within the soil, sometimes extending to the surface, rapidly
developed during rainstorms. The surrounding spurs remained
unsaturated except during very intense storms. Because of small
areal differences in tension potentials, the total potential
gradient was determined mainly by the topography. Flow direction
could thus be determined from a topographical map. The depth of
the saturated zone could be related to stream stormflow, which
showed a shortlived, rapidly developed peak attributed to rain¬
fall on the stream (channel interception), and a delayed peak
caused by subsurface stormflow. The contribution to streamflow
per unit ground area, estimated from discharge measurements
along the stream, was about twice as large from the hollows as

from spur areas. In a later study, Anderson and Kneale (1980)
used the same method to examine the flow conditions in a more

gentle hillslope (sloping 6% as compared to 25% in the earlier
study) of less permeable, pastured clay loam. In this case, the
total potential gradient could not be simply related to the
topography. A saturated zone, fed by flow from the instrumented
hollow, developed in the downstream spur. The smaller degree
of control by topography was attributed to the smaller height
differences, which in this case were comparable to areal differ¬
ences in water tension.

The influence of three-dimensional topography on the water flow
was also demonstrated by Dunne and Black (1970a, b), who found
the main contribution to storm hydrographs from the convergent
slope segment.
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Field mapping of saturated areas, on basin-wide scales, has
been reported by Dunne et al. (1975) in various areas in North
America, Beven (1978) in England, Allison and West (1979) in
southern Australia, Taylor (1982) in Canada, and Myrabö (1986)
in southern Norway. The extent of saturated areas was determined
at different discharges in the streams, showing increasing
saturated areas with increasing streamflow. Myrabö found that
the rainfall on the saturated areas corresponded to about half
of the quickflow observed in the stream and concluded that there
was a <^ojnp ide rable subsurface component of stream stormflow.
Dunne and Taylor (1982), on the other hand,
found that the amount of rainfall on saturated areas roughly
equalled the volume discharged as quickflow in the stream,
indicating little^contribution from subsurface flow (or return
flow) . Allisoryr~wcy&ing in a pastured basin with soils of low
hydraulic conductivity, obtained results similar to those of
Dunne and Black (1970a, b) and Taylor (1982) at low rainfall
intensities. At moderate and high intensities, however, the
discharged volume exceeded the amount of rainfall on saturated
areas. The difference was explained as a contribution of
Hortonian overland flow from the remainder of the basin, a flow
that was also observed qualitatively. Beven, on the other hand,
found that in some basins the rainfall on saturated areas

exceeded the discharged volume. This discrepancy was explained
by the fact that certain areas were saturated without being
connected to the channel network. In other nearby basins,
lengths of flow paths and velocities of overland flow suggested
a considerable contribution from return flow to the hydrograph
peak and early recession.

2.1.4 Other experiments

The origin of subsurface stormflow was investigated in a basin-
wide irrigation experiment by Corbett et al. (1975). The average

sideslope steepness of the 0.8 km2 forested basin is 30%, and
soils are mostly silty loam, 0.5 m deep at the upper slope, and
1-2 m deep in the channel area. Storm hydrographs in the
draining stream resulting from sprinkler irrigation of different
parts of the basin were analysed. Combinations of three portions
of the basin, the channel area, the lower slopes, and the upper

slopes together with the ridge area, were irrigated at a rate
of 6 mm h"1 for 8 h at times when the basin wås near field

capacity. Comparisons of the stormflow hydrographs showed that
stormflow during the first 2-2.5 h was initiated exclusively
from the channel area. After two hours, subsurface flow from
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the lower slopes was added and after two more hours, i.e., four
hours after the beginning of the irrigation, subsurface flow
from the upper slope started to contribute. The combined flow
from the channel area and the lower slopes peaked just after
the cessation of the artificial rainfall, while the flow from
the upper slope and ridge areas continued to increase during
more than three hours, resulting in total basin peak two hours
after the cessation of rainfall. The experiment clearly showed
the importance of subsurface stormflow also from the upper slope
area in this basin.

2.2 Simulations with mathematical models based on

Darcy's law

The understanding of the processes involved in streamflow
generation is developing in a dialectical way between field
measurements and mathematical modelling. On the one hand, the
mathematical model (which may be the simplest of relationships
or a complicated system of equations) is formulated from know¬
ledge about the processes in nature. On the other hand, results
from the model will aid in interpreting the results obtained by
field measurements and make it possible to generalize the
results. Mathematical modelling of hillslope runoff has mainly
been used to examine how certain measurable parameters, such as
saturated conductivity and topography, influence the production
of runoff.

The basic equations for hillslope models are Darcy's law and
the equation of continuity. Since the complete solution of the
unsaturated-saturated flow caused by an infiltration event
requires considerable computer time, various simplifications
are made. In some models the flow is assumed to be vertical in

the unsaturated zone, or the groundwater is assumed to be re¬

charged with a delay depending only on the depth to the water
table. Some authors simplify the saturated flow by use of the
Dupuit assumption, i.e., by assuming horizontal flow or flow in
parallel with impermeable bottom of the flow region only. The
authors differ in their numerical methods of solution and, of
course, in their various applications of the models.

The first complete saturated-unsaturated hillslope flow model
was presented by Freeze (1971), formulated in three dimensions
but run in two dimensions. From simulations reported in later
papers (Freeze 1972a, b) , he concluded that subsurface storm-
flow could be of importance only in steep, convex hillslopes
with soils of extremely high saturated conductivity, and that
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overland flow from surface saturated areas close to the stream

dominated the flow in all other cases. There was no significant
contribution to stormflow from the upper slopes. The model was

applied to a field situation during snowmelt by Stephenson and
Freeze (1974). The soils in the 250 m hillslope segment, which
has a gradient of about 25%, rest on a layer of fractured basalt.
This stratigraphy gives an increase in saturated conductivity
with depth, down to the impermeable bedrock. Parameters were
calibrated against measured groundwater levels and the basin
outflow hydrograph. No overland flow was observed or modelled.
They modelled the flow with "neither particularly good nor

particularly bad" agreement between measured and model con¬
ductivities and concluded that the peak runoff was caused
exclusively by infiltration in the lower part of the slope.
The authors pointed out that even in this comparatively well
instrumented hillslope, there was a large gap between the data
needed for describing the flow by the model and the available
field data.

A similar unsaturated-saturated hillslope model, solved by the
finite difference method, was used by Beven (1977). The simu¬
lations were performed for a 100 m hillslope of 20% gradient,
with one metre of homogeneous soil on impermeable bedrock. The
initial conditions were extremely dry, with drainage equilibrium
assumed for the whole slope, i.e., saturation at the bottom of
the base, and negative pressure potential in the slope equal to
the height above the bottom. Consequently, the simulated sub¬
surface flow was very small and delayed, with peakflow draining
only a few per mil of the applied rainfall amount. The only
considerable lateral flow took place in the saturated zone,
which developed from the base about 10 m upslope, never reaching
the surface. This zone was fed mainly by vertical percolation,
not by lateral unsaturated flow from upslope, a result which
was considered to support the variable source area ccncept.
Simulations with different topography nevertheless stressed
the importance of slope convergence in the development of a

saturated zone at the base.

In order to explain the large groundwater contributions to
stormflow assessed by their isotopic studies (see Sectior. 2.4),
Sklash and Farvolden (1979) simulated the flow-in short (9 m)

hypothetical slopes with soils of constant saturated conduc¬
tivity, using an unsaturated-saturated hillslope flow model
allowing seepage surface. Groundwater flow dominated the storm¬
flow in the simulated events. In agreement with a few field
measurements, the groundwater levels close to the strean rose
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rapidly during storms, increasing the gradient and thus the
groundwater discharge into the stream. According to the simu¬
lations, which started with a horizontal groundwater surface,
the rapid response close to the stream allowed a groundwater
ridge to develop. Comparisons of slopes of various lengths
indicated that the upper parts of the slopes did not contribute
to stormflow in the simulated storms.

Johansson (1985) applied an unsaturated-saturated flow model
to hillslopes intended to represent conditions in Swedish till
soils. An impermeable bedrock was covered by 1 m of vertically
layered soil, with hydraulic conductivity and porosity in¬
creasing towards the ground surface according to the obser¬
vations by Lundin (1982). When the initial moisture condition
in the slope corresponded to a steady-state flow of 0.07 mm h"1,
simulated infiltration of 5 mm h"1 for 6 h generated a ground¬
water outflow hydrograph similar to observed streamflow hydro-
graphs in small till basins. According to the simulations, the
response of the groundwater outflow was mainly due to infil¬
tration close to the stream. There the groundwater table rose

into shallow layers of the soil having high conductivity,
which, combined with an increased gradient of the water table,
drastically increased the outflow. With the applied rainfall
intensities, surface saturation did not occur in the straight
hillslope, but in simulations for a similar but concave slope a
saturated area soon developed.

Beven (1981, 1982a, b) used a kinematic wave approximation to
simplify calculations of subsurface stormflow. The model was

applied with conductivity values reported in the literature
from field studies where subsurface stormflow was observed. He

concluded that subsurface stormflow could be generated only in
soils of very high hydraulic conductivity, where the ground¬
water table or an impeding layer is close to the ground surface.
But these conditions are, as Beven noted, met in many areas.

Another simplified hillslope model was developed by Bren (1980)
and applied with good results to describe streamflow in a small
first-order stream in Australia. No saturated areas were ob¬

served in the basin, and overland flow was insignificant. In
the model the groundwater flow was described with the Dupuit
approximation and fed by infiltrated rainfall with a time lag
proportional to the depth of the water table, which in turn was

assumed to be proportional to the distance from the stream.
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Eriksson (1977) analysed steady-state flow situations in a

straight hillslope by the Dupuit assumption and discussed the
extension of saturated areas as a function of the percolation
rate, hydraulic conductivity and slope angle. According to
these calculations, water-logged areas should frequently
develop in till soils, since the flow capacity of the lower
parts of many slopes can be expected to be exceeded by the
water flow from upslope.

From similar considerations O'Loughlin (1981) derived criteria
for the existence of a surface saturated zone at the slope base
during steady-state flow, and related the extension of the zone
to soil conductivity and topography. The observed volumes of
quickflow from a few Australian basins agreed approximately
with the amounts of rainfall on surface-saturated areas, the
extensions of which were estimated from the model. The contri¬

bution of subsurface flow was thus considered small.

The large areal variability of saturated conductivity introduces
a difficult problem in hillslope flow modelling. The problem
was tackled by Freeze (1980) in a stochastic-deterministic model
for calculation of overland flow. Soil properties and rainfall
characteristics were treated statistically, while the flow in
the soil was calculated with physically-based equations. Satu¬
rated conductivity was assumed to be log-normally distributed.
During the simulated rainfall events, both Hortonian and satu¬
ration overland flow occurred on the slope with the dominance
of either mechanism, depending on soil/rainfall parameters and
on the slope. The simulated overland outflow hydrographs were

reported to be similar to some overland flow generated peaks
reported in literature. The author pointed out that large errors

might arise when a heterogeneous hillslope is treated as homo¬
geneous, with some type of mean value of saturated conductivity.

In most field studies and mathematical models of runoff pro¬

cesses, the slopes have consisted of - or have been supposed to
consist of - a thin soil cover (a few metres) on impermeable
bedrock. Consequently, the saturated flow direction has been
mainly lateral. The vertical components of groundwater flow,
on the other hand, were emphasized by Töth (1963), Freeze and
Witherspoon (1967), and Gustafsson (1968). They modelled ground¬
water flow in deep vertical cross-sections of landscapes with
undulating groundwater surface. These analyses focused on the
existence of different flow systems, with recharge and discharge
areas for groundwater generated by the topography. Their results
provide a very important basis for the understanding of ground-
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water flow within a basin, but since they treated only station¬
ary conditions, little direct information was given on the
dynamics of stormflow generation. It should also be noted that
their flow patterns were calculated for very thick aquifers
having constant hydraulic conductivity (Töth, Gustafsson), or

for aquifers consisting of thick layers of constant permeability
(Freeze and Witherspoon). The effect of a large increase in
conductivity close to the ground surface, as reported from many
field studies, is thus not seen. But these analyses show that
in areas with shallow groundwater there is a contribution to
streamwater from deep groundwater, even though the flow rates

may be small. The implicit or explicit assumption in most
studies, that the underlying bedrock could be treated as

impermeable, might therefore lead to erroneous conclusions, for
instance when chemical considerations are made. The role of

deep groundwater flow in streamflow generation in till soils on

crystalline fissured rock is little known.

2.3 Interpretation of streamwater chemistry or
isotope content

The field studies referred to in the preceding sections mostly
illuminate one or a few of the several processes contributing
to streamflow generation. Analyses of the chemical or isotopic
composition of streamwater during runoff events, on the other
hand, give information on the integrated result of the various
processes. The method of hydrograph separation by isotopes,
which is the basis for the present study, is described in
Chapter 3; here some comments are made on applications made by
other authors.

Actually, all attempts to explain measured data on streamwater

chemistry rely on some particular view of the runoff process,

implicitly or explicitly. Qualitative conclusions about the run¬

off process from interpretation of streamwater chemistry have
been drawn in several studies. These analyses utilize different
chemical labelling of the water, which takes place at various
localities within a basin. The precipitated water, poor in
solutes, becomes gradually enriched as it passes through the
basin. The final characteristics of the water entering the
stream depends on the flow paths and transit times. Temporal
changes in streamwater chemistry during runoff events, or

spatial changes along a stream, are interpreted as changes of
the proportions of water of different origin. An inverse
relationship ?s often found between the concentration of certain
chemical species or total salt concentration and discharge. The
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assumption is then that highly concentrated groundwater is
diluted by less concentrated rain- or meltwater.

A method for quantitative estimates of the various flow compo¬
nents in streams was derived by Ivanov (1948), from continuity
conditions for water and solutes. By a modification of the
method, Zekster (1963) estimated the contribution of deep
groundwater to the river Nema in the eastern U.S.S.R. to be
about 20%, using chloride as a tracer. In two Japanese studies,
radiostrontium and radiocesium, emitted into the atmosphere by
hydrogen bomb tests, were used to trace the origin of stream-
water. The few data shown by Yamagata et al. ( 1963 ) suggest a

large fraction of groundwater according to the 89Sr/90Sr ratio
in different waters. From comparisons between 90Sr and 137Cs
(the latter isotope being rapidly adsorbed by the soil) Miyake
and Tsubota (1963) estimated the fraction of rainwater precipi¬
tated directly in the stream (channel interception) to be <2%
of total streamflow. Pinder and Jones (1969) performed hydro-
graph separation by the use of a composite of several major
ions in three small glaciated till basins in south-eastern
Canada. According to their estimates, 32-42% of the discharged
peak volumes originated from groundwater.

The electrical conductivity, being a measure of the total salt
concentration, has frequently been used in chemical hydrograph
separation. In a central U.S. basin, Visocky (1970) estimated
the groundwater contribution to be about 25% from measurements
of conductivity. Tagutschi (1982) shows groundwater fractions
from about 30 to 80% in two Japanese basins. The dominant role
of throughflow in a small British basin was shown by Anderson
and Burt (1982). They compared the results of hydrograph sepa¬
ration by electrical conductivity to the results of detailed
hydrologic measurements (Anderson and Burt 1978b, referred to
in Section 2.1.3). Both methods showed the dominance of through-
flow, but the differences they obtained led the authors to issue
a warning against interpretation of chemical data collected at
a few sampling points in terms of details of the hydrological
processes within a basin.

Large groundwater fractions in snowmelt runoff in a Japanese
basin were obtained from conductivity measurements by Kobayashi
(1986). Based on the finding that the discharging groundwater
was warmer than the meltwater, Kobayashi also used water tem¬
perature as a tracer, thereby obtaining similar results. The
temperature could be used as a tracer as long as the heat
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exchange between streamwater and the atmosphere was reduced by
an ice-cover on the stream.

When only one tracer is used, the hydrograph can be separated
into only two components. Three-component separation was

performed by Balek et al. (1978), who separated the hydrograph
into surface flow and interflow using electrical conductivity
and calculating baseflow from measured groundwater levels.
Newbury et al. (1969) interpreted the groundwater contribution
to a few discharge peaks in a basin in southern Canada to be
about 50% from observations of conductivity. From SO^ measure¬
ments they further estimated the contribution from deep ground¬
water, rich in SO^, to be about 30%.

One problem in chemical hydrograph separation is to obtain a

realistic value for the tracer concentration of the rainwater

flow component. Rainwater reaching the stream as overland flow
may, as pointed out by Nakamura (1971), Fritz et al. (1976),
and Pilgrim et al. (1979), be enriched in salts by contact with
the soil particles. In the studies referred to in this section,
the composition of the rainwater component has been assumed to
be equal to that of rainfall, to the compositon measured in a

few overland flow collectors, or to that of streamflow at the
time of maximum flow of the largest event, when no groundwater
contribution was expected. (The latter assumption seems to
seriously prejudice the results.)

In some studies a slight increase in the salt concentration of
streamwater has been observed at the beginning of the runoff
events before the decrease takes place. The existence of such a

"salt peak" shows that the chemograph at the early stage of an

event cannot be explained by dilution only (e.g. Miller and
Drever, 1977), and the simple two-component separation is not
possible. The salt peak may be caused by flushing of salts by
the first groundwater discharging outside the stream, where
salts have accumulated due to evaporation before the event
(Calles, 1982). In areas where direct evaporation from soil is
important it could, however, also be due to flushing during
overland flow on recharge areas.

The above investigations are event studies, separating the
hydrograph during one or more runoff events. The groundwater
contribution to streamflow has also been investigated by
measurements of streamwater chemistry along streams at certain
moments. Many studies have shown that the electrical conduc¬
tivity increases downstream. This has been interpreted either
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as the result of an increasing fraction of groundwater with
long transit time (Pinder and Jones, 1969; Calles, 1985), or as

groundwater contribution from different geological formations
(Appelo et al. 1983). Monitoring of conductivity at several
points along a Swedish stream enabled Calles to estimate vari¬
ations in the deep groundwater contribution along different
reaches of the stream during runoff events. According to her
calculations, there was a rapid and large increase also in the
deep groundwater flow to the stream during stormflow.

The use of water chemistry as a tracer in runoff studies relies
on the non-conservative property of water chemistry during water
flow through a basin. The streamwater is considered to be a
mixture of water that has undergone various chemical changes,
depending on the flow paths to the stream. The use of environ¬
mental isotopes of the atoms of the water molecules, on the
other hand, is based on the conservative behaviour of the iso¬
tope content of the water during the process of runoff. In this
case, hydrograph separation and estimates of transit times are

possible due to the time variation of the isotopic composition
of the precipitation and the damping of this variation during
water flow through various reservoirs within a basin.

Hydrograph separation by isotopes has been performed since the
early 1970s, predominantly in mountainous areas in central
Europe and in Canada. Runoff events generated both by snowmelt
and by rainfall have been investigated.

Crouzet et al. (1970) used tritium to estimate the groundwater
component during rainfall in three streams in south-eastern
France, and showed examples of discharge peaks dominated by
either groundwater or direct precipitation. Dinger _et al.
(1970) analysed the runoff from the Modro Dul basin in northern
Czechoslovakia using tritium and 180. They concluded that about
70% of the snowmelt runoff originated from groundwater. In
similar studies in the Ditchma basin in Switzerland, Martinec
et al. (1974) found that groundwater contributed about 60% of
the mean runoff. Snowmelt and rainfall generated runoff was

also investigated using tritium and 180 by Herrmann et al.
(1978) and by Herrman and Stichler (1980) in a very detailed
study in the Lainbach valley in the Bavarian Alps in southern
West Germany. In this basin, too, groundwater dominated stream-
flow during peaks. According to their estimates, groundwater
contributed about 70% of the mean runoff from the basin.
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In a study of several Canadian basins using 180 and water
chemistry, Fritz et al. (1976) found that groundwater (or pre-
event water) constituted 40 to 90% of the discharged volumes
during rainfall-generated runoff events. Further studies of
rainfall events in Canadian basins reported by Sklash and
Farvolden (1979) and by Bottomley et al. (1984) show similar
results. Large groundwater components during rainfall were also
reported from isotope studies by Mook et al. (1974), analysing
a runoff event in a Dutch basin, and by Blavoux (1978) and
Merot et al. (1981) analysing runoff events in French basins.
Other isotope studies of snowmelt events, also showing the
dominance of groundwater or pre-event water, are those by
Bottomley et al.(1986) in Canada and by Hooper and Shoemaker
(1986) in Hubbard Brook in New Hampshire, U.S. Hooper and
Shoemaker discuss important methodological problems involved
with hydrograph separation of snowmelt events, such as the time
variation of the meltwater and pre-event water components.

In contrast with the results of other isotope studies, Jacks
et al. (1986) found from 180 observations that streamflow during
a spring snowmelt was almost entirely new meltwater. The 34 km2
basin is situated in Härjedalen, central Sweden at 600 to 900 m

above sea level. About half of the basin is sloping boglands
and the remainder is covered by forest. Hydrograph separation
was not performed, but after one week of hydrograph rise, when
stream discharge had reached half of its maximum value, the
isotopic composition of meltwater (from lysimeters) was almost
the same as that of streamwater. The similarity remained until
the lysimeters were snowfree. A suggested explanation for the
dominance of meltwater, shown also by pH-measurements, was the
contribution of saturation overland flow from the bogs, which
got saturated to the surface after a few days of melting.

Pearce et al. (1986) and Sklash et al. (1986) performed a

detailed isotopic study of runoff in the same small highly
responsive basin in New Zealand as the one in which Mosley
(1979) made tracer experiments and flow measurements in pits
(cf. Section 2.1.2). Several rainfall-generated runoff events
were investigated in the basin and its neighbouring basins,
all of which showed large pre-event components of streamflow
(75-97% of the total flow volume). The earlier conclusion by
Mosley, that the rapid subsurface contribution to streamflow
was due to rainwater flow in macropores, was refuted by the
isotope study. According to the isotope data by Sklash et al.,
the subsurface flow collected in pits in the hillslopes was

mainly pre-event water. They attributed the rapid response of
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the basin to the effect of the capillary fringe (Gillham 1984),
by which large head gradients towards the stream can rapidly
build up in the riparian areas.

Hydrograph separation into more than two components was per¬
formed by Behrens et al. (1971, 1979) using tritium, deuterium,
and electrical conductivity in three partly glaciated Austrian
basins. Griend, Van de, and Arwert (1983) concluded from 180
measurements that stored meltwater dominated a rainfall-

generated discharge peak in a partly glaciated basin in northern
Italy.

The simple models underlying the hydrograph separations pre¬

sented in this section were questioned by Kennedy et al. (1986).
They analysed chemical and isotopic data from a group of very

large rainfall events (250 mm of rainfall in 6 days) in a 620
km2 basin in north-western California, U.S. As in most other
studies, the chemistry and isotope content of streamwater showed
little influence of new rainwater. Depending on the tracer
used, pre-event fractions of 50-80% of total streamflow were
obtained from two-component separations. According to Kennedy
et al. , such large groundwater contributions are impossible in
this basin, considering the low hydraulic conductivities of the
soil and bedrock and the deep water table. (Very little quanti¬
tative support for this opinion is given in the paper, however.)
The apparent high contribution of pre-event water is attributed
by the authors to water exchange between overland flowing water
and soil water. When rainwater is flowing as (Hortonian) over¬
land flow, it infiltrates into the soil at certain localities.
The infiltration is followed by exfiltration of pre-event soil
water a few millimetres to a few metres downslope. Thus,
according to their explanation, the overland flow reaching the
streams may have the isotopic composition of the pre-event soil
water, which may differ from that of the groundwater. The over¬

land flowing water may further have been subject to chemical
reactions in the soil.

In several of the central European studies mentioned above,
mean transit times of subsurface waters were estimated from the

observed temporal variations of the isotope content of precipi¬
tation and streamwater, (Dinger et al., 1970; Martinec et al.,
1974; Maloszewski et al., 1983; and Behrens et al., 1979). Mean
transit times around 2-4 years were computed, with differences
between basins, and also for the same basin depending on the
assumed flow models. Pearce et al. (1986) estimated the mean
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transit time for the "old water component" of streamflow in
their New Zealand basins to be 4 months.

In most of the runoff events for which hydrograph separation by
means of isotopes has been reported, groundwater dominated the
total discharged volume. Less than 40% groundwater at rainfall
events was reported in only one of the three events investigated
by Crouzet et al. (1970), and in one of the several events
investigated by Sklash and Farvolden (1979). The former event
was generated by a rainfall of moderate intensity, while the
latter was generated by a high intensity rainfall (30 mm h"1).
Groundwater also played a minor role in generating the runoff
from the partly glaciated areas studied by Behrens et al.
(1971) and in the snowmelt runoff from a Swedish basin with a

large bogland area reported by Jacks et al. (1986). Of particu¬
lar interest for Swedish conditions is the study by Sklash and
Farvolden (1979). Some of their investigated Canadian basins
have a climate, geology, and groundwater levels which make them
comparable to many Swedish basins. The groundwater component
was reported to constitute up to 80% of the total discharged
volume during the investigated events.

The hydrograph separations using isotopes have generally yielded
larger groundwater fractions than those using water chemistry.
In most studies, only one of the methods has been used for
quantitative estimates, either isotopes or water chemistry. The
difference may thus reflect different flow conditions in the
basins investigated. It seems, however, more probable that the
difference is fictitious, caused by methodological problems in
the interpretation of streamwater chemistry, and in some cases

by different definitions of the flow components. Fritz et al.
(1976) compared the isotopic and chemical changes of streamwater
during some runoff events. Their data indicated that the areal
variability of the chemical composition of groundwater within a
basin may partly explain the observed time variations in stream-
water chemistry (cf. also Walling and Webb, 1980). Increased
relative contribution of shallow groundwater, poor in solutes,
may further dilute the streamwater (e.g., Calles, 1985), and
erroneously give the impression of a large rainwater contri¬
bution. Since the tritium, deuterium, and 180 content of
subsurface water is changed only by mixing, while the chemical
composition is gradually changed due to interaction with the
soil and bedrock, the areal and depth variability of the isotope
content of groundwater is generally small as compared to that of
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the chemical composition. For this reason, hydrograph separation
by isotopes is probably more reliable than separation by water
chemistry.

2.4 Conclusions from the review of literature

The Horton model for runoff is of little relevance in humid

temperate areas, since the infiltration capacity of the soil
generally exceeds the intensity of rainfall or snowmelt. The
only cases where Hortonian overland flow was reported to be the
dominant process of runoff were the studies on frozen ground
performed by Dunne and Black (1971) and Price et al. (1978).

Rainfall directly on the stream and on the surface-saturated
areas connected to the stream is, of course, one of the com¬

ponents of stormflow. By some authors it is believed to be the
sole component, giving a very restricted meaning of "contribu¬
ting area" as surface-saturated area. The dynamic nature of this
area is stressed in many papers. In some studies, the volume of
quickflow was found to be equal to the rainfall amount on satu¬
rated areas. In such cases, the contribution from subsurface
flow to stormflow should be small.

The existence of subsurface stormflow is demonstrated by some

of the reported flow measurements performed in pits or natural
seepage faces. It should be noted, however, that the methodo¬
logical problems in such measurements are considerable, since
the measurements tend to underestimate the unsaturated and to

overestimate the saturated flow through the investigated cross-
section of the soil.

Evidence of subsurface stormflow has also been obtained from

detailed measurements of soil water potentials using measured
conductivity values to calculate the flow. Since most studies
have been undertaken in slopes with a deep permanent groundwater
table, much interest has been focused on the development of
temporarily saturated zones within the soil. In some studies,
the depth and areal extension of such zones have been shown to
control subsurface flow.

When subsurface stormflow has been directly observed, it has
occurred in a temporarily saturated or near saturated layer
with underlying less permeable soil or bedrock. In most cases,
the flow has been considered to take place in macropores.
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The important role played by the topography has been demon¬
strated by field studies as well as by mathematical modelling.
Surface-saturated areas, or areas with high soil moisture
content and shallow groundwater, predominantly develop at the
base of concave slopes and in convergent areas. Due to water
flow from upslope, such areas remain wet for a long time after
a runoff event, and the flow in the areas will consequently
respond rapidly to the next rainfall.

According to the isotope studies, stream stormflow is often
dominated by subsurface flow. The isotope studies, however,
give only the net result of the various flow processes within
the investigated basins. Little information is obtained about
the processes involved. There seems to be a large gap between
the detailed investigations of single hillslopes and the basin
input-output studies in which isotopes are used as tracers.
There are no studies reported where the two types of investi¬
gation have been performed in the same basin.

Many papers discuss what portions of a slope, or parts of a

basin, contribute to stormflow. Except for the very restricted
definition of the contributing area as a surface-saturated area

connected to the stream, the meaning of the word "contribute"
is not well defined. Some authors seem to discuss the area

where a considerable lateral flow occurs, others the area from
where the off-running water particles originate, and others the
area in which rainfall directly or indirectly affects streamflow
during a runoff event. These questions, which are very important
for the understanding of the chemical composition of stream-
water, are discussed in Chapter 10.
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3 METHODS

In the first part of this chapter, the method by which stream-
flow is separated into flows of groundwater and rain- or melt-
water is presented. The second part gives an introduction to
the basic processes which make naturally occurring oxygen-18 a
useful tracer in hydrology.

3.1 Origin of streamwater traced by water chemistry
or isotopes

Earlier applications of hydrograph separation by water chemistry
or isotopes were presented in the preceding chapter, Section
2.4. The method relies on the mass balance of water and tracer

(chemical component or isotope) during the formation of stream-
water by mixing of waters of different origins. The number of
flow components which can be determined exceeds the number of
independent tracers by one. In the present study, streamwater
during runoff events is separated into two components, using
environmental oxygen-18 as a tracer. Total dissolved solids,
i.e., the electrical conductivity of the water, is used as a

complement in some methodological discussions.

The tracer concentration of streamwater is interpreted in terms
of contribution by waters of different origin according to the
model of a basin sketched in Fig.3.1.

Using the notation in Fig.3.1 the fraction of groundwater, X,
in streamflow is obtained from

Qs = Qg + Qp (3.1)

and

Qs cs Qg cg Qp cp

which, since Qg = X Qs , give

(3.2)
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P,6r

Fig.3.1 Model for interpretation of tracer concentration in
streamwater.

Qs, Qg, and Qp = flows of streamwater, groundwater, and
precipitated water (rain- or meltwater) respectively

<£s, ög, and ép = the corresponding tracer concentrations
P = rain or melting intensity

Q'p = groundwater recharge by new rain- or meltwater
A = basin area

Y = basin fraction of discharge area

Vg = volume of groundwater reservoir

Eg.(3.3) is the widely used formula for two-component hydrograph
separation by water chemistry or isotopes (e.g., Pinder and
Jones, 1969). The precision of the method is discussed in
Chapter 9. Suffice it here to make some comments on the basic
assumptions of the model and on the problem of assessing a value
of cg, the tracer concentration of the groundwater component.

The equation presumes that the stream is supplied by water from
two reservoirs only, groundwater and new rain- or meltwater,
each having a uniform concentration of the tracer. The sepa¬

ration is possible if the difference in tracer concentration
between the reservoirs is large in comparison with the varia¬
bility within the reservoirs.

The assumption about two reservoirs is reasonable if the parti¬
cipating groundwater can be treated as one reservoir with regard
to tracer concentration, and if there are no lakes or other
surface-water reservoirs in the basin when the runoff event

starts. The contribution to streamflow from lateral unsaturated

flow (soil water flow) is included in the groundwater flow.
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(This may be justified from a formal point of view, since water
cannot leave the soil unless its pressure is greater than that
of the atmosphere. However, with the definition of groundwater
given in the introduction to Chapter 2, water in saturated zones

may not always be considered as groundwater.) In soils with
shallow groundwater table, as those in the study basins, the
distinction between soil water and surface-near groundwater is
not considered important as far as the contribution to stream-
flow is concerned. Contribution from pre-event soil water to
streamflow is therefore considered to introduce an error in the

hydrograph separations only if the tracer concentration of the
soil water differs from cg, the assumed tracer concentration of
the groundwater component. (See further the discussion in
Section 8.1.4. )

Eq.(3.3) further presumes that the tracer is conservative after
leaving the two reservoirs, i.e., that the tracer concentrations
are changed only by mixing of waters of different tracer con¬
centrations. This question is discussed in detail for 180 in
Chapter 6.

For some chemical compounds used as tracers, for which reaction
between soil and water takes place very rapidly, the tracer con¬
centration of the groundwater component (cg) may remain constant
with time. In such cases, cg can be obtained from streamwater
sampling before or after runoff events, when the stream is fed
by groundwater only. The concentration of most chemical com¬

ponents of groundwater, however, gradually changes along the
flow-paths due to slow chemical reactions with the soil. For
this reason, the tracer concentration of the groundwater com¬

ponent of streamflow often decreases with increasing flow rate
due to increasing relative contribution from shallow, young

groundwater. After the event, when the streamwater again orig¬
inates from deep groundwater, cg may have returned to the pre-
event value. Isotopically, on the other hand, rainwater1 is
transformed into groundwater by mixing with pre-event water,
implying that cg during an event may be affected by the iso-
topic composition of the rainwater and that there may be a net
change in cg during the event. Thus the applications of Eq.(3.3)
with water chemistry and with isotopes are basically different.
The following discussion refers to the use of isotopes (isotopes
of the atoms of the water molecules).

1 In these discussions the term rainwater includes meltwater.
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The tracer concentrations of streamwater (cs) and rainwater
(cp) can be measured directly from sampling. If, further, the
temporal variation of the tracer concentration of the ground¬
water component (cg) within a runoff event were known, then X
in Eq.(3.3) would represent the true groundwater fraction of
streamflow and 1 - X the fraction of streamflow originating from
overland-flowing rainwater. Any change of cg during the event,
due to mixing with pre-event soil water or new rainwater, would
be accounted for. The calculated flow of groundwater in the
stream, Q X, would include some pre-event soil water or new

rainwater that had been transformed into groundwater and dis¬
charged in the stream. However, as will be discussed in Section
8.1.4, the tracer concentration of the contributing groundwater
can be measured only at times when there is only groundwater
flow to the stream, i.e., before and after the runoff events.
The temporal variation within the events has to be determined
indirectly.

In many reported applications of Eg. (3.3), cg is given a con¬
stant value during the runoff event, equal to the tracer
concentration of streamflow just before the event. With this
approach, X is often called the fraction of pre-event or pre-

storm water (e.g., Fritz et al., 1976). However, Eq.(3.3.)
gives the pre-event fraction of water in the stream only if the
tracer concentration of all pre-event water that reaches the
stream during the runoff event equals the value used on cg. As
discussed in Section 8.1.4, this condition may not be fulfilled
for 180 due to the occurrence of pre-event soil water of an

isotopic composition different from that of the pre-event
groundwater, and also due to spatial variations in the tracer
concentration of groundwater.

Another approach is to assume that cg varies linearly with time
between the pre-event and post-event tracer concentrations of
streamwater (Hooper and Shoemaker, 1986). With this assumption
the fraction X by Eq.(3.3) is larger than the one obtained by
use of constant cg and probably closer to the true groundwater
fraction of streamwater.

With the present model (Rodhe, 1984), attempts are made to cal¬
culate the time variation of cg. The model is applicable only
for non-reactive tracers, e.g., for stable isotopes but gener¬

ally not for water chemistry.
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Mass balance of water and tracer in the groundwater reservoir
in Fig. 3.1 gives,

dvg"jf = Q'p - CB (3'4)
d(Vece)L. = Q'p cp - Qg Cg (3.5)

where Q'p is the recharge to the reservoir by new rainwater.
With this simple model it is not considered meaningful to
distinguish between the soil water and the groundwater reser¬
voirs. They are therefore combined to form one single reser¬

voir, called groundwater reservoir.

If the volume of the groundwater reservoir further is assumed
to be constant we get

Q'p = Qg

and, since Qg = X Qs,

Q..X
dc = (c - c ) dt (3.6)

g v P g
g

With this equation, the temporal variation of cg within runoff
events can be calculated. The value of Vg is chosen by trial
and error so that cg changes from the pre-event to the post-
event value during the event, i.e., between the corresponding
values of the tracer concentration of streamwater. It is to be

noted that in such applications, Eq.(3.6) is just a crude
attempt to describe the time variation of cg between two known
values, using the tracer concentration of the water input and
the estimated rate of groundwater flow. With this simple model,

Vg should be interpreted as a model parameter rather than a
true reservoir volume.

As is pointed out in Section 8.1.4, the variation of cg during
an event cannot be determined accurately, neither from measure¬

ments nor by Eq.(3.6). For this reason, the most reliable
results are considered to be those obtained "when using a

constant value of cg, a procedure that corresponds to the use
of an infinite reservoir volume in Eq.(3.6). If cg changes due
to infiltration, such calculations underestimate the fraction
of groundwater. Parts of what is called rain- or meltwater
[ Qs (1 — X)] is then in fact groundwater that has been formed by
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newly infiltrated water particles. Bearing this in mind, the
term "fraction of groundwater" will be used in the present
study, both when cg is assumed to be constant and when it is
assumed to vary according to Eq.(3.6).

The extent of the discharge area is calculated assuming that
all rain- or meltwater on such areas reaches the stream as

saturation overland flow, while all rain- or meltwater on

recharge areas infiltrates (cf. the estimates of stream width
by Fritz et al. 1976). The flow of new rain- or meltwater in the
stream, Qp, then equals the water input on discharge areas:

Qp = (P - As/At)A Y (3.7)
where A is the basin area, As change in snow storage (negative
during melting) over the time period At, and Y is the discharge
area expressed as a fraction of the total basin area.

Since Qp = Qs(l - X),

Qs
Y = (1 - X) (3.8)

A (P - As/At)

Introducing the specific discharge q = Qs/A, we get the basin
fraction of discharge area as

Y = (1 - X) (3.9)
p - As/At

In this study, event mean values of Y are calculated, using
event averages of q, X, and P - As/At.

Eq.(3.9) expresses the area needed for the measured amount of
rainfall or snowmelt to generate the observed flow of rain- or

meltwater in the stream, as estimated by Eq.(3.3). It is then
assumed that overland flow is generated only on discharge areas

which are saturated to the surface so that no infiltration can

take place. In a more thorough discussion of streamflow gener¬

ation, presented in Section 10.2, a distinction is made between
saturated and unsaturated discharge areas. Eq.(3.9) gives the
areal extent of the saturated discharge areas. But since the
equation is considered to give a very rough interpretation of
the results of the hydrograph separations, the distinction
between the two types of discharge areas is not maintained
throughout the text. There are of course other possible mecha¬
nisms of overland-flow generation, e.g., the generation of
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rainfall excess on recharge areas when the rate of water input
exceeds the infiltration capacity of the soil. In such cases,

the area producing overland flow is larger than the area given
by Eq.(3.9), since the water input to one point in the basin
may partly infiltrate and partly generate overland flow. Since
the extent of saturated areas can be measured by field surveys,

Eq.(3.9) is considered to be a valuable means of evaluating the
hydrograph separations made by Eq.(3.3). On the other hand, it
should be noted that Eq.(3.9) is just a way of interpreting the
estimated groundwater fractions in terms of basin character¬
istics. The groundwater fractions are calculated independently
of this interpretation.

3.2 Oxygen-18 as a tracer

In this section the 180 content of precipitation is treated,
starting from the basic principles of fractionation. Possible
changes of the isotopic composition during water flow through a
basin are discussed in Chapter 6.

3.2.1 General occurrence

In natural waters, 0.2% of the water molecules contain the heavy
stable oxygen isotope 180. Different waters show slightly dif¬
ferent concentrations of 180 due to a change of isotopic con¬

centration, a so-called fractionation, which takes place during
phase transitions. Some fractionation takes place during
melting-freezing (see Section 6.2.6), but the most important
fractionation governing the occurrence of H2180 is caused by
evaporation-condensation. This latter fractionation can be
explained by lower saturation vapour pressure for H2180 than
for H2160, which means that the heavy molecules are less in¬
clined to evaporate and more inclined to condense than the
lighter ones. During evaporation the remaining liquid is
enriched in heavy isotopes and during condensation the remaining
vapour is depleted. Strictly speaking, the words evaporation
and condensation might be misleading, since fractionation is
an effect of the gross molecular fluxes through the interface
between liquid and gaseous phases. Gross evaporation is pro¬
portional to the saturation vapour pressure at the temperature
of the liquid, and gross condensation is proportional to the
vapour pressure of the air. For example, enrichment or depletion
of liquid water can take place through the exchange of mol¬
ecules, even if there is no net evaporation.
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The 180-content of a water sample is determined by mass spectro¬

metry. With this method, the sample is compared to a water of
known isotopic composition. For this reason, the 180-content is
commonly expressed as the relative deviation of the isotopic
ratio of the sample from that of a standard water, generally
SMOW (Standard Mean Ocean Water), (Craig, 1961a). The relative
deviation is denoted 6180.

6180 = SAMPLE " RSMOW (3.10)
rsmow

where the R's are the isotopic ratios, i.e., the ratios between
the number of atoms of the two isotopes, 180/160. The 6-value
is often expressed in per mil, but in calculations it is more

convenient to use fractions directly from Eq.(3.10). In this
text the term nl80-content" will be used in general, qualita¬
tive, discussions. When quantitative information is needed and
when measured values are presented, the term 6-value or 6180
will be used. Per mil (°/°°) will be used as a unit for 180-
content and its proper meaning as a fraction will be dis¬
regarded. Thus, "the 6-value is lowered by 2.1°/oo" means that

6i — 6n
6i - 62 = 2.1°/oo, and not that = 0.0021.
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As is common in the literature, 6180 is treated as a concen¬

tration in many discussions and calculations, in spite of its
definition by Eq.(3.10) as a relative deviation in isotope
ratio.1

1 Eq.(3.3), for instance, also applies to ö^80-values, as shown below:
The concentration of ^80, c, and the isotope ratio, R, are

18°
a p 18° • • R 1 •c = and R = giving c = R *

180 + 160 160 1 + R

By using these concentrations in Eq.(3.3) we get

x _ Rs " Rp 1 + Rg
Rg " 1 + Rs

and in the 6-notation

x = 5s " 6p 1 + rSM0W(1 + 5g) = 6s " 6p G

6g - öp 1 + RsmoW^1 + 6s) 6g " 6p
RSM0W = 0*00199 (Craig, 1961a), with the largest conceivable difference
between 6g and 6S, gives

G = 1.0000 + e, where |e| < 10"^.
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Isotopic fractionation during phase transition from A to B is
described by the fractionation factor a defined by

RA
aA_B = _ (3.11)

RB

where RA and RB are the isotopic ratios in phase A and B respec¬
tively. For the transition from liquid water (subscript 1) to
vapour (subscript v) a is greater than one and thus R^ > Rv.

Eg.(3.11) gives the relationship between the isotopic ratios of
vapour and liquid in thermodynamic equilibrium. In this case a
is the isotopic equilibrium fractionation factor. Isotopic
equilibrium between the phases exists, for example, in a closed
container with water and vapour standing for a sufficiently
long time for the isotopic ratios to attain constant values.
Isotope data on rainwater show that equilibrium conditions
prevail during condensation in the atmosphere. During evapo¬

ration, however, the fractionation factor is greater than the
equilibrium factor, due to a kinetic effect (see further
Section 6.1). Throughout this text a denotes the equilibrium
isotopic fractionation factor.

The fractionation factor increases with decreasing temperature.
For 180/160 a = 1.0098 at +20°C, 1.0107 at +10°C, and 1.0117 at
0°C (Majoube, 1971).

An alternative, but equivalent, definition of the fractionation
factor between liquid and vapour is

a = (3.12)

where es and esi are the saturation vapour pressures for H2160
and H2180 respectively. Since fluxes of molecules are propor¬
tional to vapour pressures, Eq.(3.12) is suitable when solving
problems where rates are concerned, while Eq.(3.11) is suitable
when considering phase transitions of amounts, regardless of
time.

The different behaviour of H2180 as compared to H2160 during
evaporation and condensation causes characteristic geographical
and temporal patterns in the 180 content of atmospheric water
vapour and precipitation. From an analysis of global precipi¬
tation data Dansgaard (1964) showed the following so-called
"effects" concerning the 6180 of precipitation:
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The 6180 decreases with:

decreasing surface air temperature, shown as a geographical
as well as a seasonal variation

increasing latitude

increasing altitude

increasing distance from the oceans in the directions of
vapour transport

increasing amount of precipitation, other factors being
constant

These effects have been fairly well described by simple conden¬
sation models (e.g., Dansgaard, 1964): A moist air mass is
cooled and the condensate is removed by precipitation, allowing
no molecular flux from the liquid back to the vapour (Rayleigh
condensation). Since the heavy isotopes are more inclined to
condense than the ligther ones, the vapour is gradually de¬
pleted of heavy isotopes. At each moment, the condensate is in
isotopic equilibrium with the vapour by which it is formed,
making the 6180 of precipitation gradually decrease as the con¬

densation proceeds. The depletion is accentuated by the in¬
crease of the isotope fractionation factor with decreasing tem¬
perature. The temperature difference between the vapour supply
region on the earth and a certain location is a measure of how
far the condensation has proceeded and thus of the depletion in
180. In the real world this simple model is complicated by,
among other things, vapour supply by evapotranspiration during
vapour flow outside the original source areas. For this reason,

the altitude effect, and in some cases the continental effect,
may be well described by the model, whereas the latitude effect
needs a more elaborate model (see discussion in Yurtsever and

Gat, 1981).

From an analysis of precipitation data from 91 stations around
the world, Yurtsever and Gat (1981) concluded that monthly mean
surface air temperature was the most important of the effects
mentioned above in describing the monthly mean 6180 of precipi¬
tation on a global scale, with

6p180 = 0.34T - 12.0°/oo (3.13)
where T is monthly mean temperature in °C.

The close relationship found between surface air temperature and
precipitation 6180 (a correlation coefficient of 0.79 in the
regression equation above, for instance) is somewhat surprising,
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since the isotope content of precipitation is actually deter¬
mined by the past and present temperature and isotopic compo¬
sition at the cloud base of the precipitating air mass. Parallel
development of the temperature at the two levels might be one

explanatory factor (Dansgaard, 1964).

The effects of isotopic fractionation discussed above are also
applicable to the other rare stable isotope in natural waters,
deuterium (2H or D). This isotope occurs as HDO in 0.03% of the
water molecules. Encountering the same fractionation processes,

but having different a-values, 180 and D in precipitation
generally have parallel variations with a known relationship
(Craig 1961b).

6D = 86180 + 10 [°/oo] (3.14)

Results from studies of one of the isotopes are thus often
valid for the other. This similarity will be used in the
present study when referring to the literature, from where
reported measurements of 6D will be converted to 6180 by use of
Eq.(3.14).

Due to the kinetic separation effect, which is different for
the two isotopes, water that is subjected to evaporation will
not follow Eq.(3.14) during enrichment. This deviation, which
gives a slope of less than 8 in Eq.(3.14), is a well-exploited
tool to identify water that has been subjected to evaporation
since the raindrop formation.

3.2.2 6180 of precipitation related to the present study

The isotope used in the present study is 180. In non-tropical
areas there is a prominent seasonal variation in the precipi¬
tation 6180. In winter the monthly mean 6-values are low as

compared to the summer values. Superimposed on the seasonal
variation, there is a large short-term variation in the 6180 of
single precipitaion events. These variations are to a large
degree reduced in the soil water and even more so in the ground¬
water reservoir, giving comparatively constant values of ground¬
water 6180, somewhere in between the winter and the summer mean

values of precipitaion. Therefore, groundwater and precipi¬
tation have different 6-values during many precipitation events
and often during spring snowmelt. This difference is a prerequi¬
site for hydrograph separation by 180. The seasonal variation
of the precipitation input also makes it possible to estimate
transit times and reservoir content for water in a basin.
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Monthly samples of precipitation 6180 from 16 Swedish stations
during the period 1978 to 1985 were analysed by Burgman et al.
(1987). Fig.3.2 shows arithmetic means of the monthly 6-values.
The locations of the study areas in the present investigation
are also shown on the map.

Fig.3.2 Mean 6^®0 of precipi¬
tation in Sweden (from Burgman
et al. 1987) and location of
the present study basins .

As an example of the daily and seasonal variation, precipi¬
tation 6180 from one of the present study areas, Nåsten, is
presented in Fig.3.3. The seasonal variation is evident from
the monthly values, but the daily values show a large scatter.

Burgman et al. (1987) analysed the seasonal variations at the
stations in their network. The amplitudes of the mean seasonal
variations at most stations were 2-3°/oo or more. The smallest

amplitudes, about l°/o0, were found at the stations on the
western coast of Sweden. Small seasonal variation is obviously
a disadvantage when using 180 for studies of runoff processes.

In determining the basin mean of precipitation 6180, the alti¬
tude effect, i.e., the decrease of the 180-content with in¬
creasing altitude of the site, has to be considered. This
effect has been investigated in several studies, often as a

means to localize areas of groundwater recharge to large
aquifers. The decrease with altitude has generally been found
to be 0.1-0.4°/oo (100 m)"1. The empirical relationship in
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Eq.(3.U), with a wet adiabatic lapse rate of 0.6°C(100 m)"1,
gives a decrease in 6180 of about 0.!L°/°°(100 m)-1.

Due to the comparatively small altitude differences within the
investigated basins (<100 m) the altitude effect has been
ignored in the present study when determening the 6180 of rain¬
falls. When it comes to the isotopic composition of the snow-

pack, however, the altitude effect on precipitation 6180,
though small in relation to the overall variability of 6180, is
considered to some extent through basin-wide sampling. (See
also Section 7.1.)

Nästen 1982

Sl80(%o)
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Fig.3.3 Daily and monthly mean values of precipitation 6^-®0. Nåsten,
Uppsala, 1982

In addition to the large scatter of the 6180 of daily precipi¬
tation samples, shown in Fig.3.3, there may also be a consid¬
erable temporal (and spatial) variation in precipitation 6180
within individual storms. Three precipitation events of dif¬
ferent origin were studied by Ambach et al. (1975). The ranges
of 6180 within the storms were large, varying between 5 and
10°/oo. The 6-value decreased rapidly from the beginning of the
storms; it then rose to or above the initial value and finally
started to decrease again. The decreases were attributed to the
rainout of heavy isotopes from the vapour due to Rayleigh con¬
densation. The rise was assumed to be a consequence of the cell

o- kprecip O o
Area oo prec i p. amount: 1 10 30 mm/day
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structure of the precipitation fields, since it could not be
explained by any fractionation process. Large in-storm vari¬
ations of 6180 were also reported by Dansgaard (1961) and by
Bleeker et al. (1966). Dansgaard further found areal vari¬
ability due to collector position in relation to the paths of
convective showers.

A few examples of the temporal and areal variability of precipi¬
tation 6180 within single storms from the present investigation
are presented in Section 7.1, where the observed relationship
between daily 6-values of precipitation and air temperature is
also commented upon. The consequences of the temporal variations
in precipitation 6i80 on the hydrograph separations made in this
study are discussed in Section 8.2.
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4 SITE DESCRIPTIONS

The investigation was performed in 10 basins with areas of
0.03-6.6 km2 at 6 localities in Sweden. The basins represent
characteristic types of landscape encountered in Sweden, with
gneiss or granite rock covered by glacial till soils, vegetated
by coniferous forest. The basins were selected to represent
various geologic, topographic, and climatic situations. Further
criteria in selecting the basins were that they should contain
no lakes, that they should be equipped with discharge measuring
devices, and that climate data should be available from nearby
stations. The possibility of cooperating with other projects in
the collection of data was also an important factor.

The basins are named Aspåsen, Buskbäcken, Gårdsjön Fl, Gårdsjön
F2, Gårdsjön F3, Nåsten, Stormyra and Svartberget (with two sub-
basins ) .

Data on the basins are given in Tables 4.1a, b and c, on the
last pages in this chapter.

Svartberget, Aspåsen and Buskbäcken belong to the northern
boreal coniferous zone. The climate of these basins has a

slight continental influence, with warm summers and compara¬

tively cold winters (Table 4.1c) and a continuous snowpack for
5 months or more. Nåsten is situated at the same latitude as

Buskbäcken, but the winters are much milder. Snow cover deve¬
lops regularly in Nåsten, but considerable melting may occur

. during winter, due to the lower altitude above sea level and
some maritime influence from the Baltic. The climate, and also
the day-to-day weather, at Stormyra is rather similar to that
at Nåsten. The climate of the Gårdsjön basins, situated 10 km
from the North Sea, has a strong maritime influence. The snow

storage in these basins is irregular, with melting frequently
occurring during the winter. The annual precipitation is larger
than in the other basins, a result of the dominating south¬
westerly winds and a considerable orographic effect.

4.1 Aspåsen (Fig.4.1)

Aspåsen is situated 50 km SW of the city of Sundsvall within
the drainage basin of the river Hamrångerån. It is one of the
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basins in the area in which the Department of Forest Soils,
Swedish University of Agricultural Sciences, investigates the
effects on nutrient circulation of increased forest biomass

utilization. A few small basins in the surroundings, and the
area in general, are described by Rosén (1982). Aspåsen is a
first-order basin of simple shape. In its upper parts, the
stream flows through a narrow peat strip at the bottom of a

distinct valley. The valley flattens downstream and the slope
of the ground is directed more in parallel with the stream. The
bedrock is covered by sandy to fine-sandy till, which in general
is more than one meter thick, with well-developed podzol pro¬

files (Anita Lundmark-Thelin, pers. comm.).

In 1981, during the first part of the present investigation,
the basin was fully forested, mainly by mature spruce. In 1983
the basin was clearcut, except for a 35-year-old stand consti¬
tuting 14% of the basin area. Thus a supplemental investigation
in September 1985 was performed in an almost clearcut basin.

A few preliminary field measurements of saturated hydraulic
conductivity gave values ranging from 4-10-6 to 2-10"4 ms-1 at
various depths in the top 0.8 m of the ground, with the highest
value at about 0.05 m depth.

In 1981 precipitation was collected in Frisbo, 5 km S of the
basin at 160 m above sea level. For the runoff event investi¬

gated in 1985, precipitation was collected within the basin at
325 m above sea level.

Fig.4.1 Aspåsen basin
(legend, see Fig.4.2).
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4.2 Buskbäcken (Fig.4.2)

Buskbäcken is situated in the highland of Bergslagen, 80 km NW
of the city of Västerås, within the drainage basin of the river
Arbogaån. It is one of the basins in which the "Kloten project"
investigated the effects of forestry on water quality and run¬
off. A general presentation of the area and its hydrology, with
special emphasis on the chemistry of streamwater, is given by
Grip (1982). Soil, vegetation and waterflow conditions in Masby-
bäcken, a small basin bordering the Buskbäcken basin, are de¬
scribed in detail by Lundin (1982).

Fig.4.2 Buskbäcken basin.

The forest in Buskbäcken consists of mixed conifers, with
small, more or less homogeneous stands of various ages. The
drainage network is well developed, with several of the chan¬
nels dug by man in order to improve forest production. The soil
is mostly sandy-silty till. Rock outcrops are rare, existing
only at some elevated locations close to the water divide.
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Soil1 depth in most of the basin is probably only a few meters;
in the nearby Masbybäcken the maximum soil depth is 3 m. Soil
depths >15 m have, however, been observed within and close to
the Buskbäcken basin (Rydgren and Sundby, 1982).

The saturated hydraulic conductivity of the soil has been deter¬
mined in several localities in the nearby Masbybäcken by field
and laboratory measurements, showing values around 10"^ ms"1 at
the top few decimetres, decreasing to around 10~6 ms"1 at 0.5 m

depth (Lundin, 1982). There was also a significant decrease in
total porosity between these two depths, from 0.50 to around
0.30. These values probably also represent the conditions in
the Buskbäcken basin. From a borehole dilution test in one bed¬

rock boring in the Buskbäcken basin, Rydgren and Sundby esti¬
mated the saturated hydraulic conductivity of the top 10 m of
the bedrock to be about 1*10"5 m/s.

Buskbäcken, discharge station 61-2227, is a so-called Field
Research Basin, operated since 1981 by the Swedish Meteorolo¬
gical and Hydrological Institute (SMHI). Precipitation was col¬
lected at Västra Kloten, 4 km S of Buskbäcken discharge station
at 280 m above sea level, from which climate station other
climate data were also obtained.

4.3 Gårdsjön (Fig.4.3)

The three small Gårdsjön basins are situated 40 km N of Göte¬
borg, 10 km from the sea. They are first-order basins draining
into Lake Gårdsjön, which in turn drains into the North Sea by
the river Anråseån. The present investigation is part of the
multi-disciplinary "Lake Gårdsjön Project", in which the impact
of acid deposition on a highly acidified lake and its catchment
has been studied. Physiographic and biological features of the
area are given by Olsson et al. (1985) and hydrological and geo¬

logical descriptions by Johansson and Nilsson (1985) and Melke-
rud (1983) respectively.

The investigated basins are valleys of tectonic origin. In
elevated and steep areas the bedrock is mainly bare. In the
lower parts of some slopes and in the valleys the bedrock is
covered by till, with an estimated mean thickness in basins Fl

1 The term "soil" is used to denote "loose deposits" throughout this
report. It it thus used broadly in contradistinction to the bedrock, not
in the sense of "the upper part of the loose deposits where soil
processes are acting".
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and F3 of 2.6 m and 2.1 m respectively (Melkerud, 1983). The
streams in the valley bottoms flow mostly through narrow strips
of peat soil. A bog area in F2 is located at the upper end of
the valley, close to the water divide. The bog contains a very

small lake. In F3, on the other hand, a bog is situated in the
lowest part of the valley. The basins are forested by mature
conifers, except for the eastern part of F3, which was clear-
felled in 1976 and later replanted with spruce and pine.

Fig.A.3 The Gårdsjön basins (legend, see Fig.A.2).

Melkerud ( 1983) classified the till in the basins as fine

sandy-silty, with 5-10% clay and a low gravel content. He ana¬

lysed several samples from Fl and F3 and found very little
variation in pore-size distribution. Field measurements of
saturated hydraulic conductivity in the top 0.5 m of the soil
at several localities around Lake Gårdsjön generally yielded
values between 1-10"5 and 5*10"^ ms"1, with the highest values
occurring close to ground surface (G. Lindström, pers. comm.).

Precipitation was sampled 0.8 km NW of the basin F3, at Lilla
Komperöd, 115 m above sea level, where air temperature was also
measured. During two intensively sampled runoff events in June
and July 1982 (named events A and B), precipitation was sampled
0.5 km W of basin Fl, at 125 m above sea level.

4.4 Nåsten (Fig.4.4)

The Nåsten basin is situated 4 km SW of central Uppsala. It
drains by the river Uppsala-Näsbäcken to Lake Ekoln, a bay of
Lake Mälaren. The physiography and hydrology of the basin are
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described by Bergqvist (1971a, b). It is an area of low relief,
characterized by exposed bedrock and a thin sandy-silty till
cover. In the depressions the till is frequently covered by
glacio-lacustrine clay. The clay areas are, or have been, culti¬
vated. Considerable flooding occurs in the valley bottoms at
times of high discharge, but in its lowest reaches the stream
channel is deep and flooding does not occur. The drainage
network is in many places influenced by man, as reflected by
several ditches draining the abundant bog areas and by covered
drains in the agricultural fields. At a nearby site, saturated
hydraulic conductivities of around 3-10"6 ms"1 were observed in
the top 0.2 m in the till soil. The forest is composed of mixed
conifers. Considerable portions of the forested areas have been
clearcut and are now vegetated by young stands.

The discharge station, 61-1742 Stabby, is operated by SMHI.
Precipitation was collected 200 m E of the discharge station,
at about 25 m above sea level. Climate data were obtained from

Ultuna Climate Station, Swedish University of Agricultural
Sciences, 4 km NE of the basin outlet.

.0

Fig.4.4 Nåsten basin
(legend, see Fig.4.2).
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4.5 Stormyra (Fig.4.5)

Stormyra is situated in Tyresö, 20 km SE of central Stockholm.
The stream drains into the Baltic 300 m downstream of the
basin's outlet. Physiographical and hydrological data on the
basin are given by Liljeqvist ( 1973 ). Like Nåsten, this basin
is characterized by exposed bedrock, thin till deposits and in
the valley floors glacio-lacustrine clay. The relief, however,
is more pronounced, reminiscent of that at the Gårdsjön basins.
Soil of any significant thickness is found only in the lower
parts of some slopes and in the valley bottoms. Gotthardsson
( 1973) reports that 50% of the basin has a soil thickness of
less than 10 cm. A flat area upstream from the basin outlet is
meadow-land, with some slightly elevated parts vegetated by
deciduous forest. At periods of high discharge, large parts of
the meadow area are flooded. The remainder of the basin is

vegetated by mixed conifers, mostly dominated by pine, but with
spruce dominating in many low-lying areas. The observed runoff
from Stormyra is considerably larger than the one from Nåsten,
although the climate is similar in the two basins (Table 4.1c).
The difference is probably a result of the very thin soil cover

in Stormyra, giving little soil water storage and thus small
evapotranspiration.

Fig.4.5 Stormyra basin
(legend, see Fig.4.2).
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Stormyra, with discharge station 62/63-1835, is a Field Research
Basin operated by SMHI. During the first year of the present
study, precipitation was collected at Stormyra Climate Station,
300 m NE of the basin outlet, at 10 m above sea level. In June
1980 , the precipitation gauge was moved to a place 100 m E of
the outlet at 20 m above sea level. Other climate data were ob¬

tained from the original location throughout the study.

4.6 Svartberget (Fig.4.6)

Svartberget is situated 60 km NW of Umeå. The basin is a part
of Vindeln Forest Research Station of the Swedish University of
Agricultural Sciences. The geology and vegetation of the experi¬
mental area are described by Tamm (1925) and Malmström (1925)
respectively. A detailed geological map of the basin is given
in Aastrup et al. (1982) and some aspects of the hydrology are
discussed by Sokollek (1985).

Within the total basin, discharged through Svartberget Nedre
(=lower), two sub-basins of very different physiography have

c

Svartberget
Nedre

Fig.4.6 Svartberget basin
(legend, see Fig.4.2).
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been investigated. One, Svartberget Övre (=upper) is dominated
by a bog, Stortjärnmyren, constituting 40% of the area of this
sub-basin. The other, Svartberget Västra (=west), on the other
hand, contains almost no bog area.

The main stream in its downstream reach, and the stream in
Svartberget Västra sub-basin, flow partly through peat soils
developed on the valley bottoms. The extent of these peat areas
gradually increases downstream towards the basin outlet.

The basin is forested by mature pine and spruce. Pine predomi¬
nates on the ridges and other elevated areas and spruce in low-
lying areas. The central part of Stort järnmyren has no trees
while the outer part is sparsely vegetated by pine trees of low
productivity.

The basin is covered by glacial till, probably several metres
thick in general. Lenses of coarse, sorted sediments within the
till have been found in several places (H. Ivarsson, pers.

comm) . There is only one small rock outcrop, at a little hill
just south of Stortjärnmyren. The presence of the highest post¬
glacial coast line in the basin, at 255-260 m above sea level
(Tamm, 1925), is reflected by occurrences of littoral gravel at
this level. Preliminary measurements of saturated hydraulic con¬

ductivity gave values from 10_z> to 10~7 ms"1 in the top 0.8 m of
the mineral soil (H. Grip, pers.comm.). The values were very

scattered, but conductivities below 10"6 ms-1 were found only
below 0.5 m depth. Below this level, lenses of coarse sorted
material are found, which may greatly affect the subsurface
water flow.

The stream channels were dug by man for drainage purposes. Thus,
the main channel has almost vertical sides and the water level

generally lies about 1 m below the surrounding soil surface.
For this reason, saturated areas developing at the foot of
slopes may only occasionally reach the stream, which in many
reaches is surrounded by unsaturated peat soils.

The observed mean runoff at Svartberget Nedre (252 mm year-1)
is considerably smaller than the value given in Table 4.1c
( 320 mm year-1), which refers to the 661 km2 Sävarån basin,
discharge station Stenfors, situated 25 km E of Svartberget.
The available data cover different time periods, Nov.1981-
Oct.1985 at Svartberget and 1951-1979 at Stenfors. But since
the mean precipitation at the nearby Hällnäs-Lund is about the
same for the two periods, 587 as compared to 567 mm year-1, the
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mean runoff should be similar for the two basins. The smaller

runoff observed at Svartberget suggests a considerable ground¬
water leakage from this basin. Svartberget basin is part of a

landscape sloping gently (by about 3-5%) in a SE direction. The
water divide is well accentuated along the NE and SW sides of
the basin, defined by ridges parallel to the stream. In the
lower part of the basin, however, there may be a groundwater
leakage. The coarse layers observed in the soil may play an

important role in such a leakage.

The discharge station at Svartberget Nedre was working through¬
out the study, but the one at Svartberget Övre was not working
properly. The discharge at Svartberget Västra was not measured.
Precipitation was collected at the field laboratory of Vindeln
Forest Research Station, 1 km SW of the basin outlet, at 225 m

above sea level.
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Table 4.1a Site descriptions: Physiography.

Altitude Mean s lope^
Basin Area min max max- basin stream Lat,. N Long. E

(km^) (m a.,s.1.) min Sbl Sb2 Ss
(m) (%) (%) (%)

Aspåsen 0.17 320 390 70 16 17 9 62° 01' 16° 42'

Buskbäcken 1.84 280 354 74 7 6 3 59° 54' 15° 49 >

Gårdsjön Fl 0.036 115 135 20 14 11 10 58° 03' 12° 02'
F2 0.040 115 135 20 15 10 5 58° 03* 12° 01'
F3 0.028 115 150 35 18 21 8 58° 04' 12° 01'

Nåsten 6.6 18 55 37 4 1 0.3 59° 48' 17° 35'

Stormyra 4.0 10 77 67 10 4 0.3 59° 12' 18° 20'

Svartberget
Övre 0.20 285 310 25 7 6 <2 64° 16' 19° 46'
Västra 0.16 235 310 75 19 5 64° 15' 19° 46'
Nedre 0.50 235 310 75 7 11 5 64° 15' 19° 46'

1 = mean slope calculated by the method of Wentworth (1930). See below.
S^2 = Ah/VA where A = basin area and Ah = max. altitude difference,
Ss = mean slope of the main stream from the centre of the basin to the
outlet (approximate figures).

Calculation of mean slope by the method of Wentworth (1930): Slope at a
certain point is here defined as tga (given as percentage), where a is the
angle between the ground plane and the horizontal plane. The mean slope of
an area in a certain direction is determined in the following way: A system
of parallel lines, separated by equal lengths, is put on a topographic map
with the lines oriented in the desired direction. The number of inter¬
sections with the contours, n, is counted. The mean distance between the
contours is given by (L/n)•(2/tt), where L is the total length of the paral¬
lel lines. The mean slope, S, in the direction under consideration is

s = JL . ™
2 L

where e is the altitude difference between the contours of the map. The
thus calculated mean slopes vary in different directions, reflecting the
orientation of the fault systems and the aspects of the valleys. The mean

slopes given in Table 4.1a are arithmetic means of mean slopes calculated
in four directions, N-S, NE-SW, E-W and SE-NW.

A more easily obtained measure of slope is also given in the table, namely
Ah/VA. The two values agree qualitatively. The slope in the largest basins
is, however, underestimated by the simple method since it does not account
for the broken relief seen at this scale.
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Table 4.1b Site descriptions: Geology and land use.

Soil cover (%) Post- Domi- Land use (%)
glacial nating

Basin Out- Till^ Clay Peat coast bed- Forest^ Clearing Field or
cropl line^ rock meadow

Aspisen <2 >98 0 0 A granite 100 0a 0

Buskbäcken <5 >86 0 9 A granite 80 19 1

Gårdsjön Fl 47 53 0 0 A,B gneiss 93 7 0
F2 47 40 0 13b A,B and 99 0 0
F3 32 63 0 5 A,B granite 47 53 0

Nåsten 25 55 16 4 B granite 87 13

Stormyra 67 13 12 8 B gneiss, 92 8

granite
Svartberget

Övre 0 60 0 40 A gneiss 90 10 0
Västra 0 80 0 20 A,B gneiss 100 0 0
Nedre 0 67 0 33 A,B gneiss 96 4 0

The figures on geology and land use for the three largest basins, Nisten,
Stormyra and Buskbäcken, have been obtained from geological and topographical
maps of scale 1:50 000 and areal photographs. Data on the other basins are
from various special investigations (see references given in the text).

1 Outcrops are defined as areas with a soil cover <0.5 m except for in the
Gårdsjön basins where such areas are defined by a soil cover <0.2-0.3 m.

^ In Svartberget Västra and Svartberget Nedre the figure includes occurrences
of littoral gravel (5% and 2% of the basin areas respectively).

3 Altitude of the basin in relation to the highest post-glacial coastline:
A = above, B = below.

^ Including open bog areas, of significance particularly in Svartberget Övre
and Nedre, see text.

a At the first part of the investigation.
k Including a lake, 1% of the basin area.
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Table 4.1c Site descriptions: Climate and water balance.

Air temperature (°C)1 Water balance (mm* year~l)^
Basin Year July Jan. Precip.^ Runoff Evapotransp

Aspåsen3 2.3 14.5 -8.8 755b 330c 430

Buskbäcken^ 5.0 16.5 -6.0 890e 435f 460

GårdsjönS 6.5 16.6 -2.8 1140h 6061 530

NåstenJ 5.4 16.3 -4.4 660 204k 460

Stormyra^ 5.6 17.5 -2.6 695m 303n 390

Svartberget0 1.0 14.5 -12.1 700 320P 380

1 July is the warmest month in all basins and January is the coldest in the
three northernmost basins. In Nåsten, Stormyra and Gårdsjön, February is
colder than January by about 0.5°C in the monthly means.

2 The figures given refer to periods of different lengths and the periods
for various elements of the water balance in a certain area do not always
coincide. In some basins the observation periods are much too short to
represent long-term annual means.

3 With the exception of those for Gårdsjön, the figures on precipitation
are normal values for the period corrected for measurement errors given
by Eriksson (1983). In these cases the applied correction increased the
observed yearly amounts by 15-25%.

^ Evapotranspiration is calculated as the difference between the figures
given on precipitation and runoff, put in round figures.

3 Air temperature from Delsbo, 75 m a.s.l., 25 km SW of Aspåsen, 1931-1960,
corrected for altitude difference by -0.6°C (100 m)"^.

k Strömbacka, 165 m a.s.l., 8 km S of Aspåsen.
c Franshammar, Rexforsån, 1931-1960.

^ Air temperature 1931-1960 according to Grip (1982).
e Grängesberg, 25 km NW of Buskbäcken.
f Buskbäcken 1970-1984.

8 Air temperature from Ljungskile, 70 m a.s.l., 20 km N of Gårdsjön,
corrected for altitude difference by -0.6°C (100 m)~^.

b Oct. 1979 - Sept. 1984 (T. Nilsson, pers. comm.), corrected by +17%.
^ Runoff from the whole Lake Gårdsjön basin (2.1 km^) Oct. 1979 - Sept.

1984 (T. Nilsson, pers. comm.).
3 Air temperature and precipitation from Ultuna 1951-1980.
k Nåsten (Stabby) 1963-1983.
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1 Air temperature from Gustavsberg, 10 m a.s.l., 15 km N of Stormyra,
1931-1960.

m Tyresö, 5 m a.s.l., 5 km N of Stormyra.
n Stormyra 1963-1983.
° Air temperature and precipitation from Hällnäs-Lund, 181 m a.s.l., 7 km E

of Svartberget, 1951-1980.

P Stenfors, Sävarån 1951-1979.
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5 MEASUREMENTS

The main purpose of this study is to estimate the relative con¬

tributions to streamflow made by new rain- or meltwater and
groundwater. The fraction of groundwater (or pre-event water)
is calculated by Eg. (3.3) using 180 as a tracer. For this pur¬

pose, regular sampling for 180 was performed in precipitation,
snowpacks and streamwater. Groundwater was also sampled, but
more irregularly, in order to get indirect information on the
6180 of groundwater contributing to streamflow during events, a

variable which cannot be measured directly.

In some methodological discussions the 6180 data are supple¬
mented with data on the electrical conductivity of the water,
which was measured on most samples taken for 180.

Sampling for 180 in some of the basins started in 1979, and the
results presented in this report cover the period up to 1982
except for a few later measurements. Within these years, the
sampling was performed for various periods and with various
intensities in the different basins, as shown by the chart in
Fig.5.1.

Basin 1979 1980 1981 1982

Aspåsen
Buskbäcken

Gårdsjön F 1
F 2

F3

Nåsten

Stormyra

Svartberget övre
Nedre

Västra

— (+s ept. 1985)

ii i

—

Mainly daily sampling
Weekly to monthly sampling

Fig.5.1 Measurement periods for the ö^80 of streamwater.
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5.1 Field measurements

5.1.1 Precipitation

Precipitation was normally collected in the standard gauge of
the Swedish Meteorological and Hydrological Institute (SMHI).
The gauge is cylindrical with an opening of 200 cm2. For rain¬
water collection it is equipped with a funnel to prevent evapo¬
ration. The cylinder is surrounded by a wind shelter to reduce
aerodynamic losses. In the normal operation, as in this study,
the gauge orifice is 1.5 m above the ground. For snowfall
collection at some of the stations, cylinders having similar
collection dimensions were placed about 0.7 m above the ground.

According to Eriksson (1983) the SMHI gauges may underestimate
the yearly precipitation by 15-30%, mainly due to aerodynamic
losses but also due to evaporation. The aerodynamic losses are

particularly large for snowfall. They may be greatly reduced if
the gauge is placed at a well-sheltered location. The gauges
used in the present study are comparatively well located with
regard to aerodynamic losses. With the exception of the figures
on long-term mean values given in Table 4.1c, no correction has
been applied to the collected amounts. Aerodynamic losses intro¬
duce little error in the determination of the 6180 of single
rainfalls or snowfalls, since a certain fraction of the preci¬
pitation is collected at each moment.

Saxena (1987) found that water stored in SMHI gauges could be
slightly enriched in 180 by molecular exchange before sampling.
The observed enrichment was about 0.2°/oo day"1 of 10 mm stored
water and 0.06°/00 day-1 of 30 mm stored water. In order to
diminish 180 enrichment in the gauges, the holes in the funnels
were reduced from about 100 to about 10 mm2. With this modifi¬
cation of the SMHI gauge, enrichment can be disregarded in daily
sampling.

The gauges were normally sampled daily. For certain periods in
some of the basins, rainfall was sampled twice a day. During the
rainfall events in the Gårdsjön basins in June and July 1982
intensive rainfall sampling was undertaken, with several
samples a day. Water samples from the collected snowfalls were

taken by putting an air-tight cover on the cylinder and bringing
it indoors to allow the snow to melt.

Precipitation collected at one station, within or close to the
basins, was assumed to be representative of the precipitation
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input to the basins. The precipitation stations were located in
the lower parts of the basins or, when outside of the basins,
at similar or lower altitudes (see Chapter 4). The altitude
difference between the mean altitude of the basin and the preci¬
pitation station was comparatively large in Aspåsen during 1981,
about 200 m. In the other basins, including Aspåsen during 1985,
it ranged from about 65 m (Svartberget Övre) to about 5 m

(Gårdsjön F3) . Due to the systematic decrease in the 6180 of
precipitation with altitude, about 0 . 2-0 . 4°/oo (100 m)"1 (cf.
Section 3.2.2), the gauge at Aspåsen might have overestimated
precipitation 6180 by some tenths of °/00 during 1981, whereas
the altitude effect is negligible for all other cases. However,
the precipitation collected at Aspåsen during 1981 was only
used for judging the precipitation input to the snowpack (cf.
Section 7.2). During the only rainfall-generated runoff event
investigated in this basin, rainwater was collected within the
basin.

The distance between the precipitation station and the most
remote part of the basin ranged from 5.3 km (Buskbäcken) to
0.5 km (Gårdsjön Fl, summer events 1982). With these distances,
accurate basin mean values of precipitation amount and 6180
were probably obtained for rain of frontal origin, but for
convective showers less representative samples may have been
obtained in some instances.

5.1.2 Snowpack

Except for in a few preliminary experiments with snow lysi-
meters, the isotope content of meltwater was not measured
directly in this study. The 6180 of meltwater was assumed to be
equal to that of snowpack, as discussed in Section 7.2. In order
to examine the changes in snowpack 6180 during winter and
spring, the samplings of the total snowpack were complemented
by less intensive profile samplings.

The 6180 of snowpack was determined from vertical snow cores,
taken with cylindric snow tubes with an inner diameter of
4.0 cm. When sampling small to moderate snowpacks (water equi¬
valent less than about 100 mm) 2-4 snow cores were taken at
each station and the snow or melted water was mixed to form one

composite sample from the station. To ensure a random sampling
distribution, the cores were taken in a predetermined geometric
configuration. For practical reasons, only one snow core per
station was sampled for 180 analysis from deep snowpacks, but
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the weight and depth of the snow cores were generally observed
at 4 points at each station.

Snow samples from snowpacks were melted at room temperature in
air-tight plastic bags. After complete melting the samples were
stored in glass bottles.

The snowpack sampling stations were distributed over the basins
to give basin mean values, either equidistant along straight
lines or at selected sites accessible from roads.

In Aspåsen, Buskbäcken, Stormyra during 1980 and 1982 and in
Svartberget Nedre, 10 stations were sampled on each survey
date. In Nåsten and Stormyra during 1979, 3-6 stations were

used, and in Nåsten during 1980 and 1982, 6 stations. In Gård¬
sjön Fl and F3 during 1980, 5 stations were sampled. The number
of usable stations decreased at the end of the melt periods as

some of the stations became snowfree. Basin mean values from

Svartberget Nedre were also assumed to represent the two sub-
basins, Svartberget övre and Svartberget Västra, although only
a few of the sampling stations were actually situated inside
these sub-basins.

During melting periods, the snowpack was generally sampled once
a week, but intenser (Buskbäcken and Gårdsjön Fl and F3 during
1980) as well as sparser (Buskbäcken during 1981 and 1982 and
Stormyra) sampling occurred. Before melting, the snowpacks were

sampled about once a month.

The vertical 180 layering of the snowpacks was investigated by
using 20-cm-long samplers with rectangular dimensions of 5 cm

by 7 cm. The samplers were inserted horizontally into the wall
of a pit dug immediately before the sampling. In more shallow
snowpacks, the profiles were sampled and analysed for 180 in
5-cm layers. In deeper snowpacks, adjacent samples were mixed
to form composite 10-cm samples. On each date that profile
samples were taken, a new pit was dug a few metres from the
earlier ones, at any given sampling location.

Vertical snow profiles were taken in some of the basins during
the accumulation period and in all basins during the spring
floods. The most complete profile sampling was undertaken in
Buskbäcken during 1980 (2 stations, twice a week), Nåsten
during 1982 (1 station, weekly), and in Svartberget during 1981
and 1982 (2 stations, weekly).
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5.1.3 Groundwater

Groundwater was sampled at irregular intervals from springs and
wells. Naturally flowing springs were present in the Buskbäcken,
Nåsten, and Svartberget basins. Well samples were obtained from
household wells in some basins and from observation wells in
Buskbäcken and in the Gårdsjön basins. The former are boreholes
in the bedrock, about 20 m deep. The wells in the Gårdsjön
basins are plastic tubes installed in the loose deposits, with
intakes about 0.4-0.9 m below the ground surface. Before samp¬

ling these tubes, they were emptied by pumping and allowed to
refill.

5.1.4 Streamwater

In all basins, discharge was measured by triangular weirs fitted
with recording gauges. Streamwater was sampled manually, mostly
at the weirs of the discharge stations. By sampling from the
weirs' outflow, a good mixing of the streamwater was assured
and simultaneous values of stream discharge were obtained. For
a few periods of very low discharge, however, isotope enrichment
and also damping of tracer fluctuations in the stilling pond may
have influenced the results. In order to avoid this problem,
streamwater was sampled at the pond inlets during some of the
intensely sampled rainfall events.

During snowmelt, streamwater was normally sampled once a day,
close to the hour of daily maximum flow, which occurred in the
evenings. The spring floods of Buskbäcken 1980 and Gårdsjön F3
1980 were intensively sampled, with about four samples a day,
and those of Buskbäcken 1981 and Gårdsjön Fl and F2 1980 were

sampled twice a day. The spring floods sampled in 1981 and 1982
were intensively sampled for a few days close to the day of
spring flood culmination.

During the remainder of the year, streamwater was normally
sampled about once a week, except for in Buskbäcken 1980 and
1981 where samples were taken only once a month. Daily or more

frequent sampling was performed during selected rainfall-
generated runoff events with attempts being made to obtain the
greatest sampling frequency during the hydrograph rise and peak-
flow. The most intensive sampling was performed in Gårdsjön Fl
in June 1982, where up to 13 samples were taken per day.
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5.2 Laboratory measurements

Oxygen-18

The relative 180/160 ratios of the water samples were measured
with a Varian-mat mass spectrometer. The instrument measures

the mass of C02 molecules in a C02 gas in equilibrium with the
liquid water sample. The obtained 180/160 ratio of the sample
is compared to that of a reference water with known 6180-value
as compared to SMOW. The accuracy of the 6180-values of the
samples is ±0.1-0. 2°/oo.

Electrical conductivity

The electrical conductivity of the water samples, y, was mea¬

sured at + 25 °C. According to the manufacturer the accuracy of
the instrument is about ±1%. The pH-value of the samples was

also measured, but since the measurements were generally made
several days or weeks after the sampling, these pH-values may
differ considerably from those in the field. Therefore the pH-
values were used only to eliminate the effect of hydrogen ions
on the conductivity so that the conductivity was solely a mea¬

sure of the concentration of dissolved solids. The following
correction was used (cf. Handbook of Chemistry and Physics)

7corr = 7 • 3500-10"Ph (mS-m-1)

Thus, at pH-values of 6, 5, and 4 the corrections are -0.035,
-0.35 and -3.5 mS*m_1 respectively. Considering the accuracy of
the conductivity measurements, the correction becomes important
at pH < 5.5.
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6 FRACTIONATION PROCESSES FOR OXYGEN-18 WITHIN A BASIN

The use of 180 as a tracer in hydrology requires a knowledge of
the possible rates of fractionation during water flow through a
basin. In the present study the 6-values of precipitation or

snowpack are measured to give the 180 input to the basins and
those of streamwater to give the output. In order to interpret
the 6-values in terms of hydrological processes, any changes in
the 6-value other than by the mixing of different waters, i.e.,
any changes by fractionation, must be taken into consideration
and either estimated or treated as errors.

Fractionation within a basin may occur by evaporation and mol¬
ecular exchange with atmospheric vapour in intercepted water,
soil water, snowpacks and in surface water bodies. Fraction¬
ation also takes place between snow and meltwater during snow-

melt. These and a few other possible fractionating processes
are discussed in this chapter in order to give a background to
the use of 180 for hydrograph separation and for modelling the
flow of water through a basin. Attempts are made to quantify
the isotopic changes during various stages of the water flow.
This is done by applying a model for isotopic change in a
theoretical water body, which is developed in the first part of
the chapter.

6.1 Models for fractionation due to evaporation and
exchange with water vapour in the atmosphere

The basic principles for fractionation during phase transition
were discussed in Section 3.2.1. For water bodies exposed to
the atmosphere, both the kinetic effect and the effect of mass

exchange with the atmospheric water vapour must be considered.
Once the isotopic flux through the surface is known, isotope
and water balances for the water body can be established to
give the change in 6180 of the water with time.

6.1.1 Mcxlels for the 6lsO of the net evaporate

Models for fractionation during evaporation into a moist atmos¬
phere were discussed by Craig and Gordon (1965). In one of
their models, which has come to form the basis for many sub¬
sequent works, the molecular flux from the liquid surface to
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the measurement level in the atmosphere is supposed to take
place through a thin laminar and a turbulent layer, character¬
ized by certain resistance values. Isotopic equilibrium is
assumed to exist between liquid and vapour at the surface.
Since the molecular diffusion coefficients for vapour flow
through the air, which determine the flow rates within the
laminar sublayer, are somewhat smaller for H2180 than for H2160,
an additional fractionation takes place just outside the liquid
surface. The turbulent fluxes, on the other hand, are assumed
to be non-fractionating, carrying all isotopes with the same

efficiency.

From the above considerations Craig and Gordon deduced a formula
for the isotopic composition of the net evaporate. A similar
formula can be deduced in a simple way as follows:

The net water flux through a surface is proportional to the
difference in vapour concentration at the surface and in the
atmosphere, which in turn is proportional to the difference in
vapour pressure. Similarly, the net flux of heavy isotopes
(subscript i) is proportional to the difference in isotope
concentration, which is given by the difference in vapour

pressure times the isotope ratio. Following the approach by
Eriksson (1961, 1965) and remembering that esi = es/a (Eq.3.12),
we get the mean net fluxes of heavy and abundant isotopes as

Ei = A (es J- Rs - ea Ra)C (6.1)
ri a

1
E = — (e - ea) C (6.2)

r

where E = net evaporation
r = total resistance from the surface to the measure¬

ment level in the atmosphere
es = vapour pressure at the surface ( = saturation

vapour pressure at the surface temperature)
ea = vapour pressure in the atmosphere
Rs = isotopic ratio in the liquid
Ra = isotopic ratio in the atmosphere
C = a factor relating specific humidity to vapour

pressure (C = (Mv/Ma)•(1/p) where My and Ma are
the molecular weights of water vapour and dry
air, respectively, and p is air pressure)
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C/r = the so-called transfer coefficient or wind
function, f(u), appearing in aerodynamic
evaporation formulae,

a = equilibrium isotopic fractionation factor

The isotopic ratio of the net evaporate, RE, is then

1
(e„ — Rs - ea Ra)

E-; r a 33
RE = = (6.3)

E ri <es - ea>

Using the 6-notation (Eq. 3.10) and introducing a kinetic sepa¬
ration factor defined by

ß = —

r

Eq.(6.3) becomes

h. (6S + 1 ) - ea(6a + 1) - ß(es - ea)
6e = — (6.4)

(es - ea) ß

The vapour pressures appearing in Eq.(6.4) can be eliminated by
means of the "vapour-pressure ratio" (often called the normal¬
ized relative humidity) defined as

e
h = -±

es

giving

1
_ (6S + 1) - h(6a + 1) - ß(l - h)
a

6e = (6.5)
(1 - h) ß

Eq.(6.5) is similar to the widely used Craig and Gordon Formula

1
— (6_ + 1) - h (6. + 1) - 1 -Ae
a s 3

6e = (6.6)
1 - h - Ae

where Ae = a kinetic separation factor defined by Craig and
Gordon as Ae = (1 - hMr^yr - 1).
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Since Ae is dependent upon h it is considered more convenient
to use ß as a kinetic separation factor. The meaning of ß is
readily seen in the case of evaporation into a dry atmosphere
(Rayleigh evaporation). Eg.(6.3) then reduces to

1

The effective fractionation factor in this case is thus a ß.

In situations when the air temperature is equal to the surface
temperature, Eq.(6.5) is most useful since the vapour-pressure

ratio is equal to the relative humidity of the air. When the
two temperatures differ, as in the case of snowmelt, Eq.(6.4)
is preferable.

The process of non-equilibrium fractionation, as reflected by

tc^/x: or ß, is not yet fully understood. Various values of ri/r
have been proposed, the general approach being

r, D n
— = ( )
r D±

where and D are the molecular diffusion coefficients for

vapour flow through air and n is a parameter depending on the
flow mechanism, often having a value around 0.5. Commonly
assumed values of Ae/(l-h) are 0.013-0.016 (Gat 1970), equi¬
valent to ß = 1.013-1.016.1

In the deduction of the expression for 6E, only kinetic effects
caused by different rates of molecular diffusion for the iso-
topic species in the laminary atmospheric sublayer have been
taken into account. Additional kinetic fractionation effects

may occur at the surface or in a laminar sublayer of the liquid.
This latter effect was included in the original formula by
Craig and Gordon, but in applications of the formula it is
generally disregarded. In laboratory experiments with falling

1 The molecular diffusion coefficients for water vapour in gases have been
determined experimentally by Merlivat (1978) as

D(H9160)
= = 1.029.

d(h218o)
With n = 0.5 this value gives ß = 1.014.
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raindrops, Stewart (1975) found that kinetic fractionation took
place solely at the atmospheric laminar sublayer. No kinetic
fractionation was found at the surface or within the liquid,
and he concluded that a surface kinetic effect would never be

of significance in nature, but that kinetic effects within the
liquid could not be excluded in other situations.

Pan experiments by Allison and Leaney (1982) showed that 6E
from constant volume evaporation pans could be well predicted
by Eq.(6.6) withAe/(l-h) = 0.016, i.e., ß = 1.016.

6.1.2 Model for isotopic change in a well-mixed water body

Given the isotopic composition of the net evaporate, equations
for isotopic change within a well-mixed water body (Fig.6.1) is
deduced from water and isotope balances of the water body. The
equations obtained are applied to various situations in order to
estimate the isotopic changes during water flow through a basin.

1 I

> — — — SRs — — —

1 F,RCr ' S

Fig.6.1 Isotope balance for a well-mixed water body. I, E, F, and
S are the inflow, evaporation, outflow, and mass of water respect¬
ively, and the R symbols the corresponding isotope ratios.

Mass balance ^.+E+F-I=0 (6.8)
dt

d(S Rn)
Isotope balance _ + E RF + F Rc - I RT = 0 (6.9)

dt r. s j.

where S = mass of water

t = time

E = evaporation rate
F = outflow, for example infiltration
I = inflow

Rs, Re and Rj = the isotopic ratios of the water body,
evaporate and inflow respectively
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Integration of Eq.(6.8) yields

ft

S = S0 -
CM

(E + F - I)dt (for
(M

(E + F -I)dt < S0) (6.10)

where S0 = mass of water at t = 0

Eqs.(6.8), (6.9), and (6.10) give

dR;
dt

S
_

E (Rc - Rp-) - I (Rc ~ Rt )
(6.11)

Sn - (E + F - I)dt

or, in the 6-notation

d6c

dt

E(6c - 6p) - I(6c ~ 6t)
ft

(6.12)

Sn -

oJ
(E + F - I)dt

If the various water flows and the isotopic composition of the
inflow are known, Eq.(6.12) can be solved numerically for 6S>
using 6E from Eq.(6.5). For 6E, values of 6a and h (= ea/es)
are needed as well as the isotopic fractionation factors.

Some special cases can be considered:

1. No inflow. Then
d6c

dt

E(6c - 6r)
ft

(6.13)

s0 *
0J

(E + F)dt

Enrichment will proceed until 6S = 6E.

2. No outflow, evaporation equals inflow (constant volume)

d6

dt

S _

—
— (6j - öE) (6.14)

Enrichment will proceed until 6S reaches a value such that
6t? = 6T.

Eq.(6.12) is easy to handle and the physical meanings of the
different terms are readily seen, as exemplified by the special
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cases above. However, the use of 6E is possible only when
E t 0. When E = 0 then h = 1 and 6E is not defined. Because of
mass exchange there may well be a net isotopic flux through the
surface also when the net evaporation is zero.

This problem can be overcome by expressing the isotope flux by
net evaporation, E RE, in the isotope balance Eq.(6.9) directly
as E^ by Eq.(6.1). Using the evaporation rate from Eq.(6.2),
the expression for isotopic change of a water body Eq.(6.12)
then becomes

£ [es Rs( 1 - -1) - ea( Rs - i Ra)J - I (Rs - Rj)
dRs - r a(3 £ (6.15)
dt

s° -of'C?
or, in the 6-notation

(e- - e_) + F - i)dt

£ [es(6s+l) (1- ea(6s+l - i (l+6a) ) ]-I (6s-«i)
£ (6.16)

dt ft c
s0 -J q (es - ea) + F - I)dt

As in Eq.(6.5), ea in Eq.(6.16) can be replaced by h-es.

It is to be noted that the kinetic fractionation, as reflected
by ß, is present in Eq.(6.16) also during condensation. This is
contrary to common assumptions. No reason could be found to dis¬
regard kinetic fractionation in the atmospheric laminar sub¬
layer when the net flow is directed into the liquid.

Two slightly different equations by which the isotopic change
of a water body can be calculated have now been dérived.
Eq .(6.12), with 6E from (6.5), is suitable when E is known
explicitly, for instance from water-budget considerations, or

when E can be given a reasonable value from "general expe¬

rience". One advantage with Eqs.(6.12) and (6.5) is that 6E can
be roughly estimated even if the input variables for Eq.(6.5)
are not measured (cf. Section 6.1.3). In more general consider¬
ations, when the net evaporation may be positive, zero, or nega¬

tive, Eq.(6.16) is preferable. This is the case when isotopic
changes of a snowpack are studied, for instance.

Simulations with Eqs.(6.12) and (6.5) or (6.16) are made in
Section 6.2 in order to examine enrichment rates to be expected
within a basin.
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The rate of turbulent mixing in the atmosphere, as expressed by
the wind function, C/r, might be known for lakes, either deter¬
mined empirically using evaporation rates determined by other
methods or derived from the wind profile. For water bodies on

the forest floor or in clearings, as in the present study, C/r
is not well known since the logarithmic wind profile is not
valid, and it is difficult even to get accurate values of the
wind speed. Therefore, when the wind function is needed in
simulations, its value is determined from assessed values of E,

es, and 1 - h, under conditions of positive net evaporation.

6.1.3 Sensitivity of the fractionation model to
meteorological conditions

Before the fractionation model is applied to situations related
to the present runoff study, the process of isotopic change of
a water body under different meteorological situations will be
discussed. Simulations with Eqs.(6.5) and (6.12) are performed
for an initially 100-mm-deep water body without inflow or out¬
flow, using constant values for the meteorological variables.
The situation is intended to represent Swedish summer con¬

ditions. Reference values and realistic ranges of the variables
are given in Table 6.1, which also shows estimated ranges of
the enrichment to be discussed below. The water temperature is
assumed equal to the air temperature, making h in Eq.(6.5)
equal to the relative humidity of the air.

Table 6.1 Reference values, ranges of variables and estimated enrichment
variables for a 100 mm deep water body.

Variable Reference Range
value

Steady
state

value^

Rate of enrich¬
ment (°/oo day~l
during the first
day)(°I°° )

Reference situation

Evaporation (E) 3 mm day"^
Relative

humidity (h) 70%
6^0 of the

atmosphere (<5a) -20°/oo
Initial 6^0
of the water -10°/o o

-25 - -15°/oo -2.7-7.6 0.48-1.15

-15 - -5°/oo 2.5
1.010-1.012 1.0-3.9

(+20°C) (0°C)
1.014-1.018 1.6-3.3

50-90 %

2.5

1-5 mm day~l 2.5

18.4 - -6.2 0.80-0.88

0.48-1.15

0.72-0.90

0.82

0.27-1.35

a

ß

1.011

(+10°C)
1.016 0.76-0.89

1 Defined in the text below
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As pointed out earlier, the 6180 of the atmospheric water
vapour, 6a, is needed when calculating the isotopic changes of
water exposed to the atmosphere. Measurements of 6a in Sweden
have been reported by Saxena (1987). From 4 years of continuous
measurements he showed that rainwater (in contrast to falling
snow) generally is close to isotopic equilibrium with the
(saturated) atmosphere during the rainfall event. At such equi¬
librium we have by Eq.(3.11)

Rp = a Ra
giving

6p = a(6a + 1) - 1 = 6a + a - 1
or

6P - 6a = a - 1

At 10°C a = 1.011 giving 6p - 6a = ll°/oo. The water body in
Table 6.1 is assumed to be newly fallen rainwater, with 6180 =
- 10°/oo. The reference value of 6a, - 20°/oO, is chosen so as
to roughly represent equilibrium during the rainfall.

6180(%o)

Fig.6.2 Simulation of the ö^80 of water under reference enrichment
conditions (the relative humidity h = 0.7) and sensitivity to variations
in the relative humidity.
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Fig.6.2 shows calculated isotopic change in the water under
reference conditions (h = 0.7) and also for various values of
h. Enrichment proceeds with a decreasing rate as 6S approaches
a steady-state value where 6S = 6E (Eq.6.13). For h = 0.7 the
steady-state value is reached when 6S - 6a = 22.5°/oo, which
occurs after about one month. At that time only 10 mm remains,
since 90 mm has evaporated.

The enrichment of a water body can be characterized by the
steady-state value and by the rate of change. Table 6.1 shows
how the ranges of each individual variable affect the steady-
state value and the rate of enrichment expressed as enrichment
during the first day, with the other variables having their
reference values. The sensitivity is discussed in more detail
below in an attempt to clarify the process of isotope fraction¬
ation in water.

The steady-state value

The steady-state value is defined here as the isotopic equi¬
librium value at the prevailing relative humidity and 6-value
of the atmospere. The term "steady-state value" is preferred to
"equilibrium value" in order to reserve "equilibrium value" for
the case of thermodynamic equilibrium between water and vapour

(100% relative humidity).

From Eq.(6.13) it is seen that isotopic change in a water body
without inflow ceases when 6S = 6E. Eq.(6.5) then gives for the
steady-state value, 6S>S,

-L - h - ß(l - h)

6s,s - 6a = (1 + 6a) — (6-17)
ß(l - h) -

a

This relationship, which gives the maximum possible enrichment
at a certain 6a as a function of the relative humidity, is
plotted in Fig.6.3.1 The diagram also shows the conditions for
enrichment or depletion during evaporation. For combinations of
6S - 6a and h that fall below the curve, as in the example dis¬
cussed below, enrichment will take place. Points above the curve
characterize situations where evaporation causes depletion. The

As is seen in Eq.(6.17), 6g s - 6a is a function also of 6a, but
realistic ranges of 6a result in no visible deviation from the curves
in Fig.6.3.
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latter situations are probably rare for longer time periods in
natural waters, but may occur at night and during late autumn
(low 6a, high h) . Conditions for enrichment are discussed in
Section 6.2.6 when 6180 of snow is analysed. Here, only enrich¬
ment situations are considered.

6s-6a (%o
100

0.6 0.8 1.0
Relative humidity

Fig.6.3 Difference between
the ö^80 of water (6S) and
atmosphere (6a) at "steady-
state" conditions as a

function of the relative

humidity.

At 100% relative humidity no evaporation occurs, but molecular
exchange proceeds until the water and atmosphere are in isotopic
equilibrium, i.e., 6S - 6a » ll°/oo. with decreasing relative
humidity the maximum enrichment for a certain 6a increases,
since the 180 flow from the atmosphere gradually decreases due
to decreasing concentration of H2180 in the atmosphere.

The great sensitivity of the steady-state value to variations
in h, particularly at low values of h, is evident from Fig.6.3.
A change of one percentage point in h changes 6SS by 0.30°/oo
at h = 95% and by 0.95°/oO at h = 55%.

The difference between the 6lsO of water and of the

evaporating vapour

From Eq.(6.12) it is seen that the rate of enrichment is directly
proportional to E and to 6S - 6E and inversely proportional to
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s = s0 -Je dt.
When examining the influence of 6S - 6E on the rate of enrich¬
ment, the factors determining 6S - 6E must be considered. From
Eq.(6.5) the following expression for the difference between
the 6-value of the water surface and that of the net evaporate
is obtained

6s[ß(l-h) - —] - — + h(6a+l) + ß(l-h)
6S - 6E = (6.18)

ß(l - h)

6S -6e (%O)

Relative humidity

Fig.6.A Difference betweeen the 6^0 of water (6S) and
net evaporate (öE) as a function of the relative humidity.
The difference is given for various differences between
the <5^0 of water and atmosphere (<5a) to be expected for
surface water in a basin.

This difference is plotted against h for selected values of

6S - 6a in Fig.6.41. It can be concluded from the figure that
for a certain 6S, the difference 6S - 6E (and thus the rate of
enrichment at a given evaporation rate) is very sensitive to 6a
and h when h is high. At low h (<60%) the difference depends

1 As seen in Eq.(6.18), the difference is also a function of &s, but
realistic ranges of 6S cause very small changes in the curves.
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very little upon 6a and h. As h approaches zero, 6S - 6E
approaches aß - 1 (= 27°/oo). This is obtained directly from
Eq.(6.3) giving RE = Rs/aß for h = 0.

It should be noted that the above comments concern the de¬

pendence of the rate of enrichment on h for given values of E.
But for a given rate of turbulent exchange and surface temper¬
ature, E decreases as h increases. The large values of 6S - 6E
thus occur in connection with small values of E. A closer anal¬

ysis shows that for constant turbulent exchange and surface
temperature, the rate of enrichment decreases linearly with in¬
creasing values of h. The larger the difference 6S - 6a, the
larger is the decrease with h.

Fig. 6.4 can be used to obtain values of 6S - 6E in rough esti¬
mates of the rate of enrichment by Eq.(6.12). It is seen that
the dependece of 6S - 6E upon h is a function of 6S - 6a. When
Ra = Rs 1/a, i.e., 6S - 6a = ll°/oo, we get by Eq.(6.3) Re =
Rs/aß, or 6S - 6E = 21°loo for all values of h. This is the
initial value of 6S - 6E to be expected for a rainwater puddle
starting to evaporate after the rainfall when h drops but 6a
remains constant for some time. As 6S increases by the enrich¬
ment, 6S - 6a increases, making 6S - 6E decrease until the
steady state is reached, when 6S - 6E = 0. The points of inter¬
section of the curves with 6S - 6E = 0 correspond to the curve
for the steady-state value in Fig.6.3. From the seasonal vari¬
ation of 6a, which largely follows that of air temperature, it
can be expected that 6S - 6a < ll°/oo for instance for meltwater
in spring and streamwater in summer. In such cases, the rate of
enrichment for a certain evaporation rate is comparatively
high, since 6S - 6E is large. Values of 6S - 6a > ll°/oo, giving
a comparatively low rate of enrichment, may occur for stream-
water in late autumn.

6.1.4 Experimental results related to the present study

Saxena (1987) found that the isotopic changes of water in
0.11 m2 evaporation pans were well described by Eqs.(6.12) and
(6.5). The experiment was performed in Uppsala, Sweden, which
has a climate representative of the present runoff study. Pan
water was sampled with time intervals of about 1-3 days. As an

example is shown measured and calculated 6180 of a pan without
inflow, having an initial depth of 95 mm (Fig.6.5). The calcu¬
lations by Eqs.(6.12) and (6.5) were performed using period



89

mean values of h (assuming surface temperature = air tempera¬
ture) and E (obtained from water budget). Under real conditions,
the steady-state value is never reached since it continuously
changes with h and 6a. In the later part of the experiment the
6-value of the pan water approaches, but never reaches, the
meteorologically determined steady-state values.

6180(%O)

DAY

1 8
Fig.6.5 Observed and calcualted 6iO0 of water in an evaporation pan
having an original water depth of 95 mm. Uppsala, June-July 1982. (From
Saxena, 1987).

6.1.5 Limitations of the model for isotopic change

In the model for isotopic change in a water body, complete
mixing of the water was assumed. The net isotopic flux through
the surface was assumed to change the isotopic composition of
the whole mass of water at the same rate. This assumption is
justified for stream channels and probably also for shallow
water reservoirs, at least when considering periods of several
days, since complete mixing regularly occurs due to nocturnal
cooling. There are, however, many situations within a basin in
which the effects of fractionation on the bulk mass of water

are reduced by incomplete mixing.

An instructive example is evaporation from ice, a process that
is non-fractionating. Here the transport of molecules to the
surface occurs only by molecular diffusion, and it is too slow
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to allow the lighter molecules to reach the surface at a higher
rate than the heavier ones. The evaporation takes away the mole¬
cules present in the surface layer, as a cheese cutter slices
off the cheese. Enrichment to a steady-state value1 will
rapidly occur at the surface, but it will not affect the compo¬
sition of the bulk ice. Stated in another way: the molecular
diffusion is too slow to allow the enrichment to proceed in¬
wards. The situation can be described by Eq.(6.14). A very

small reservoir, Sq, is moving into the ice at a rate equal to
the evaporation. The reservoir "sees" an inflow, I, equal to E,
having the isotopic composition of the ice, 6S. By Eq.(6.14) we
get 6E = 6j = 6S.

Other phase transitions where fractionation is prevented or

diminished due to incomplete mixing are transpiration, evapo¬
ration from soil, evaporation from snow, and also melting of
snow. These cases are discussed in the next section, together
with cases of complete mixing, in attempts to map the possi¬
bilities of enrichment during water flow through a basin.

6.2 Estimates of enrichment rates during water flow
through a basin

This section deals with fractionation of water on its way from
precipitation to the stream and in the stream itself. Except
for the studies on snowpacks referred to below, there are only
few studies reported in the literature on fractionation during
water flow through a basin.

Enrichment of rainwater during groundwater recharge (inter¬
ception and infiltration) in an arid area were discussed by Gat
and Tzur (1967) using a simplified version of the Craig and
Gordon model (1965), which allowed analytical solutions of the
total enrichment. There are also a few studies on fractionation

in the unsaturated zone, some of which will be referred to
below. No reports treating fractionation during overland flow
or streamflow have been found. As is shown in this section,
situations may occur in which there is a significant isotopic
change during these latter processes, a change that should be
taken into account when interpreting the isotope content of
streamwater.

1 This steady-state value is different from that given by Eq.(6.17). Apart
from h and 6a it also depends on the rate of evaporation and the compo¬
sition of the ice.
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At the present stage it is not considered possible to estimate
the combined result of the various fractionations taking place
during water flow through a basin. The aim of the following
paragraphs is rather to identify fractionation situations and
to suggest possible ways of estimating enrichment or depletion
rates to be anticipated at various locations along the path of
the water flow. Implications for hydrograph separation by 180
are discussed in the uncertainty discussion in Chapter 9.

This section is arranged following the flow of water through a

basin, discussing fractionation during interception, infil¬
tration, soil water flow, groundwater flow and flow in dis¬
charge areas including the stream channel. The flow pattern is
broken by the discussion on snow, which comes last in the
section. When 180 is used in modelling the water flow through a

basin, possible enrichment at any stage is important, whereas
for hydrograph separation possible enrichment at certain stages
is of less importance than at others.

For some stages of the water flow such as soil water, ground¬
water and snow, the discussion is based mainly on results from
the literature. For water on the ground surface or in the
stream, possible rates of enrichment are estimated using field
data from the present investigation as examples. These examples
are chosen to give the upper limits of enrichment to be
expected.

In the attempts to quantify enrichment rates in connection with
rainfall or snowmelt, the following assumptions are made, if
not otherwise stated:

The falling raindrops are in isotopic equilibrium with the
saturated atmosphere, i.e., 6p = a(l + 6a) - 1. For 6a = -20°/o»
and a = 1.011 this gives 6p = -9.22°/oo. Due to heat stored in
the vegetation or in the ground, the atmosphere may not be com¬

pletely saturated with respect to the wet surfaces. This allows
some evaporation and thereby enrichment during the rainfall. At
+10°C, a temperature difference of 0.3°C between surface and
air gives a vapour-pressure ratio of 98%. The enriching effect
of this is examined in some of the examples. After the ces¬
sation of rainfall, the same 6a is assumed as during the rain,
and the relative humidity is assumed to have dropped to 70% or,
in the case of interception, to 80%. During snowmelt, isotopic
equilibrium between meltwater and the atmosphere cannot be ex¬

pected to prevail. The seasonal variation in 6p suggests values
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of 6a during snowmelt around -20°/oo, and 6180 of meltwater, 6M,
around -15°/oo. A relative humidity of 70% is assumed.

Values of meteorological and other input variables needed in
the enrichment models are often taken from "general experience"
in an attempt to avoid overburdening the text with references
and detailed discussions on each assumption.

The magnitudes given below of the estimated isotopic changes in
different situations should be related to the yearly variations
in the 6-values found within a basin. In Fig. 3.3 it was shown
that the precipitation 6lsO may vary from -25 to 0°/oo over the
year. Experience from the present study shows that at these
precipitation 6-values, streamwater and groundwater 6180 may

vary between about -13 and -9°/oo. Let us also recall that the
6180 of a water sample is determined with an accuracy of about
±0.2°/oo.

6.2.1 Interception

From theoretical considerations treating an arid area, Gat and
Tzur (1967) concluded that the mean 180 enrichment of the
throughfall never exceeded 0.5°/oO.

The only reported measurements of enrichment by interception
are those by Saxena (1986, 1987), performed in a dense pine
forest in Uppsala. During a four-month summer period he found
that about 40% of the rainfall was lost by interception. The
weighted mean 6180 of the throughfall was enriched by 0.3°/oo as

compared to the precipitation. Saxena (1986, 1987) applied the
present enrichment model to the case of interception and found
that the estimated enrichment largely agreed with observed
values.

Saxena observed both enrichment and depletion of the throughfall
during single rainfall events. The directions of isotopic change
could be related to the observed difference between the 6-values

of the rainfalls and the atmosphere. The isotopic change in the
24 reported storms ranged from -0.4 to 1.2°/oo, with a median
value of 0.2°/oo.

The total interception loss at this experiment was considerably
larger than what has been reported from other studies in Swed¬
ish coniferous forests, 20-25% of summer rainfall (Bringfeldt
and Hårsmar, 1974; Perttu et al., 1980). It seems probable
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therefore that the isotopic changes are generally smaller than
those reported by Saxena.

6.2.2 Infiltration

Non-ponding infiltration

Isotopic change in infiltrating water is estimated by applying
Eqs.(6.12) and (6.5) to a very shallow, hypothetical, reservoir
fed by rainwater or meltwater, and drained by infiltration (and
evaporation). The reservoir depth, S0, affects only the rate of
isotopic change and not the maximum enrichment. By choosing a

sufficiently small Sg, say 0.1 mm, stationary conditions are
rapidly achieved and the calculated enrichment is independent
of S0.

The assumption of isotopic equilibrium between rainwater and a

saturated atmosphere implies no enrichment during rainfall
infiltration. If, on the other hand, the normalized relative
humidity is slightly below 100%, a non-negligible enrichment
may occur at low rainfall intensities. Calculated enrichment
for h = 98% is plotted against P/E (P = precipitation rate) in
Fig.6.6 (unbroken line). Due to low rates of turbulent mixing
close to the the forest floor the evaporation rate is probably
smaller than 0.1 mm h"1, which, for rainfall intensities larger
than 1 mm h-1, gives P/E > 10 and a maximum enrichment of about
0.5°/oo.

For infiltration during snowmelt the possibilities for enrich¬
ment are somewhat different, since the conditions are far from
isotopic equilibrium. The broken line in Fig.6.6 shows cal¬
culated enrichment at meltwater 6180 = -15°/oo, 6a = -20°/oo and
h = 70%. (P/E in the figure is replaced by M/E, where M = rate
of meltwater flow from the snowpack). The enrichment for a

certain P/E is considerably larger in this case, but E is very

small, since the hypothetical reservoir is covered by snow. The
value of M seldom exceeds a few mm h"1, but since the magnitude
of E is not known, quantitative conclusions on the enrichment
cannot be drawn. (For example E = 0.01 mm h"1 and M = 1 mm h"1
gives A6 = 0.5°/«o. )

In connection with the present investigation, a field expe¬
riment was performed showing no enrichment during the flow of
rainwater on or within the top layer of the soil.
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Aé
12

(%.
a Rainfall h=98 %

b —H=96 %
Snowmelt b = 70%

Fig.6.6 Calculated enrichment
(Ad) during non-ponding infil¬
tration as a function of the ratio
between the rates of precipitation
(P) (rainfall or snowmelt) and
evaporation (E).

The experiment was performed in Lagga, ca 15 km east of the
Nås ten basin, with 1 m wide by 5 cm deep horizontal troughs
inserted in vertical pit walls, about 5 cm below ground sur¬

face, in or just below the humic layers. 6180 and electrical
conductivity of water collected in the troughs during a rain¬
fall are shown in Table 6.2.

Table 6.2 6^80 and electric conductivity of water collected in surface-
near troughs.

26/8 1979 14.00 h 26/8 1979 19.30 h

Trough 6180 7 q'g1 6180 7 q's
No. (°/oo) mS m"^- (mm) (°/oo) mS m~^ (mm)

1 -9.6 4.7 1 -8.4 3.3 1

2 -9.5 4.5 1 -8.4 2.9 1

3 -9.5 7.5 1 -8.9 5.0 1

4 -9.3 6.5 0.1 -8.4 3.6 0.1

5 -9.7 23 1 -8.7 14 1

Rainfall -9.7 2.5 29 mm -8.5 2.1 23 mm

1 Collected amount per unit of catchment area.
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Troughs Nos. 1-4 were in forested till soil, whereas No. 5
was in heavy clay at a grassy, formerly agricultural site. The
collected water volumes constituted only small fractions of
this prolonged rainfall of medium intensity (4 mm h-1). The
collected water probably infiltrated just above the collectors
and was caught on its downward-downs lope flow in the humic
layers. It may thus represent infiltrated water rather than
overland-flowing water. The 6180 showed no significant dif¬
ference from that of rainfall. The conductivity of the water,
on the other hand, increased considerably, particularly at the
clayey site.

Infiltration from surface reservoirs1

In forested till soils in Sweden, surface-water reservoirs are

mainly restricted to discharge areas, since the infiltration
capacity of the soil is generally greater than the intensity of
rainfall or snowmelt. Enrichment in surface reservoirs in dis¬

charge areas does not affect the isotopic composition of
groundwater. This subject is treated later, in connection with
enrichment in stream channels. Here the enrichment during the
less probable case of water infiltration from surface reser¬

voirs generated by rainfall or snowmelt excess is estimated.

It is assumed that isotopic equilibrium between the rainwater
and the saturated atmosphere prevails during the rainfall,
implying no enrichment in the reservoir. After the rainfall,
the relative humidity is assumed to have dropped to 70%.

Mean enrichment of the infiltrated water, calculated by Eqs.
(6.12) and (6.5), is plotted against the infiltration rate for
different evaporation rates in Fig.6.7. As was pointed out by
Gat and Tzur (1967), the mean enrichment is independent of the
initial water depth, since the longer time for evaporation and
molecular exchange of a deep reservoir is exactly compensated
for by the larger mass of water in which the enriched surface
water is mixed. The curves in Fig.6.7 agree well with analogous
theoretical curves presented by Gat and Tzur.

Infiltration capacities in till soils are probably seldom lower
than 20 mm h"1 and commonly considerably higher. One could
therefore hardly expect an enrichment of more than a few tenths

1 Throughout this text the term "surface reservoir" is used for any
collection of water on the ground: pools, ponds, water in flooded
areas etc.
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of per mil during rainfall ponding on an unsaturated soil. The
ponding requires very high rainfall intensity, accounting for a
small fraction of total rainfall and infiltration. The enrich¬

ment effect of rainfall ponding on the isotopic composition of
soilwater and groundwater is therefore probably negligible.

Fig.6.7 Calculated mean enrichment (A 6) of water
infiltrating from a surface-water reservoir as
function of the infiltration capacity of the soil.

In calculating the mean enrichment of the infiltrating melt-
water in Fig.6.7, the same enrichment variables as those for
meltwater in Fig.6.6 have been used (6S originally -15°/o0, 6a =
-20°/oo, h = 70%). As in Fig.6.6, the calculated enrichment for
meltwater is considerably larger than for rainwater. However,
the larger mean enrichment for a certain evaporation rate is
compensated for by a lower evaporation rate during snowmelt.
Evaporation is perhaps 1 mm day-1 for water reservoirs exposed
to the atmosphere and much smaller for water standing in the
snowpack. The effect of enrichment is therefore most likely
negligible in this case as well.

Enrichment in surface-water reservoirs in discharge areas not
connected to the channel network may affect the isotopic com¬

position of groundwater under certain circumstances. In slightly
undulating terrain of low mean slope, with very shallow ground¬
water, the groundwater table may intersect the ground surface
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at several localities. This results in the existence of many

surface reservoirs without surface outlets. In one of the

present study areas, the Nåsten basin, groundwater pools are

frequent at high groundwater stages. The pools are emptied by
evaporation and mainly lateral drainage, the latter causing in¬
filtration of enriched surface water. The fall in water level in

such pools during late spring is, say, 1 cm day"1 (0.4 mm h"1),
of which evaporation accounts for 1-2 mm day"1. In Fig.6.7 it
is seen that the mean enrichment may reach several per mil.But
since this infiltration occurs only locally, its effect upon

groundwater 6180 in a basin is not likely to be very important.

6.2.3 Soil water

One of the main methodological problems in performing isotopic
hydrograph separations is to get a good estimate of the 180
content of the groundwater component of streamflow. As is dis¬
cussed in Section 8.1.4, the groundwater discharging to a
stream may partly consist of water that was stored in the un¬
saturated zone close to the stream before the event. Due to the

seasonal variation in the 6180 of precipitation, the 180 con¬

tent of soil water often differs from that of groundwater. A
possible enrichment in the unsaturated zone may, however, in¬
troduce systematical errors in the assessment of groundwater
6180 during runoff events.

The isotopic composition of soil water may be modified by
direct evaporation and exchange with the atmosphere or by tran¬
spiration. In both cases, the isotopic changes of the bulk vol¬
ume of soil water are greatly reduced by incomplete mixing with
the enriched surface layer (cf. Section 6.1.5).

The effects of evaporation from soil and transpiration are

treated separately below, after which some experimental results
found in the literature are presented.

Bare soil

Direct evaporation from soil water is of significance mainly in
bare soils. Since the soil air within a wet soil is very close
to saturation, evaporation takes place only from the uppermost
wet layer, which is supplied by water flow from below. The
evaporating layer strives to reach the isotopic "steady-state
value" with respect to the atmosphere.
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As is pointed out by Dinger et al. (1974), the enrichment in
the top layers may be transported downwards by molecular dif¬
fusion through liquid and vapour. In addition to these mole¬
cular flows, the whole enriched water layer is pushed down
during periods of infiltration and downward water flow. The
effect of this latter, advective, transport depends on the
frequency of infiltration situations in relation to the rate of
enrichment of the surface layer.

Zimmermann et al. (1967) treated, experimentally and theoreti¬
cally, the enrichment penetration in a saturated soil evapo¬

rating at a constant rate at the surface. They showed that the
enrichment distribution with depth is exponential, with the
mean depth of enrichment, z, and the adjustment time, t, given
by

z = — (6.19)
v

T = — (6.20)
v2

where D = molecular diffusion coefficient for H2180 in water.
At +10°C, D = 1.7 • 10~9 m2s_1 = 1.5 cm2 day-1
(Wang 1965) .

v = upward velocity of water = E/p, where p = porosity
and E = evaporation rate.

It is seen from the equations that the greater the evaporation
rate, the smaller is the penetration depth and the shorter the
time to reach steady state. For evaporation rates of 1 and
3 mm day"1 Zimmermann et al. calculated mean penetration depths
of 0.15 and 0.05 m, respectively, and adjustment timés of 150
and 17 days, respectively.

The case of enrichment penetration in unsaturated soil is more

complicated, due to the various flow mechanisms involved.
Münnich et al. (1980) presented a model to explain the very low
slope of 180-D line found by Dinger et al. (1974) in drying
Saharan sand dunes. Allison (1982) concluded, from laboratory
experiments, that low slope is caused by an extra kinetic sepa¬
ration taking place in drying sand during the molecular dif¬
fusion of water vapour through a dry top layer.
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Transpiration

Transpiration is probably non-fractionating (Zimmermann et al.
1967, Allison et al. 1984 ), but few experiments have been
reported on this question. Conceivable points where fraction¬
ation could occur during water flow through vegetation are at
the root-soil water boundary and at the transpiring leaves.

No evidence of selective isotopic water uptake has been found
in the literature. Zimmermann et al. reported no isotopic
changes of the remaining water during transpiration from a

vase, i.e., from a very large saturated pore. Fractionation in
such a case is not very probable, since there are no phase
transitions present. Selective isotopic water uptake during
unsaturated conditions, due to some diffusive or biological
process, cannot, however, be excluded based on the reported
experimental data. Allison et al. (1984) found no, or possibly
a very small, enrichment of soil water by transpiration in a

drying soil. They pointed out the possibility for fractionation
during water uptake by roots in very dry soils, since vapour

transport then may be important.

As in the case of evaporation from soil, considerable enrich¬
ment probably takes place at the evaporating surfaces of
leaves. Gonfiantini et al. (1965) found an 180 enrichment of
about 10°/oo in transpiring leaves as compared to the soil
water. The molecular diffusion of H2180 in liquid H2160 is,
however, too slow to allow the enrichment to proceed against
the water flow in the stems. Upward water velocity through the
stems of a transpiring forest is on the order of 0.1-10 m h"1
(Kramer and Kozlowsky 1979). The corresponding mean penetration
depths from Eq.(6.19) with D = 1.7 10"9 m2 s-1 are fractions of
millimetres. Since the estimated flow velocities are for stems

only, the estimates do not exclude deeper penetration into the
leaves, but it is evident that no enrichment can penetrate
against the water flow from the canopy to the soil water. Down¬
ward enrichment flow by advection, important in bare soils, is
moreover not possible during transpiration, since the water
flow in the stem is never directed downwards.

It can be concluded that the only stage of the water flow
through vegetation which could have fractionating effect on the
soil water is the root-soil water boundary. No evidence of
fractionation at this boundary has been found in the litera¬
ture, and since it would occur only when vapour flow to the
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roots becomes important, it would be of little significance in
humid areas.

Experimental results reported in the literature concerning
enrichment of soil water

The mean isotope content of the water in the soil profile and
that of the percolate may well differ from that of water input,
even if no fractionation takes place in the soil. The tran¬
spiration removes some of the infiltrated water from the soil.
What part of the water it takes depends on the vertical distri¬
bution of soil water tension and root density, but not on the
isotope content of the water. If the mean 6180 of the tran¬
spired water differs from the mean 6180 of the water input, the
mean 6180 of the percolate will differ from that of the water
input. It may thus be difficult to draw conclusions on the rate
of enrichment in soil water from comparisons between the 6180
of soil water and percolate and the 6180 of precipitation.
Possible enrichments during snow storage, interception, and
infiltration also have to be regarded in such comparisons.

In view of the extensive use of stable isotopes in groundwater
studies, surprisingly few investigations of stable isotopes in
the unsaturated zone have been reported. The reported studies
include soil-water sampling, lysimeter experiments, and labora¬
tory experiments.

The seasonal variations of precipitation 180 was found in the
vertical distribution of soil water 180 by Saxena (1984). He
investigated soil profiles in glaciofluvial sand (Uppsala) and
till soil (close to the Buskbäcken basin); both sites being
forested. The observed variations of soil water 180 correspond
to a damping of the variations in the monthly precipitation
values of about 20-40 %. Identification of 180 depleted melt-
water at two depths made it possible to estimate the rate of
percolation during the in-between year. The weighted mean 6180
of one year's soil water below the root zone differed very
little from that of precipitation during the same period. No
con-clusions concerning the extent of enrichment were drawn.

Seasonal variations of precipitation 6-values were also found
in deuterium profiles of soil water in Western Germany by
Eichler (1965). Certain profiles showed heavy enrichment in the
top 10 cm as compared to the precipitation.
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Zimmermann et al.(1967) compared deuterium content of soil
water below bare and grass-covered surfaces in Western Germany.
Assuming that transpiration is non-fractionating, they found a
mean enrichment below bare soil of A6D of about 10°/oo, corre¬

sponding to A6180 about 2°/oo.1 The higher 6-values below the
bare soil were found in the whole sampled depth interval,
0-2 m.

Low slopes of D-180-plots of soil water in sand dunes indi¬
cating enrichment by evaporation were reported by Dinger et al.
(1974), but no figures on the magnitude of the enrichment of
the infiltrated water could be given. D-180 relationships in
vegetated soils have not been found in the literature.

Yearly mean of percolate from 3 vegetated lysimeters in the
study by Eichler were enriched in deuterium corresponding to
180 enrichments ranging from about -0.5°/oo (depletion) to
2°/oo.1

From experiments with artificially recharged grass-covered
lysimeters in France, Blavoux and Siwertz (1971) concluded that
a considerable enrichment in 180 took place, but the details
given are too few to allow quantitative conclusions to be
drawn.

Allison (1982) presented results from a laboratory experiment
where evaporation during 8 days from aim sand column, origi¬
nally at field capacity, caused enrichment to penetrate to
0.10 m, with A 6180 of about +5°/oo at 0.08 m depth and +15°/°°
at 0.03 m (from Fig.2 in Allison, 1982).

6.2.4 Groundwater

The 6180 of groundwater is often found to agree closely with
mean 6180 of precipitation. Because of the seasonal variation
of groundwater recharge and the effect of soil water storage,
this agreement does not, however, exclude the possibility of
enrichment of the precipitated water during the recharge as
discussed in the preceding sections. Some comments are made
below on isotopic changes within the groundwater zone.

For groundwater lying deeper than a few metres below soil
surface, the only source of isotopic change would be isotopic

1 180 enrichment is estimated assuming a slope of the D-180 line of 5
because of kinetic effects during evaporation.
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exchange with the rock material. This process, generally re¬

sulting in "o enrichment of water, is of significance only in
thermal waters (Truesdell and Hulston 1980).

Groundwater close to the soil surface may be subjected to tran¬
spiration and direct evaporation, including exchange with the
atmosphere. Of these processes only the latter ones are frac-
tionative, as discussed above. In contrast to conditions within
the unsaturated zone, it is very unlikely that the bulk volume
of groundwater will be affected by fractionation processes at
the surface. The reason is that very shallow groundwater mainly
occurs in discharge areas for groundwater where the flow has an

upward component, preventing the penetration of surface enrich¬
ment by diffusion and never allowing penetration by advection.

It can be concluded that no isotopic changes are to be expected
within the saturated zone during normal conditions, a fact that
is an unspoken premise in almost all hydrogeological studies
using stable isotopes.

6.2.5. Surface waters in discharge areas

When performing hydrograph separations by 180, the observed
difference between meltwater or rainwater and streamwater 6180
is interpreted as a result of mixing of rain- or meltwater with
isotopically different groundwater. The aim of the estimates in
this section is to investigate to what extent the observed dif¬
ference could have been affected by enrichment of the surface
water during the runoff event, thereby introducing an error in
the hydrograph separations.

In this and the following section, data from field situations
from the present investigation are used in more detail than in
the foregoing, more general, discussions. The various runoff
events are referred to by basin names and year (for snowmelt
events) or letters (for rainfall events). The events are

defined in the diagrams in Appendix 1, Figs.Al.1-9, showing
isotope and discharge data for the periods of measurement.

This section is rather speculative, since complete field data
are seldom available for use as input to the applied enrichment
models, and even more so since there are very few, if any, iso¬
topic data available for checking the validity of the calcu¬
lated enrichments.
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Wet areas connected to the stream and the stream itself

The simplest way to estimate the enrichment of surface water
during a runoff event is to estimate the total net isotopic
flux from the atmosphere to the wet surfaces in the basin and
calculate how large is the total enrichment caused by this flux
on the total discharged volume. It is assumed that all surface
reservoirs appear and disappear during the runoff event, and
that water losses by evaporation from the wet area can be dis¬
regarded from the point of view of water balance. With these
assumptions, the volume of water subjected to enrichment equals
the discharged volume. The problem is equivalent to estimating
the enrichment of a water body without inflow or outflow, and
with an area equal to the wet area and a volume equal to total
discharged volume. By analogy with Eq.(6.13) we get the mean

enrichment A6S of the water as

AS,, E(6_ _ 6f)1 = 1 (6.21a)
At q-At

AY

where At = duration of the event

E = mean evaporation rate from wet areas

Q = mean discharge during the event
A = basin area

Y = basin fraction of wet area during the event

Introducing the specific discharge, the enrichment is given by

E(6„ - 6p)A 6S = _ Y (6.21b)
q

where q = mean specific discharge (discharge per total
basin area)

At relative humidities less than, say, 75% a value of 6S - 6E
can be obtained from Fig.6.4. At higher relative humidities
Eq. (6.21) cannot be used, since 6S - 6E is too sensitive to
6S - 6a, which changes during the enrichment. Enrichment of a
water body then has to be estimated in the usual way by
Eqs.(6.12) and (6.5) using short time steps.

Nonlinearity in d6s/dt makes Eq.(6.21) overestimate the
enrichment since 6S - 6E in reality decreases with time as 6S
approaches the "steady-state value" (Fig.6.3). For calculated
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enrichments of a few per mil the effect of the time averaging
done in Eq.(6.21) is small, however. The nonlinearity may also
cause an overestimation due to areal variability of 6S. For
constant E, the enrichment will be largest in shallow areas

having little throughflow. These more enriched areas will act
as barriers to further enrichment of the total flow volume.
This latter effect, which is difficult to quantify, is probably
also small. It should be noted, however, that the enrichments
calculated by Eq.(6.21) constitute upper limits.

An attempt is made below to estimate the enrichment during the
spring flood in Nåsten 1979 (cf. hydrograph Fig.A1.5). All sur¬
face water is assumed to be meltwater, having an original 6S =
-15°/oo. other variables are:

6a = -20 °/oo
q =2 mm/day
PE = 1 mm/day
Y = 0.15

One difficulty is to get a reasonable value for E, since the
evaporation rate from wet surfaces probably varies greatly de¬
pending on the exposure to the atmosphere. The following evapo¬

ration rates are assumed:

Open sites with free water surface E = PE (potential
(basin fraction Y3) evaporation)
Free water on the forest floor (Y2) E = 0.1 PE
Wet areas covered by snow (Y3) E = 0

The figure for the mean fraction of wet area of the basin, Y,
is taken from a field survey at maximum flow (Section 8.1.6)
giving Ymax = 0.23. The field survey further gave = 0.04, Y2
= 0.09, and Y3 = 0.10, making E = 0.2 PE = 0.2 mm/day. From
Fig.6.4, 6S - 6E is estimated to be 30 ±5°/oo. Eq.(6.21b) then
gives

= 0-2(30 t 5) 0>15 = 0>5 ± 0>1o/oos 2

considering only the accuracy in 6S - 6E. Estimates for Stor-
myra give mean enrichments of similar magnitudes. Since the
difference between meltwater and streamwater is around 2-4°/oo,
an enrichment of 0.5°/oo cannot be disregarded.



105

From the above exercise it is concluded that there may be an

enrichment of surface water during snowmelt, which affects the
hydrograph separation by Eq.(3.3). The existence of such enrich¬
ment could be detected by studies of the D/180 relationship
(cf. Section 3.2), but deuterium analyses were not possible in
the present study. For want of such data, the above estimates
are regarded as pointing out an enrichment possibility, not as

practically applicable results.

Considerable enrichment of rainwater is less probable for
runoff events caused by rainfall, since the rainwater probably
is near isotopic equilibrium with a saturated atmosphere. How¬
ever, the water running off after the cessation of rainfall is
subject to similar enrichment possibilities as during snowmelt,
though with somewhat smaller 6S - 6E, since Rp « a Ra.

Enrichment on wet areas and in the stream will cause overesti-

mation of the groundwater fraction calculated by Eq.(3.3) for
snowmelt periods, since the 6180 of meltwater is lower than
that of groundwater. During rainfall events, the enrichment may

either lead to an overestimate or to an underestimate of the

groundwater fraction, depending on whether rainfall 6180 is
smaller or larger than groundwater 6180. See further discussion
in Section 9.2.

Stream channel flow and surface water reservoirs

Eq.(6.21) can be used for estimates of the enrichment during
various parts of the runoff process, for instance, during
stream channel flow and flow through occasional surface water

reservoirs, provided that the relative humidity is not too high
and that the enrichment does not exceed a few per mil. A more

general treatment of these two cases is possible by using
Eqs.(6.12) and (6.5) without the approximation introduced in
Eq.(6.21). This is done below for stream-channel flow, while
the enrichment in flooded areas is estimated from Eq.(6.21).

The enrichment of a stream segment flowing from the "source" to
the measurement station during continuous inflow from the
bordering land (surface or subsurface inflow) is estimated by
Eqs.(6.12) and (6.5). Stationary conditions are assumed, with
velocity, v, and inflow per unit length of stream, q' , being
constant along the stream. The stream cross section is further
assumed rectangular with a constant ratio (c) of width (W) to
depth (H).
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For enrichment estimates of the stream segment by Eqs.(6.12)
and (6.5), we need to calculate the variation with time of its
surface area, Ah, and its depth.

From the assumptions on flow and channel geometry we have

Q = x q' = v t q' (6.22)

and

W = c H (6.23)

where Q is stream discharge at distance x from the source, v is
velocity and t is time of flow from the source. The vertical
cross section, Ay, is obtained in two ways as

\ = -Q- (6.24)
v

and

Ay = W H = c H2 (6.25)

Eqs.(6.22), (6.24), and (6.25) give

H = y~Hjf (6.26)
c

The surface area, Ah, of a segment of length 1 is

Ah=Wl=Hcl=l 7 q't c (6.27)

Eq.(6.12) can now be applied to a reservoir having

. . CT' 1 /CT^
I = inflow per unit reservoir area = -— = J _1_

Ah t c

F = outflow = 0

S = reservoir depth = J SL^:
c

Enrichment in the channel from the source to the discharge
station is estimated with the above model for one of the larger
basins in the present study, Stormyra, with a basin area of
4 km2. The simulations are performed for a 6 km stream, roughly
corresponding to the longest stream reach in the basin. The
situations are chosen to represent streamflow during snowmelt
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and after the cessation of rainfall, with enrichment variables
according to Table 6.3.

Table 6.3 Hypothetical enrichment variables for estimation of enrichment
in the stream channel, Stormyra basin.

spring

Evaporation, E (mm day"^)
Relative humidity, h (%)
6^0 of the atmosphere, 6a (°;
6^0 of the inflow, <5j (°/oo)

4 1

70 70

-18 -18'

-12 -18

a A high value is chosen to establish an upper limit of enrichment,
k Assumed to be only meltwater, gives maximum enrichment.

The results are presented in Fig.6.8, showing the enrichment Ad
- 6in as a function of discharge at the outlet (Q),= 6out

velocity (v), and ratio of width to mean depth (W/H).

A 6 (%o)
0.8

0.4

Summer

Q('/s)
10

A 6 (%o)
0.8 I-

0.4

10

Summer

20 W/H

A6(%O) d/

0.4 Spring

0 0.5 1

Fig.6.8 Enrichment (Aö) of streamwater during flow through a basin,
calculated using data assumed to represent the conditions in the
Stormyra basin. Q = stream discharge at the basin outlet, W = stream
width, H = stream depth, v = velocity of the water.

' (m/s)
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For the enrichments shown in the figure, the calculated mean

width along the stream is about 0.5-1.0 m for periods without
flooding, and up to around 10 m for periods with flooding.

With the above geometrical model (Eqs.6.22 - 6.27) the stream
area can be estimated from velocity and discharge. If this esti¬
mated area is used, very similar values of A6 are obtained by
Eg.(6.21) from one time step only.

A more realistic case than flooding (W/H >100) along the whole
reach of the stream is water flow through certain flooded areas
at the lower part of the basin. In Stormyra, flooding of say, a

5*10^ m2 meadow area just above the discharge station commonly
occurs at high flows (Q >100 Is"1). Using these enrichment
variables, the enrichment during flow of 100 Is"1 through the
flooded area is estimated by Eg.(6.21), giving A 6 = 0.8°/oo
during "summer" and 0.3°/oo during "spring".

6.2.6 Snow

Performance of hydrograph separation by 180 during snowmelt or

modelling of the 180 flow through a basin requires a thorough
knowledge of the 6180 of meltwater. This entity is preferably
measured directly, by use of a snow lysimeter (see construction
in Herrmann 1978). In the absence of such measurements, less
accurate values of meltwater 6180 can be obtained from measured

6180 of winter precipitation and snowpack samplings. This lat¬
ter procedure is applied at the present snowmelt hydrograph
separations, since no systematic lysimeter measurements were
undertaken.

Important questions to be answered are:

1. What is the relationship between 6180 of snowpack at a
certain moment and that of meltwater?

2. What is the relationship between 6180 of snowfall and that
of snowpack, and how does 6180 of snowpack change with time?

3. How is the areal distribution of snowpack 6180 within a
basin?

These questions are briefly discussed in this section starting
from results reported in the literature and partly illustrated
by the present model for isotopic changes. Fractionation
processes in a snowpack are treated in more detail in Section
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7.2 in attempts to explain the observed isotopic changes of
snowpacks and to calculate the 6180 of meltwater from these
changes.

The use of isotopes in snow and ice has been reviewed by Moser
and Stichler (1980) and by Arnason (1981).

Stable isotopes in snow have most often been studied in glaci¬
ated areas, i.e., in snowpacks not melting completely during
spring and summer. The glacier-related studies have played an
important role in enhancing the present-day knowledge of stable
isotopes of water (Epstein and Sharp 1959; Dansgaard, 1961).

Examples of isotope studies in seasonal snowpacks are those by
Martinec et al. (1977) and Herrmann and Stichler (1978) made in
high and rand-alpine areas in central Europe, respectively, and
those by Judy et al. (1970) and Krouse and Smith (1973)
treating snowpacks in the United States.

Isotopic changes within a snowpack are caused by two different
processes: by molecular exchange with the atmosphere and by
fractionation during melting and the subsequent drainage of
meltwater. The former processes could be described by the
models discussed in Section 6.1, modified to account for the
incomplete mixing in the snowpack. Fractionation during
melting-freezing is governed by the corresponding fractionation
factor

as —»1 = ^ (6.28)s i
Rx

where as->1 = fractionation factor for solid-liquid
Rs = isotope ratio of solid (ice)
R^ = isotope ratio of liquid (water)

The 180 fractionation factor for the solid-liquid transition is
considerably smaller than that for liquid-vapour transition,
the former being 1.003 (O'Neill 1968) as compared to 1.012,
both factors given for 0°C. The fractionation during melting-
freezing can be interpreted as if the heavy molecules have a
higher freezing temperature than the lighter ones, making the
heavy molecules more inclined to freeze and less so to melt.
From the definition of 6 it follows that liquid water in equi¬
librium with ice is depleted in 180 by about 3°/oo.
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Fractionation during melting-freezing is often restricted by
incomplete mixing. Fractionation during melting of solid ice is
completely prevented due to the very slow molecular diffusion
in ice. The water molecules of the meltwater are identical to

those of the melted ice layer. Also, fractionation during
freezing may be restricted in many natural situations because
of slow molecular diffusion in water and the absence of

turbulent mixing in freezing situations.

Relationship between snowpack and meltwater 6lsO

During melting of a snowpack, the original melting is probably
non-fractionative, but as the meltwater percolates through the
snowpack, melting-freezing will tend to establish isotopic
equilibrium between water and ice. The effect depends on the
time of contact between snow and water, and also on the iso¬
topic layering of the snowpack. Meltwater depleted in stable
isotopes as compared to the snowpack was measured in laboratory
experiments by Arnason (1969) and Herrman et al. (1981). Büason
(1972) derived a theoretical model to calculate the fraction¬
ation during snowmelt or rainwater drainage in a snowpack. The
model was tested under natural conditions with good results in
a lysimeter experiment reported by Arnason et al. (1973), in
which depleted meltwater was measured. Depleted meltwater was
further reported from lysimeter experiments by Martinec et al.
(1977), who also showed a few cases of enriched meltwater from
an isotopically strongly layered snowpack. Stichler and
Herrmann (1977) reported meltwater depleted in deuterium corre¬

sponding to a depletion in 180 of up to 1.8°/oo from 14 lysime¬
ter samplings during a melting period of three weeks. This lat¬
ter experiment was conducted on a snowpack of a thickness com¬

parable to those encountered in the present investigation. The
authors stressed the fact that the difference between snowpack
and meltwater 6-values diminishes as the intensity of meltwater
production increases. This finding can be explained by different
times of contact between meltwater and snow. A graphic example
of such a relationship is given in Herrmann and Stichler (1978).

The isotopic composition of a snowpack

The isotopic composition of a snowpack reflects the isotopic
composition of the snowfalls earlier during the winter. Since
the 6-values within and between precipitation events are highly
variable, the snowpack is layered with respect to 180, even if
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diffusional effects tend to smooth differences in isotopic con¬

tent (Judy et al. 1970). Good agreement between the isotopic
content of a snowpack and that of the preceding snowfalls was

reported by Moser and Stichler (1975) among others. The effect
of meltwater percolation and the related fractionation processes

is to homogenize the snowpack with respect to stable isotopes,
as demonstrated by the results of Martinec (1974).

A common observation is the gradual enrichment of the snowpack
occurring during the ageing of snow, both during the accumu¬

lation period and, more pronouncedly, during the melting
period. Enrichment of the top layers at temperatures below
freezing point was reported by Moser and Stichler (1970) and by
Martinec et al. (1977), who both ascribed the enrichment to
evaporation and to processes taking place during the meta¬
morphosis of the snowpack. Examples of depletion of thin
surface layers (1-2 cm), ascribed to condensation, were

reported by Moser and Stichler (1975) and by Herrmann et al.
(1978). In laboratory experiments Moser and Stichler found 180
enrichment in snow samples undergoing evaporation of 0.2°/oo
per % evapo-rated mass of the snowpack.

From isotope balance of snow in a lysimeter, Stichler et al.
(1981) estimated evaporation from the snowpack during the
melting period using the fractionation model by Craig and
Gordon. Reasonable agreement was achieved between evaporation
calculated from isotope balance and that calculated from mass
balance.

Possible mechanisms of snowpack enrichment by the atmosphere

As discussed above, evaporation from solid ice is non-fraction¬
ating due to the very low rate of molecular diffusion in ice,
making the isotope content of the evaporate identical to that
of the evaporated layer. A snowpack, being built by ice
crystals, could be expected for the same reason to show no

effects of fractionation by evaporation. But, as demonstrated
by many studies, considerable enrichment may take place in a

snowpack under non-melting conditions.

Let us discuss the mechanisms of snowpack enrichment by
applying the model for isotopic change of a well mixed water
body to a snowpack. Nåsten, February 1-15 1980, can be chosen
as an example. With the observed relative humidity (90%) and a
6180 of the atmosphere of -22°/oo, in accordance with later
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observations in the same area by Saxena (1987), an enrichment
rate of 4°/oo month-1 is obtained for an evaporation of
0.1 mm day-1. The calculated rate of enrichment is similar to
the measured value, about 3°/oo month-1 (of. Section 7.2,
Fig.7.3). Although the enrichment variables have been chosen
rather arbitrarily, this agreement suggests the presence of
some process which compensates for the incomplete mixing within
the snowpack.

Vapour pressure differences between different parts of snow

crystals may cause isotopic exchange between snow crystals and
the air trapped within the snowpack. The vapour pressure is
greater above needles and small ice crystals than above plane
surfaces, causing recrystallization by evaporation from needles
and small crystals, and condensation on plane surfaces and
large crystals. This metamorphosis of snow proceeds continu¬
ously throughout the winter. Due to this process there may be a

greater molecular exchange between atmospheric vapour and snow
than would be expected from the vapour pressures of the air and
the snow surface. If the recrystallization takes place in a
closed space, no isotopic change will occur. But if the vapour
is mixed with atmospheric vapour on its way from evaporation to
condensation, the process is likely to cause isotopic changes
in the snowpack.

From isotope-balance considerations for the process of recrys¬

tallization it can be shown that with 6snow - 6a = 10°/°°, a
mass rate of recrystallization (evaporation and subseguent con¬
densation per unit mass) of 0.22 month-1 is needed to explain
an enrichment rate of l°/oo month-1. According to experiments by
Wakahama (1968) the rate of recrystallization seems to be well
in excess of this value. Recrystallization within the snowpack
could thus be an important factor in the enrichment process of
a snowpack. The process presumes a considerable gas exchange
between the snowpack air and the atmosphere.

Even if estimates of enrichment rates in snowpacks by
Eqs. (6.12) and (6.5) or by Eq.(6.16) are uncertain due to re¬

stricted mixing in the snowpack, information about conditions
for enrichment/depletion can be obtained from Eq.(6.16) putting
d6g/dt = 0. The curve in Fig.6.9 gives the difference between
6180 of snow and atmosphere at which no isotopic change takes
place, as function of the ratio between the vapour pressures of
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the snow surface and the atmosphere, eg/eg.1 The curve is equi¬
valent to the curve for "steady-state value" of isotopic change,
calculated with a-values for surface waters and presented in a

slightly different way in Fig.6.3. The areas separated by the
curve characterize conditions for depletion and enrichment re¬

spectively.

vw
Condensation Evaporation

es/ea
I 1 1 1 1 1

100 90 80 70 60 50
h(%)

Fig.6.9 Conditions for ^80 enrichment or depletion of snow by
molecular exchange with the atmosphere. 6g and 6a are the 6^80
of the snow and atmospheric vapour respectively, es and ea the
corresponding vapour pressures, and h the relative humidity
with respect to the snow surface. The dotted area symbolizes
the combinations of 6S - 6a and es/ea to be expected.

From 6180 values of the atmospheric vapour (6a) in Uppsala,
Sweden, reported by Saxena (1987), and the corresponding values
of the snowpack (6S) observed in the Nisten basin, close to
Uppsala, values of 6S - 6a around 5-10°/oo seem reasonable.2 It
is seen from Fig. 6.9 that relative humidities less than 100%,
i.e., evaporation, in general give enrichment as expected. A

aice-vapour 1-015 aice-liquid • aliquid-vapour at 0 C
O

This difference, which also was found by Saxena during single snowfalls,
is considerably smaller than the difference at isotopic equilibrium be¬
tween the snow and a saturated atmosphere, 15°/oo.
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somewhat surprising finding from Fig.6.9, however, is that
enrichment may well occur also during condensation. A snow

cover differs from a shallow water body in that condensation
may prevail for comparatively long periods (several days). The
situation occurs frequently in springtime when warm, moist air
enters a snow-covered area, where the surface temperature can

never exceed 0°C. The warm air is likely to have comparatively
high 6-value, making 6Snowpack " 6a small, say 10°/oo. At
moderate supersaturation with respect to the snow, this will
cause enrichment according to the figure.

618O (%O)

Fig.6.10 Calculated enrichment of snow at 100% relative humidity for
various rates of turbulent echange (described by the transfer coefficient
C/r, see text). E = evaporation, SQ = water equivalent of the snowpack,
6a = 6^0 of the atmospheric vapour.

Possible rates of enrichment during a period of no evaporation

(es = ea) are illustrated by applying Eq.(6.16) to a "well-
mixed" snowpack of 100 mm water equivalent. Fig.6.10 shows
calculated isotopic changes for different rates of turbulent
exchange with 6a being constant. The values of turbulent
exchange, C/r, have been chosen to give reasonable evaporation
rates in unsaturated conditions. E = 0.5 mm day"1 at es =
6 mb (0°C) and h = 70% gives C/r = 0.3 mm day"1 mb"1. It should
be noted that the assumption of complete mixing is not rea¬

listic, but, as shown by the example from Nåsten, the rate of
enrichment of a snowpack still seems to be fairly well de¬
scribed by the enrichment model.
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Areal variability of snowpack 6180

Few results are available from the literature on the areal vari¬

ability of snowpack 6-values. Meiman et al. (1973) reported
ranges in the deuterium content of the snowpack in a regional
study (= 10^ km2, 24 samples) in Colorado, western United
States, corresponding to ö180 ranges of 2°/oo and of 0.8-1.6°/oo
in two basins (32 km2/9 samples and 9 km2/ 6 samples, respect¬
ively) .

Moser and Stichler (1975) present results from studies of alti¬
tude dependence of snowpack 6-values, showing that the altitude
dependence of precipitation 6180 (0.3°/oo (100m)"1) is likely to
be found only in fresh snow. Data showing the opposite trend
with the altitude, i.e., increased snowpack 6-value by alti¬
tude, are shown for old snowpacks. The authors ascribed these
findings to different rates of enrichment during the ageing of
the snow at various sites.

6.2.7 Conclusions on enrichment during water flow
through a basin

Rainfall interception

The throughfall may be enriched in 180 by a few tenths of per
mil as compared to the precipitation. This enrichment is of
little importance when performing isotopic hydrograph sepa¬

ration (cf. the uncertainty discussion, Chapter 9). It may,

however, introduce a small systematic error when 180 is used
for modelling the water flow through a basin.

Infiltration

During a rainfall, enrichment of infiltrating water (ponded or

non-ponded) is unlikely, since the water and the saturated air
are close to isotopic equilibrium. For the same reason, no
enrichment is expected if Hortonian overland flow were to occur

during the rainfall. After a rainfall, there could be a con¬

siderable enrichment of water infiltrating from a ponded area

into a soil of low infiltration capacity. But since the infil¬
tration capacity of till soil is generally great, few ponds
appear in recharge areas. If a pond does remain after a very

heavy rainfall, the enrichment would be small due to a high
infiltration capacity.
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For infiltrating meltwater the atmospheric conditions are more

favourable to enrichment. But evaporation and molecular exchange
with the atmosphere are effectively prevented for water infil¬
trating under a snowpack, making enrichment unlikely. The same

applies to Hortonian overland flow under a snow cover. The
infiltration situation which is most favourably disposed to
enrichment is ponding meltwater exposed to the atmosphere. How¬
ever, estimates made using infiltration capacities expected in
till soils show that the mean enrichment of the infiltrating
water is unlikely to exceed a few tenths of per mil.

Soil water

Due to the seasonal variations in the isotopic composition of
precipitation and of the water loss by evapotranspiration, com¬

parisons between the 6180 of soil water or percolate and the
precipitation give no direct information on enrichment during
infiltration and in the unsaturated zone.

In bare soils undergoing evaporation, enrichment takes place in
the top few decimetres. In humid areas, the surface enrichment
is transported downwards mainly by downward water flow. Obser¬
vations of enrichment of deuterium in the unsaturated zone cor¬

responding to a 2 ° / o o enrichment in 180 have been reported.

Transpiration is probably non-fractionative. No conclusive
evidence of enrichment of soil water in vegetated areas has
been found in the literature.

Surface waters in discharge areas

The mean enrichment of the water discharged during a runoff
event can be estimated from the total net isotopic flux from
the atmosphere to the wet areas, including the stream itself.
Estimates for a spring flood in the Nåsten basin show that mean
enrichment of several tenths of per mil is possible. The esti¬
mates are, however, very uncertain since they involve guesses
of the evaporation rates from wet areas outside the stream.

Enrichment during stream channel flow through reservoirs is
somewhat less uncertain, since evaporation is better known.
From estimates for one of the present study basins it can be
concluded that:
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Streamflow enrichment is negligible (<0.1°/oO) at moderate
or high flows, during both spring and summer, as long as the
water is flowing in the channel only.

Streamflow enrichment of 0.5-1.0°/°° during low flow in
summer is probable.

Enrichment of 0.5-1.0°/°° may well occur during flow through
large flooded areas.

The above comments on enrichment during streamflow and flooding
apply to the two largest basins of the study, Nisten and Stor-
myra. In the other basins the enrichment is less, since they
are steeper and less disposed to flooding.

Snow

A considerable enrichment of the precipitated water (snow)
takes place during snow storage. This enrichment takes place in
recharge areas as well as in discharge areas for groundwater.
The fractionation during melting-freezing tends to make the
meltwater depleted in heavy isotopes and thus to enrich the
remaining snow. This fractionation mainly affects the time dis¬
tribution of isotopic input to the soil or streams and less so

the total isotopic input. The fractionation caused by exchange
with the atmosphere, on the other hand, increases the total
input of heavy isotopes to the basin.
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7 ISOTOPE CONTENT OF THE WATER INPUT

As a background to the interpretation of streamwater d180 in
Chapter 8, isotopic data on the water input to the basins,
i.e., on precipitation and snowpack, are presented in this
chapter. The data on precipitation 6180 are presented briefly,
whereas the data on snowpack d180 are analysed in some detail
in order to make it possible to generalize the results.

Precipitation amount and d180, streamwater 6180, and stream
discharge are shown for each investigated basin and year in
Appendix 1, Figs.Al.1-9.

7.1 Precipitation

Hydrograph separation of rainfall-generated runoff events by
180 requires a basin mean value of rainfall d^O. In the
present study, event mean values of rainfall 6-*-80 from one

station, within or close to the basins, are used. To give an
idea of the accuracy of such a procedure, a few data on areal
and temporal variations in precipitation d-^O are commented
upon in this section. The possibility of estimating daily
values of precipitation d-*-80 from meteorological data is also
discussed in view of the present observations.

7.1.1 Seasonal variation

The time courses of precipitation d180 (Figs Al.1-9) reveal a

large scattering in the daily values. Seasonal variation is
seen in the monthly mean values (not shown here), with low
values in winter and high values in summer. During the years

investigated, the seasonal variation was least pronounced in
Gårdsjön. This agrees with the findings on longer time series
from Swedish stations by Burgman et al. (1987); cf. Section
3.2.2.

Hydrograph separation by means of 180 relies on the damping of
input variations in d180 that takes place during water flow
through a basin. Great seasonal variation in precipitation thus
favours the method. But because of the large scattering of the
daily values, hydrograph separation of some runoff events can be
performed also when the seasonal variation is small or absent.
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7.1.2 Variations within storms

As shown by several studies, e.g. Ambach et al. (1975) (see
discussion in Section 3.2.2), there may be large variations of
precipitation 6180 within storms. In the present study, the
variations within a few rainfall events were investigated in
Gårdsjön, see Section 8.2.1 Figs.8.9b and 8.10, and in Svart-
berget (Fig.7.1). These results show that very large in-storm
variations may occur (ll°/oo in Gårdsjön A, Fig.8.9b), but from
the limited amount of data available it seems as if such large
variations were rare. With the volume resolution in the above

examples, usually 1-5 mm per sample, variations of 1 - 2°/oo
around the weighted mean seem common. Implications for hydro-
graph separations are discussed in connection with the analysis
of intensively sampled rainfall-generated runoff events (cf.
Section 8.2.1).

6'8o(%o)
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Fig.7.1 Variations of rainfall 6^80 within
rainfalls. Svartberget 1986. Broken line:
weighted mean ö^80.
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7.1.3 Areal variability

The areal variability of precipitation 6180 within the basins
was not studied systematically in this investigation. The snow-

packs were sampled at several points within the basins, but
these surveys give little information on the areal variability
of the snowfall, since differences in 6180 between the stations
are also the results of different rates of isotopic exchange
with the atmosphere and of different rates of melting, cf.
Section 7.2. To give an idea of the expected areal variability
of precipitation 6180, the results of a few indicative precipi¬
tation samplings are shown in Table 7.1. The rainfalls and
snowfalls were all of frontal origin, having low intensities.

Table 7.1 Examples of areal variability of precipitation 6^80

Exp.
No. Location Date n

Ah
(m)

Al
(km)

1 Gravendal3 17/9 1980 5 95 9

2 Finnmossen'3 I 21/9 1981 A 30 3

3 Finnmossen II 21/9 1981 7 1 0.01

A Uppsalac 19/12 1979 7 10 22

n = number of observation

Ah = altitude range
Al = maximum distance between stations

3 50 km SE of Buskbäcken

k 50 km W of Buskbäcken

c Near Nisten

Precipitation amount ö^80 of precipitation or snowpack

Exp.
No.

P

(mm)

stand.
dev. range
(mm) (mm)

rainfall

intensity
(mm h~l) ^p

(°/oo)

stand,

dev.

(°/oo)
range
(°/oo )

1 A.5 0.A A.0-5.0 0. A -8.81 0.1A -9.02 - -8.68

2 12.9 1.3 11.3-1A.5 1.5 -12.66 0. OA -12.71 - -12.61

3 1A.5 0.8 12.6-1A.9 1.5 -12.6A 0.06 -12.76 - -12.60

A snowpack, ~ 6 mm -16.6 0.39 -17.2 - -16.1



121

In Gravendal and Finnmossen, single rainfalls were collected in
forest clearings or glades. At some of the stations at Finn¬
mossen, rainfall was collected at several points (6-10 points),
separated by a few metres. For one of these stations, reported
as Finnmossen II in Table 7.1, analyses for 180 were performed
on all samples. The data used for Finnmossen I in the table are
mean values for each station. Except for the intensively
measured Finnmossen II, station means of 6180 were obtained by
mixing equal volumes to form one sample for 180 analysis.

In the Uppsala experiment, the snowpack was sampled in flat
agricultural land along a 22 km straight line. At each station,
a composite sample was formed out of 4 samples. The snowpack
originated from a few precipitation events, 1-6 days before the
day of sampling. In view of the cold weather, of the short time
elapsed since the formation of snowpack, and of similar exposure
to the atmosphere at all stations, the areal variability of
these particular snowpack samples is probably well in keeping
with that of precipitation.

The accuracy in 6p needed at hydrograph separation of rainfall-
generated runoff events by Eq.(3.3) depends on the magnitude of

I6p - 6gI, cf. Chapter 9. Accuracies around ±0.2 - ±1.0°/oO are
considered acceptable for most of the hydrograph separations
performed here.

The small-scale experiment (Finnmossen II) shows, as expected,
a variability close to the precision of the analysis for 180.
The variability is also very small in Finnmossen I and Graven¬
dal. In the Uppsala experiment, the variability may partly be
an effect of different snow storage at the sites.

It is concluded that one sampling point for precipitation would
give a sufficient accuracy of 6p for these precipitation
events. It must be noted, however, that convective showers are

likely to give larger areal variability in precipitation 6180
(cf. Dansgaard, 1961) as well as in precipitation amounts.

7.1.4 Correlation with air temperature

As discussed in Section 3.2.1, the 6180 of precipitation has
been found to be well correlated with ground air temperature,
both for long-term mean values at different sites and for
monthly values at single sites (e.g. Yurtsever and Gat 1981).
Significant correlation between the two variables has also been
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found for daily values at single sites, but this relationship
is much weaker.

In attempts to obtain a means to estimate precipitation 6180
when measured values are not available, linear regression was

performed between daily values of precipitation 6180 and daily
values of precipitation amount, vapour pressure, and air
temperature. Analysis of some of the data showed that the
only statistically significant correlation was that to air
temperature.

In Table 7.2 are listed results of regression analysis on all
daily values of precipitation for which good temperature data
are available. The coefficients of correlation are small, but
they show significant relationships in all basins, except at
Gårdsjön.

Table 7.2 Linear regression between air temperature (T) and ö^80 of
precipitation (6p), daily values.

Basin Period n a b

0/oo0C_1 °/oo
r

Buskbäcken 1980- 1982 all year 409 0. 36 -13.5 0.,65
1980- 1982 summers 109 0. 43 -15.0 0.,44

Gårdsjön 1980- 1981 all year 151 0. 14 -9.6 0.,29
1980- 1981 summers 58 0. 11 -9.6 0.,10

Nåsten 1979- 1982 all year 256 0. 36 -13.3 0.,65
1979- 1982 summers 55 0. 30 -12.5 0.,32

Stormyra 1979- 1982 all year 149 0.,22 -12.1 0.,44

1979- 1982 summers 24 0.,63 -19.4 0.,42

Svartberget 1981- 1982 all year 162 0.,41 -13.5 0.,67
1981- 1982 summers 33 0.,65 -16.9 0.,47

All basins 1979- 1982 all year 1188 0.,36 -13.1 0.,64

Regression equation 6p = aT + b
n = number of observations
r = coefficient of correlation

The slopes of the linear regression lines in the basins having
significant relationships range between 0.22 and 0.41 when the
whole periods are considered. For the whole set of data, in¬
cluding Gårdsjön, the slope is 0.36. This value agrees with the
value found by Yurtsever and Gat (1981), describing the varia¬
tion of 6180 in precipitation from mean monthly air temperature
at different stations (cf. Section 3.2).
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According to Saxena (1987) the slope agrees with an eddy-
diffusive transport mechanism for water vapour, rather than
a pure advective transport, which would give a slope around
0.7°/oo °c_1.
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Fig.7.2 6180 of precipitation versus ground air
temperature, daily values. Buskbäcken 1980 - 1982.

These regression equations cannot be used for estimates of daily
values of precipitation 6180. This is seen, for example, from
Fig.7.2. For a certain air temperature, the range of 6-values
at this station is greater than 10°/oo, which is to be compared
with the total range of 6-values of about 20°/oo. The same

conclusion can be drawn from the coefficients of correlation
obtained for the summer periods (Table 7.2). By regarding summer
values only, the influence of the seasonal variation in air
temperature is reduced. The remaining dependence on air tem¬
perature is very small, as shown by the small coefficients of
correlation.

It is evident that the correlation found for the all-year data
to a large degree is a result of the seasonal variations in
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precipitation 6180 and air temperature. With this in mind, the
small coefficients of correlation found at Gårdsjön are natu¬

ral, considering the small seasonal variation in precipitation
6180 in this area.

It is concluded that precipitation 6180 cannot be estimated
with any acceptable accuracy from air temperature only, neither
for hydrograph separation by means of 180 nor for modelling of
water flow through a basin by 180. A few gaps in the daily
values of precipitation 6180 needed for calculation of the
isotope input to snow covers (Section 7.2) and for estimating
transit times and reservoir volumes for water in the basins

(Section 8.3), are filled, assuming that the daily 6-value
equals the observed monthly mean value.

7.2 Snow

In this section, observed changes of snowpack 6180 are analysed
in an attempt to estimate the 6180 of meltwater, which is
needed in the hydrograph separations. The snowpacks are looked
upon from the point of view of mass and isotope balance, making
it possible to quantify the effects of the fractionation pro¬
cesses discussed theoretically in section 6.9,. 6. Attempts are
made to draw generalized conclusions on the relationship between
the 6180 of precipitation during winter and the 6180 of snowpack
and meltwater. Knowledge about this relationship is needed when
180 is used for modelling water flow through a basin from data
on the 6180 of precipitation and streamwater.

Two examples of the temporal variation of the mean 6180 and
water equivalent of the snowpack during late winter and spring
are shown in Fig. 7.3, and all such observations are shown in
Appendix 2, Fig.A2.1. When calculating the basin mean 6-value,
all snow-covered stations have been given the same weight,
regardless of water equivalent. The ranges of snowpack 6180
found at the surveys are marked in the figures1. The ranges

generally lie in between 1 and 3 °/oo.

For most periods, the 6180 of the snowpacks increased during
late winter and spring, as has also been observed in several
other studies (cf. Section 6.2.6). As discussed in Section
6.2.6, the increase is mainly due to molecular exchange with
the atmosphere and to drainage of isotopically light meltwater.

1 The number of stations at each survey varied from 3 to 10, usually more
than 6 (cf. Section 5.1.2).
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The shallow snowpack in Nisten 1980 (Fig.7.3) showed a compara¬

tively rapid enrichment, also during non-melting periods. In
contrast with most other observed periods, the 6180 of the
snowpack in Buskbäcken 1981 (Fig.7.3) decreased during some

periods. As shown below, these decreases were caused by the
supply of isotopically light snowfalls.

5 15 25 5 15 25 5 15 25 5 15
FEB MAR APR MAY

Fig.7.3 Measured 6^80 and water equivalent (S) of the snowpacks in
Buskbäcken 1981 and Nisten 1980. Ranges of snowpack 6-values shown.

In order to estimate the 6180 of meltwater, mass and isotope
balances of the snowpacks are analysed below. Although the
isotope content of meltwater to a large degree is determined by
the vertical isotopic layering of the snowpack, the balance
considerations are first performed for the total snowpacks,
using the mean 6180 obtained from vertical snow cores. This
approach is chosen since most of the available data refer to
such composite snowpack samples (Figs. 7.3 and A2.1). Mass
balance of the total snowpack can be used in estimates of one

missing term in the balance, for instance the 6180 of melt¬
water, from measured values of the others. But when predictions
of the 6180 of meltwater are to be made, the actual isotopic
layering of the snowpack has to be considered. In order to
visualize the effect of the vertical 180-layering on the 6180
of meltwater, a mass balance based on the isotopic layering of
the snowpack is also discussed.
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7.2.1 Mass and isotopic balance of a snowpack

Mass and isotope balance of a snowpack extending from time
to t2 can be written as follows:

where S = water equivalent of snowpack (mm)
M = sum of meltwater production (mm)
P = sum of precipitation (mm)
6, 6m, 6p = the corresponding isotope contents (°/oo)
A = net isotopic flux from the atmosphere (°/oo mm day-1)
At = t2 - t1
subscript 1 and 2 refer to t1 and t2, respectively

Evaporation has been omitted in the mass balance, since evapo¬
ration from a snowpack is small compared to the accuracy in
determining S2 - S} for the periods under consideration. How¬
ever, the rate of evaporation is present in the factor A in the
isotope balance (cf. Section 7.2.4).

Eqs.(7.1) and (7.2) give the isotopic change during the period
as

Mass balance S2-S1+M-P=0

Isotope balance S262 - - A At + M6M - P6p = 0

(7.1)

(7.2)

M(6m - 6j) + A At (7.3a)

or

6S = Ap + Am + Aa (7.3b)

where A6S = 62 - is the total isotopic change

A.
p

— is the isotopic change caused by
S2 precipitation

is the isotopic change caused by
meltwater

is the isotopic change caused by mole¬
cular exchange with the atmosphere
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Eq.(7.3) can be used to calculate the isotopic composition of
meltwater, 6M, which is needed for the hydrograph separations.
The problem is to obtain an accurate value of the net isotopic
flux from the atmosphere.

Calculations of the net isotopic flux from the atmosphere

The net isotopic flux from the atmosphere, A, is estimated
below from the observed changes of snowpack 6180 during periods
of little or no melting. In later calculations of 6M, these
values of A are extrapolated to melting periods.

The combined effects of meltwater and flux from the atmosphere
upon the changes of snowpack 6180 for the periods shown in
Fig. 7:. 3. are seen in Fig.7.4, showing

Am + Aa = Ass - Ap
i.e., the measured changes of snowpack 6180 corrected for
changes by precipitation. Corresponding diagrams for all periods
are found in Appendix 2, Fig.A.2.2.

Fig.7.4 Measured ö^80 of snowpacks (dots) and calculated changes of
snowpack fi^80 after elimination of the isotopic input by precipitation
(lines). Buskbäcken 1981 and Nåsten 1980.
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It is seen from Fig.7.4 that snowpack enrichment takes place
during both non-melting and melting periods. The rate of
enrichment during non-melting is often around l°/oo month-1. A
few periods of 180 depletion are also noted.

For periods of little or no melting, A is calculated from

a a = A6s - Ap - Am
and

A = s2
At

Since 6M is not known, A can be accurately calculated
non-melting periods. During periods of little melting,
Am will be a small term. Roughly estimated ranges of
based on the results of lysimeter experiments, make it
to estimate ranges of A also for these periods.

Measured isotopic changes, calculated changes by various mecha¬
nisms and the resulting net isotopic flux from the atmosphere
are listed in Table 7.3. The most accurate values of A are those

calculated over long periods having small Ap and no melting.1
For periods containing days with air temperature above 0°C, a
value for the upper limit of melting was roughly estimated from
S2 - Slf air temperature, and hydrographs. The value of 6S - 6M
was assumed to fall within ±2°/oo. The calculated values of the
net isotopic flux range from -10 to 10°/oO mm day-1, with a mean

value for all estimates (weighted for period length) of 1.9°/oo
mm day-1. The values are scattered and no seasonal trends in
the respective basins are visible. The negative values encoun¬

tered during certain periods in Svartberget and Aspåsen,
indicating depletion of heavy isotopes by the atmosphere, are
somewhat surprising. But the fact that both Svartberget and
Aspåsen have negative values at the end of March 1981 suggests
that these depletions were caused by a particular weather
condition during the period in this part of Sweden and not just
results of measurement or sampling errors. No reasons for the
comparatively high values of A in Aspåsen have been found.

1 The initial water equivalent of snowpack, S^, has been eliminated in
Eq.(7.3) by the mass balance, Eq.(7.1). Due to uncertainty in the terms
of Eq.(7.1), particularly in and S2, the mass balance is not fulfilled
by the values used during many of the periods for which A has been
estimated. For each period, the measured values of P and S2 have been
used. The error in A thus introduced is smaller than would be the case if
A were calculted from Eq.(7.2) only.

(7.4)

only for
however,

6s " 6M'
possible



129

Table 7.3 Calculation of net ^0 flux from the atmosphere to the snowpack

Basin ^ ^2 ^
(°/oo) (°/oo) (mm) (°/o o ) (mm) (°/o o-mm-day"^)

Aspåsen
1981 26/3- 2/4 -0.36 0 <10 -0.36±0.11 188 -9.613.0

12/4-17/4 0.43 0.04 <10 0.3910.15 131 10.213.9

17/4-26/4 0.51 -0.04 <10 0.5510.13 152 9.312.1

26/4- 1/5 -0.16 -0.39 0 0.23 148 6.8

E 12/4- 1/5 0.78 -0.39 <20 1.1710.27 148 9.212.1

Buskbäcken

1979 13/2- 9/3 1.47 =0.64 0 0.83 107 5.1
1980 13/3-10/4 0.35 0.32 <10 0.0310.19 105 0.110.7

16/4-21/4 1.04 0.86 <5 0.1810.23 42 1.511.9

Nåsten
1980 1/2-15/2 1.43 0 <5 1.4310.38 26 2.610.7

6/3-14/3 0.34 0.04 0 0.34 18 0.8

14/3-21/3 0.68 0 <2 0.6910.24 17 1.710.6

21/3-28/3 0.02 0 <2 0.0210.25 16 0.010.6

E 6/3-28/3 1.04 0.04 <4 1.0010.50 16 0.710.4

Stormyra
1979 8/2- 2/3 0.7 0.7 0 0.7 131 4.2
1980 6/2- 7/3 1.87 0.08 <2 1.8710.13 31 1.910.1
1982 11/2- 2/3 0.55 0.54 <15 0.0110.22 133 0.111.5

Svartberget
1981 11/3-25/3 0.26 0.04 0 0.22 194 3.0

25/3- 1/4 -0.14 0 <10 -0.1410.10 204 -4.112.9

15/4-23/4 0.22 0 <10 0.2210.13 157 4.212.5

23/4-29/4 0.12 0.02 0 0.10 152 2.4

29/4- 7/5 0.19 0 0 0.19 154 3.7

E 11/3- 1/4 0.12 0.04 <10 0.1210.10 204 1.211.0
E 15/4- 7/5 0.53 0.02 <10 0.5310.13 154 3.710.9

1981/82
24/11-27/12 -1.61 -2.44 0 0.83 155 3.8

28/12-21/1 -0.17 0.00 0 -0.17 153 -1.0

22/1-23/2 0.96 0.38 0 0.58 185 2.1

24/2-24/3 0.73 0.72 0 0.01 209 0.1

25/3- 6/4 -0.01 -0.01 <20 0.0010.22 183 0.013.1

7/4-12/4 0.07 -0.13 <5 -0.0610.05 207 -2.111.7

Aös = observed change in snowpack
A

p = isotopic change by precipitation
M = amount of meltwater

Aa = isotopic change by molecular exchange with the atmosphere
S2 = water equivalent of the snowpack at the end of the period
A = net flux from the atmosphere.
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In order to make it possible to estimate the net isotopic flux
from the atmosphere during melting periods, and to generalize
the results, attempts have been made to correlate A to easily
available weather variables. From Eq.(6.16) it is seen that the
rate of enrichment, and thus the net isotopic flux from the
atmosphere, could be expected to be positively correlated to
wind speed and air temperature (by es and 6a, effects of which
probably dominate over effects of changes in a by temperature)
and possibly negatively correlated to ea. (The latter statement
is not certain, since ea is positively correlated to air tem¬
perature. ) Multiple linear regression between all calculated
values of A and period mean values of the weather variables
suggested above gave no significant relationship.1 One reason

might be that 6a is not univocally related to air temperature,
since 6a is also determined by the origin of the air mass. But
probably more important is the influence of the physical
structures of the snowpacks on the isotopic exchange between
snow and atmosphere, both on the exchange between snow air and
the atmosphere, and on the rate of recrystallization (cf.
Section 6.2.6).

Since no useful relationship between weather variables and net
isotopic flux from the atmosphere could be established, values
of A from the non-melting periods were assumed to be valid also
for melting periods. The following values of A were chosen for
use in estimates of meltwater 6180: Aspåsen 8 ±3°/oo mm day-1,
the other basins 2.5 ±2.5°/oo mm day-1.

Isotopic composition of meltwater from basin mean snowpack 6lsO

The isotopic composition of meltwater leaving the snowpack is
estimated from the isotopic changes of the snowpack by
Eq.(7.3b), which can be written

AM = A6S - Ap - Aa
am

and 6i - 6M = _Ji S2 (7.5)

where M = Sf - S« + P (For definition of symbols, see legends
to Eqs.7.1-7.3) .

Calculated values of the difference between snowpack and melt¬
water 6180 are listed in Table 7.4, which also shows the terms

1 Complete series of all weather variables were not available for all the
basins.
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Table 7.4 Calculation of meltwater <5^0 from changes of snowpack 6^0.

Basin

(°/oo)

82(62-6!) P(6p-61) A At M
(°/oo-mm) (°/oo-mm) (°/°°*mm) (mm)

61"6M ^s
(°/oo)

Aspåsen
1981 2/4-11/4 156 0 80±30 50 1.510.6 2.110.6

1/5- 8/5 40 -16 64±24 29 -0.210.8 -0.110.8

9/5-15/5 -1 0 56±21 74 -0.710.3 -0.810.3

Buskbäcken
1980 10/4-15/4 18 0 15±15 81 0.010.2 0.410.2

21/4-26/4 -2 0 15±15 28 -0.610.5 -0.510.5
1981 13/3- 1/4 87 87 50150 10 3.915.0 4.215.0

2/4-13/4 58 0 30+30 40 0.710.7 0 1+ O

14/4- 4/5 -68 -116 53153 89 -0.010.6 -1.110.6
1982 7/4- 3/5 32 137 67167 119 -1.510.6 -1.310.6

Gårdsjön Fl
1980 30/3- 3/4 29 0 13113 7 2.411.8 2.811.8

4/4- 9/4 3 0 15115 16 -0.710.9 -0.710.9

Gårdsjön F3
1980 31/3- 5/4 -5 0 15115 36 -0.610.4 0.910.4

Nåsten
1979 26/2-14/3 174 8 42142 35 3.511.2 5.011.2
1980 15/2- 5/3 33 0 48148 7 -2.016.8 -1.416.8
1982 23/3- 6/4 20 0 37137 51 -0.310.7 -0.210.7

Stormyra
1979 2/3-22/3 96 27 53153 24 0.712.2 1.112.2
1982 2/3-25/3 78 153 60160 86 -1.610.7 -1.110.7

26/3- 5/4 7 -2 27127 26 -0.711.0 -0.611.1

Svartberget
1981 1/4- 7/4 37 0 18118 55 0.410.3 0.510.3

7/5-13/5 -1 0 18118 105 -0.210.2 -0.210.2
1982 13/4-19/4 66 -28 18118 9 8.511.9 8.711.9

20/4-26/4 21 0 18118 52 0.110.3 0.110.3

27/4- 3/5 72 -38 18118 27 3.410.6 3.710.7

6S - ÖM = difference between the of snowpack and meltwater (mean
values during the period).
For definitions of the other terms, see text to Eqs.(7.1-7.3).

needed for the calculations. Since M is determined from the

observed changes of the water equivalent of the snowpacks, this
term is uncertain for periods of little melting, particularly
from large snowpacks. In such periods, the estimates of 6M are
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uncertain. Periods with very small calculated values of M have
therefore been excluded. The main uncertainty in the estimates
lies, however, in the calculation of A for non-melting periods
and the subsequent extrapolation to melting periods. The dif¬
ference given by Eq.(7.5) is 6^ - 6M, i.e., the difference
between the initial 6180 of snowpack and that of meltwater. Of
more practical interest is the difference between the mean
value of snowpack 6180 and 6M, listed in the last column of
Table 7.4. According to these estimates, the meltwater of the
investigated periods may have been either enriched or depleted
as compared to the snowpack, with 6S - 6M ranging between -2
and +9°/oo. These figures are weighted mean values for the
periods. However, as demonstrated by Stichler et al. (1981),
there may be a considerable day-to-day variation in the isotope
content of meltwater, depending, among other factors, on the
actual rate of melting.

Vertical 180 layering of the snowpacks

As pointed out in section 6.2.6, one would expect meltwater to
be depleted in 180 by l-2°/oo as compared to the snowpack. This
follows from theoretical considerations regarding a homogeneous
snowpack, as well as from results reported in the literature.
Thus, the differences calculated above often differ from the
expected ones.

One factor that largely determines the isotopic composition of
the meltwater is the isotopic layering of the snowpack. The iso¬
tope and mass balances (Eqs. 7.1 and 7.2) of course also hold
true for a layered snowpack. They can be used, as above, for
estimates of missing terms where the other terms are measured.
But for making predictions and generalized statements on the
isotopic composition of meltwater, the isotopic layering has to
be considered.

In this section, the observed vertical layering in some of the
investigated snowpacks is presented, and the influence of the
layering on the 6180 of meltwater is analysed.

Examples of 6180 profiles are shown in Fig.7.5. Considerable
vertical differences in 6180 are common in the snowpacks. The
maximum difference between the sampled 5 or 10 cm layers was

9.2°/oo, measured in Svartberget on March 28, 1982.
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Fig.7.5 l80-layering of snowpacks observed at different dates. Buskbäcken
1980 and Nåsten 1982.

The vertical layering is a result of the variability of precip¬
itation 6180 during the snow accumulation period, as is demon¬
strated by Fig.7.6, showing 6180 of winter precipitation (daily
samples and smoothed curves) and vertical profiles in Svart-
berget at the end of the accumulation period of 1981/82. In
order to make comparisons possible, 6180 in the snowpack is
plotted against accumulated water equivalent above ground. The
agreements are better than was expected, in view of, among
other things, the sampling difficulties for snow profiles and
for snow precipitation, snow drift, and uncertain storage of
the first snow of the winter. No conclusions about the rate of

enrichment in various layers can be drawn, however. It is to be
noted that the smooth appearance of the snowpack layering, as

compared to the accumulated daily precipitation, does not
indicate that the large variations in precipitation 6180 have
been smoothed out in the snowpack. It is merely a result of the
vertical extent of the snow profile samples.
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Fig.7.6 *80-layering of the snowpack compared to the 6^80 of winter
precipitation. Vertical axes: water equivalent of precipitation or
snowpack. Svartberget 1982.

A glance at Fig.7.5 shows the homogenization of the snowpack
taking place during melting. It is also clear that melting
takes place in the topmost layer, which is demonstrated by, for
instance, the profiles from the melting period in Buskbäcken
1980. The snowpack there was cut off, layer by layer, until
April 18-20, when a snowfall of 19 mm occurred. This new layer
disappeared during the subsequent melting.

The vertical layering of the snowpack affects the isotopic
composition of meltwater to a great extent. If no fractionation
processes were acting during percolation through the snowpack,
and no other fractionation processes were present, the isotopic
composition of meltwater would be equal to that of the melted
layer (disregarding the meltwater storage in the snowpack). But
the isotopic exchange during melting/freezing strives to
establish isotopic equilibrium between the meltwater and each
snow layer, i.e., meltwater depleted by 3°/°°. Probably, equi¬
librium is seldom reached, but the process results in a change
of the original meltwater 6180 and a homogenization of the
snowpack.

The isotope balance of the remaining snow during a melting
period of time At can be established according to Fig.7.7.
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Fig.7.7 Isotope balance of a melting snowpack. For definitions of symbols,
see text below.

[S2(S) - 51(S)]dS = M'6'M + P6p + AAt - M6M (7.6)
0

S = accumulated water equivalent from bottom to a
certain level

S;l = total water equivalent at the beqinning of the
period

S2 = total water equivalent at the end of the period
6'm = mean 180 content of the layers completely melted

during the period
S^S) = 180 content of snow layer at level S at the

beginning of the period
62(S) = 180 content of snow layer at level S at the end

of the period
6m = mean 180 content of meltwater leaving the snowpack
A At = net 180 inflow from the atmosphere
M' = volume melted in the top layer
M = volume drained meltwater
P = precipitation

The integral represents the storage of 180 in the remaining
layer. It corresponds to areas enclosed by two consecutive
curves in 6180 = f(S) diagrams, as exemplified by Fig.7.8 from
Buskbäcken.

The balance is basically the same as the one established for
mean values of snowpack 6180. But in the form of Eq.(7.6), the
balance makes it possible to visualize the isotopic changes
during melting and percolation through the snowpack. An example
is given in Fig.7.8, showing two consecutive 180 profiles
during melting in Buskbäcken and the various terms used in
the calculations of the 6180 of meltwater. The isotopically



136

comparatively heavy water from the melted top layer (-15.3°/oo)
leaves some of its heavy isotopes in the snow of the deeper
layers, in an attempt to establish isotopic equilibrium. To¬
gether with the flux from the atmosphere (15°/o° mm) this raises
the isotope content of the remaining snowpack (by 38°/°° mm).
According to Eq.(7.6), the process results in a depletion of
the meltwater that drains from the snowpack of 0.9°/oO as

compared to its original value. But because of the low mean
6180 of the snowpack (-17.3°/oo) the resulting isotope content
of the meltwater (-16.4°/.

snowpack.

is still higher than that of the
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Fig.7.8 Calculation of meltwater 6^80 from profile changes. Buskbäcken
1980. For definitions of symbols, see p. 135.

Due to the seasonal variation in precipitation 6180, the 6180
of both bottom and top layers of the snowpack is probably often
higher than that of the middle layers, deposited at low tempera¬
tures in midwinter (see Fig.7.6). In a deep snowpack, a high
180-content of water melting from the surface layer at the
onset of melting may be reduced by isotopic exchange during
percolation, and the draining meltwater may be depleted in 180
as compared with the snowpack. In a more shallow snowpack, the
isotopic exchange will be less, due to shorter percolation
time. A high 180-content of the melting layer may then result
in slightly enriched meltwater. In later meltings, of both deep
and shallow snowpacks, the snowpack is isotopically more homo¬
geneous. The 180-content of such meltwater will probably be
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lower than, or similar to, the 180-content of the remaining
snowpack.

7.2.2 Measured 6lsO of meltwater

In two of the basins investigated, Buskbäcken and Nåsten, the
isotopic composition of meltwater was measured by small snow

lysimeters. A 0.2 m by 0.3 m oven shelf was used in Nåsten in
1979, and 0.3 m by 0.3 m plexiglass trays were used in Nåsten
and Buskbäcken in 1980. The meltwater was drained by plastic
tubes and collected in plastic bottles. The lysimeters were
installed below the snowpack at the onset of the melting pe¬

riods, while care was taken not to disturb the snow layering.
Since the snowpacks above the lysimeters were unavoidably
disturbed somewhat during installation, at least by the digging
and refilling of a pit on one side, these experiments are con¬

sidered tentative. Due to repeated melting and freezing, com¬

bined with shallow snow depth, the experiment did not succeed
in Nåsten 1980, since ice plugs were formed in the tubes.

April 1980

Lysimeter
■ »Snowpack

Fig.7.9 Meltwater ö^80 measured by lysimeters and snowpack
6^®0 at the lysimeter sites. Buskbäcken 1980.

Fig.7.9 shows measured values of snowpack 6180 close to the
lysimeters and 6180 of collected meltwater in the Buskbäcken
experiments. Here the meltwater was usually enriched as

compared to the snowpack, generally by about 0.5-1.5°/°°. In
Nåsten 1979, meltwater was depleted as compared to the snowpack
by about l°/oo during the first melting period, while the
experiment failed during the second one.

In both Buskbäcken and Nåsten, the observed 6180 of meltwater
agrees qualitatively with the values calculated from isotope
balance of single profiles close to the lysimeter sites (Table
7.5). When comparing the different results in the table, it
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should be noted that the isotope balances for profiles and
snowpack mean are equivalent. The two methods differ only in
that the profiles (as do the lysimeters) represent single
points whereas the snowpack mean represents mean values for the
whole basin.

Table 7.5 6^0 difference between snowpack and meltwater determined by
different methods.

6S - 6^ (°/°0) from:
Lysimeter Isotope balance

Basin of single of basin mean^
profile snowpack

Buskbäcken

1980 11/4-17/4 -0.3 -1 ± 0.7 0.4 + 0.2

20/4-27/4 -0.8 0 ± 0.5 -0.5 + 0.5

Nåsten

1979 26/2-15/3 0.5-1.3 >0 5.0 + 1.2

6S = mean 6^80 of snowpack during the period
6^ = mean 6^80 of meltwater during the period

1 These time periods do not fully agree with those given in the table, due
to slightly different dates of samplings.

7.2.3 Snowpack 6lsO in forest and open sites

From the preceding discussions it follows that the isotopic
composition of the snowpack within a basin should be influenced
by site factors, both during the accumulation period and during
the melting period. The degree of exposure to the atmosphere is
an important factor governing both the net isotopic flux from
the atmosphere and the rate of melting, two factors that
determine the isotopic changes of the snowpack. An attempt to
investigate the effect of different exposure to the atmosphere
was made by comparing snowpack 6180 at stations in forests with
stations at open sites (fields, clear-cuttings, open bogs). In
Table 7.6 the two groups are compared with respect to mean

snowpack 6180 at the last sampling before the melting, cal¬
culated for each basin and year, and mean 6180 changes during
snowmelt, calculated for the time until one of the two groups
were snowfree. The snowpacks in forest sites seem to be
slightly enriched, but the difference is small and not statis¬
tically significant (at the 95% level). Herrmann and Stichler
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(1978), who found forest sites enriched in deuterium corre¬

sponding to a difference in 6180 of about 3°/oo, suggested that
the difference was caused by evaporation and mass exchange
during the exposure of snow during interception in forests.
During melting, on the other hand, the difference in Table 7.6
might indicate a higher rate of enrichment at open sites,
although this difference is not statistically significant
either. Higher rates of enrichment at open sites are expected
due to larger turbulent exchange between snowpack and atmos¬
phere at such sites, giving larger net isotopic flux, and due
to larger net radiation causing a higher rate of melting.

1 ft
Table 7.6 Comparison between the 6iO0 of snowpack in forest and open
sites.

Forest Open site

Mean ö180 of snowpack before melting (°/oo) -16.6 -17.1
standard deviation (°/oo) 1.8 2.0

Mean change of snowpack 6180 during melting (°/oo) 1.9 2.4
standard deviation (°/oo) 1.1 2.4

The comparison is based on 11 values from each group, representing
various basins and years. Each value is based on 1 to 8 observations.

7.2.4 Evaporation estimate

The net isotopic fluxes, A, calculated in Section 7.2.1, can be
related to rates of evaporation by the formula for the isotopic
composition of the evaporate, Eq.(6.5).

We have, for E ^ 0,

E(6S - 6E) = A (7.7)
where 6E is given by Eq.(6.5).

Let us assume that the relative humidity of the atmosphere with
respect to the snow surface is 0.75 and that the 6-value of the
atmosphere is somewhat higher than in equilibrium with the snow¬

pack, say 6S - 6a = 10 ± 5°/». From Fig. 6.4, redrawn with a
changed to 1.015, we get 6S - 6E = 40 ± 15°/oo. E is then
related to A by

E = (0.025 + 0.011 ) A mm day-1 for A in °/°° mm day"1
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Thus A = l°/oo mm day"1 corresponds to E = 1 mm month 1

A = 10°/ o o mm day"1 " " E = 10 mm month-1

The evaporation rates are seen directly from the values of A in
Table 7.3, thanks to the fortuitous rough numerical agreement
between °/°° mm day-1 and mm month-1. Evaporation rates of a few
millimetres per month are obtained for most periods.

These estimates may underestimate or overestimate the rate of
evaporation. On the one hand, the fractionation during evapo¬

ration from snow is reduced by incomplete mixing, making the
true evaporation greater than that estimated from isotopic
changes by Eqs.(6.5) and (7.7). On the other hand, if the
enrichment of the snowpack is caused by isotopic exchange with
the atmosphere during recrystallization, as suggested in Section
6.2.6, the true evaporation may be smaller than that obtained
by the equations. Due to these uncertainties and to the great

sensitivity of 6S - 6E to 6S - 6a when h is large (Fig.6.4),
the above evaporation estimates are of limited practical value,
even if the rates obtained are quite realistic.

7.2.5 Conclusion on meltwater 6lsO

It is concluded that meltwater may be either depleted or en¬
riched in 180 as compared to the snowpack at a certain moment.
Due to fractionation during melting/freezing a slight depletion
is expected in the general case, but vertical 180 layering in
the snowpack influences the difference between the 6-values.
Since the areal variabilities of snowpack 6180 are of a magni¬
tude similar to the difference estimated in this section,
meltwater 6180 for use in the hydrograph separations in next
chapter is assumed equal to that of the basin mean snowpack.
Consequences of different 6-values of meltwater and snowpack
are discussed in Chapter 9, using the values estimated in this
section.
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8 STREAMWATER. ESTIMATES OF GROUNDWATER FRACTIONS

This chapter contains the main results of the study: the esti¬
mates of the groundwater contribution to streamflow during
runoff events by means of 180. A short presentation is also
given of a model to estimate reservoir volumes and transit times
for water in a basin by using 180.

The discussion in this chapter is mainly restricted to methodo¬
logical questions arising when interpreting streamwater 6180 in
terms of contributions from new rain- or meltwater and ground¬
water. Examples of such methodological problems are the assess¬
ment of 6180 of the contributing groundwater and modifications
of the relationship between changes in tracer concentration and
discharge during stream channel flow. Quantitative results of
the separations are summarized in two tables (8.1 and 8.6) and
briefly commented upon. Further conclusions concerning the
process of runoff are drawn in Chapter 10.

The two-component model used, discussed in Chapter 3, reads

where X is fraction of groundwater in streamwater and cs, cp,
and cg are tracer concentrations in streamwater, precipitation
(meltwater and rainwater) and groundwater respectively. In the
applications of Eq.(3.3) for 180, the 6180 of groundwater is
either assumed to be constant during the runoff event or, for
the snowmelt events and for certain large rainfall events,
assumed to vary according to a simple mixing model (Eq.3.6).
The 6180 of streamwater before the runoff event is taken as the

constant value of groundwater 6180, or as the initial value
when changes are calculated.

The occurrence of 180 in precipitation and processes of isotope
fractionation during water flow through a basin were discussed
in Chapters 3 and 6 with the main purpose of giving background
information to the use of 180 for hydrograph separation during
snowmelt and rainfall. The basic prerequisite for the sepa¬
rations is the seasonal and day-to-day variation of precipi¬
tation 6180 and the fact that this variation is smoothed out in

the groundwater. Thus, precipitation and groundwater 6180 often
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differ, making it possible to calculate the fraction of ground¬
water in streamwater.

From the discussions on isotope fractionation it is concluded
that 180 behaves like a conservative tracer during most parts
of the water flow through a basin. Enrichment of importance for
the hydrograph separations may, however, occur during surface
water flow in certain situations (large floodings in spring or

very low flow in summer in basins of little slope). Effects of
this possible enrichment, on which no direct field data exist,
are treated in Chapter 9. In other discussions they are

disregarded.

The runoff events for which hydrograph separation has been
undertaken, are marked in Figs.Al.1-9 (Appendix 1). The events
are referred to by basin name, year and number within the year

(snowmelt events) or letter (rainfall events). Snowmelt and
rainfall events are presented separately below. The isotopic
situations were comparatively similar for the different snow¬

melt events. The amounts of data available are also similar.

The rainfall events, on the other hand, differed widely in the
isotopic situation and they also differ in the amount of data
available. For these reasons, the snowmelt events are treated
as a group, whereas the rainfall events are presented individ¬
ually. Many methodological problems, concerning both types of
events, are discussed in connection with the first data pre¬

sented, i.e., with the snowmelt events. Some of the snowmelt
events presented here, those in Nåsten and Stormyra 1979 and
those in the Gårdsjön basins 1980, were discussed by Rodhe
(1980) and Rodhe (1985), respectively.

8.1 Snowmelt events

Hydrograph separation by 180 was performed during 1-3 spring
floods in 10 basins, making a total number of 16 separated
spring floods1. Many spring floods were composed of two or more
runoff events, which were analysed separately. Thus M melting
events were investigated. 30

The fraction of groundwater at the moments of streamwater
sampling was calculated by Eq.(3.3). This generally gives one

1 The term "spring flood" is used for the total streamflow caused by
melting of snowpacks in spring and also for the time periods during
which this flow occurs.
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Fig.8.1 Isotopic hydrograph
separation, small winter melting.
Nåsten 1 1982. Stream hydrograph
with calculated groundwater hydro-
graph, assumed 6-*-80 of groundwater
(6g), 6-^0 of streamwater and snow-
pack, amount and 6^0 of precipi¬
tation, and calculated fraction of
groundwater.

value a day, but there are periods with more intensive as well
as more sparse sampling.

The isotopic composition of meltwater was discussed in some
detail in Section 7.2. It was concluded that meltwater may be
either depleted or enriched as compared to the snowpack at a
certain moment, depending on the vertical 180-layering of the
snowpack and on the rate of melting in relation to the water
equivalent of the remaining snowpack. With the data available
it was not considered possible to determine the actual 6-value
of meltwater accurately enough to give it a value differing
from that of snowpack. Thus, meltwater 6180 is assumed equal to
the basin mean of snowpack 6180 at any moment, and possible
deviations are treated as errors. Daily values of snowpack 6180
are obtained by interpolation between the days of snow sampling.

Examples of hydrograph separation by 180 during snowmelt are

given in Figs.8.1 and 8.2. The small runoff event in Nåsten
(Fig.8.1) was caused by a short warm period, melting a few
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Fig.8.2 Isotopic hydrograph separation, spring flood in
Svartberget Nedre 1981. The fraction of groundwater and
the corresponding groundwater flow are calculated using
various model reservoir volumes (Vg).

millimetres of water from a snowpack having a water equivalent
of about 120 mm. The two events in Svartberget Nedre (Fig.8.2)
constitute the total spring flood of the year, generated by
melting of a snowpack of 200 mm water equivalent. In both
examples, the error at the hydrograph separations caused by
rainfall (cf. below) was insignificant, due to little rainfall
during the melting, see the daily precipitation amounts and 6-
values marked in the figures. During the Nisten event, the 6180
of streamwater returned to its pre-event value after the event,
indicating that the 6180 of the contributing groundwater did
not change. In Svartberget, on the other hand, the 6180 of
streamwater after the event deviated considerably from the pre-
event value, reflecting a change in the 6180 of the contributing
groundwater. Fig.8.2 shows groundwater fractions estimated using
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variable 6180 of groundwater, calculated by Eq.(3.6) using
various reservoir volumes. Groundwater flow estimated by using
the reservoir volume that yielded a change in the 6180 of
groundwater equal to the net change in streamwater 6180 during
the period is also shown (see discussion in Section 8.1.2).

Quantitative results of the hydrograph separations of the snow-

melt events are summarized in Table 8.1. The table, which is
frequently referred to in the following paragraphs, also gives
some hydrologic data for the events. All separated spring floods
are presented in Appendix 2, Figs.A2.3-19. The water equivalent
of the snowpacks, the changes of which show the water input to
the basins, is not shown in the "spring flood diagrams". This
variable is shown in Appendix 2, Fig.A2.1, together with the
observed 6-values of the snowpacks. Appendix 2 also contains a

table with further quantitative results of the hydrograph
separation and more detailed hydrologic characteristics of the
events.

Most spring floods were composed of two, or more, distinct
melting periods. The early melting was interrupted by cold
weather, causing hydrograph recession until the next melting.
Except for Buskbäcken in 1980, where a large snowfall occurred
at the end of the main melting period, the early discharge
peaks were considerably smaller than the later ones.

The different melting periods, and their related hydrographs,
are referred to below by the numbers given in Figs.A2.3-19. The
period boundaries are not strictly defined from the hydrographs.
The boundaries rather enclose periods during which intense
sampling was performed and for which hydrograph separation could
be done. So are, for instance, the end of many periods chosen
to minimize the influence of rainfall on the separations.

The hydrographs show discharge at the moments of streamwater
sampling. Since the streams were generally sampled once a day,
fluctuations in discharge within the day, often very prominent
during mid and late spring flood in these streams, are not
seen, except in Buskbäcken 1980 and 1981, in Gårdsjön F3 1980,
and during a few intensively sampled days of the other spring
floods. Momentary discharge values were chosen for the diagrams
since the groundwater fraction, and thus the groundwater flow,
could be calculated accurately only for the moments of stream-
water sampling.
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Table 8.1 Results of hydrograph separation: snowmelt events. The ground¬
water fractions are calculated using constant 6^0 of groundwater.

Maximum Total Fraction of Fraction of
Basin Period discharge runoff groundwater discharge

(1 s"1 km~2) (mm) (%) area (%)

Aspåsen 1981 I 32 51 70 12

II 218 132 32 60

total 183 42 37

Buskbäcken 1980 I 128 49 54 32

II 66 32 50 33

total 80 53 35

1981 I 32 9 55 63

II 123 80 57 27

III 12 19 68

total 108 59 29

Gårdsjön Fl 1980 total 67 42 72 38

Gårdsjön F2 1980 total 43 22 67 29

Gårdsjön F3 1980 total 71 48 80 20

Nåsten 1979 I 9 8 61 7

II 47 54 79 18

total 62 77 13

1980 I 0.2 0.1

II 19 25

total 25

1982 I 3 3 89 2

II 5 4 83 3

III 108 120 55 49

total 127 57 36

Rainfall, and also !snowfall on snowfree wet areas, complicates
the hydrograph separation if the precipitation 6180 differs from
that of snowpack. But rainfall having the same 6-value as the
snowpack can be included in the term "meltwater" and snowfall,
of any 6-value, on a snowpack is accounted for by the snowpack
samplings. The influence of precipitation on the calculated
groundwater fractions is judged for each separated event accord¬
ing to a procedure given in Chapter 9 and Appendix 4.

The presentation of the separated snowmelt events in the text
below is organized in the following way:
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Table 8.1 (Continued)

Basin

Maximum

discharge
(1 s"1 km~^)

Total
runoff

(mm)

Fraction of

groundwater
(%)

Fraction of

discharge
area (%)

Stormyra 1979 I 26 25 90 6

II 76 82 85 10

total 108 86 9

1980 total 43 31

1982 total 209 148 56 49

Svartberget 1981a I 40

Övre II 42

total 41

1982 I 10 9 91 5

II 98 134 57 25

total 143 59 23

Svartberget 1981a I 80

Västra II 56

total 64

1982a I 95

II 61

total 64

Svartberget 1981 I 17 21 60 14

Nedre II 156 91 44 33

total 111 47 28

1982 I 7.4 15 84 13

II 158 107 46 25

total 122 51 25

a The period mean groundwater fractions are calculated assuming momentary
discharge values proportional to those observed at Svartberget Nedre.

First the isotopic situations of the events are commented upon.

The isotopic composition of the groundwater component, the
assessment of which is an important methodological problem, is
then discussed in some detail.

The next section treats methodological questions in interpreting
the time variation of the 6180 values of streamwater at the

basin outlets. Then the variation of the calculated groundwater
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fractions within the events is discussed with respect to daily-
values and variations within days.

Finally, the extent of discharge area estimated from the separa¬
tions is presented and compared with the results of a few field
surveys. The estimates of total groundwater fractions and basin
fractions of discharge area are summarized briefly in this
section. They are discussed and related to the flow situations
in Chapter 10.

8.1.1 Isotopic situation

Due to the seasonal variation of precipitation 6180, snowpacks
are generally depleted in 180 as compared to the streamwater.
In all melting periods sampled in this study, except for those
in Nåsten 1980 and Stormyra 1980, the 6180 of streamwater before
snowmelt differed well from that of snowpack, making possible
separations by 180. Disregarding the two spring floods above,
the difference at the onset of melting ranged between 2.4 and
6.2°/oo, with a median value of 3.9°/°°.

In Nåsten and Stormyra 1980 the snowpack was depleted by only
0.3°/oo, a situation which, together with the occurrence of
precipitation of unfavourable isotopic composition, prevented
hydrograph separation from being performed for these spring
floods. (A very small runoff event during winter in Nåsten 1980
could be separated, Fig.A2.10. Due to uncertain relative
discharge values because of very low flow and ice formation at
the weir, summations were not considered meaningful, however.)

In most cases the snowpacks were continuously enriched during
the periods of melting, due to drainage of isotopically light
meltwater and isotopic exchange with the atmosphere and also
due to precipitation (cf. Section 7.2). The difference between
the 6180 of streamwater before melting and that of snowpack
thus generally decreased, reaching minimum values ranging
between 2.1 and 4.0°/oo (median value 2.7°/oo). As long as the
snowpack 6180 does not reach the assumed groundwater 6180,
hydrograph separation remains possible, but its sensitivity to
errors in the 6-values increases as the difference diminishes

(cf. the uncertainty discussion, Chapter 9).
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8.1.2 Groundwater 6180

As exemplified in Figs.8.1 and 8.2, streamwater 6180 declined
as melting started, due to intermixing with isotopically light
meltwater. When melting stopped, due to cold weather or dis¬
appearing of the snowpack, streamwater 6180 tended to return to
its original value, indicating an increasing groundwater
fraction. Before the temporal variations of streamwater 6180
are analysed quantitatively in terms of the relative contri¬
bution of groundwater and meltwater, the isotopic composition
of the groundwater contributing to streamflow needs some

discussion, since the assessment of this quantity is a crucial
point in hydrograph separation by 180.

It is regarded as impossible to calculate an accurate 6-value
of the groundwater contributing to streamflow on the basis of
groundwater sampling, even from a very dense network of ground¬
water sampling points. This is so since the relative contri¬
bution to streamflow from various reservoirs is not known. For

this reason, the easily available 6180 of streamwater before
the runoff event is regarded as the best estimate of the
required groundwater 6180 at the onset of the runoff event.

As the runoff event proceeds, groundwater1 6180 may change due
to at least two processes:

1. Vertical supply by percolation of isotopically different
meltwater and pre-event soil water and subsequent mixing.

2. Transformation of isotopically different soil water just
above the groundwater table into groundwater by percolation
and the subsequent raising of the groundwater table. Since
the storage coefficient of till soil may be small (Lundin
1982), a small amount of percolating water may be sufficient
to saturate a large volume of soil water and to generate a
considerable rise of the groundwater table by filling a few
large pores. The process results in a release of a large vol¬
ume of former soil water. Due to high saturated conductivity
in the near surface soil horizons, this water may constitute
a considerable fraction of the total, mainly lateral, ground¬
water flow to the stream. The 6180 of the newly formed

In this particular section, the term "groundwater" refers to "groundwater
contributing to streamflow".



150

groundwater may be dominated by the 6180 of pre-event soil
water in the related horizon, rather than by the 6180 of the
percolate.

After a sufficiently long period of streamflow recession,
streamwater is probably originating from groundwater only, and
streamwater 6180 again equals groundwater 6180. In some of the
runoff events examined, streamwater 6180 returned completely to
its initial value at the end of the event, sugggesting that
groundwater 6180 did not change. At the end of the main runoff
events, streamwater 6180 often deviated considerably from its
initial value, indicating a change of groundwater ö^O.1

Unfortunately, for the sake of isotopic hydrograph separation,
the temporal variation of groundwater 6180 within the event is
not known, only its initial and final values. Any estimate of
the variation implies a concept of the process of groundwater
recharge and flow to the stream. Even if streamwater 6180 after
the event equals the pre-event value, different interpretations
can be made:

If mixing with percolating water (case 1 above) or piston flow
dominates, the return of streamwater 6180 to its original value
indicates that groundwater 6180 has remained constant during
the event, due to sufficiently large reservoirs being involved.

If, on the other hand, activation of isotopically different
soil water dominates (case 2 above), groundwater 6180 may have
been changing within the event, even if the final value equals
the initial one. In this case the isotopic composition of the
discharging groundwater is a function of the height of the
groundwater level as long as the pre-event soil water dominates
the groundwater flow in the upper layers. When the groundwater
level falls after the event, the groundwater 6180 returns to
its initial value.

Assuming that case 1 applies, and further that the 6180 of pre-

event soil moisture equals that of the groundwater, the use of
constant groundwater 6180 in separation gives a lower limit for
the groundwater fraction. What is actually calculated is the
fraction of pre-event groundwater or soil water. If streamwater
after the event equals the initial value, the true groundwater

1 Precipitation on saturated areas is probably responsible for the rise
of streamwater 6^80 at the end of some of the events. These cases are

excluded from the quantitative comparisons between the basins below.
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fraction is obtained. The larger the difference between initial
and final streamwater 6180, the larger will be the underesti¬
mation of the groundwater fraction when using constant ground¬
water 6180.

In case 2, the groundwater 6180 may change in either direction
within the event, even if the final value equals the initial
one. The use of constant 6180 of groundwater may then cause

overestimation as well as underestimation of the groundwater
fraction. Overestimation, i.e., the occurrence of higher ground¬
water 6180 within the event, is unlikely during spring floods,
however. This is so since autumn rainfall, which to a large
degree determines the isotopic composition of soil water during
winter, is unlikely to have higher 6180 than the groundwater.

A close look at the time courses of streamwater 6180 (Figs.
A2.3-19) reveals some characteristic dissimilarities among the
events and among the basins, as to changes of groundwater 6180.
The spring floods seem to give changes of groundwater 6180 of
1-2°/«.. The first small runoff events exert various influence
on groundwater 6180. In Nåsten and Stormyra 1979, and in Svart-
berget Västra 1981, small or no changes are encountered, while
changes seem to occur in Aspåsen, Buskbäcken, and Svartberget
Övre. (Svartberget Nedre, being largely a mixture of Svartberget
Övre and Svartberget Västra, is not treated separately here.)

Changes in groundwater 6180 within an event depend on isotopic
and flow conditions as well as on basin physiography. If
groundwater 6180 is changed mainly by mixing with infiltrating
water, the total change should increase with the difference
between groundwater and meltwater 6180 and with meltwater
amount. For a completely mixed reservoir of constant volume,
V , the rate of change is given by Eq.(3.6)

dö Q X
—i- = (6p - 6_) (3.6)
dt vg

For the hydrograph separations, the reservoir volumes in
Eq.(3.6) can be chosen by trial and error to simulate the total
change in groundwater 6180. From Figs. A2.3-19 it is seen that
model reservoir volumes of 100-300 mm often give the desired
change in groundwater 6180 during the spring flood period. The
time courses of the calculated groundwater 6180, on the other
hand, show that except for in Aspåsen 1981 and Stormyra 1979
smaller reservoir volumes are needed to simulate the changes
during the initial runoff events. Simulations of groundwater
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6180 with various values of Vg give reservoir volumes for many
of the initial periods of around 40-100 mm.

Regarding the above results on model reservoir volumes and
further the basic relationship between groundwater level and
flow, which should cause vertical as well as lateral expansion
of the contributing groundwater reservoir as the flow increases,
a flow-dependent reservoir volume is probably more realistic
than the constant volume applied here. But in a desire to
minimize the number of assumptions and non-measurable para¬

meters in the interpretation of streamwater 6180, the present
analysis is restricted to constant model reservoir volumes.

Observed 6lsO of groundwater

To give an idea of the assumptions concerning the 6180 of the
groundwater component, a few data on the areal and temporal
variations of groundwater 6180 in the basins are presented
below.

An example of the areal variability of groundwater 6180 is
given in Table 8.2, showing the results of two synoptical
surveys in the Gårdsjön basins. The groundwater was sampled in
shallow observation wells in the loose deposits, mainly in
discharge areas. The surveys were performed at summer low and
autumn medium groundwater stages. The standard deviations,
0.2-0.4°/oo, may be indicative of the accuracy to be expected
of the 6180 of groundwater contributing to streamflow.

Table 8.2 Synoptical survey of groundwater 6^80 within and close to
Gårdsjön Fl, F2, and F3

Groundwater 6180
Date Number of (*/«•)

observations mean stand, dev. ^max~^min

18/7 1982 22 -10.27 0.19 0.5

5/11 1982 20 O01 0.44 1.7

Examples of changes over time of groundwater 6180 during runoff
events are shown in Fig.8.3 (see also examples from the snowmelt
events in the Gårdsjön basins in Rodhe (1985)). Comparatively
large changes are seen in these springs and wells. In all these
events, however, groundwater 6180 was changing in the direction
expected from the isotopic composition of the infiltrating
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water. This fact supports the above statement that the use of
the initial streamwater 6180 as constant groundwater 6180
yields lower limits of groundwater fractions in streamwater.

The close agreement between the 6-values of groundwater and
streamwater in some of the cases is surprising. Some of the
springs and wells even show a larger influence from precipi¬
tation than does the streamwater. Obviously there must be some

other groundwater that contributes to streamflow, since stream-
water 6180 must lie somewhere in between the 6180 of groundwater
and of snowpack. Considerably smaller changes over time were
found in samples from deeper wells and borings.

Application of Eq.(3.3) on the data in Fig.8.3 gives fractions
of newly infiltrated meltwater of up to 80% in the Buskbäcken
spring, 60% in the Nåsten spring, and 60% in the Svartberget
springs.

The rise in spring water 6180 occurring in the later parts of
the periods is noticeable. It shows that neither piston flow
nor case 1 above, i.e. one well-mixed reservoir, describes
their isotopic behaviour. It may reflect the fact that water
infiltrating close to the spring, where the unsaturated zone is
thin, constitutes a large fraction of the groundwater flow to
the spring as long as infiltration is going on. When the
infiltration ceases, the discharge becomes dominated by older
groundwater and groundwater recharged during the event at more
distant localitites, where the unsaturated zone is thicker and
where the recharging soil water particles were present in the
soil already before the event.

Conclusions on groundwater 6lsO

From the above discussion on 6180 of groundwater contributing
to streamflow it is concluded that:

1. Hydrograph separation using the initial streamwater 6180
as constant groundwater 6180 during the event yields lower
limits of groundwater fractions in streamflow. The degree
of underestimation can be judged from the total changes in
streamwater 6180 during the event.

2. The assumption of complete mixing of the infiltrated melt-
water, in a reservoir of constant volume, gives too small
rate of change in calculated groundwater 6180 at the
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beginning of the period. Hydrograph separation using cal¬
culated groundwater ö180, with a model reservoir volume
chosen to simulate total change in groundwater 6180 during
the event, thus also underestimates the groundwater fraction
at runoff events where groundwater 6180 changes.

8.1.3 Modification of changes in tracer concentration and
discharge during flow in the channel network

The estimated groundwater fractions of the total water volumes
discharged in the streams during the various snowmelt events,
i.e., the period mean fractions weighted with respect to
discharge, were given in Table 8.1. In a following paragraph,
the temporal variation of the estimated groundwater fractions
within the events is discussed. In order to distinguish the two
aspects of the groundwater fractions, the term "instantaneous
groundwater fraction" or just "groundwater fraction" will be
used for fractions calculated from single observations of
streamwater 6180, whereas the event mean values will be
referred to as "total groundwater fractions".

Before analysing the temporal variations of the instantaneous
groundwater fractions, modifications of the relationship
between the changes in tracer concentration and discharge that
may occur during flow in the stream channel network are
discussed.

The groundwater fractions refer to fractions calculated from
the isotopic composition of streamwater at the basin outlets.
When the groundwater fractions are to be interpreted in terms
of groundwater and meltwater inflow to the stream along its
reaches, and variations of these inflows over time, the modi¬
fying effects of the channel network upon changes in tracer
concentration and discharge have to be considered.

Firstly, the difference between the propagation rate of flow
disturbances and of changes in tracer concentration, i.e.,
between flood wave celerity and water particle velocity, has to
be considered for an analysis of the relationship between
groundwater fraction and total flow within the events.

Secondly, the damping of input fluctuations in tracer concen¬
tration during channel flow and flow through surface water
reservoirs has to be considered for an analysis of diurnal
fluctuations in groundwater fraction.
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The above two effects are briefly treated in this section as a

background to the analyses of the variations of streamwater
6180 and calculated groundwater fractions within the events.

Relationship between flood wave celerity and particle velocity

The celerity of a kinematic flood wave in a channel, c, is
related to the velocity of the water particles, v, by

c = v + A — (8.1)
dA

where A is the cross-sectional area of the channel (Henderson

1966, p. 366). By the de Chézy or Manning formula, v can be
related to channel geometry giving

c = const*v (8.2)

with the constant having values around 1.5. It follows from the
equation that a change in water level and discharge is propa¬

gated downstream faster than a change in tracer concentration.
As pointed out by Glover and Johnson (1974), this velocity
difference, if not accounted for, may lead to erroneous
conclusions when interpreting the relationship between the
concentration of chemical compounds and stream discharge in
terms of runoff processes in the basin.

Eq.(8.2) has been verified in several studies, e.g., Glover and
Johnson (19^4), but mostly in stream channels being larger and
more regularly shaped than the small forest streams of the
present study. Therefore a few experiments were performed in
two of the present study basins, Aspåsen and Buskbäcken, and
also in a similar basin, using an artificial tracer. The flow
changes were generated by pumping of water to or from the
streams. In the 3 experiments, the ratio c/v ranged from 1.5 to
2.5. These results differ from those of Pilgrim (1977) who
found c/v around 1.0 in small Australian forest streams.

Eq.(8.2) presumes that the tracer is transported with the mean

velocity of the water in the cross-section of the stream. This
may not be the case during bank overflow when the velocity is
much lower in the flooded areas than in the stream channel

itself. In such a situation Walling and Webb (1980) observed
values of c/v <1, i.e., tracer changes propagating more rapidly
than flow changes.
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With c/v = 1.5 we get the upper limit of the time lag between
flow and tracer changes, t1>max, in a basin as

tl.max = tf - tc < 0.33 tf (8.3)

where tf is maximum floating time and tc time of concentration
of the channel net, i.e., the maximum time required for a flow
disturbance in the channel net to reach the basin outlet.

The velocity of the water particles was measured using arti¬
ficial tracers in Aspåsen and Buskbäcken. The velocity increased
downstream from around 0.05 m-s"1 at the upper part of first
order streams to around 0.2 m-s"1 at the well-developed stream
channel at the outlet of the Buskbäcken basin. If these velo¬

cities, observed during periods of medium flow, are assumed
representative for all basins in the study, floating times
ranging from less than 0.02 days in the Gårdsjön basin to about
0.5 days in Nisten and Stormyra are obtained. The corresponding
maximum time lags are, by Eq.(8.3), less than 0.2 days in all
basins. Regarding the actual continuous inflow along the stream,
rather than the case of point inflow at the most remote part of
the channel net treated so far, it follows that the actual time
lag is probably considerably less than 0.2 days.

It is concluded that the time lag between flow change and
tracer change can be disregarded at the outlets of all basins
when daily values of flow and tracer concentration are compared.
Caution may be needed, however, when hourly values are compared
in the largest basins.

Damping and delay of fluctuations in tracer concentration

The tracer concentration, as well as the flow, at a certain
moment at the sampling point is the integrated result of
inflows along the stream that have taken place at different
times. This fact, together with the storing of water and tracer
in the channel and occasional surface water reservoirs (flooded

areas, ponds, etc.), damps and delays input fluctuations in
flow and tracer concentrations.

The existence of large diel1 fluctuations in discharge during
snowmelt in the investigated basins, which is commented on in
the next section, shows that diel fluctuations in the inflow
along the streams are propagated to the basin outlets. With

1 diel = within the day (24 hours)
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time lags of the tracer of at most 0.2 days, i.e., 0.2 period
lengths, it follows immediately that diel fluctuations in
tracer concentration are also propagated along the stream.
There is a delay and damping of the input fluctuations of both
flow and tracer, but the degree of damping cannot be estimated
without a closer analysis, which has not been performed here.

The above discussion concerns the effect of stream channel

flow. During flow through surface reservoirs there may be a
considerable damping of diel fluctuations in tracer concen¬

trations. This is shown by simulations of the isotopic compo¬

sition of the outflow from the completely mixed reservoirs
characterized in Table 8.3, assuming sinus-shaped fluctuations
in flow and tracer concentrations of the inflow. The isotopic
composition of the outflow is given by Eq.(6.12) with the
inflow (I), the 6180 of the inflow (6X) and the reservoir volume
(S0) varying, and E = 0. The surface area of the reservoirs is
held constant, and the outflow is calculated from reasonable or

actual rating curves.

In Stormyra the amplitude in tracer concentration in the output
was 25% of the input value, while in Gårdsjön F3 it was 5-10%
of the input value. Since the mixing in reality is not complete,
the actual damping is less.

Table 8.3 Flow situations for which damping in reservoirs is estimated.

Mean

discharge
(1 s"1)

Reservoir
area

(ha)

Initial

depth
(m)

Stormyra

Gårdsjön F3

200

2

5

0.2

»—H

»-H

O

o

It is concluded that occasional surface reservoirs may very

significantly reduce diel fluctuations in the isotopic compo¬
sition of streamflow. Surface reservoirs capable of damping the
fluctuations in streamwater concentration are found during the
spring flood in Gårdsjön F3, Stormyra, and to some extent in
Nåsten, but not in the other basins.
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8.1.4 Variations of groundwater fractions within the events

The hydrograph separations by 180 show that groundwater accounts
for a considerable part of total streamflow during the spring
floods. As a whole there is an inverse relationship between
groundwater fraction and stream discharge. Minimum calculated
instantaneous groundwater fractions for all spring floods
studied range between 0.17 and 0.73 with a median value around
0.4. Except in Buskbäcken 1981 and in Nåsten 1979 the total
minima occurred around the date of spring flood culmination.

Daily variations in groundwater fractions in streamflow

The roughness of the assumption made in this study, that melt-
water 6180 is equal to snowpack 6180 at a certain moment,
prevents a very detailed analysis of the time courses within
the events of the calculated groundwater fraction. It is still
considered that some general features can be pointed out which
may elucidate the process of runoff. Three common behaviours of
the groundwater fractions can be identified.

Firstly, an inverse relationship between groundwater fraction
and total flow is found within all runoff events, as is seen in
the spring flood diagrams and more explicitely in the examples
shown in Fig.8.4.

Secondly, most plots of groundwater fraction versus total flow
for the whole spring flood period show a change of slope of the
curves at a certain, low, discharge (see Fig.8.4). During the
initial peaks, and sometimes during the early rise of the main
peaks, the curves have a more negative slope than at higher
discharges. For some of the spring floods, the slope in the
diagram is zero at high discharges, i.e., the groundwater frac¬
tion is independent of total flow.

Thirdly, most initial melting periods show a time lag between
groundwater fraction changes and flow changes. A close look at
these periods in the spring flood diagrams shows that the cal¬
culated minimum groundwater fractions often occur a few days
before the discharge peak, see for instance Aspåsen I 1981 and
Nåsten I 1982. The time lag appears as a counter-clockwise
hysteresis effect in the plots of groundwater fraction versus
total flow (Fig.8.4).
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Fig.8.4 Fraction of groundwater (constant 6_) versus stream-
flow. Spring floods in Aspåsen 1981 (upper diagram) and Nåsten
1982 (lower diagram). Roman numerals indicate snowmelt event
number (see Figs.A2.3 and A2.12).
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Also some main melting periods show a time lag between ground¬
water fraction and total flow, see Fig.8.4 for an example. These
lags are less pronounced, and the peaks are contemporary in most
cases. The more realistic groundwater fractions, calculated by
using variable groundwater 6180, yield a still more pronounced
hysteresis effect, Fig.8.5. Small opposite time lags, i.e.,
changes in groundwater fractions being delayed as compared to
those of total flow, were found in some main periods (e.g.
Stormyra 1982). But when variable groundwater 6180 was used,
changes in groundwater fractions preceded flow changes in most
of these cases.

Q(W

Fig.8.5 Fraction of groundwater (variable 6 , Vg = 250 mm)
versus streamflow. Spring flood in Aspåsen 1981.

From the discussion on different transport velocities of
changes in tracer concentration and discharge in Section 8.1.3,
it was concluded that if there is any difference between these
velocities, it is probably a delay of the tracer change, this
delay being less than 0.2 days. The observed time lag between
groundwater fraction and total flow at the basin outlets,
showing that tracer change precedes flow change, thus reflects
a real time lag during water inflow to the stream. The time lag
implies that meltwater that reaches the stream directly does so

slightly more rapidly than the bulk of the groundwater
contributing to the peaks.
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The rapid decline in calculated groundwater fraction at the
beginning of the initial peaks may partly be fictitious, due to
a methodological error. Since the most depleted meltwater from
an unlayered snowpack is to be expected at small rates of
melting from a deep snowpack, the actual meltwater 6180 at the
onset of melting might be a few per mil lower than the snowpack
mean. As melting proceeds, this difference is likely to
decrease. But the general tendencies of the time variations in
the groundwater fractions pointed out above are unlikely to
have been caused only by errors in the assessment of meltwater
6180.

Diel fluctuations in groundwater fractions

The basins investigated are all small enough to show con¬
siderable diel fluctuations in discharge during snowmelt. At
the dates of maximum flow, the relative amplitude1 in discharge
during the day, defined as (Qmax - Qmin)/(Qmax + Qmin>' often was
around 0.25. The largest value at maximum flow, 0.39, was found
in Svartberget Nedre 1981 and the smallest, 0.12, in Stormyra
1982.

When diel fluctuations in streamwater 6180 are to be inter¬

preted, two considerations have to be made. Firstly, the damping
effect of the channel net and occasional surface reservoirs

upon fluctuations in input concentrations has to be regarded.
As discussed above, damping may reduce input fluctuations in
the largest basins and in the basins where considerable surface-
water reservoirs develop, i.e., in Gårdsjön F3, Nåsten, Stormyra
and Svartberget Övre.

Secondly, the groundwater fractions of the daily contributions
to streamflow must be distinguished from those of the total
streamflow, i.e., from those shown in the spring flood
diagrams. Before discussing the intensively sampled events, a

relationship between these two groundwater fractions is
deduced.

Consider the stream hydrograph and the groundwater hydrograph,
as estimated by 180, in Buskbäcken during the days around the
culmination of the spring flood in 1980 (Fig.8.6). According to
the hydrograph separation by 180 the groundwater fraction at

1 The amplitude is the maximum deviation from the mean value. The total
variation is thus twice the amplitude. Qmax and Qmin refer to maximum
and minimum discharge values during the day.



163

the hour of maximum flow on April 14 was 0.44, giving a ground¬
water flow of 103 1/s. A considerable part of this groundwater
flow, however, was generated on the preceding days. Assuming a

groundwater recession curve as sketched in the figure, the
groundwater fraction of the flow generated on April 14, X',
becomes

X' =

Q Qg>r

_ Qg,r
, - Q X * Qg,r

1 - gg»r
(8.4)

where Q is the total flow, Qg>r is the groundwater recession
flow, and X is the groundwater fraction of total flow. The cal¬
culated values of X' are shown in the figure. According to these
calculations, the groundwater fraction of the daily contribution
was 0.3 3 at the hour of maximum flow, which value should be
compared with the groundwater fraction of total flow, 0. 4*.

Fig.8.6 Identification of
the groundwater fraction of
the daily contribution to
streamflow.

Q = total streamflow,
QX = groundwater flow,
Qo r = groundwater recession
flow from the preceding day,
X = groundwater fraction of
total streamflow,
X'= groundwater fraction of
the daily contribution to
streamflow.

Data from Buskbäcken 1980.

APR 1980
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This distinction between the two groundwater fractions may also
be of importance when looking at a whole event. In the dis¬
cussion above it was pointed out that there is an inverse
relationship between groundwater fraction and total flow within
the snowmelt events. By definition, however, the groundwater
fraction is 1.0 at the onset of the events. Any change in the
groundwater fraction must accordingly start with a reduction of
this fraction. A more stringent treatment would have been to
analyse the groundwater fraction of the flow increment during
the events as calculated by Eg.(8.4). But when whole melting
periods are considered, the pre-event flow is very small com¬

pared to the flow during the events. Thus Qg>r/Q is close to
zero and X' is approximately equal to X. This is true also for
the majority of the rainfall-generated events presented in
Section 8.2 and Appendix 3. Noting the distinction between the
two groundwater fractions, the following discussion on diel
fluctuations in groundwater fractions during snowmelt events is
restricted to the groundwater fractions of the total
streamflow, X.

Most spring floods were sampled only once a day, but Buskbäcken
1980 (of which a few days were shown in Fig. 8.6) and Gårdsjön
F3 1980 were sampled about four times a day, and Buskbäcken
1981 twice a day. All spring floods studied in 1981 and 1982
were intensively sampled during a few days near the day of
maximum flow.

Fig.8.7 compares total discharge and 6180 of streamwater during
days with fluctuating discharge in Buskbäcken 1980 and 1981. To
simplify the comparisons, the positive 6180-axes are directed
downward in the diagrams. In 1980 there was a small daily oscil¬
lation in streamwater 6180 being inverse to that of discharge,
indicating the largest relative contribution of meltwater at
the hour of maximum discharge. The amplitudes in 6180 were about
0.1-0.2°/oo, giving amplitudes in calculated groundwater
fraction of total flow of about 0.02-0.05. In Buskbäcken 1981,
on the other hand, no significant difference in 6180 and cal¬
culated groundwater fraction was found between the two hours of
sampling, largely representing maximum and minimum daily flow.
The finding is surprising since the relative (and absolute)
amplitudes in discharge were largest in 1981. A corresponding
dissimilarity between the two years was also found in the
electrical conductivity of the streamwater. The different
behaviour could not be related to differences in frost depth or
soil moisture upon freezing. Since the total discharge was about
the same for the two years, different damping in the channel



165

network is unlikely to explain the different isotopic behaviour.
The difference thus reflects a difference in the diel variations
of the groundwater and meltwater flow to the stream. It should
be noted, however, that also in 1980 the relative variations of
the groundwater fractions were much smaller than those in total
discharge, yielding large diel fluctuations in the calculated
groundwater flow both years (see Figs.A2.4 and A2.5).

Fig.8.7 Comparison between diel variations in discharge and 6^0 of
streamwater. Spring floods in Buskbäcken 1980 and 1981. (N.b. the down-

1 O .

ward direction of the 6iO0-axes.)

In Gårdsjön F3 1980 (Fig.A2.8), which had similar relative
fluctuations in discharge as Buskbäcken 1980, no significant
fluctuation in streamwater 6180 was noted. This indicates

amplitudes in the groundwater fraction of total flow of less
than 0.02.

Results from all intensively sampled periods are summarized in
Table 8.4. Since the intensive sampling was usually not under¬
taken exactly on the day of spring flood culmination, the daily
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mean and relative amplitude of discharge are given both for the
day of maximum flow and for the day of intensive sampling.

As is seen in Table 8.4, the diel variations in calculated
groundwater fractions of the total flow are comparatively
small, around 0.05-0.10. In basins where a measurable diel
variation in streamwater 6180 was found, the calculated ground¬
water fractions were found to be inversely related to total
flow, as expected. Diel fluctuations in 6180 were usually
accompanied by similar fluctuations in electrical conductivity,
showing the same tendency as 6180.

Table 8.4 Diel fluctuations in discharge, ö^80 of streamwater, and
groundwater fractions during snowmelt. Observations during the days of
intensive sampling.

Daily mean Relative
specific amplitude Amplitude Daily mean Amplitude

Basin discharge in dis- in 6^80 groundwater in X,AX
(1 s"1 km~2) charge (°/oo) fraction, X

Aspåsen 1981 100

(204)a
0.15

(0.24)
0.08 0.31 0.01

Buskbäcken 1980
1981

103
90

0.25
0.40

0.23
0.06b

0.50
0.57

0.03
0.01b

Gårdsjön F3 1980 57 0.22 0.19b 0.80 0.03b

Nåsten 1982 83 0.11

(0.24)
0.28 0.50 0.03

Stormyra 1982 83

(194)
0.08

(0.12)
0.41 0.53 0.06

Svartberget
Övre

1981
1982 53

(=100)
0.21

0.18
0.11

0.36
0.40

0.03
0.02

Svartberget
Västra

1982 0.19 0.57 0.02

Svartberget
Nedre

1981
1982

104
61

(120)

0.39
0.23

0.27
0.38

0.41
0.56

0.06
0.05

a Values within brackets refer to the situation at maximum flow
k No periodic fluctuation, rather accuracy of measurement

The absence of large fluctuations in streamwater 6180 in Svart-
berget Nedre 1981 is surprising. This spring flood showed very

regular fluctuations in discharge. The intensive sampling was

performed on the days of maximum flow, having a relative
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amplitude in discharge of 0.39, see Fig.8.2. Damping of any

significance in the stream channels is unlikely in these
streams. The lack of fluctuations in 6180 at Svartberget Övre
might be explained by the large fraction of mire in this sub-
basin. But the flow from Svartberget Övre is only about one

third of the total flow at Svartberget Nedre. Thus the stream
is fed by groundwater and meltwater in roughly constant pro¬

portions during the day.

Conclusions on diel fluctuations

One important methodological conclusion can immediately be
drawn. The absence of large diel fluctuations in streamwater
6180 shows that daily sampling is often sufficient during snow-

melt. Provided that daily means of total discharge are well
determined, the discharged volumes of groundwater and meltwater
are well determined from the daily streamwater sampling. How¬
ever, a slight underestimation of the discharged groundwater
volumes is caused in the present study by the predominant
sampling at the hours of maximum flow.

The absence of large diel fluctuations in groundwater fractions
may have two explanations. Either, meltwater and groundwater
are reaching the stream with constant proportions between the
flows, in spite of large fluctuations in the absolute values,
or, input fluctuations of tracer concentrations are damped in
the channel net, including surface-water reservoirs.

In small basins, in which high flows can take place without
formation of considerable surface-water reservoirs connected to

the stream, attenuation of daily input fluctuations in water
composition is not likely. Thus, the small fluctuations observed
in Aspåsen, Buskbäcken and Svartberget show that in these
basins, the groundwater fraction is rather constant during the
day. The lack of fluctuations in Gårdsjön F3, on the other
hand, may be due to damping of input fluctuations in tracer
concentrations in the flooded bog just upstream from the
sampling point. In this basin we cannot say whether there are
considerable daily fluctuations in the input or not. In Nåsten
and, particularly, in Stormyra the daily contributions show
considerable fluctuations in calculated groundwater fractions.
Considering the possibilities for damping in Stormyra, the
input fluctuations in this basin, according to the present
analysis, may have been still more pronounced.
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8.1.5 Groundwater fractions of total discharged volumes

The discharged volumes of groundwater during the periods, given
as fractions of total discharged volumes, are listed in Table
8.1 and in Table A2.1 (Appendix 2). The latter table lists the
fractions calculated for different assumptions about
groundwater 6180, this entity either being a constant (infinite
model reservoir volume) or being calculated using model reser¬

voir volumes of 500 and 250 mm. As discussed above, the use of
constant groundwater 6180 yields lower limits of the ground¬
water fraction. The sensitivity of the calculated groundwater
fractions to a systematical error in 6p of ±l°/oo and in 6g of
+ 0.5°/oo are given in Table A2.1 (cf. the uncertainty
discussion).

For all 30 separated snowmelt events, the volume fraction of
groundwater by constant groundwater 6180 ranged between 32% and
95% of total flow, with a median value of 61%. For the 16 spring
flood totals, the fractions ranged between 42% and 86%, median
value 59%. The volume fractions of groundwater were generally
largest at the comparatively small initial runoff events.
Exceptions are Nåsten 1979 and Buskbäcken 1981. Using variable
6180 of groundwater at the estimates, the total volume fractions
increased by 3 - 6 percentage points for most of the spring
floods studied.

Looking at all separated snowmelt events, the total volume
fraction of groundwater decreases with increasing maximum runoff
and mean rate of water input (see further Chapter 10, where the
results from the snowmelt and rainfall events are all discussed

together).

8.1.6 Extent of discharge areas

From the groundwater fractions of streamflow estimated by 180,
basin fractions of discharge area, Y, are calculated according
to Eg.(3.9) :

Y = T—T-T— (1 - X) (3.9)
P - As/At

where q is specific discharge, P rate of precipitation, As
change in snow storage (negative during melting) over the time
At, and X fraction of groundwater.
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In the derivation of this equation all rain- or meltwater on

recharge areas is assumed to infiltrate, while all such water
on discharge areas is assumed to generate overland flow. The
fractions of discharge area are calculated from period totals
of discharged rain- or meltwater and water input, giving some

sort of event mean values, see Table 8.1.

Eq.(3.9) is a very rough interpretation of the observed melt¬
water flow in the streams. Even if the conceptual base for the
equation is disregarded, the accuracy in the calculations by
Eq.(3.9) is rather low. This is true particularly for periods
with small relative changes in the water equivalent of the
snowpack, since As then is uncertain. A prerequisite for
meaningful estimates of discharge areas by Eq.(3.9) is that the
total water budget is fulfilled when the whole event is
regarded. For this reason, the fraction of discharge area is
not given for periods with unrealistic water budgets.

In spite of the uncertainties in the assessment of Y, the
estimates are considered valuable, since they provide a means
for a field check of the results of hydrograph separation by
18o.

For the single snowmelt events, the fractions of discharge area
estimated by 180 using constant groundwater 6180 ranged between
2% and 60% of the basin areas, with a median value of 23%. The
fraction of discharge area is positively correlated to the
maximum runoff and the mean runoff of the events, see further
the discussion in Chapter 10.

Field surveys of discharge areas

In order to examine whether the interpretations of the results
of hydrograph separation in terms of discharge areas are

reasonable, field surveys were performed during some of the
spring floods. The surveys were performed either statistically
or by mapping. They were carried out during one day during the
main runoff events, a few days after the culmination of the
spring flood.

Discharge areas were defined as areas having water on the ground
or having a water table less than 5 cm below ground surface. The
definition thus presupposes that saturated soil and surface-
water reservoirs only occur in connection with the groundwater
table. Experience from groundwater level observations in some
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of the basins, and in forested till soils in general, supports
this assumption. Free water in or above the ground surface very
seldom occurs on areas which are not completely saturated,
i.e., on areas which have an unsaturated zone above a deeper
groundwater table.

The statistical surveys were carried out as spot observations
made at constant intervals along straight lines. The lines were
drawn to cover the whole basins. They were drawn either as

equidistant, parallel lines or so as to give roughly the actual
proportions of physiography and land use of the basin. Snow and
water depth were also measured at the points of observation.

In the smallest basins, which have comparatively simple shapes,
the discharge areas were mapped and their areas determined
planimetrically.

The statistical surveys should provide upper limits of the
extension of discharge areas estimated by 180. This is so since
all discharge areas are not connected to the channel network.
Particularly in Nåsten which has a broken topography with a low
mean-slope value, isolated discharge areas occur. In these
areas surface-water reservoirs develop, which are connected to
the groundwater. They drain by infiltration (and evaporation)
during the successive lowering of the water table during periods
of streamflow recession. Neither can all surface reservoirs
which develop on outcrops be regarded as discharge areas. In
elevated areas in Stormyra, small reservoirs of this type
frequently develop. Some of them drain very slowly after the
runoff events, by infiltration and evaporation.

The results of the field Surveys are summarized in Table 8.5,
showing fractions of discharge area ranging from 0.10 to 0.35
of the basins. These values are instantaneous values. If pro¬

portionality is assumed between the extent of discharge areas
in a basin and streamflow, the event maximum and mean values
are obtained by multiplying the measured fractions by ^max/^day
and qmean/^day respectively (see these ratios given in Table
8.5). For Stormyra the maximum fraction obtained is >1 and thus
unreasonable. This might be an effect of the geology and topo¬
graphy of this basin. Flat areas with loose deposits are here
often surrounded by steep, bare rocks. When the discharge areas

in the loose deposits reach the bordering bedrock, they cannot
expand any more. For the other basins the estimated maximum
fractions are not unrealistic, but the figure seems high for
Buskbäcken (0.70) and, considering the topography of the basin,
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for Gårdsjön F3 (0.45). According to similar comparisons with
the mean values, the event mean fractions generally should be
slightly lower than the observed ones.

Table 8.5 Field surveys of discharge areas.
a. Experimental situations and observed fractions of discharge areas.

Fraction of
Basin Date Number of discharge

observations area (%)

Aspåsen 17/5 -81 mapping = 10

Buskbäcken 26/4 -80 602 28

Gårdsjön F3 12/4 -80 mapping 15

Nåsten 6/4 -79 544 23

3/4 -82 1181 31

Stormyra 6/4 -82 553 35

Svartberget 14/5 -81 201 25
Nedre

b. Hydrologie situation.

surface snow-covered water equi-
water area fraction valent of

9day Imax/^day ^mean/^day storage of the basin snow storage
(ls"^km"^) (mm) (%) (mm)

Aspåsen

Nåsten

Stormyra

Svartberg
Nedre

107 2.2 1.1 <40 50

42 2.5 0.9 4.0 22 11

1 25 3.0 0.9 <10 <5

36

72
1.3

1.3
0.7
0.6

14.0
12.9

38
49

19
29

37 5.3 0.8 6.0 26 14

81 1.4 0.8 30 23

mean specific discharge of the day
maximum specific discharge of the event
mean specific discharge of the event

The largest volume of surface water was found in Nåsten. This
finding is reasonable considering the physiographical charac¬
teristics of this basin, as compared to the others. Somewhat
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surprisingly, the surface water storage in this basin was about
the same in the two surveys although the stream discharge was

twice as large during the second survey.

The fraction of discharge area obtained by 180 and that obtained
by field survey are compared in Fig.8.8. Basin fractions by 180
are given both for constant 6180 of groundwater (infinite reser¬

voir) and for the reservoir volume of 250 or 500 mm, providing
the best fit of groundwater 6180 to that of streamwater after
the event.

(%) by,8o
70 r-

60

50

40

30

20

10

45

4 i rVg=CO
best choice" V,

Y 1

1 1 1 1 J -L- (%)by field
10 20 30 40 50 60

surveys

Fig.s.a Basin fraction of discharge area estimated by
180 and by field surveys. The "best-choice" value is
calculated by using the best fitting model reservoir
volume of 250 or 500 mm (see text).

The observations from Aspåsen differ greatly by any method,
having a five-times larger discharge area by 180 than was

observed in field. For the other basins the agreement must be
considered good.
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8.1.7 Conclusions and comments on snowmelt events
basin by basin

Aspåsen

The investigated spring flood was caused by melting of the
largest snowpack encountered in this study. The main runoff
event showed the smallest volume fraction of groundwater of the
investigated melting events, 32% by constant 6180 of ground¬
water. The calculated fraction of discharge area for this
event, 60%, differed considerably from the one obtained by a
field survey, 10%.

Buskbäcken

Hydrograph separation was performed for two spring floods of
similar, normal, magnitudes. Large snowfalls, drastically
changing the 6180 of snowpack, appeared at the end of the main
runoff events, but hydrograph separation remained possible. A
third spring flood, in 1982, was also sampled. But unfavourable
precipitation and unreliable discharge values prevented
hydrograph separation.

The total volume fractions of groundwater and calculated basin
fractions of discharge area were about the same both years. One
field survey of discharge areas agreed acceptably with the
calculated value during the related event.

Small diel fluctuations in groundwater fractions were found in
1980, but in 1981 no fluctuations were seen. Reasons for the
difference between the two years could not be given.

Gårdsjön Fl, F2, and F3

The investigated spring flood showed a clear dominance of
groundwater in the three basins. A rainfall of 13 mm occurred
at the onset of melting, when the water equivalents of the
snowpacks were around 40 mm. Fortunately the 6180 of the rain¬
water was close to that of snowpack, so it introduced little
error in the hydrograph separations.

Due to an unrealistic water budget fflffi "Hrrr TTftgft VtiOtm T
TSÜ'l ii1 &&&&&}, the fraction of discharge area could not be
calculated for basin Fl. In basin F3, a field survey gave a
fraction of discharge area close to the one obtained by 180.
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Diel fluctuations in groundwater fractions were not seen in the
intensively sampled basin (F3). Attenuation of 6180-fluctuations
of the water input to the stream cannot, however, be excluded
in this basin.

Nåsten

Two spring floods, one moderate and one large, were separated.
Sampling was performed also during a third, small spring flood,
but the isotopic conditions did not allow separation, except
for a very small initial event. Due to uncertain discharge
data, summation was not performed for this event.

During the first days of melting, a negative peak in stream-
water 6180, indicating a peak in the relative contribution of
meltwater, was often found. The negative peak of streamwater
6180 in April 1980 probably resulted from rainfall and snowfall
with low 6-values. For certain parts of the large spring flood
in 1982, separation is uncertain due to the influence of pre¬

cipitation being heavier in 180 than the snowpack. During such
periods the groundwater fraction tends to be overestimated.

Field surveys of discharge areas agreed roughly with estimates
from 180.

Storrayra

The same three spring floods as those in Nåsten were inves¬
tigated and as in Nåsten only two could be separated. Here too,
the details of the separation in 1982 are uncertain due to
precipitation. The very high groundwater fraction in Stormyra I
1979 is accurately determined, since the isotopic difference
between streamwater before melting and snowpack was large and
the amount of precipitation was small. The groundwater flow
during the first part of Stormyra II 1979 might be overesti¬
mated, however. The considerable amount of sleet (unfortunately
not sampled for 180) occurring then may, if it was higher in
180 than the snowpack, have been partly responsible for the
high 6-values of streamwater and thus for the large calculated
groundwater flow during the hydrograph rise.

The fraction of discharge area established by the field survey

in 1982, 0.35, was the largest among those observed in this
study.
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Svartberget

Two spring floods of similar, normal sizes were separated at
three sampling points: Svartberget Övre, Svartberget Västra,
and Svartberget Nedre. Accurate discharge values were available
only at Svartberget Nedre. When calculating the period means of
groundwater fraction, the discharge values from this station
were used for Svartberget Övre in 1981 and for Svartberget
Västra for both years. In this way, the instantaneous ground¬
water fractions at the ungauged stations were weighted against
discharge, assuming the same shape of the hydrographs at the
stations. Since the absolute values of discharge at the ungauged
stations are not known, the fraction of discharge area could be
calculated only for Svartberget Nedre.

In 1981 there was a considerable difference in groundwater
fractions at Svartberget Övre and Svartberget Västra, the former
having much lower fractions. The large contribution of meltwater
at Svartberget övre is probably due to the mire, representing a

large area for saturated overland flow production. The influence
of the mire is also seen at Svartberget Nedre, where the water
is to a large degree a mixture between water from the two sub-
basins. In 1982 the difference between Västra and Övre remains,
but now less prominent.

Rainfall of high 180 content makes the hydrograph separations
uncertain during the second half of period II 1982.

A field survey of discharge areas in 1981 agreed satisfactorily
with the results obtained by 180.

11
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8.2 Rainfall events

A prerequisite for hydrograph separation by 180 is that the 6180
of water input (meltwater or rainwater) differs markedly from
that of the groundwater. Thanks to the seasonal variation in
precipitation 6180, this condition was mostly fulfilled during
the investigated spring floods. The snowpacks, roughly repre¬

senting the weighted mean of winter precipitation 6180, were

depleted in 180 as compared to the streamwater before melting.

At rainfall-generated runoff events the isotopic conditions may
or may not allow separation. Even if summer precipitation in
its mean values is enriched in 180 as compared to the ground¬
water, there is a large variability in 6180 within and among

single precipitation events (of. Figs.Al.1-9).

A rainfall-generated runoff event which is ideal for separation
by 180 should have the following characteristics:

1. The rainfall is preceded by a period of dry weather to
ensure pure groundwater flow before the event and further to
minimize the contribution of stored surface water to the

stormflow.

2. The 6180 of rainfall differs markedly from that of stream-
water before the event.

3. The variability in rainfall 6180 over time is small both
within and among rainfalls associated with the event.

In this study, hydrograph separation by 180 could be performed
for fifteen rainfall-generated runoff events. For a further
four events, valuable information could be obtained from the

isotopic data, although complete hydrograph separation was not
possible. The rainfall events which could be separated by 180,
or which could give valuable information, are marked in Figs.
Al.1-9. As for the spring floods, the period boundaries for
each event are not strictly defined from the hydrographs. The
boundaries are also chosen to enclose periods for which iso¬
topic separation could be performed, thus taking the isotopic
situation and the data available into consideration.

The duration of rainfall-generated runoff events in the inves¬
tigated basins is typically 3-15 days. Of the sampled events,
the longest duration was in Nåsten after a large autumn rain.
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The shortest duration was observed in Aspåsen after a small
early autumn rain.

As mentioned in Chapter 5, streamwater was sampled at various
intensities. A few runoff events were sampled several times a

day. Many events were sampled daily and some at larger time
intervals.

Rainwater was sampled once a day, except for the event in
Aspåsen and those in the Gårdsjön basins, where denser rain¬
water sampling was performed.

As with the procedure during the spring floods, the of
groundwater, 6g, was assumed equal to that of streamwater before
rainfall. Modifications of this assumption, necessitated by
changes in streamwater 6180 before the separated event, are

described separately for each event. For a few events, which
had complete data and favourable isotopic situations, sepa¬
ration could be performed also with variable groundwater 6180
(Eq.3.6). But for most events the calculations were made using
constant groundwater 6180 only. As 6180 of rainwater, 6p, a
weighted mean of the samples associated with the events was

used, or accumulated weighted means, according to procedures
described separately for each event. The occurrence of surface
water before the events can be judged from the hydrographs in
Figs.Al.1-9. The smaller the discharge, the smaller the surface
reservoirs.

Quantitative results of the separations, i.e., the total volume
fraction of groundwater and the basin fraction of discharge
area, are given in Table 8.6 together with some hydrologic
characteristics of the events. Further results, and more

detailed characteristics are given in Appendix 3, Table A3.1.
Due to the large variability in the hydrologic and isotopic
conditions and in the amount of data available, the accuracy of
the calculated fractions varies greatly.

As pointed out earlier, the investigated rainfall events differ
from the snowmelt events in that the isotopic situations, as

well as the amount of data available, vary considerably among
different events. In order to make possible an evaluation of
the applied method and of the quantitative results, it is
therefore considered most suitable to present the rainfall
events individually.
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Table 8.6 Results of hydrograph separation: rainfall events

Maximum Total Fraction of Fraction of
Basin Event discharge runoff groundwater discharge

(1 s"1 km~2) (mm) (%) area (%)

Aspåsen A 80 7.9 87 7

Buskbäcken A 219 31

Gårdsjön Fl A 111 13.6 81 4

Fl B 11 1.5 96 0.4

Gårdsjön F3 A 90 8.5 81 2.5

F3 B 16 1.7 87 1.3

Nåsten A 98 41 81 17

B 32 13 78 8

C 11 3.6 =99 0

D 15 5.6 >66 <4

E 2.2 0.60 95 0.2

Stormyra A 19 5.3 81 2.1

B 6 2.9 86 1.8

C 145 21.5 =68 = 15

D I 11 2.3 >63 <3.7

D II 120 24.5 >53 <25

Svartberget A 54 11.1 92 3.0

Nedre B 22 4.1 85 3.5

C 30 16.2 99 0.4

For each event a diagram is presented showing total hydrograph
and calculated groundwater hydrograph, streamwater 6180, rain¬
water 6180, and amount of rainfall. For some events, the rain¬
water hydrograph is also shown. In drawing the total hydrographs
for events with sparse streamwater sampling, data from water
level recorders have been used. For other events, the total
hydrographs are based on the observed water level at the moments
of streamwater sampling.

Events for which the most complete data are available, i.e.,
Gårdsjön A and B, and also Stormyra A and B, are described
first in some detail. Thereafter two events with "inexplicable"
variations in streamwater 6180 are discussed, Buskbäcken A and
Svartberget Nedre 6. The remaining events are presented with a
few comments in Appendix 3, with the comments focusing mainly
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on the assumptions made and on the problems arising in inter¬
pretation.

For some of the intensively sampled events conclusions could be
drawn on the time variation of the groundwater fraction. These
results were helpful in the attempts to separate the less inten¬
sively sampled events, for which total volume fraction of
groundwater could be estimated or lower limits be determined.

After the presentation of the events, some common features of
the variation in the groundwater and rainwater fractions within
the events are pointed out. The obtained total volume fractions
of groundwater and basin fractions of discharge area are dis¬
cussed and related to flow conditions in Chapter 10, together
with those of the snowmelt events.

8.2.1 Intensively sampled events

Gårdsjön Fl A, June 1982 (Figs.8.9a and 8.9b)

After a long dry period a frontal rain started at noon on June
12. During 36 h of continuous rainfall a total amount of 56 mm

was recorded and sampled for 180 at time intervals of 1-3 h.
Maximum 15 min intensity was 6 mm h-1.

As is seen in the figures, the 6180 of rainwater varied consid¬
erably during the rainfall. The first 3.9 mm was isotopically
heavier than the streamwater, whereas the bulk volume of rain¬
water was isotopically considerably lighter than the stream-
water.

Due to the time lag between rainfall input and streamflow
output, it was not considered possible to utilize the varying
6180 of rainwater when carrying out the separation by Eq.(3.3).
The separation was performed using the weighted mean 6180 of
rainfall, -13.6°/o0, as 6p. By using the mean value in the
calculations the variation in the groundwater fraction, and
thus the groundwater and rainwater hydrographs, is not accu¬

rately determined.

In this particular case the total volume fraction of ground¬
water is probably underestimated by the use of the mean rain¬
fall 6180. This is so since for a constant (or increasing)
rainfall intensity, the disposition of the ground to generate
overland flow (Hortonian as well as saturation) generally
increases as the rainfall proceeds, due to increasing soil
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Fig.8.9a Stream hydrograph with calculated flows of groundwater and
rainwater, 6^0 of streamwater and rainwater, and rain intensity.
Gårdsjön Fl A, June 1982.
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Fig.8.9b Stream hydrograph,
6180 of rainwater and stream-

water, and rain intensity.
Enlarged time scale. Gårdjön
Fl A, June 1982

moisture and expanding saturated areas. The rainwater contri¬
bution to streamflow is therefore likely to increase during the
rainfall. Since the 6180 of rainwater in this storm, with the
exception of the first few millimetres, showed a growing
deviation from that of groundwater, the 6-value of the rainwater
actually contributing to the streamflow probably deviated more

than the mean value, which was used as 6p in the calculations.

A convective shower of 5.3 mm occurred on June 15, having a
maximum 15 min intensity of about 15 mm h"1. Fortunately, its
6180 did not differ much from the mean value of the main storm.

Consequently it had little effect on the hydrograph separation,
which was done using the 6-value of the main storm as 6p during
the whole runoff event. The shower resulted in a small secondary
runoff peak, but no effect on streamwater 6180 was observed,
indicating that the flow increment was mainly by groundwater in
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this case as well. It should be noted, however, that the sam¬

pling intensity in connection with this shower was too low to
allow a detailed analysis of the flow components.

From June 12 to June 17,1 a total volume corresponding to 13.6
mm was discharged. According to the separations by 180, 18% of
this volume constituted new rainwater while the remainder, 82%,
was groundwater. The smallest instantaneous value of the
groundwater fraction, about 0.75, seems to have occurred just
before or at the time of peakflow, but the details of the
separation are uncertain due to the varying rainfall 6180, as
discussed above. The volume of rainwater discharged up to June
17 corresponds to the precipitation over 4% of the basin area,

which area fraction is interpreted as the basin fraction of
discharge area (cf. Eg.3.9).

The fact that streamwater 6180 did not return to its original
value after the runoff event is probably due to changed ground¬
water 6180 by infiltration during the rain. Using variable
groundwater 6180 by Eq.(3.6), a model reservoir volume of 200 mm

describes the observed total change in streamwater 6180. The
corresponding total fraction of groundwater was 85%.

Gårdsjön Fl B, July 1982 (Fig.8.10)

A second runoff event suitable for separation by 180 occurred
in early July. After 17 days with little rainfall, 16.6 mm of
rain fell on July 3, having a maximum 15 min intensity of
16 mm h-1. (Note the enlarged discharge scale in Fig.8.10 as

compared to Fig.8.9.) This time, the 6180 of the rainwater was

higher than that of the streamwater, and the in-storm variations
were small. Streamwater 6180 deviated from its original value
only during the rainfall and the first few hours after it.

The calculated groundwater fraction of the total flow volume
between July 3 and July 6 was 96%, with a minimum instantaneous
fraction of about 0.85 just before peakflow. The fraction of
discharge area according to Eg.(3.9) was 0.08^.

1 In order to facilitate comparison with the less intensively sampled
stream F3, June 17 was chosen as the end of the period. From this day
to the end of runoff event around June 27 about 3 mm were discharged,
i.e., 20% of the total event runoff. The calculated groundwater fraction
continuously increased during this late part of the event.
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Fig.8.10 Stream hydrograph with calculated flows of groundwater and
rainwater, of streamwater and rainwater, and rain intensity.
Gårdsjön B, June - July 1982.

Thanks to the comparatively constant rainfall 6180, the cal¬
culated variation of the flow components is more accurate in
this case than in the June event. This is so also since the

groundwater 6180 does not seem to have changed during the event,
which is reflected by the return of streamwater 6180 to its
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pre-storm value after the event. The different behaviour of the
6180 of the contributing groundwater at the June and July events
is quite natural, considering the much smaller rainfall and
runoff volumes in the latter event. A corresponding difference
between the events was also observed in the 6180 of groundwater
samples from observation wells in the basin.

Gårdsjön F3 A and B

The above rainstorms generated hydrographs in stream F3 with
shapes similar to those in stream Fl. The isotopic content also
varied in a similar way (Fig.8.11), showing little contribution
of rainwater.

The calculated groundwater fractions in the June event are very
similar in the two basins, but in the July event the isotopic
data gave a slightly lower groundwater fraction in stream F3
(Table 8.6). Because of the large difference between 6g and 6p
in the two storms, the calculated groundwater fractions are not
very sensitive to errors in 6p.
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Fig.8.11 6180 of streamwater. Gårdsjön Fl and F3, events A and B,
June and July 1982.
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Stormyra A, August 1979 (Fig. 8.12)

As for the Gårdsjön events, the hydrologic conditions for hydro-
graph separation were good at this intensively sampled event,
with an initially comparatively dry basin and mainly one rain¬
fall. Unfortunately the variation in rainfall 6180 prevented a

very accurate separation by 180. But since the first two rain¬
fall samples, accounting for 42 mm out of the 47 mm of rainfall
associated with the main discharge peak, were isotopically not
too different and on the same side of the groundwater 6180, a

separation could be performed.

As daily values of 6p the accumulated weighted mean of rainfall
6180 were used, calculated separately for the two groups of
rainy days. As 6g the 6180 of streamwater on August 20 was
chosen, after which day a rise in streamwater 6180 occurred.

According to the isotopic separation, rainwater dominated the
hydrograph during the early rise, whereas the peakflow and
recession were dominated by groundwater. Direct rainwater
contribution to the second peak seems to have been very small.
Of the total discharged volume of the main peak, i.e., up to
August 31, the groundwater fraction was estimated at about 80%.

Even if the exact shapes of the rainwater and groundwater
hydrographs are uncertain, their internal relationship is
reasonable, with the groundwater hydrograph being delayed in
time and having the smoothest peak. It should be noted that the
smallest instantaneous groundwater fraction, 0.07, appeared
when the discharge still was low, only a few 1 s"1.

Storrayra B, October 1979 (Fig.8.13)

The event was preceded by dry weather. With the exception of
0.8 mm of rainfall sampled over October 17, the daily values of
rainfall 6180 associated with the first peak showed small vari¬
ations as compared to the difference between rainwater and
groundwater 6180. Hydrologie and isotopic conditions for hydro-
graph separation thus were good. Unfortunately, the rainfall
generating the second peak was not correctly sampled, so

separation could be done only up to October 19.

Streamflow was dominated by groundwater on all sampling
occasions. The largest relative contribution of rainwater,
0.30, was found during the later part of the hydrograph rise.
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Fig.8.12 Stream hydrograph with calculated flows of groundwater
and rainwater, 6^0 Qf streamwater and rainwater, and rain inten¬

sity. The level of the horizontal lines in the 6^0 diagram marks
the 6180 value of the rainfall samples and the length of these lines
the duration of the rainfall. The vertical lines show the amount of
rainfall (see scale). Stormyra A, August - September 1979.
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Fig.8.13 Stream hydrograph with calculated
flows of groundwater and rainwater, 6^0 of
streamwater, and amount and 6^0 of rainfalls.
Stormyra B, October 1979. Legend see Fig.8.12.

There are, however, too few samples around the time of maximum
flow to give very accurate shapes to the rainwater and ground¬
water hydrographs. With the data available the latter seems to
be a little delayed. Of the total volume discharged during
October 15-19, the groundwater fraction was estimated at 86%.

Methodological conclusions from the intensively sampled events

Rainfall 6lsO

The results from Gårdsjön show that there may be large vari¬
ations in rainwater 6180 within a rainfall (Gårdsjön A). Other
rainfalls may have a more constant isotopic composition over
time (Gårdsjön B). In the case of Gårdsjön A, the changes in
rainfall 6180 were such that the use of the weighted mean of
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rainfall 6180 gave a satisfactory accuracy as to total
discharged volumes of groundwater and rainwater. The shapes of
the respective hydrographs were, however, less accurately
determined.

During other rainfalls, the in-storm variations of rainwater
6180 may be such that hydrograph separation by the present
model would be impossible. Since the ability of rainfall to
generate overland flow increases as the rainfall proceeds, and
also since there is a time lag between rainwater input and
streamflow output, the use of the weighted mean might give
erroneous results.

Except for Aspåsen A and Gårdsjön A and B, all separations in
this study are based upon daily rainfall samples. It is thus
evident that the results of some separations might be incorrect
due to unfavourable in-storm variations in rainfall 6180. But

since the influence of these variations on the separations
probably is random, there is no reason to distrust the general
tendencies found in the several separations presented here.

Streamwater 6lsO

The largest rainwater fractions seem to be found during the
hydrograph rise. After peakflow, streamwater 6180 is either
constant or tends to return to its pre-storm value, showing
constant or increasing groundwater fractions. In no case,
either in the examples presented above or in those presented
below and in Appendix 3, did the data indicate a decrease in
groundwater fraction after peakflow.

The graphs of streamwater 6180 versus time are comparatively
smooth, indicating that valuable information can also be
obtained from sparser streamwater sampling than in the above
examples. A good determination of the shapes of the rainwater
and groundwater hydrographs needs several samples during the
hydrograph rise. But rough estimates of total volume fractions
of groundwater and rainwater can be based upon comparatively
sparse sampling, provided that there is one sample taken close
to the time of peakflow.
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8.2.2 Events with "inexplicable" variations of
strearawater 6lsO

Buskbäcken A, June 1980 (Fig.8.14)

This intensively sampled event could not be separated due to
unfavourable isotopic conditions, but the results are still
considered to be of interest. After four days with isotopically
heavy rainfall (EP = 21 mm, 6p = -9,5°/oo), wetting the basin
and causing a small discharge peak, a large rainstorm entered
the basin on June 23. A rainfall of 45 mm on June 23, isotopi¬
cally depleted as compared to the initial streamwater, generated
a large discharge peak (maximum flow being almost twice that of
the spring floods of 1980 and 1981). The hydrograph recession
was interrupted on the afternoon of June 24 by 6 mm of rainfall
being isotopically heavier than the streamwater. The rainfalls
associated with the second peak, around June 27, were, on the
other hand, all depleted as compared to the initial streamflow.

There are no streamwater samples available between June 18 and
23, i.e., during the small "pre-event" discharge peak. During
the main peak, streamwater 6180 seems to have increased, at
least as compared to the initial streamwater sample from June
18. Clearly, streamwater during this peak cannot be a mixture
of rainwater with 6180 equal to the weighted mean and of ground¬
water with 6180 equal to the initial streamwater. Reasons for
the apparent increase in the 6180 of streamwater during the
main peak might be:

1. Influence of surface water from the pre-event isotopically
heavy rainfall. This is not probable, in view of the small
discharge, and thus small surface-water reservoirs, during
the "pre-event" peak as compared to the main peak.

2. Influence of soil water and groundwater recharged during the
pre-event rainfalls. The high 6-values could be an effect of
increasing groundwater 6180. Isotopically heavy soil water
is then assumed to be transformed into groundwater and dis¬
charged into the stream by the main, isotopically light,
rainfall. Since any change in groundwater 6180 is unlikely
to exceed, say, 0.5-1.0°/oO, this interpretation would give
a dominance of groundwater during peakflow. The decrease in
streamwater 6180 after June 25 could in a similar way be
explained by a contribution of groundwater having infiltrated
during the main rainfall.
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Fig.8.14 Stream hydrograph, ö^80 of streamwater,
and amount and 6^80 of rainfalls. The length of
the horizontal rainfall lines shows the duration
of rainfall when known; if the duration is not
known the length marks the 24 h sampling period.
Buskbäcken A, June 1980.

3. Large increase in rainwater 6180 with time during the main
rainfall (cf. Gårdsjön A). It is thereby assumed that the
first part of the rainfall mainly wets the- soil, while a
certain amount of the last part, being higher in 180 than
the initial streamwater, contributes directly to streamflow.
Since the actual in-storm variation of rainfall 6180 is not

known, the relative contributions of rainwater and
groundwater cannot be quantified.
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The second runoff event, around June 27, seems to have been
completely dominated by groundwater, since streamwater 6180
does not change significantly although the rainwater is consid¬
erably lower in 180 than the initial streamwater. The wet basin,
as reflected by the large discharge before the peak, and the
large isotopic difference between rainfall and initial stream-
water, excludes false conclusions resulting from changing
rainfall 6180.

It is concluded that quantitative hydrograph separation of this
event is not possible. Unless the hydrological and isotopic
conditions were somewhat extreme, the runoff event was dominated
by groundwater.

Svartberget Nedre A, August 1981 (Fig.8.15)

The isotopic changes of streamwater during this event are some¬
what surprising. Although the bulk of the rainfall was consid¬
erably lower in 180 than the initial streamwater, streamwater
6180 increased. During recession it decreased, eventually
reaching the initial value. The 6-values of the rainwater
samples have been rechecked. The anomalous isotopic behaviour
of the streamwater is similar to that found at Buskbäcken A,
but the isotopic difference between initial streamwater and
rainwater is larger, and the variation in streamwater 6180 is
better determined. For Buskbäcken, the following possible
reasons for the unexpected behaviour of streamwater 6180 were
discussed:

1. Influence of pre-event surface water.

2. Influence of soil water and groundwater recharged during
pre-event rainfalls.

3. Large increase in rainwater 6180 during rainfall.

As for Buskbäcken, the first point is not probable for Svart-
berget Nedre A. The second point cannot be excluded. Isotopic
data from the rainfalls prior to those shown in Fig.8.15 are
not available, but high values of streamwater 6180 observed in
late July support this explanation. Considering the expected
magnitudes of changes in groundwater 6180, the explanation
implies that the runoff event was heavily dominated by ground¬
water. The third point is unlikely to explain the isotopic
changes found at Svartberget Nedre A, since the difference
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between initial streamwater and mean rainfall 6180 is very

large. Further, the observed difference between the two rain¬
water samples would rather suggest a decrease in rainwater 6180
during the rainfall.

1
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Fig.8.15 Stream hydrograph (unbroken line) with
calculated groundwater hydrograph (broken line),
ö^80 of streamwater, and amount and 6^80 of rain¬
falls. The length of the horizontal rainfall lines
show the duration of rainfall when known; if the
duration is not known the length marks the 24 h
sampling period. Svartberget Nedre A, August 1981.

For Svartberget Nedre A, the existence of a substantial contri¬
bution of groundwater of high 6180 from the mire (Svartberget
Övre), might offer one further explanation for the unexpected
variation in streamwater 6180. There are no data for streamwater
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6180 from Svartberget Övre from the period under consideration,
but the data from the summer of 1982 show a significant differ¬
ence in 6180 between the two stations. The 6-values at the sub-

basin Svartberget Övre were about 0.5°/oo higher than those at

Svartberget Nedre (Fig.Al.9 J.1

Since the total flow at Svartberget Övre, during the time of
peakflow at Svartberget Nedre, never exceeded 30% of the flow
at the lower station, the maximum possible influence of a

0.5°/oo difference in 6180 is 0.2°/oo. This value is to be

compared to the observed increase in streamwater 6180 of about
0.5°/oo. Influence of the mire alone thus cannot explain the
anomalous 6-values at Svartberget Nedre.

Hydrograph separation was performed using 6g = -12.5°/oo (instead
of initial streamwater = -13.1°/oo), assumed to represent the
extreme case of groundwater contribution from Svartberget Övre
only. The weighted mean of the two rainfall samples was used at
these rough estimates. A groundwater fraction of 92% was

obtained, this value being largely insensitive to errors in
groundwater 6180.

Even if the assumptions for these estimates are uncertain, it
is concluded that the isotopic behaviour during the event can

be explained only by a strong dominance of groundwater in
streamflow.

For the other rainfall events, see Appendix 3.

8.2.3 Common features of the separated rainfall-generated
runoff events

For only a few of the separated events could the groundwater
fraction be determined with a sufficiently high time resolution
to allow a detailed analysis of its variation over time (Gård¬
sjön Fl B, Stormyra A, Stormyra B). When separation could be
performed during the hydrograph rise, these values usually
showed the smallest groundwater fraction of the event. After

1 The difference might be a consequence of a smaller groundwater reservoir
at Svartberget Övre, causing less damping of the seasonal variation in
precipitation 6^80 in this sub-basin, see Section 8.3.2. Enrichment
during water storage in the mire might be another explanation to the
difference observed in 1982.
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peakflow the groundwater fractions tended to increase with
time.

The rainwater and groundwater hydrographs from Stormyra A

(Fig. 8.12) probably show a general tendency of the time lag
between the curves and their general appearances. The inten¬
sively sampled Gårdsjön Fl B and Stormyra B, as well as the
less intensively sampled Nåsten A, Nåsten B, Stormyra C, and
possibly also Svartberget Nedre C, conform, more or less dis¬
tinctly, to this picture. The relative magnitudes of the two
hydrographs may, on the other hand, differ greatly as shown by
a comparison between Stormyra A and Gårdsjön Fl B.

The variation in groundwater fraction within the rainfall-
generated events is similar to that found for snowmelt, but
much more pronounced. The hysteresis effects of the curves of
groundwater fraction versus total flow is thus much more

striking for the rainfall-generated events. Since a possible
modification by the channel net of the relationship between
changes in tracer concentration and discharge would give a

delay of the tracer change (Section 8.1.3), the observed advance
of the tracer change must reflect a more rapid response of
rainwater flow than of the groundwater flow to the stream.

Some of the investigated rainfall-generated hydrographs, Nåsten
B, Nåsten E and Stormyra DI, show a small extra peak during the
hydrograph rise. Similar peaks are sometimes met, upon rainfall
or snowmelt, in these and other basins. Nice examples were found
on days with large melting in Stormyra 1980. Such peaks probably
originate from direct meltwater contribution, but there are no

isotopic data available to confirm this statement. The results
from Nåsten B suggest that it might be a correct hypothesis,
but much denser sampling is needed for a safe conclusion.

8.2.4 Groundwater fractions of total discharged volumes

The total volume fraction of groundwater could be estimated for
14 events, see Table 8.6. The fractions by constant 6g ranged
between 68% and around 99% of the total flow, with a median
value of 86%. For two further events, lower limits of the frac¬
tion could be estimated, the lowest being 53%. As discussed in
Chapter 10, the volume fractions of groundwater show a weak
tendency to decrease with increasing maximum runoff and also
with total rainfall amount and rainfall intensity.
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8.2.5 Extent of discharge areas

Basin fractions of discharge areas, calculated by Eq.(3.9), are

listed in Table 8.6. The 14 values range between 0.2% and 17%,
with a median value around 3%. The calculated fractions of dis¬

charge area are positively correlated with mean runoff during
the rainfall and also with maximum runoff during the event (see
further discussion in Chapter 10).

The only field survey carried out in connection with the
rainfall-generated runoff events was performed in Aspåsen A.
There the mapped discharge area was 15% of the basin, as

compared with 7% obtained by isotopes (see Appendix 3). The
largest fraction of discharge area found by isotopes among the
events, 17% in Nåsten A, is not unrealistic for that basin at

prolonged high flows in late autumn. The other high value, 15%
met in Stormyra C, seems to be a little high for this summer

event which was caused by a convective shower of a few hours'
duration. It probably reflects the existence of Hortonian over¬

land flow or of rainwater reaching the stream after having
passed the soil (i.e., changing groundwater 6180).

The small fractions of discharge area found at Svartberget
Nedre, 0.3-3.2%, are not consistent with the physiography of
this basin. Mires, which are expected to generate saturation
overland flow, at least during late autumn, cover 20% of this
basin. Even if a considerable part of the rainfall is stored in
the mires, the difference between 20 and 0.3% seems high.

The fractions calculated for the other events in Gårdsjön,
Nåsten, and Stormyra are considered realistic. At low ground¬
water levels the mires in these basins may contribute little to
direct rainwater runoff. In Stormyra, a field survey at low
flow shows that the drainage net constituted 0.2% of the basin
area (Gotthardsson, 1973). This value should provide a lower
limit for this basin of the fraction of discharge area as

estimated by 180.
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8.2.6 Conclusions on rainfall events basin by basin

Aspåsen

A medium event, occurring when the basin was very wet due to
earlier rainfalls, was separated, showing that the flow was

mainly groundwater. In contrast to the situation at the sepa¬

rated snowmelt event, the basin was almost completely clearcut
at this time.

Buskbäcken

One very large summer event was investigated, but the isotopic
conditions did not allow a quantitative hydrograph separation.
The isotopic data suggest a clear dominance of groundwater
during the event.

Gårdsjön Fl and F3

One medium and one small event were separated in each of these
basins. Due to intense streamwater and rainwater sampling, the
results, showing a strong dominance of groundwater in stream-
flow, are accurate. No significant difference was found between
the basins.

Nåsten

The six events investigated cover the whole spectrum of peakflow
magnitudes. Detailed pictures of the variations in groundwater
fraction could not be obtained with the applied sampling-inten¬
sity, but the volume fractions could be accurately determined
in most cases. Enrichment may have affected the results of two
summer events (C and E), but even if this possibility is taken
into account, the dominance of groundwater in streamflow is
evident.

Storrayra

Complete separation was performed for three events of different
magnitudes, and lower limits of groundwater fraction could be
established for two additional events. The dominance of ground¬
water at peakflow in Stormyra C is noticeable. This very large
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event was caused by a heavy thunderstorm with a rainfall inten¬
sity of around 50 mm h-1. The isotopic data show a dominance of
groundwater during all events.

Svartberget Nedre

Three events of large to medium size were investigated. Un¬
expected variations in streamwater 6180 at one of the events,
A, might be attributed to the mire in the upper part of the
basin. Although the 6180 of groundwater is uncertain for the
events, possibly due to the mire, the large difference encoun¬
tered between rainfall and initial streamwater 6180 ensures

that the dominance of groundwater found in the separations is
real.

8.3 Estimates of reservoir volumes and transit times by 180

The isotope data presented for single runoff events in the pre¬

ceding sections show that daily and in-storm fluctuations in
the 180-content of precipitation are highly damped during the
transformation of the precipitation into streamflow. Also, the
seasonal variation in the 180-content of precipitation is
damped to a large degree, as seen in the yearly summaries in
Figs.Al.1-9. By the use of variable 6180 of groundwater (Eq.3.6)
in the hydrograph separations, the reservoir volume needed to
simulate the damping from precipitation input to groundwater
output during single events was estimated. In this section,
reservoir volumes for water in the basins are estimated from

the observed damping of the input variations over longer time
periods, e.g., several months. The applied model is very

simple, and since it could easily be developed to give a more
refined analysis of the data, it is presented without details
and just a few indicative results are shown.

By comparing the smoothed seasonal variations of 6180 in the
input (precipitation) with those of the output (streamflow),
information on reservoir structures and volumes, as well as on
mean transit times for water in basins has been obtained in
several studies (e.g. Malozewski and Zuber, 1982, Burgman et
al., 1987, cf. Section 2.3). In contrast to the approach in
those studies, the model shown here is based upon daily values
of precipitation 6180, which are compared with daily (when
available) values of streamwater 6180. Thereby the large
scatter in the 6180 of the daily precipitation is utilized. A
similar approach was used by Christophersen et al. (1984) and
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Lindström and Rodhe (1986), who simulated the flow of 180
through basins by already existing hydrochemical models, in
order to calibrate the models by using a non-reactive tracer.

8.3.1 Short description of the model

The model structure is very simple. The basin is represented by
a soil box which is directly connected with a mixing reservoir
(Fig.8.16). The water flow through the soil box is calculated
from water budget considerations for the root zone, in a similar
way as in some runoff models (e.g. Bergström and Sandberg,
1983). Input variables are daily values of precipitation amount
and 6180, air temperature, and potential evapotranspiration.
There is no time distribution function for the runoff, which
occurs as pulses when field capacity is exceeded.

Fig.8.16 Model for estimates of reservoir volumes and
1 fttransit times for water in a basin by using iO0. P, E

and R are precipitation (rainfall or snowmelt), evapo¬

transpiration and runoff respectively, 6p and 6S the6^80 of precipitation and soil water respectively, FC
field capacity, WP wilting point and Vm the volume of
mixing reservoir.

In calculating the flow of isotopes, complete mixing in the
reservoir is assumed. Transpiration is presumed to be non-

fractionating (cf. Section 6.2). The 6180 of the transpiring
water, as well as of the runoff, is then equal to the 6180
of the soil water. Enrichment of the soil water by direct
evaporation and molecular exchange with the atmosphere and
enrichment during interception, both of which may be of some

significance (cf. Section 6.2), are disregarded.
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The isotope content of the snowpack is calculated from the 6180
of the snowfalls. Neither enrichment of the snowpack by the
atmosphere, nor fractionation between snow and meltwater is
considered in this simplistic model. The net isotopic flux from
the atmosphere (cf. Section 7.2.1) and a fractionation during
melting can be introduced, however, to improve the calculations
of meltwater 6180 (cf. Lindström and Rodhe, 1986).

8.3.2 Results

The model was first calibrated to describe the water flow,
mainly by varying the amount of plant available water. A close
agreement between simulated and observed runoff is, of course,

impossible to achieve with this simple model. However, when the
agreement between simulated and observed accumulated runoff
over longer periods was considered acceptable, the effect of
various mixing volumes on the variations of the 6180 of soil
water and runoff was investigated.

In Fig. 8.17 the 6180 of soil water and runoff (which, in this
model, are identical) calculated for various reservoir volumes
are compared with observed 6180 of streamwater. (For the input
of 180 by precipitation and the observed runoff, see Appendix
1, Figs.Al.3, Al.5 and A1.7.)

For the periods shown, the seasonal variations and also changes
during many of the rainfall events, could be roughly simulated
from precipitation data by choosing appropriate reservoir
volumes. It is seen in the diagrams that the smallest volumes
give too little damping of the input signals. A reservoir volume
around 300 mm seems to describe the variations in Gårdsjön Fl
and Nåsten and possibly a smaller volume, around 200 mm, in
Stormyra. There is no significant difference in the isotopic
behaviour of the streamwater in Gårdsjön Fl and F3 (cf.
Fig.A1.4), both being comparatively well described by the
model.

During winter and spring, there were large negative peaks in
the 6180 of streamwater in Nåsten. These variations could not

be simulated by the model. The peaks were probably due to large
fractions of meltwater during the initial phases of the snowmelt
periods. (The spring floods in Nåsten and Stormyra 1980 could
not be separated because of unfavourable isotopic situations,
cf. Section 8.1.1.)



200

&'8o (%o)

S,8o(%o)

1979 1980

&18o(%.)

Fig.8.17 Observed and simulated 6-^0 of streamwater. The simulations were
performed with constant differences between field capacity (FC) and wilting
point (WP) but with various volumes of the mixing reservoir (Vm). Gårdsjön,
Nisten, and Stormyra.



201

In the above examples, the snowpacks were comparatively shallow
and, consequently, the spring floods were modest. For periods
with melting of deeper snowpacks, the model description of
streamwater 6180 was less succesful. This result is not sur¬

prising, since no direct contribution of melt- or rainwater is
included in the model. The hydrograph separations showed that
the contribution of new water could be considerable during snow-

melt, but it was generally small during rainfall events. For
this reason, simulations were performed also for the snowfree
periods in basins with large snowpacks.

If stationary flow is assumed, the mean transit time for water
in the basins, t, can be calculated from

t = V/Q (8.5)

where V is the reservoir volume and Q is observed long term
mean runoff.

Table 8.7 Reservoir volumes and mean transit times estimated by ^80.

Basin Period Reservoir
volume

(mm)

Mean transit

time

(years)

Buskbäcken Summer periods 1981, 1982 300 0.7

Gårdsjön Fl March 1980 - July 1981 300 0.5

Gårdsjön F3 March 1980 - July 1981 300 0.5

Nåsten Oct. 1979 - Dec. 1980 300 1.5

(June - Aug. 1982) (50)

Stormyra Oct. 1979 - Oct. 1980 200 0.7

(June - July 1982) ( <50 )

Svartberget Övre Aug. - Oct. 1981 200 0.6

June - Oct. 1982 200

Svartberget Nedre Aug. - Oct. 1981 300 0.6

June - Oct. 1982 300

Reservoir volumes around 300 mm were obtained in most basins,
giving mean transit times of 0.5 - 1.5 year (Table 8.7). The
smaller reservoir volumes in Stormyra and Svartberget Övre may
reflect different characteristics of these basins as compared
to the others. In Stormyra the soil cover is very thin, and the
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basin has large outcrop areas, giving little soil water storage.
The smaller damping of the input signals in Svartberget Övre in
comparison with Svartberget Nedre (cf. Fig.Al.9) indicates a

smaller reservoir volume in Svartberget Övre. The difference is
probably caused by the mire in Svartberget Övre, which allows
little soil water storage. Enrichment of water due to evapo¬
ration from the mire in summer may, however, also contribute to
the comparatively large seasonal variation in streamwater 6180
at Svartberget Övre.

For summer periods of very little flow, there was a tendency
for the 6180 of streamwater to increase in a way that could not
be simulated by the model, unless very small reservoir volumes
were used (see values within brackets in Table 8.7). It seems

probable that these increases were due to enrichment during
stream channel flow (cf. Section 6.2.5). A similar increase in
the 6180 of streamwater, which could not be related to precipi¬
tation, was observed during summer low flow in the Birkenes
basin in Norway (Christophersen et al., 1984).

In Chapter 10 the above reservoir volumes are compared with
other estimates.
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9 UNCERTAINTY DISCUSSION

The accuracy of the calculated groundwater fractions and
fractions of discharge area depends first of all on the valid¬
ity of the applied model. This question _s discussed in other
chapters. In this chapter the precision of the method is
discussed.

As will be shown below, there are several possible systematical
errors in the input variables. Due to the complexity of the
systematical errors it is regarded as impossible, and statis¬
tically incorrect, to perform a thorough error analysis with
the aim of providing statistical limits of confidence for the
obtained results. For tir is rt son, the analysis is performed as

follows:

First, the sensitivity of the applied equations to errors in
the input variables is investigated (Section 9.1). Next,
various factors influencing the uncertainties in the input
variables are identified. When possible, random or systematical
errors due to single factors are quantified (Section 9.2).
Finally, reasonable values of the uncertainties of the input
variables are, rather arbitrarily, suggested and their
influence on the results is shown (Section 9.3).

9.1 Sensitivity of the model to uncertainty in the
input variables

9.1.1 Groundwater fractions

Groundwater fractions were calculated by Eq.(3.3),

cs - cp
X = 1

c8 CP

The uncertainty in X, Ax, due to random errors in the tracer
concentration is obtained by differentiation as

I AX I = I (c8~ CP) A(cs~ cp) 1 + I (cs" cp) A(cg- cp) I (^ j
^cg " CP^2
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or, using Eq.(3.3) once more to eliminate cs - cp,

I A(cs- cp) I + |X A(cg- cp) I
I AX I = 1 — (9.2)

cg " CP

Assuming thatAcs,Acp, and Acg are proportional to the standard
deviations of their respective populations, and have the same

constant of proportionality, we get by square summation

I Ax I = — y Acs2 + Acp2 + x2( Acg2 + Acp2) (9.3)
cg " CP

Thus, for a certain value of X, |Ax| is inversely proportional
to Cg - cp. This difference can be said to define the isotopic
condition for hydrograph separation of the event.

For a certain value of cg - cp, Ax increases with X. But the
relative uncertainty

AX 1 / Ac 2 + Ac 2~ ~ ~ ~
= 7 —_ E_ + Ac 2 + Ac 2 (9.4)

X eg - cp X'

decreases as X increases.

Eq.(9.3) gives the uncertainty for each calculation of X, i.e.,
for the instantaneous groundwater fractions. The total ground¬
water fraction during a period is calculated from n instan¬
taneous values of X, at roughly constant time intervals of
length At, by

X =

E Qi XA Ati

E Qi At i

(9.5)

If the instantaneous values of Ax are independent of each
other, and if further Q is assumed constant and the error in Q
is disregarded, the uncertainty in X is reduced to

where n is the number of observations. But since the errors are

not independent (cf. below), and since Q varies, giving the
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largest contribution to Ax from errors in X at the largest
values of Q, the reduction will be less.

In calculating event mean values of x it was postulated that
the instantaneous values of x, xif are close to the weighted
mean of x during each time interval, At^ During snowmelt,
streamwater was predominantly sampled around the hours of maxi¬
mum daily flow. The intensively sampled periods showed that in
cases where there is a diel fluctuation in x, it is inversely
related to that of discharge. Thus the applied sampling proce¬

dure tends to underestimate the period mean of x. From the
intensively sampled periods this underestimation is estimated
to be less than 5 percentage points.

9.1.2 Fractions of discharge area

Basin fractions of discharge area were estimated from event
means of water input and meltwater flow by Eq.(3.8)

q
y = (1 - x)

a(p - As/At)

Logarithmic differentiation gives the maximum error as

Ay
<

AQ
+

Aa
+

A(p - As/At)
+

Ax

y Q a p - As/At 1 - x

Since the uncertainties in the input variables are probably
independent, we get a more realistic relative accuracy in Y as

Ay / AQ n Aa , A(p - As/At) , Xx ~
* y (_)2 + ( )2 + ( )2 + ( )2 (9.8)

y q A P - AS/At 1 - X

9.2 Uncertainty in the input variables

9.2.1 Groundwater fractions

Factors affecting the uncertainty in 6-values used for calcu¬
lation of X are listed in Table 9.1. When possible, a rough
value is given of the uncertainty for which the various factors
account. For systematical errors, the direction by which the
error affects X is marked. Most of the factors are discussed in
other sections. Three of the factors, not treated earlier, are
discussed below; influence of precipitation during snowmelt,
time lag between meltwater input and streamwater sampling, and
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Table 9.1 Factors affecting the uncertainty in the input variables to
Eq.(3.3) (fraction of groundwater)

A<5 Direction of influence*
(°/oo) Snow- Rainfall

melt 6p<6g 6p>6g

All ö-values

Analytical error 0.1

ö180 of streamwater, 6S
Enrichment during surface water flow
(Section 6.2.5) <0.5 + +

6*80 of precipitation, öp
Snowmelt

Areal variability of snowpack 6*80
(Fig.A2.1, Appendix 2) 1
Isotope fractionation during melting
(Sections 6.2.6, 7.2.1) 1
Influence of vertical layering in
the snowpacks (Section 7.1.2) 1
Rainfall on wet areas (this section) +
Time lag between meltwater input and
streamwater sampling (this section) 0.1

Rainfall

Temporal variation during the event
(Section 7.1.2)

I öp - 6g| increases with time
decreases with time + +

Areal variability (Section 7.1.3) <0.5

Common

Enrichment during overland flow
(Section 6.2.5) + (+) (-)
Molecular exchange with groundwater
(this section) + + +

ö*80 of groundwater, ög
Influence of pre-event soil moisture
(Section 8.1.2)) <1 - ± ±
Changing 6_ by infiltration (partly
accounted ror by using variable 6„)
(Section 8.1.2) <1
Enrichment of streamwater before the
event (only at low summer) (this section) <0.5 - +
Enrichment during saturation overland flow + +
(Section 6.2.5)

* For systematical errors:
+ the error causes overestimation of the groundwater fraction
- the error causes underestimation of the groundwater fraction
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molecular exchange between overland flow and groundwater. More¬
over, some comments are made on the uncertainty due to enrich¬
ment during water flow.

Influence of precipitation during snowmelt

During snowmelt, 6p is assumed to be equal to the basin mean of
snowpack 6180 at a certain moment. Possible modifying effects
of precipitation are thus not accounted for in the calculations
of X. These effects depend on whether the precipitation falls
as snow or as rain and on whether it falls on snow-covered or

on bare areas.

Snowfall on a snowpack will introduce little error, since
changes of snowpack 6180 are accounted for by the repeated snow¬

pack samplings. Rainfall, with a 6-value differing from that of
snowpack, may, on the other hand, affect 6p. The largest
influence will occur during large, intense rainfalls on small,
melting snowpacks. The influence is difficult to quantify,
since the rainwater is partly stored in the snowpack and also
since there will be an isotopic exchange between rainwater and
snow during the percolation through the snowpack. For these
reasons, the 180 supply by rainfall is partly included in the
snow samplings and thereby partly regarded in the calculations
of X.

Precipitation, of both types, on snowfree discharge areas may
introduce errors in 6p. If the snow falling on such areas melts
completely before the next snow sampling occasion, snowfall and
rainfall will have the same influence on 6p, since they both
contribute completely to streamflow.

It is to be noted that the uncertainty due to precipitation
during snowmelt would not appear if 6p was determined from
representative snow lysimeters, since with such instruments the
real water input to the ground is sampled.

Rough estimates of systematical errors on the groundwater
fractions due to precipitation, according to a method given in
Appendix 4, are given in Table 9.2. The smaller values,AXlf are
considered realistic, while the larger values, Ax2, probably
represent upper limits of the errors. It should be emphasized
that these estimates are very rough, performed with the aim of
identifying periods with a possible large influence of precipi¬
tation. The time distribution of the precipitation amounts in
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Table 9.2 Uncertainty due to precipitation during snowmelt.

T—1X<1 AX2
Basin Period (%) (%)

Aspåsen 1981 I 0 +2
II -3 -6

Buskbäcken 1980 I -2 -6

II -1 -A

1981 I

II
III

Gårdsjön Fl 1980 0 0

Gårdsjön F2 1980 0 0

Gårdsjön F3 1980 0 0

Nåsten 1979 I -1 -1
II -la -5a

1982 I -A -A

II -6 -16
III -2 -6

Stormyra 1979 I
II -3a -5a

1982 -8 -20

Svartberget 1981 I -5 -18b
II 0 0

1982 I +2 +2
II -5 -21

a Incomplete data on precipitation 6^0
k Very unlikely due to deep snowpack.
AX = correction to be added to the estimated total groundwater fractions

to account for possible influence of precipitation on the of
the meltwater component.

Ax1 is calculated assuming direct contribution to streamflow by the
precipitation falling on half the discharge area and

Ax2 assuming contribution from precipitation falling on an area equal
to twice the discharge area (see Appendix A).

relation to the discharge peaks is an important factor not
regarded in these estimates.

Since the precipitation in spring usually is higher in 180 than
the snowpack, the groundwater fractions tend to be overestimated
during periods with considerable precipitation. For most periods
the estimated errors are small, resulting in an overestimation
of the groundwater fractions of less than 5 percentage points,
but for three of the periods, Nåsten II 1982, Stormyra 1982, and
Svartberget II 1982, the error may not be negligible.



209

Time lag between meltwater input and strearawater sampling

When the groundwater fractions were calculated, meltwater 6180
(or rather snowpack 6180) on the day of streamwater sampling
was used as 6p. Daily values were obtained by interpolation
between the days of snowpack sampling. Since the snowpack 6180
gradually changes, and since it takes some time for the melt¬
water to reach the sampling point, an error may be introduced.
Since snowpack 6180 increases with time in almost all cases,

and thereby also probably the 6180 of meltwater, the error
tends to underestimate the groundwater fractions.

Rough estimates using water velocities, stream lengths, flow,
and reservoir volumes show that the time for meltwater to reach

the basin outlets is unlikely to be more than a few days at
most, and generally less than that.

Maximum error, for a time lag of two days, would be an over-

estimation of 6p of around 0.4°/oo, found in Nåsten I 1979 (see
Fig.A2.9). For most melting periods, the time lag would give an

error in 6p of around 0.1°/oO or less. The resulting under-
estimations of groundwater fractions would be around 4% and 1%,
respectively.

Molecular exchange between overland flow and groundwater

In the present study basins, and generally in Swedish till
soils, saturated areas connected to the streams commonly occur

during periods of high flow. With the hypothesis for streamflow
generation sketched in Chapter 1 it is assumed that all new

rain- or meltwater reaching the stream originates from rainfall
or melting on such saturated areas, cf. Eg.(3.8). However, if
overland flow is generated also outside the saturated areas

(i.e. Hortonian overland flow) and this water passes the satu¬
rated areas on its way to the stream, the isotopic content of
the overland flowing rain- or meltwater may change in direction
towards that of the groundwater. In such a situation, parts cf
the "groundwater" reaching the stream according to the sepa¬
ration by 180 is actually rain- or meltwater from outside the
discharge area, and the groundwater fraction of streamflow would
be overestimated. The situation can be compared with cold water
flowing over warm ground, thereby increasing its temperature.
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In Appendix 5 possible rates of isotopic change due to such a
molecular exchange are estimated and related to the flow situ¬
ations in the present study. The exchange can be of significance
only if the upward particle velocity of the groundwater is less
than the downward rate of tracer penetration by molecular dif¬
fusion. It is concluded that there could be an isotopic change
by molecular exchange in some of the flow situations, with the
largest effect during low-intensity snowmelt events. During
high-intensity events, on the other hand, the effect can safely
be neglected. Thus, the most striking result of this study, the
comparatively large groundwater fractions observed also at the
large events, is accurate. It is further pointed out that from
a chemical point of view, errors in the hydrograph separations
caused by isotopic exchange between the two flow components can
be disregarded since the rainwater actually becomes groundwater
by the exchange process, acting similarily on all constituents
of the water.

Enrichment by the atmosphere

The effect of a possible enrichment in 180 during water flow
was not regarded in the calculations of groundwater fractions.
In Section 6.2 attempts were made to estimate the magnitudes of
possible enrichments at various stages of the water flow through
a basin. Enrichment affecting hydrograph separation may occur

in interception, overland flow, stream channel flow, and flow
through reservoirs. The following conclusions apply to the
hydrograph separations performed in the present study, but it
should be emphasized that they are rather speculative, since
there are no experimental data available except concerning
interception.

Interception of rainwater may cause an enrichment of the preci¬
pitated water of a few tenths of per mil before it reaches the
ground. The larger the intensity and the larger the total amount
of rainfall, the less is the mean enrichment of the precipitated
water. The effect is considered small for the separated events
and has been disregarded.

Enrichment during overland flow could not be quantified. During
snowmelt, the isotopic conditions favour enrichment of melt-
water. But since the molecular exchange between meltwater on
the ground and the atmosphere is of importance only in snowfree
areas, the mean enrichment during melting of a basin-wide snow-

pack should be small. During rainfall events, little enrichment
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of the precipitated water is expected during the rainfall, since
the water is then probably close to isotopic equilibrium with a
saturated atmosphere. After the rainfall, enrichment could take
place, but then overland flow of rainwater rapidly ceases. Out¬
flowing groundwater could, on the other hand, become enriched
during the rainfall and, particularly, after the cessation of
rainfall.

There may be an enrichment during stream channel flow. Values
of 0.5-1.0°/oo were considered probable during low flow in
summertime. At high flows, and in spring, the enrichment is
smaller. The most important effect of this enrichment is
probably to cause an overestimation of 6g in some summer events
with very small initial streamflow, since the 6180 of stream-
water before the event is assumed to be equal to 6 . In spring
the assessment of 6g is not affected.

Temporary surface reservoirs develop during spring flood in
some of the basins investigated. In some extreme cases, enrich¬
ment of 0.5-1.0°/oo may occur. During most snowmelt events and
all rainfall events, enrichment by flooding was small.

From the fact that the precipitated water may be either higher
or lower in 180 than the groundwater it follows that there are

two basically different isotopic conditions for separation.
Possible systematic errors due to enrichment would then act in
opposite directions on the calculated groundwater fractions.
During snowmelt events 6p < 6g and all suggested enrichments
tend to overestimate the groundwater fraction. During rainfall
events with 6p < 6g enrichment during the events similarly tends
to overestimate the groundwater fractions. But here 6g may be
overestimated due to enrichment during stream channel flow
before the event, tending to underestimate the groundwater
fraction. In rainfall events with 6p > 6g the effects will act
in the opposite directions.

In Table 9.3 the rainfall events are divided into two groups,

according to the isotopic situation, and the results of the
separations are compared.

The finding that very similar results are obtained with both
types of isotopic conditions indicates that the effect of
enrichment is small during rainfall and thereby probably also
during snowmelt.
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Table 9.3 Calculated groundwater fractions for rainfall
events having different isotopic conditions.

<0 >0

Number of events

Mean groundwater fraction (%)

Median groundwater fraction (%)

7 8

87 87

81 86

9.2.2 Fractions of discharge area

Suggested relative uncertainties in the input variables in
Eq.(3.8), by which the basin fraction of discharge area was

calculated, are listed in Table 9.4. For systematical errors,
the direction in which the error acts on the fraction of dis¬

charge area is given. Note the difference against Table 9.1
where the uncertainties were given absolutely, as 6-values
(°/oo) , whereas in Table 9.4 they are given as relative
uncertainties.

When available, continuous water-level recordings have been
used to calculate period mean discharge. The accuracy of the
rating curve is assumed to be 5%. For some snowmelt events no

water-level recordings were available, and period mean discharge
was calculated from the water-levels at the moments of stream-

water sampling, "fes—pointod out i-n Sectidh^S^r^r^, "fhis procedure
may overestimate period mean discharge during snowmelt by up to
10%.

Eg.(3.8) gives the area needed, expressed as a fraction of the
basin area, for the observed amount of rain or snowmelt to

generate the rain- or meltwater flow estimated in the stream.
Due to evaporation from discharge areas the real generation of
rain- or meltwater flow on discharge areas exceeds the flow in
the stream, Q(1 - X). The error underestimates the fraction of
discharge area by at most 10%, according to estimates for some

summer events.

The relative uncertainty in the basin area generally increases
as the area decreases, since the accuracy of the water divide
is a certain number of metres rather than a fraction of the
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Table 9.A Uncertainty in the input variables in Eq.(3.8)

Relative

uncertainty
(%)

Direction of
influence
+ overestimate
- underestimate

snow- rain¬ snow- rain-
melt fall melt fall

Period mean discharge, Q

water-level recorder used 5 5

water-level recorder not used 5-10 +

evaporation from discharge areas <10 -

Basin area, A 10 10

Rate of water input, P - AS/At
uncertainty of measurements 5-50 10 -

interception +

Fraction of new rain- or see the uncertainties in X

meltwater, 1 - X estimated in next section

basin area. 10% may be a high figure for the largest basins,
but too small a figure for the smallest basins.

The precipitation measurements have not been corrected for
aerodynamic and evaporative losses. They are moreover spot
measurements, intended to represent the whole basins. During
snowmelt, errors in P are disregarded, since P is generally
small as compared to the rates of melting, determined from the
the change of snow water equivalent, As. The uncertainty in S,
i.e., in the water equivalent of the snowpack in the basin, is
assumed to be 5 mm irrespective of S. The uncertainty in As is
then V52 + 52 = 7 mm. With values of As between 205 and 25 mm
we get relative uncertainties in P - As/ At from 30 to 3 %,
and choose a value of 10 %.

By rainfall interception the actual water input reaching the
ground is smaller than the precipitation. The effect of inter¬
ception, being relatively more important with small rainfall
amounts, is counteracted by the measurement error of the
precipitation amount. The two errors, both being around 10% for
runoff-generating rainfalls, are assumed to balance each other.
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9.3 Uncertainty of the calculated groundwater fractions and
fractions of discharge area

We have now investigated the uncertainty in the variables used
for calculations of groundwater fractions and basin fractions
of discharge area. From these discussions, reasonable errors in
the input variables are suggested and the resulting uncertainty
of the results is shown, using the equations for the uncertainty
of the applied models developed in the beginning of this
chapter.

9.3.1 Groundwater fractions

The effect of systematic errors in 6p due to precipitation
during snowmelt was estimated separately for each separated
event (Table 9.2). Systematic errors in 6g, due to changes by
infiltration, are partly regarded in the calculations using
variable 6g. If the groundwater fractions are interpreted as
"fractions of pre-event water", these systematic errors in 6g
disappear.

The total effect of the other factors listed in Table 9.1 on

the uncertainty of the input variables in Eq.(3.3) is suggested
according to Table 9.5.

Table 9.5 Suggested uncertainty in the
input variables in Eq.(3.3)

Snowmelt Rainfall

0.2 0.2

AöP 1.0 0.5

A(5g 0.3 0.3

The uncertainty of the calculated groundwater fraction is given
by Eq.(9.3), shown graphically in Fig.9.1 for different values
of 6g - 6p, assuming the errors in the input variables from
Table 9.5. The figure shows the uncertainty in single values of
X caused by random errors in the input variables. Median values
of 15g - 6p I in the snowmelt events were 3.9°/oo at the beginning
of melting and 2.7°/o<> later in spring, giving uncertainties
around 0.3 to 0.5 for single values of X. In the rainfall events
the median value was 3.7°/oo and the uncertainty according to
Fig.9.1 around 0.2. For period mean values of X, the uncertainty
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may decline to Ax/Vn (Eq.9.6). Typical values of n are 15 for
a snowmelt event and 8 for a rainfall event, reducing the
uncertainty to 0.08 - 0.13 for the snowmelt events and to 0.07
for the rainfall events. As pointed out in Section 9.1.1,
Eq.(9.6) yields a lower limit to the uncertainty. The actual
value is not considered possible to quantify.

A X

14 r-

1.2 -

10 -

0.8 -

06 -

0.4 -

0.2 -

°0 0.2 0.4 0.6 0 8 10 A ^0 0.2 04 0.6 0.8 1.0 "
Fig.9.1 Uncertainty (Ax) in single calculations of groundwater
fractions (X) at the assumed uncertainties in the input variables
(Table 9.5). The uncertainty is given for various differences between
the 6^0 of the groundwater component (<5g) and of the rain- or melt-
water component (6p). Dotted areas symbolize typical combinations of
variables found in the events investigated.

The sensitivity of the calculated period mean groundwater
fractions during snowmelt was also investigated by calculating
these fractions assuming systematical errors in 6p of ±1.0°/°»
and in 6g of ±0.5°/oo. The total effect of the systematical
errors was then calculated as Axtot = ./Axp2 + Axg2, where Axp
and Axg are the sensitivty to the error in 6p and 6g respect¬
ively (systematical errors in 6S are disregarded),see Table
A2.1. For the respective spring flood totals, Axtot ranged from
±0.10 (Gårdsjön F3 1980) to about ±0.3 (Aspåsen 1981), median
value ±0.19. Median values of Aöp and Aög was ±0.16 and ±0.09
respectively.

9.3.2 Fractions of discharge area

Uncertainties, estimated by Eq.(9.8), of the basin fractions of
discharge area according to random errors are given in Table
9.6. The uncertainty of the total volume fraction of groundwater
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is assumed to be 0.10 for snowmelt and 0.05 for rainfall events,
and the uncertainties of the other input variables in Eq.(3.8)
are assumed to be according to Table 9.4.

As for the groundwater fractions, the total sensitivities of the
calculated basin fractions of discharge area to systematical
errors in 6p and 6g are given for snowmelt periods in Table
A2.1.

Table 9.6 Relative uncertainties of basin fractions of discharge area for
various fractions of groundwater.

Type of event Mean fraction of groundwater, X
0.5 0.6 0.7 0.8 0.9

Snowmelt AS/S = 0.05 0.23 0.28 0.36 0.51 1.01

AS/S = 0.50 0.55 0.57 0.67 0.72 1.12

Rainfall 0.25 0.29 0.37 0.52 1.01

AS/S = relative uncertainty of the change in snow storage

9.4 Conclusions on uncertainty

The uncertainty in the calculated groundwater fractions is
inversely related to the difference between the 6180 of ground¬
water and rain- or meltwater, which difference defines the
isotopic condition for hydrograph separation of the event. With
the suggested random uncertainties in the input variables in
Eq.(3.3), the uncertainty in single estimates of the groundwater
fraction may be considerable (Fig.9.1). But looking at a whole
event, the effect of random errors is greatly reduced. The
uncertainty of the figures given on period mean groundwater
fractions may be around ±0.10 for snowmelt events and somewhat
smaller for most of the rainfall events.

A large part of the uncertainty in the groundwater fractions,
particularly during snowmelt, is caused by the uncertainty in
the 6180 of the rain- or meltwater component. For snowmelt
events, the accuracy would be considerably improved if 6p were
measured directly, by the use of representative snow lysimeters.
However, variations within the events of the 6180 of the water
leaving the snowpack, and of the 6180 of rainfall, may prevent
accurate estimates of the time variation of the groundwater
fraction, even if the 6-values were accurately determined. A
more elaborate model for hydrograph separation is needed if
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short-term variations in the 6180 of the water input are to be
accounted for.

The relative uncertainty in the figures given on basin fraction
of discharge area is large, being for many snowmelt events
around ±0.5.

Several systematical errors have been identified. Estimates have
shown that, except for the error caused by rainfall during some
of the snowmelt events and the underestimation of the ground¬
water fraction due to changes in the 6180 of the groundwater
component, the general results obtained in the study are not
biased by systematical errors.
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10 CONCLUSION AND DISCUSSION ON STREAMFLOW GENERATION

In the first part of this chapter, the results of the hydrograph
separations are summarized. The estimated fractions of ground¬
water and basin fractions of discharge area are related to the
hydrological conditions during the events. Reservoir volumes for
water in the basins, obtained by different methods, are com¬

mented upon, as are the main methodological problems encountered
in interpreting streamwater 6^-®0 in terms of runoff processes
in the basins.

In the second part of the chapter, the process of streamflow
generation is discussed on the basis of the results obtained
from this study and a hypothesis is presented. The discussion
is held in general terms, applying basic groundwater flow
relationships to idealized hillslopes. The aim is to identify
and evaluate various mechanisms by which rainwater or meltwater
is transformed into streamwater.

10.1 Conclusions

10.1.1 Total volume fractions of groundwater

The hydrograph separations by means of 180 show that storm run¬
off from the investigated basins, situated in different parts
of Sweden, is usually dominated by groundwater (Table 10.1, see

individual results in Tables 8.1 and 8.6). The dominance is uni-
vocal for all rainfall events and most of the snowmelt events.

1 RTable 10.1 Summarized results of hydrograph separations by iO0

Fraction of ground¬
water by constant 6^80
of groundwater (%)
n min median max

Fraction of dis¬

charge area (%)

n min median max

Snowmelt events 29 32 61 95 22 2 22 60

Spring flood totals 13 42 59 86

Rainfall events 14 68 86 99 14 0.2 3 17

All events 43 32 79 99

n = number of events
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As was discussed in other sections, the groundwater fractions
estimated by 180 rather refer to fractions of pre-event water,
i.e., water that existed as groundwater or soil water in the
basin before the events. The actual fractions of groundwater
are larger, since some of the new rain- or meltwater observed
in the stream reached the stream as groundwater after having
infiltrated into the soil during the event. Attempts were made
to estimate the change of tracer concentration of the ground¬
water component, resulting in an increased estimate of the
groundwater fraction of about 10 percentage points or less.
However, these fractions, too, are considered underestimates.

In order to generalize the results, the total volume fractions
of groundwater estimated by 180 using constant groundwater 6180
are related below to hydrological conditions during the events.
Since there are only a few events investigated in each basin,
data from all basins have been put together to form one popu¬

lation. When applying this procedure it is presumed that the
volume fractions of groundwater depend on general flow con¬
ditions rather than on local geological, geomorphological, or

climatic conditions.

The closest relationship between groundwater fraction and a

single hydrologic variable was the one found with maximum
specific discharge of the event (coefficient of correlation
r = -0.68 for the whole group of events, Fig.10.1 and Table
10.1). Fig.10.^ shows a systematic difference between rainfall
and snowmelt events, in that the rainfall events have some

10 - 20-percentage-point higher groundwater fractions than the
snowmelt events for a certain specific discharge.

Smaller coefficients of correlation were found with water input
to the basins. Fig.10.2, showing groundwater fraction versus
mean rate of water input for the snowmelt events, is discussed
later in this chapter. For the rainfall events, maximum rainfall
intensity gave about the same coefficient of correlation as did
total rainfall amount, about -0.5, both coefficients being
smaller than the one with maximum specific discharge (-0.6J" for
the rainfall events).

The comparisons so far concern fractions of groundwater by con¬
stant 6180 of groundwater, i.e., fractions of pre-event water.
The finding that the fraction of pre-event water decreases as
the flow increases seems natural, since the fraction of newly
infiltrated water in the groundwater discharge then also
increases. But the negative correlation remains for groundwater
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fractions calculated by variable 6180 of groundwater (r = -0.70
for such groundwater fractions versus maximum spring flood
specific discharge). This relationship is not self-evident, but
it is in accordance with the hypothesis for streamflow gene¬
ration presented schematically in Chapter 1 and discussed in
detail in later sections of this chapter.
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Table 10.2 Linear regression between total volume fraction of groundwater
and basin fraction of discharge area, as estimated by and hydrological
conditions during the events.

Dependent Group of Independent Number of Coefficient of
variable events variable events correlation

Fraction of Snowmelt Imax 23 -0.73

groundwater events p - As/ At 23 -0.65

(constant
6180 of

groundwater) Rainfall ^max 1A -0.65

events ■"■max 11 -0.51

PAt 1A -0.A6

All Imax 37 -0.68

events

Fraction of Snowmelt ^max 22 0.83

discharge events "q 22 0.78

area p - As/At 22 0.56

Rainfall ^rainfall 1A 0.79

events q" 1A 0.79

Imax 1A 0.72

X-q- 1A 0.73

All "q 36 0.80

events ^max 36 0.75

X 36 -0.83

PAt - As 36 0.55

X-q 36 0.60

qmax = maximum specific discharge
~q = mean specific discharge

^rainfall = mean specific discharge during the time of rainfall
P = rate of precipitation (PAt = total rainfall amount)
As/ At = change of snow storage over the time At

imax = maximum 15-min rainfall intensity
X = total volume fraction of groundwater (Xq = mean groundwater flow)



222

10.1.2 Extent of discharge areas

The areal extent of discharge areas was estimated from the
hydrograph separations assuming that all rainfall and meltwater
on recharge areas infiltrates, whereas all such water on dis¬
charge areas generates overland flow and is discharged in the
stream during the event (Table 10.1, see individual results in
Tables 8.1 and 8.6). Field surveys during some of the snowmelt
events and one rainfall event showed that the extent of the

discharge areas is reasonably well estimated (Fig.8.8).

For a single basin, the instantaneous fraction of discharge
area is expected to increase with groundwater level and thus
with groundwater flow. But since only mean values for the
periods of water input could be calculated here, such compari¬
sons could not be made. As with the volume fractions of ground¬
water, the estimated basin fractions of discharge area from all
basins are put together to form a population large enough for
meaningful comparisons with the flow situations.

Fig.10.3 compares calculated mean fractions of discharge area

with period means of calculated groundwater flow. There is a

positive linear correlation (r = 0.60, Table 10.1), but the
points are very scattered. For a certain mean rate of ground¬
water flow, the calculated fraction of discharge area is
generally larger at snowmelt events. One reason for this differ¬
ence is that Eq.(3.9) gives the fraction of discharge area

during the actual time of water input. For the rainfall-
generated events, this time is short as compared to the duration
of the flow event. During snowmelt, on the other hand, the water
input occurs over a large fraction of the flow duration. The
groundwater flow during the time of water input was generally
about half of the period mean value for the rainfall events,
but about equal to the period mean for the snowmelt events.

It is to be noted that the fraction of discharge area, Y, and
the groundwater flow, Qg, are both calculated from the ground¬
water fraction, X, and the total streamflow, Q. For this reason,

the two variables are a priori related to each other. But since
Y is proportional to (1 - X)Q (Eq.3.9), while Qg = X Q, a
positive correlation would not be fictitious, provided that
there are sufficiently large relative variations in X, which is
the case here. As discussed later, the relationship follows
from the relationship found between groundwater fraction and
rate of water input.



223

O Snowmelt
• Rainfall

12 3 4
Groundwater flow (mm day')

Fig.10.3 Basin fraction of
discharge area, as estimated
by "o, versus period mean of
groundwater flow. Snowmelt
and rainfall events.

A straight line of Y versus Qg in Fig.10.3 would indicate that
the groundwater discharge per unit discharge area is constant,
equal to the slope of the line. The line drawn in Fig.10.3, for
instance, corresponds to a groundwater discharge per discharge
area of about 6 mm/day. With more data available, the following
analysis might be made on data from single basins: A positive
intercept with the Y-axis would give the extension of permanent
discharge areas, which are saturated also during periods of
very little flow. A positive intercept with the Qg-axis, on the
other hand, would show that there is a considerable groundwater
discharge directly to the stream.

Since the groundwater hydrographs roughly follow the total
hydrographs, due to small relative variations of the ground¬
water fractions within the events as compared to those in the
total flow, the fraction of discharge area is also positively
correlated to total flow (Table 10.2). The observed high coef¬
ficient of correlation (r = 0.80) does not, however, imply the
existence of a physical relationship. This is so since Y is by
definition (Eq.3.9) positively correlated with Q due to larger
relative variations in Q than in X. The relationship (not shown
here) might, however, be of more practical interest than the
one shown in Fig.10.3, since it relates the basin fraction of
discharge area to a directly measurable variable, mean total
discharge (cf. the good relationship observed by Myrabö, 1986,
from field surveys in a small Norwegian basin).
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10.1.3 Reservoir volumes

Information about reservoir volumes for water in the basins,
i.e. about the volume of soil water and groundwater partici¬
pating in the water flow to the streams, has been obtained in
the study in three different ways:

1. The total volumes of pre-event water discharged during the
events, i.e., the volumes of groundwater calculated by constant
6180 of groundwater, establish the lower limits of the amounts
of water stored as soil water or groundwater before the events.
These volumes are obtained directly from Tables 8.1 and 8.6 as
R X, where R is total runoff and X the groundwater fraction.

For the respective spring-floods totals, the volumes of pre-
event water ranged from 15 mm (Gårdsjön Fl 1980) to 93 mm

(Stormyra 1979), with a median value of 62 mm. For the rainfall
events they ranged from 1 to 33 mm, median value 7 mm. These
figures are certainly much smaller than the actual reservoir
volumes, since far from all soil water and groundwater was

replaced by new water during the events. This is seen from the
fact that the 6180 of streamwater after the events, when there
is only groundwater flow to the streams, still differed con¬

siderably from that of rainwater. Different results were

obtained in preliminary hydrograph separation by 180 in the
Birkenes basin in Norway (Christophersen et al., 1984). In this
basin, the reservoir content seemed to have been replaced by
new water during a large snowmelt event with considerable rain¬
fall (= 130 mm discharged pre-event water).

2. Information on reservoir volumes for water was also obtained

when using variable 6180 of groundwater (Eg.3.6) in the hydro-
graph separations. Those estimates yielded the constant reser¬

voir volume needed to generate the observed net changes of
groundwater 6180 during the events, under the assumption of
complete mixing with the infiltrating water. As discussed in
Section 8.1.3, this procedure applied to the spring floods
yielded reservoir volumes of 100 - 300 mm. As with the figures
given under point 1 above, these figures include both soil water
and groundwater.

3. The most realistic reservoir volumes are probably those
obtained by the model presented in Section 8.3. With this model,
attempts were made to simulate the variation of streamwater
6180 over periods of several months, using daily amounts and
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6180-values of precipitation. It was then assumed that all
streamwater originated from soil water or groundwater. The
completely mixed soil water reservoir, which was connected to a

mixing reservoir, was allowed to vary according to the calcu¬
lated water budget of the root zone. With the exception of large
snowmelt events and some summer periods of very low flow, the
6180 of streamwater could be roughly described by the model,
using reservoir volumes around 200 - 300 mm (Table 8.7). With
these reservoir volumes, mean transit times for water of around
0.5-1.5 year were obtained.

180 data from two of the basins have also been used in the more

elaborate HBV-PULSE model, which gave considerable improvement
in reproducing the observed 180-values of the streams (Lindström
and Rodhe, 1986). With this model, reservoir volumes around
480 mm and 440 mm were obtained for Buskbäcken and Gårdsjön Fl
respectively, as compared with about 300 mm in both basins with
the present simple model. The larger volumes obtained by
Lindström and Rodhe may partly be due to the assumption of
a bypass in their model, by which a certain fraction of the
streamflow is fed directly by new rain- or meltwater.

There are not sufficient data available for detailed estimates
of the soil water and groundwater storage in the basins from
the thickness of the soil cover and the observed water content

of the soil. Assuming a mean volumetric water content of the
soil of 30%, water storages of 200 and 400 mm correspond to a
soil thickness of 0.7 and 1.3 m respectively. The figures agree

qualitatively with the figures on mean till depth in the Gård¬
sjön basins, around 2.1-2.6 m (Olsson et al., 1985), and on
mean soil depth in the Masbybäcken basin, close to the Busk¬
bäcken basin, of 1.8 m (Lundin, 1982). The water storage in
Svartberget, on the other hand, is probably larger than a few
hundred millimetres, since the soil cover in this basin may be
several metres in thickness.

10.1.4 Methodological problems

Several methodological problems in hydrograph separation by 180
have been discussed throughout the text and in the uncertainty
discussion. These discussions mainly focus on the precision of
the method, i.e., on the uncertainties in the input variables
and the sensitivity of the calculated groundwater fractions to
these uncertainties.
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A severe shortcoming in the available data is the lack of
systematical measurements of the isotopic composition of melt-
water. The assumption that meltwater 6180 is equal to the basin
mean 6180 of the snowpack at any moment introduces a compara¬

tively large uncertainty in the groundwater fractions calculated
for snowmelt periods and prevents a detailed analysis of the
meltwater and groundwater hydrographs.

Due to the complexity of the uncertainties involved, it was not
considered realistic to give statistical limits of confidence
for the calculated groundwater fractions. With the suggested
uncertainties in the input variables, the accuracy of the total
groundwater fractions mostly fall around +15 percentage-points.

Two possible systematic errors, which have not been commented
upon in the literature, have been discussed in some detail:
isotope enrichment of the off-running water by molecular
exchange with the atmosphere, and isotope changes of overland
flowing groundwater due to molecular exchange with groundwater
in saturated areas. Theoretical considerations show that these

errors cannot confidently be ignored for all events, but due to
lack of experimental data the figures given on the effect of
these processes are tentative. The effect of enrichment would
be largest in snowmelt events with considerable flooding, and
the effect of molecular exchange in events with low intensity
of water input per unit of saturated area without groundwater
outflow, i.e., in low intensity snowmelt events in basins in
which the stream is surrounded by large flat areas. In both of
these cases, the error gives an overestimation of the ground¬
water fraction. In moderate- to high-intensity rainfall events
without flooding, on the other hand, the errors can be ignored.

Two of the rainfall events gave unexpected variations of stream-
water 6180, showing that streamwater was not a mixture between
rainwater with the observed 6180 of rainfall and groundwater
with a 6-value equal to that of streamwater before the event
(Figs.8.14 and 8.15). In both cases the 6180 of streamwater
increased, although the 6180 of rainfall was considerably lower
than that of streamwater before the event. Transformation of

pre-event soil water of high 6180 into groundwater during the
events was suggested as an explanation for the anomalous
behaviour. High 6-values of pre-event soil water for these
events are expected from rainfall data. Enrichment of soil
water by molecular exchange with the atmosphere is another,
less probable, explanation. Similar anomalies were observed in
two events in the Birkenes basin (Christophersen et al., 1984).
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These events were preceded, however, by rainfalls of low 6-
values. The existence of "anomalous events" points towards a

shortcoming in the method of hydrograph separation by isotopes
in its present application. Detailed investigations of such
events may, however, throw new light on the process of stream-
flow generation.

10.2 Discussion

Hydrograph separation by means of 180 relies on measurements at
mainly one point in a basin, the outlet. It gives information
on the integrated result of the processes by which water is
delivered to the stream, but little or no information is
obtained on the various processes involved. The aim of the
following sections is to discuss possible mechanisms for stream-
flow generation which can explain the results obtained by 180.
With this starting point, the discussion is necessarily limited
to a general level and the suggested models are very rough.

The more important isotope studies reported in the literature
were presented in Section 2.3. Those study basins are all within
the temperate climate zone, but physiographic and geologic
factors vary largely, from steep Alpine catchments to agricul¬
tural land of low relief. There are also large differences in
the rates of water flow in the investigated events. Neverthe¬
less, the results are similar in practically all these studies.
The present study, and the isotope studies reported in the
literature, all indicate that runoff events in small streams in
temperate areas are normally dominated by pre-event water. Even
if exceptions do occur, the phenomenon seems to be general.
From the available results it has not been possible to identify
physiographic factors which govern the role of pre-event water
in storm runoff.

Considering the above results, the following questions arise:

1. By what mechanism is the input impulse from precipitation
transformed into increased outflow from the soil to the

stream?

2. Where in the basins are the impulses for storm runoff given?

3. From where in the basin do the off-running water particles
originate?
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4. For how long a time have the discharging water particles
stayed in the basins, i.e., what is the transit time distri¬
bution of the discharging water?

The answers to these questions certainly differ when different
basins are studied. The following discussion refers to the
conditions in Swedish till soils.

10.2.1 Hypothesis for streamflow generation in till soils

The infiltration capacity of the soil is usually larger than
the intensity of rainfall or snowmelt (cf. Section 2.1.1). Thus
all water on unsaturated areas infiltrates. The water table

largely follows the topography, with a depth below ground sur¬
face of a few metres in elevated areas. In the lower parts of
certain hillslopes and in some low-lying areas, the water table
is at or above the ground surface. These saturated areas

generally, but not always, occur in connection with the streams.
Depending on whether the water flows into or out of the ground¬
water zone, the area of a basin can be divided into recharge or

discharge areas for groundwater. The areal extent of discharge
areas is highly variable, expanding with rising groundwater
level. During dry periods the discharge area may constitute only
the stream itself.

The outflow of groundwater in discharge areas may respond
rapidly to rainfall or snowmelt on recharge areas, causing a

substantial groundwater component in stream stormflow. This
groundwater reaches the stream either as overland flow on

saturated areas or directly through the stream bottom and
sides. All rainfall on discharge areas (except water lost by
evapotranspiration, particularly during interception) reaches
the stream as overland flow. Together with the groundwater
discharged outside the stream it forms the saturation overland
flow.

Discharge areas can be defined as "areas in which the uppermost
groundwater has a flow component directed away from the ground¬
water zone". The flow direction is compared with the plane of
the water table and not with the horizontal plane. But since
the slope of the water table generally is small as compared with
possible flow directions, a sufficiently accurate definition
mostly is "areas in which the groundwater has an upward flow
component". In the corresponding way recharge areas can be
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defined as "areas in which the groundwater has a downward flow
component".

With the above definition, a discharge area may be saturated or

unsaturated, depending on whether the groundwater table reaches
the ground surface or not (Grip and Rodhe, 1985). In a saturated
discharge area no infiltration can take place and all rainfall
generates saturation overland flow together with the outflowing
groundwater. In an unsaturated discharge area, the upflowing
groundwater is either lost by evapotranspiration from the
unsaturated zone or linked off laterally through layers of high
hydraulic conductivity. During wet periods there may be a down¬
ward water flow in the unsaturated zone and at the same time an

upward flow in the saturated zone. A prerequisite for this
lateral linking-off of the upflowing groundwater is that the
saturated hydraulic conductivity increases towards the ground
surface. Unsaturated discharge areas are probably common in till
soils. The ground surface may therefore remain unsaturated also
during wet periods at locations where one, from a topographic
point of view, would expect groundwater discharge.

10.2.2 Limitations of the estimates of discharge areas by 18o

With the above definitions, the model sketched in Fig.3.1 needs
some modification. The discharge areas estimated from the hydro-
graph separations by Eq.(3.9), and also those determined by
field surveys, constitute the saturated discharge areas.

Eq.(3.9) gives the area needed to collect the volume of rain¬
water or meltwater discharged by the stream. But if the un¬
saturated zone is very thin and further if it consists of coarse

material, which is the case in areas where the upflowing ground¬
water is linked off laterally, the capacity for storing water
in the zone is limited. Thus, if the particle velocity of the
lateral groundwater flow is high enough, the unsaturated dis¬
charge area may also contribute to the collection of the new

rain- and meltwater that is discharged in the stream during an
event.

Eq.(3.9) should be treated as a crude attempt to interpret the
hydrograph separations by means of 180 in terms of processes
within the basin. For this reason, the distinction between
saturated and unsaturated discharge areas was not made in the
analyses of the hydrograph separations. Neither are the two
types of discharge areas distinguished in the discussion on

streamflow generation that follows.
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When estimating the basin fraction of discharge area by Eq.(3.9)
it is further assumed that the only saturated areas in a basin
are the discharge areas (or rather the saturated discharge
areas). One necessary condition for this equivalence is, of
course, that no surface saturation by rainfall excess occurs.

But even if this condition is fulfilled, the ground may be satu¬
rated also in areas where the groundwater flow has a downward
component, i.e., in recharge areas. The situation could occur

during extremely wet periods when the water table is at or
above the ground surface along the main part of the hillslopes.
Then there would be a gradually increasing infiltration with
increasing distance above the point of transition from discharge
to recharge, the so-called hinge point (Freeze and Cherry,
1979), as shown in laboratory experiments by Abdul and Gillham
(1984). However, as long as Eq.(3.9) gives basin fractions of
discharge area of less than 50%, which it does here with one

exception, saturated recharge areas are probably of little
importance.

10.2.3 Time variation of the groundwater fraction and
the basin fraction of discharge area.

From the hypothesis for streamflow generation it follows that
the new rainwater flow in the stream, at a certain rainfall
rate, should increase with increased groundwater level, since
the extent of overland flow producing discharge areas then
increases. The hydrograph separations by 180 have shown that
the groundwater flow, with minor deviations, generally varies
in parallel with the total flow. Thus the groundwater level,
and, consequently, the extent of discharge areas, increases
with increasing total flow (Fig.10.3, Table 10.2). Increasing
discharge areas does not, however, directly imply that the
groundwater fraction of streamflow decreases; this is a con¬

sequence only if the relative increase of the groundwater flow
is less than the relative increase of the rain- or meltwater

flow when the discharge areas are expanding.

Below, the variation of the groundwater fraction with changes
in the extent of the discharge area is discussed on the basis
of three simple models for flow from hillslopes to the stream.
The aim of the discussion is to find a simple conceptual model
which is in keeping with the observed variations of the ground¬
water fraction: an inverse relationship between this fraction
and total flow and a gradually decreasing slope in the diagrams
showing this relationship, indicating less or no dependence of
the groundwater fraction on total flow at moderate to high
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discharge (Fig.8.5 within events and Fig.10.1 for the whole
group of events). In this and the following discussions a basin
is represented by a hillslope (or rather two opposite hill-
slopes) with the stream at the base. Flows are expressed per
unit of width of the slope.

Let us assume that the soil in the three hillslopes sketched in
Fig.10.4 is homogeneous and isotropic with respect to the satu¬
rated hydraulic conductivity. (The thickness of the till-soil
cover generally decreases upslope. However, for the conside¬
rations below, such a variation exerts only little influence on

the flow relationships obtained from the simplified slope a) in
the figure.)

•< L >

Fig.10.4 Hillslope models for
discussion on the time variation
of the groundwater fraction of
streamwater.

Neglecting effects of storage, the rain- or meltwater flow to
the stream, Qp, is given by

Qp = i Y L (10.1)

where i is rainfall1 intensity, Y the fraction of discharge
area, and L the slope length.

For stationary flow conditions in both the unsaturated and
saturated zones we get, regardless of slope geometry, the
groundwater flow, Qg, by

1 In these discussions the term rainfall is used for the total water input
to the ground, i.e., rainfall and snowmelt.
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Qg = i L (1 - Y) (10.2)

The groundwater fraction, X, is then

X = —i = 1 - Y (10.3)

Qg + Qp

i.e., X decreases linearly with increasing Y. The rainfall
intensity, and thus the total flow (i L), is not seen directly
in the relationship. The value of Y is, however, highly depen¬
dent on i (and on slope geometry and hydraulic properties). The
larger the rainfall intensity, the larger Y will be, since the
discharge area expands upslope to the point where the rainwater
supply above, i L (1-Y), equals the maximum possible groundwater
flow through the section (see discussion in Eriksson, 1977,
O'Loughlin, 1981, and Grip and Rodhe, 1985).

The above stationary conditions refer to long-term mean flow.
The situation may be approached in a long snowmelt event, but
is of little relevance for most of the events investigated here,
mainly due to soil water storage. In the following discussion,
stationary conditions are assumed only for the rainwater com¬

ponent (Eq.10.1). Applying the Dupuit assumption for groundwater
flow in slopes a) and b) in Fig.10.4, the groundwater fraction
can be related to rainfall intensity and the extent of discharge
area. The maximum groundwater flow through a saturated section
is then the transmissivity multiplied with the gradient of the
ground surface.

For slope a) we have

Qg = m K tana (10.4)

giving

X = = (10.5)

1 + 1 L . Y 1 + cx i Y
K m tana

Here m is the thickness of the conducting layer, K the saturated
conductivity, a the slope angle and c-^ a constant.

In slope b) the maximum thickness of the saturated zone is
L Y sina, giving
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Qg = L Y K sina tana (10.6)
and

X = = (10.7)

1 + 1 1 + c2 i
K sina tana

where c2 is a constant.

In slope c) the Dupuit assumption is no longer valid and the
vertical components of flow have to be considered. With a
horizontal groundwater table upslope from the saturated area,
the groundwater flow is univocally determined by Y (given the
geometrical configuration and K), showing a decreasing rate of
increase with increasing Y. From flow calculations using the
method of flow net, the dependence of Qg on Y was found to be
described by

Qg ~ c3 Yn (10.8)
where the exponent n is less than one. The value of c3 repre¬
sents the maximum groundwater flow through the slope, occurring
when the slope is completely saturated. With increasing gradient
of the water table above the discharge area, Qg is larger at a
certain value of Y and it approaches the maximum value more

rapidly as Y increases. Using the approximate relationship of
Eg.(10.8) we get

X =

1 + L i yd-")
c3

(10.9

Of the three straight, homogeneous hillslopes, slope a) and
slope b) constitute the two extremes of the variation of the
groundwater flow with the extent of discharge area. In slope a)
the groundwater flow reaches its maximum value as soon as the
ground surface becomes saturated at the base. The effect of
further increase of the groundwater level is just to expand the
saturated area, thereby increasing the rainwater flow to the
stream. Obviously, such a constant groundwater flow is not in
accordance with observations. In slope b) , on the other hand,
the groundwater flow increases linearly with the saturated
area. Since this is also the case for the rainwater flow, the
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groundwater fraction is independent of Y. Slope c) falls some¬

where in between slope a) and b) . For small values of Y, the
increase of Qg with Y could as well be assumed to be linear,
making X independent of Y also in this case.

Two severe objections can be raised against the application of
these simplistic models to the present study basins. The hy¬
draulic conductivity of the soil is not constant, but generally
decreases with depth. Further, the slopes are not straight.

With slope a) a laterally layered soil would give the same

expression for X (Eq.10.5), only that K then represents the mean

conductivity. In slope b) decreasing conductivity with depth
would give a gradually slower increase of Qg with increasing Y.
If the conductivity decreases exponentially with depth,
Eq.(10.7) changes to

1
X = (10.10)

1 + f(Y)-i

where f(Y) is an increasing function of Y. If K decreases
rapidly with the depth, f(Y) is approaching c5Y as Y approaches
1. The expression for X thus approaches case a) (considerable
groundwater flow only in the top layer). The effect of the same

conductivity variation would be similar in slope c).

j w <- vt c i i
With concave slopes, Qg would decrease more rapidly with (Y in
all cases. The groundwater fraction would then show less rapid
decrease with Y than in the straight slopes. In slope b) the
groundwater fraction would even increase as Y increases, since

Qg would increase more rapidly than Qp. In convex hillslopes
the opposite would occur.

From the above discussion it can be concluded that the ground¬
water fraction is inversely related to the rainfall or snowmelt
intensity by Eq.(10.10) with f(Y) depending on the geometry and
the hydraulic conductivity and its variation. In general f(Y)
is probably a constant or an increasing function of Y.

Eq.(10.10) does not account for the time lag between rainwater
input and streamwater output. The equation implies, for
instance, that X returns to 1.0 immediately after the cessation
of the rainfall, which is not true. Therefore the equation is
of little value when interpreting single rainfall events, in
which the water input takes place during a short time as com¬

pared with the stream stormflow. But for the snowmelt events,
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with long periods of water input, it may be helpful in inter¬
preting the hydrograph separations.

With f(Y) assumed to be a constant and i assumed to be pro¬

portional to total flow, Eq.(10.10) agrees qualitatively with
the relationship found between groundwater fraction and total
flow within the snowmelt events (Fig.8.4). The change of slope
in the diagrams is accounted for by the appearance of the
intensity, i, in the denominator. The hysteresis effect in the
diagram (cf. Section 8.1.4) may be explained by the time lag
between melting and streamflow. For the whole group of snowmelt
events, Eq.(10.10) can be applied to the relationship found
between volume fraction of groundwater and mean rate of water
input (Fig.10.2). From Eq.(10.7) we have

f (Y) = c2 = (10.11)
K sina tana

With the slope angle a = 10 degrees (cf. Table 4.1a), the line
drawn in Fig.10.2 corresponds to a saturated hydraulic conduc¬
tivity of 2.4 10"6 m/s. The value is somewhat low, but not
unreasonable.

Let us stay with slope b) for a while and look at the extent
of the discharge areas. Eq.(10.10), with f(Y) according to
Eq.(10.7), presumes a linear relationship between groundwater
flow and the extent of discharge area. Above it was shown that
the data for the melting periods could be roughly fitted to
this model. Going in the opposite direction, it follows from
the finding that the model can be applied to field data that
the period means of discharge areas, as determined by 180,
should be linearly related to the groundwater flow. Eq.(10.6)
gives

Y = c2 • _5i. (10.12)
L

with c2 given by Eq.(10.11). Thus a relationship between Y and
Qg follows from the relationship found between groundwater
fraction and rate of water input. The straight line in Fig.10.3
corresponds to K = 2.4 10"6 m/s for a = 10 degrees.
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10.2.4 Mechanisms for groundwater discharge response to
water input

In the preceding section it was shown that the observed vari¬
ations of groundwater fractions within events, and also between
different events, may be in accordance with the present hypo¬
thesis for streamflow generation. The discussion was based on

the variations of the discharge areas and the corresponding
variations of groundwater flow. No attempts were made to

explain the dynamics of the flow situations. In this section,
the mechanisms responsible for the observed rapid increase in
groundwater flow to the stream following a water input will be
discussed.

The view formulated by Horton (1933), with overland flow due to
rainfall excess as the dominating component of stormflow in
streams, has had a very powerful impact on the conception of
streamflow generation in hydrology and water engineering. When
chemical and isotope studies, in the late 1960s, showed that
stormflow was often dominated by pre-event water, researchers
were perplexed. How can groundwater flow, known as a "slow" pro¬

cess, react so guickly to rain or meltwater input? The question
has not yet received a comprehensive answer and the statement
of Martinec (1975), restated by Sklash and Farvolden, 1979),

The exact nature of this propagation is not known,

is still valid. Various processes have been suggested: lateral
unsaturated flow with a saturated zone at the base of the slopes
acting as a "conduit" (Hewlett and Hibbert, 1967), groundwater
wave propagation (Martinec,. 1975), macropore flow (Mosley, 1979)
and rapid head increase due to the effect of the capillary
fringe (Sklash and Farvolden, 1979; Gillham, 1984). Below, it
will be argued that in till soils, the existence of a large
increase in hydraulic conductivity towards the ground surface
may give one explanation for the observed rapid increases in
groundwater discharge. In a homogeneous soil, rapid head incre¬
ments by the effect of the capillary fringe may be important.

For the observed large and rapid response of the groundwater
discharge to water input, two conditions must be fulfilled in
the discharge area:

1. The hydraulic conductivity and the cross section for flow
must be large enough.
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2. A sufficiently large gradient in total head must build up

rapidly enough.

These factors will be examined below on the basis of the hill-

slopes in Fig.10.4.

Let us first assume that the extent of the discharge area is
constant over time. Then the relative increase in groundwater
discharge is proportional to the relative change in head
gradient over the discharging surface. In a typical runoff
event, the groundwater peakflow is some 5 to 50 times the pre-
event value, say 10 times. A corresponding relative increase in
head gradient is needed to explain the flow variations. As
mentioned earlier, however, the water table in till soils
largely follows the ground surface, with the depth increasing
from a few decimetres at the base to a few metres at the top of
the hillslopes. In a straight slope, having the streamwater
level at the ground surface or a saturated discharge area at
the base, the maximum slope of the water table is that of the
ground surface. Under such conditions, the relative increase in
the slope of the water table in a typical hillslope will not
exceed some 10%, giving the same relative increase in ground¬
water flow. Head increments alone are thus far from capable of
generating the observed many-fold increase in groundwater
discharge.

Let us now allow the extent of the discharge area to vary. In
Section 10.2.3 it was shown that the relative increase in

groundwater discharge could be about the same as the relative
increase in discharge area (slope b) , homogeneous), or even

exceed it (slope b), concave). A some 10-fold relative increase
in the extent of the discharge area within events seems high,
but is not fully unrealistic. Situations can thus be imagined
where an increase in the hydraulic capacity of the discharge
area could explain the increase in groundwater flow, even when
the hydraulic conductivity is constant with depth within the
conducting layer.

A more realistic case is when the hydraulic conductivity varies
with depth. From the observed depth variation of the hydraulic
conductivity Lundin (1982) established a groundwater rating
curve for constant slope of the water table, here presented in
a slightly different way in Fig.10.5. According to this figure,
a rise in the groundwater level from 0.6 to 0.1 m depth could
readily explain the variations in groundwater flow.
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Fig.10.5 Total groundwater flow as a function of the depth
to the groundwater table calculated from the hydraulic con¬
ductivity profile. The hillslope is assumed to be 50 m long
and the slope of the water table 0.1 m/m at the base.
Masbybäcken (after Lundin, 1982).

We have seen that, with the above models, the relative changes
in head gradient are too small to explain observed changes in
groundwater discharge from hillslopes with homogeneous soil.
With constant hydraulic conductivity, a large increase in the
cross-sectional area for flow, i.e., in the extent of the
discharge area, could explain the changes, but this is less
probable. With the conductivity increasing towards the ground
surface, the variation in the groundwater discharge may, on the
other hand, well be related to variations in the groundwater
level. It can also be noted that coarse layers which may occur
at depth in till soil (e.g. Knutsson, 1971) or in the border
between the till soil and the bedrock, contribute little to the
increase in groundwater discharge. This is so, since the rela¬
tive changes in head gradient along such a lense are small as

long as the water table is continuously above the lense.

Let us now add a time aspect and discuss the conditions for a

sufficiently rapid and large head increment to build up.

The rise of the groundwater table that follows upon a certain
infiltration is closely related to the unsaturated conductivity
and the water-holding capacity of the soil in the unsaturated
zone (which in turn are closely related). The conductivity
determines the rate of pressure propagation, i.e. the time of
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response, whereas the water-holding capacity governs the magni¬
tude of the rise. In a homogeneous soil the water table will
show the quickest response close to the discharge area, where
the largest rise of the water table often takes place as well.
The high pressure propagation velocity in the unsaturated zone,

due to comparatively high water content under the moderate
tensions prevailing, and the short distance to the water table,
gives a rapid response. The high water content in the whole
unsaturated zone further causes a small amount of added water

to produce a large rise of the water table, i.e., the storage
coefficient is small. Due to this rapid and large response in
areas with very shallow groundwater, groundwater ridges may

develop close to the stream, as observed in the field by Ragan
(1968) and in mathematical modelling of hillslope flow (e.g.,
Johansson, 1985).

The above effects are the basis of the capillary fringe concept,
advocated as an explanation for the rapid response of ground¬
water discharge observed from 180 by Sklash and Farvolden
(1979). In areas where the depth to the water table is less than
the air entry pressure of the water retention curve (the so-

called capillary fringe), small volumes of infiltrated water may

generate very rapid and large head increments, shown theoreti¬
cally with some field support by Gillham (1984). With suitable
geometry of the stream channel side, the head gradient towards
the stream, and thus the groundwater outflow, may increase many-

fold, as shown in laboratory experiments by Abdul and Gillham
(1984). The capillary fringe concept may thus offer an expla¬
nation for the observed increase of groundwater outflow also in
soils with little or no increase in the hydraulic conductivity
towards the ground surface.

The capillary fringe concept may also explain the occurrence of
"deep groundwater stormflow", the existence of which was indi¬
cated from hydrochemical observations by Calles (1982) (cf.
Section 2.3). Large raisings of the water table close to the
stream or close to a low-lying area can be generated due to the
effects of the capillary fringe. Such raisings are a necessary
condition for a substantial increase in the vertical outflow of

deep groundwater. Large rises in the water table higher up in
the hillslope can give but small relative changes in the
vertical head gradient towards the stream or its surrounding
discharge area.

One necessary condition for the capillary fringe concept to be
applicable in streamflow generation is that the soil has little
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or no pore volume air filled at tensions smaller than, say,

0.3 m. For sorted soils, without structure, this is fulfilled
for fine sand and more fine-grained soils (Andersson and
Wiklert, 1972). The effect of pore size on streamflow generation
contains two condradictory effects: In a coarse soil the satu¬
rated hydraulic conductivity is great and substantial flow can
take place, but the water table is often deep and the capillary
fringe small, counteracting a rapid response of groundwater
discharge upon infiltration. In a fine soil, on the other hand,
the head may react rapidly and profoundly, but the possible flow
rates are restricted due to the low hydraulic conductivity.

In a till soil, having pores of very different sizes, the pores

empty more gradually by increased tension (= more negative
pressure potential). The air entry pressure is often a small
negative number (a few centimetres), particularly in the shallow
layers where there may be large structural pores due to various
soil processes. This is seen from the retention curves by Lundin
(1982) and Johansson (1986), which show a systematic increase
in the air entry pressure (= getting less negative) as the
ground surface is approached. Such a variation counteracts rapid
and large head increments. But since the hydraulic conductivity
increases with height, a large increment in the head gradient
is not necessary for a large increase in the groundwater dis¬
charge to take place. The mathematical model experiments in a

layered hillslope by Johansson (1985) (cf. Section 2.2) showed
that moderate increments in the head gradient and in the cross
section for flow close to the stream were sufficient to generate
groundwater flow hydrographs similar to observed streamflow
hydrographs.

10.2.5 The origin of stormflow

This thesis has experimentally treated one aspect of the runoff
process: the origin of streamflow. The word "origin" has been
used very generally to denote which type of water particles
contribute to stream stormflow, new rain- or meltwater on the
one hand or groundwater on the other.

In calculating the extent of discharge areas by Eg.(3.9), all
new rain- or meltwater on the discharge area was assumed to be
discharged by the stream during the event. This assumption
agrees with the velocity of overland flow to be expected, a few
centimetres per second, implying that overland flowing-water
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from the whole discharge area reaches the stream within minutes
or hours.

No measurements have been made in the study to investigate from
where in the basin the discharging groundwater particles orig¬
inate. The particle velocity for flow in the soil is smaller
than that for overland flow by several orders of magnitude. The
vertical velocity in the unsaturated zone seldom exceeds a few
cm/h, and this velocity remains only during and shortly after
the time of infiltration (cf. the mean particle velocities
around 1 m/year observed by Saxena, 1987). It is thus only in
areas with very shallow groundwater that rainwater particles
reach the groundwater during the runoff event. Rough estimates,
based on observed hydraulic conductivities and porosities in
till soils, show that the groundwater particles discharged
during an event, were probably located within or in close
vicinity of the discharge area at the onset of the event.

The above comments concern the origin of the water particles.
Below, the origin of stormflow will be discussed from a differ¬
ent angle: Where in the basin are the impulses for stormflow
given? In these discussions, a sub-area is said to contribute
if rainfall or snowmelt in the sub-area during a runoff event
in some way affects the streamflow during the event, i.e., if
the water input gives impulses for stream stormflow.

Generally speaking, the impulses from the water input to storm¬
flow grow weaker the longer the distance to the stream is.

Saturated discharge areas (including the stream) can be said to
contribute 100%. Ignoring the evapotranspiration during the flow
event, the flow impulse from these areas equals the rainfall or
snowmelt they recieve. Here the impulses are propagated by
saturation overland flow.

Due to storage and evapotranspiration, the volume discharged to
the stream as a result of infiltration in the recharge areas is
smaller than the total infiltrated volume. Thus recharge areas
do not contribute 100%. As pointed out above, the lowest parts
of the recharge areas, where the groundwater table is very

shallow and the soil water content high, play a key role in the
streamflow generation. In these edge areas of the discharge
area, the contribution to streamflow can be close to 100%, but
upslope it gradually decreases with increasing distance to the
discharge area. In areas where the water flow is concentrated
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by the topography, i.e., in topographic hollows and other
concave landforms, the impulses to stormflow are particularly
large, by saturation overland flow as well as by rapid ground¬
water discharge response to infiltration.

The basin fraction of (saturated) discharge areas, Y, was

estimated by Eq.(3.9), which can be written

Y = Vvwi (10.13)
where Vp is the discharged volume of new rain- or meltwater and
Vwi the volume of the water input to the basin, with both
volumes expressed for instance as mm of water depth over the
basin. The extent of areas giving impulses for groundwater
discharge cannot be estimated in a corresponding way, however,
since these areas do not contribute 100%. But we know that these

areas are larger than the area needed if the contribution were

100%, i.e., an area equal to Vg/Vwi, where Vg is the discharged
volume of groundwater. Since the runoff events are generally
dominated by groundwater (Vg > Vp) , the impulses must come from
an area considerably larger than the (saturated) discharge
area. The minimum area needed to generate a runoff event is

(Vp + Vg)/Vwi, the area needed with a 100% contribution (the
so-called minimum contributing area discussed by Dickinson and
Whiteley, 1970). Expressed as a fraction of the basin area,

this area equals the discharged fraction of the water input. In
this study, this fraction varied from 10% in small summer events
to more than 90% in large autumn or spring floods (Tables A2.1
and A3.1).

10.2.6 Transit times for water in a hillslope

The estimated reservoir volumes for water in the basins, com¬

mented upon in Section 10.1.3, correspond to mean transit times
for water of around 0.5-1.5 year. In this final section, the
transit time distribution for water discharging from a hypo¬
thetical hillslope is estimated from flow considerations. The
estimates are based on the time frequency distribution for
groundwater levels observed by Lundin (1982). These distribution
curves refer to spring and summer periods, but are here assumed
to represent the whole year.

The flow in the saturated zone is assumed to be lateral, driven
by a slope of the water table of 0.1. The long-term mean flow
rate at the depth z, q(z), is calculated as
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dh
q ( z ) = K ( z ) — f ( z )

dx
(10.14)

where dh/dx is the slope of the groundwater table and f(z) the
fraction of time with the groundwater level at or above the
level. Fig.10.6 shows the accumulated mean discharge (per unit
of width) below the depth z, Q(z), calculated as

Q(z) = f q(z)dz
zJ

where zQ is the depth of the flow region1.

(10.15)

Accumulated flow 10® (m^/s)
0 2 4 6 8 10 12

Fig.10.6 Accumulated long-term mean
groundwater flow below different depths
in the soil. Masbybäcken (data from
Lundin, 1982).

The mean groundwater recharge, R, is assumed to be constant
along the slope. It is further assumed that the deepest ground¬
water is recharged at the top of the hillslope and that the
shallowest groundwater at the base is recharged at the base.
For groundwater flowing at the level zx at the base of the
slope, we then get the distance from the base to the point of
recharge, expressed as a fraction, x, of the hillslope length,
L, from

(1 - x) L=J q(z)dz (10.16)

1 For reasonable values of slope lengths, the yearly runoff according to
Fig.10.6 is smaller than those observed. This discrepancy is disregarded
here, however, since it is the depth variation of flow that is of
interest.



244

Since the total flow at the base of the slope is

L = J q(z)dz
wt

(10.17)

we get

[ q(z)dz
1 - x =

1q(z) dz

-ut

(10.18)

where zwt is the depth of the highest observed water table.
With this equation, zx is obtained graphically from Fig.10.6.
The transit time for the groundwater recharged at level x is
then obtained as

L x L x p(zx)

V2*' K( zx) Si
dx

(10.19)

where vp is the particle velocity of groundwater and p is the
porosity. The transit time is plotted in Fig.10.7 (broken line).
Due to the rapid decline in conductivity with depth, the effect
of which is added to the longer distance for water recharged
upslope, the distribution curve for groundwater is spread out.
A considerable fraction of the groundwater thus has short
transit times, 20% < 10 days, but there is also a considerable
fraction of groundwater having long transit times, 10% >2 years.

The transit times in the unsaturated zone are estimated assuming
vertical flow with a particle velocity of 1 m/year (cf. Saxena,
1987). The thickness of the unsaturated zone is assumed to vary

linearly from 0 m at the base to 1.5 m at the top of the hill-
slope .

In Fig.10.7 the total transit times for water in the hillslope,
estimated as the sum along the flow paths of those calculated
for unsaturated and saturated flow, are shown (unbroken line).
With an assumed slope length of 50 m, the median total transit
time is about 300 days, with the median transit time for ground¬
water being about 100 days. The very long transit times have a
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large influence upon the mean transit time, which in this slope
is some 1-2 years if no flow is assumed below 1.5 m depth.
Regarding the actual two-dimensional flow pattern of the ground¬
water, causing still smaller flow rates and longer flowpaths of
the deep groundwater, the true mean transit time of groundwater
discharging to the stream may be substantially longer.

0 1 J
o 500 1000

t(day)

Fig.10.7 Transit time distribution for groundwater
only (broken line) and total transit times (unbroken
line) for flow in a 50 m hillslope, estimated from
conductivity profile and frequency distribution of
groundwater levels. Masbybäcken (data from Lundin,
1982).

When making similar estimates for stationary conditions repre¬

senting mean flow rate in the hillslope, the median transit
time for groundwater becomes longer, since the rapid flow of
short duration in the high-conductivity surface layer is not
then included. The long tail of the distribution curve, on the
other hand, remains similar.

It should be noted that the estimates in this section are based

on conductivity profiles in one single basin, namely the neigh¬
bour basin of one of the present study basins, and that the
geometric conditions and the flow patterns are highly simpli¬
fied. One important question concerns the relationship between
flow rate and particle velocity for groundwater. It has been
assumed here that all water in the soil contributes to the

flow, (Eq.10.19). If there is a large fraction of "immobile"
water in the pores, the particle velocities are larger and the
transit times shorter. Another important factor is a possible
occurrence of high conductivity layers at depth, either in the
soil or in the underlying bedrock or in the border between them.
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Such layers, which are probably common in many till soils, would
act as drains for the layers above, and could significantly
decrease the transit times during saturated flow. Nevertheless,

C o v\ i i J
the transit times estimated here from simple flow -ob&ar^ations
agree qualitatively with those obtained by 180 in this and
other studies.
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APPENDIX 1

Figures showing 6180 of precipitation and streamwater

The figures are arranged according to the name of the basin and
the year of investigation. The figures show:

6180 (center of the circles) and amount (area of the circles)
of daily precipitation samples, 6180 of streamwater, 6180 of
snowpacks in late winter and spring, and stream hydrograph based
on daily mean values. The symbols by which the investigated
events are referred to in the text are marked in the hydro-
graphs by Roman numerals (snowmelt events) and capital letters
(rainfall events).



6 Fig Al.l Aspåsen 1981 and Buskbäcken 1980.
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Fig.Al.2 Buskbäcken 1981 and 1982. 7
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8 Fig.Al.3 Gårdsjön Fl 1980 and 1981.
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Fig.Al.4 Gårdsjön Fl 1982 and comparisons between
Gårdsjön Fl and F2 1980 - 1982 (enlarged scales).
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10 Fig.Al.5 Nåsten 1979 and 1980. 6180 of precipitation
not observed before October 1979.
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Fig.Al.6 Nåsten 1981 and 1982.
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12 Fig.Al.7 Stormyra 1979 and 1980. of precipitation
not observed before August 1979 and during the second
half of September 1979, zig-zag line.
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Fig.Al.8 Stormyra 1982. 13
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14 Fig.Al.9a Svartberget Nedre 1981 and comparisons between
Svartberget Nedre (N) and Övre (Ö) 1981 (enlarged 6180
scales). 6180 of precipitation not observed from mid June
to mid August 1981, zig-zag line.
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Fig.Al.9b. Svartberget Nedre 1982 and comparisons
between Svartberget Nedre (N) and Övre (Ö) 1982
(enlarged 6180 scales).
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APPENDIX 2 SNOWMELT EVENTS

Figures showing 6lsO and water equivalent of the snowpacks

Table on results of hydrograph separations and hydrologic
conditions of the snowmelt events

Figures showing all separated snowmelt events

The figures are arranged according to the name of the basin and
the year of investigation. The figures show:

Stream hydrograph with calculated groundwater hydrograph, 6180
of groundwater (6g) calculated using various model reservoir
volumes (Vg), 6180 of streamwater and snowpack, amount and 6180
and type of precipitation, and calculated fractions of ground¬
water for various values of Vg. Calculated flow of meltwater is
shown in some of the figures. The periods over which summations
have been performed are marked by Roman numerals.
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Fig.A2.1 Measured 6180 and water equivalent of the snowpacks.
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Fig.A2.2 Measured 6180 of snowpacks and calculated changes
of snowpack 6180 after elimination of the isotopic input by
precipitation.
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Table A2.1 Results of hydrograph separation: snowmelt events.

Change

Basin Period
in snow

storage
(mm)

Precipi¬
tation

(mm)

Total
runoff-^

(mm)

Maximum

discharge
(1 s"1 km"2)

Aspåsen 1981 I 26/3 - 5/5 -100 32.1 51 (59) 32

II 5/5 -19/5 -146 3.4 132 (148) 218

total 26/3 -19/5 -246 35.5 183 (207)

Buskbäcken 1980 I 9/4 -19/4 -60 9.4 49 (50) 128

II 19/4 -28/4 -38 13.3 32 (30) 66

total 9/4 -28/4 -98 22.7 80 (80)

1981 I 22/3 - 1/4 0 6.6 9 (9) 32

II 1/4 - 3/5 -90 36.0 80 (78) 123

III 3/5 - 8/5 3.4 19 (14) 12

total 22/3 - 8/5 =-110 46.6 108 (100)

Gårdsjön Fl 1980 total 31/3 -12/4 -30 0 42 67

Gårdsjön F2 1980 total 3/4 -12/4 -25 0 22 43

Gårdsjön F3 1980 total 29/3 -12/4 -56 0 48 71

Nåsten 1979 I 26/2 -25/3 -40 7.6 8 (8) 9

II 25/3 -19/4 -48 17.4 54 (53) 47

total 26/3 -19/4 -88 25.0 62 (61)
1980 I 9/2 - 1/3 =0 0. 1 0.2

II 1/3 -25/4 = -20 25 19

total 9/2 -25/4 =-20 25

1982 I 5/2 -28/2 0 22.9 3 (3) 3

II 28/2 -13/3 0 18.7 4 (3) 5

III 13/3 -12/4 -75 34.1 120 (108) 108

total 5/2 -12/4 -75 75.7 127 (114)

1 The first figure is the runoff calculated from hydrographs based on
water levels at the hours of water sampling.

2 The groundwater fractions are calculated by using various values of
the model reservoir Vg in Eq.(3.6). Vg = 00 corresponds to the use of
constant 6^0 of groundwater.

3 Axtot = sensitivity in the calculated groundwater fraction X to
systematical errors in the 6^0 of meltwater of ±l°/oo and in the
<5 0 of groundwater of ±0.5°/oo. See the uncertainty discussion in
the main text, p. 215.

^ The period mean groundwater fractions are calculated assuming momen¬
tary discharge values proportional to those observed at Svartberget
Nedre.
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Fraction of discharge area (%) AXtot^ AYtot^
Fraction of groundwater^ (%) by by field

Vg= 00 Vg=500 mm Vg=250 mm Vg= 00 Vg=250 mm survey (%) (%)

70 73 77 12 (9)
32 37 44 60 (49) -10

A2 47 53 37 (30) 31 23

54 57 61 32 (29)
50 57 67 33 (22) 28

53 57 63 35 (26) 20 13

55 55 55 63 (62)
57 61 66 27 (22)
68 74 80

59 63 67 29 (23) 24 14

72 76 79 38 (30) 17 26

67 68 70 29 (27) 23 20

80 83 86 20 (13) 15 10 9

61 61 61 7 (7)
79 83 88 18 (16) 23

77 80 85 13 (11) 12 6

89 89 89 2 (2)
83 83 84 3 (4)
55 60 67 49 (36) 31

57 62 69 36 (27) 11 11
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Table A2.1 (Continued)

Change
in snow Precipi- Total Maximum

Basin Period storage tation runoff^ discharge
(mm) (mm) (mm) (1 s~^ km-^)

Stormyra 1979 I 2/3 -24/3 -25 16.,4 25 (28) 26

II 24/3 -12/4 -85 45..6 82 (77) 76

total 2/3 -12/4 -110 62..0 108 (103)
1980 total 13/2 -15/4 =-20 31 (24) 43

1982 total 10/2 - 6/4 -85 49..6 148 (145) 209

Svartberget 1981A I 1/4 - 4/5 -50 11.,1

Övre II 4/5 -20/5 -50 0

total 1/4 -20/5 -200 11..1

1982 I 25/3 -16/4 0 17..7 9 10

II 16/4 -20/5 -205 26..6 134 98

total 25/3 -20/5 -205 44..3 143

Svartberget <00 I 1/4 - 4/5
Västra II 4/5 -20/5

total 1/4 -20/5 -200

1982A I 25/3 -18/4
II 18/4 -18/5
total 25/3 -18/5 -205

Svartberget 1981 I 1/4 - 4/5 -50 11.,1 21 (23) 17

Nedre II 4/5 -20/5 -150 0 91 (76) 156

total 1/4 -20/5 -200 11..1 111 (98)

1982 I 25/3 -16/4 0 17.,7 15 7,

II 16/4 -20/5 -205 26. 6 107 158

total 25/3 -20/5 -205 44..3 122

1 The first figure is the runoff calculated from hydrographs based on
water levels at the hours of water sampling.

2 The groundwater fractions are calculated by using various values of
the model reservoir Vg in Eq.(3.6). Vg = 00 corresponds to the use of
constant <5^0 of groundwater.

3 Axtot = sensitivity in the calculated groundwater fraction X to
systematical errors in the 6^0 of meltwater of ±l°/oo and in the
6 0 of groundwater of ±0.5°/°°.-See the uncertainty discussion in
the main text, p. 215.

A The period mean groundwater fractions are calculated assuming momen¬
tary discharge values proportional to those observed at Svartberget
Nedre.

J AY = f k <z COr f t v, * d c i'v\ hj cv.
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Fraction of discharge area (%) Axtot^ AYtot^
Fraction of groundwater^ (%) by by field

Vg= 00 Vg=500 mm Vg=250 mm Vg= 00 Vg=250 mm survey (%) (%)

90 92 95 6 (3)
85 98 10

86 9

56 63 72 49 (31)

40

42

41

91 91 92 5 (4)
57 65 76 25 (14)
59 67 77 23 (13)

80

56

64

95

61

64

60 61 61 14 (13)
44 47 51 33 (29) 25
47 50 53 28 (25) 25 12

84 85 87 13 (12)
46 51 57 25 (23)
51 55 60 25 (23) 18 8
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Fig.A2.3 Aspåsen 26/3 - 23/5 1981
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Fig.A2.4 Buskbäcken 25/3 - 28/4 1980. Legend, see Fig.A2.3
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Fig.A2.5 Buskbäcken 22/3 - 8/5 1981
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Fig.A2.6 Gårdsjön Fl 31/3 -17/4 1980. Long broken line:
calculated meltwater flow.
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Fig.A2.7 Gårdsjön F2 3/4 - 12/4 1980. Legend, see Fig.A2.6.
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Fig.A2.8 Gårdsjön F3 29/3 -17/4 1980. Legend, see Fig.A2.6.
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Fig.A2.9 Nåsten 26/2 - 19/4 1979.
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Fig.A2.10 Nåsten 9/2 - 1/3 1980 (upper diagram) and 1/3 - 25/4
1980 (lower diagram). Note the very different discharge scales.
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Fig.A2.11 Nåsten 5/2 - 28/2 1982.
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Fig.A2.12 Nåsten 28/2 - 30/4 1982.
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Fig.A2.13 Stornryra 2/3 - 18/4 1979. of precipitation
not observed.
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Fig.A2.14 Stormyra 13/2 - 15/4 1980.
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Fig.A2.15 Stormyra 10/2 - 15/4 1982.
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Fig.A2.16 Svartberget Nedre 1/4 - 29/5 1981. Flow of
groundwater calculated for different values of Vg.
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Fig.A2.17 Svartberget Nedre 25/3 - 22/5 1982.

Q (I/s) q(mm/day)

i



41

Fig.A2.18 Svartberget Övre (upper diagram) and Svartberget
Västra (lower diagram) 1/4 - 21/5 1981. Stream hydrograph
from Svartberget Nedre, with groundwater flow estimated from
180 observations Svartberget Övre.
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Fig.A2.19 Svartberget Övre (upper diagram) and Svartberget
Västra (lower diagram) 25/3 - 20/5 1982. Stream hydrograph
from Svartberget Nedre.
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APPENDIX 3 RAINFALL EVENTS

Table on results of hydrograph separations and hydrologic
conditions of the rainfall events

Rainfall events not presented in the main text, annotated
figures



Table A3.1 Results of hydrograph separation: rainfall events

Basin Period
Total
rainfall

(mm)

Maximum
15-min
rainfall

intensity
(mm/h)

Maximum

discharge
(1 s"1 km~2)

Aspåsen A 1985 19/9 -22/9 1A 2 88

Buskbäcken A 1980 23/6 - 1/7 75 - 220

Gårdsjön Fl A 1982 12/6 -17/6 63 6 111

Fl B 1982 3/7 - 6/7 17 16 11

Gårdsjön F3 A 1982 12/6 -17/6 63 6 90

F3 B 1982 3/7 - 6/7 17 16 16

Nåsten A 1979 23/11- 2/12 A3 5 98

B 1979-80 28/12-13/1 33 - 32

C 1980 30/5 - 8/6 16 5 11

D 1980 7/8 -15/8 A9 3 15

E 1982 3/7 -11/7 26 20 2

Stormyra A 1979 25/8 - 1/9 A7 15 19

B 1979 15/10-19/10 22 - 6

C 1980 1/6 - 9/6 A7 5A 1A5

D I 1980 6/7 -11/7 17 50 11

D II 1980 16/7 - 1/8 A7 13 120

Svartberget A 1981 17/8 -25/8 31 2 5A

Nedre B 1981 29/9 - A/10 18 A 22

C 1981 20/10- 2/11 A0 -

. 30

1 Runoff within the period
O

Runoff including recession
3 Calculated by constant 6^0 of groundwater



Discharged Fraction of
Total fraction of Fraction of discharge

1 ? Trunoff1 rainfall^- groundwater-3 area

(mm) (%) (%) (%)

8 55 87 7

31 47 - -

13.6 21 81 4

1.5 9 96 0.4

8.5 13 81 2.5

1.7 10 87 1.3

41 95 81 17

13 47 78 8

3.6 22 =99 =0

5.6 14 >66 <4

0.6 23 95 0.2

5.3 14 81 2.1

2.9 17 86 1.8

21.5 46 =68 = 15

2.3 14 >63 <3.7

24.5 52 >53 <25

11.1 35 92 3.0

4.1 23 85 3.5

16.2 40 99 0.4
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RAINFALL EVENTS NOT PRESENTED IN THE MAIN TEXT,
ANNOTATED FIGURES

Aspåsen A, September 1985 (Fig A3.1)

Fig.A3.1 Stream hydrograph with calculated
flow of groundwater, 60 of streamwater, and
Ö^O and amount of rainfall (legend, see Fig.
A3.2). Aspåsen A, September 1985.

The runoff event was generated by a
14.4 nun rainfall having an intensity
of around 2 mm h_1. The accumulated

weighted mean of the samples was used
as 6p. With the observed variation of
rainfall 6180, this procedure probably
underestimates the total volume frac¬

tion of groundwater (Section 8.2.1).

As mentioned in Chapter 4, the basin
was 86% clearing at this event, in con¬

trast to the situation at the separated
snowmelt event when the basin was com¬

pletely vegetated by forest. The basin
was already very wet at the onset of
rainfall, with streamflow receding
from an extremly high discharge of
108 1/s on September 4. But since the
basin is comparatively steep and of
simple shape, there was little water
stored as surface water, only in some
tractor tracks and in the stream

itself.

The discharge areas were mapped during the event, giving 15 %
of the basin area. This value is larger than the one obtained by
Eq(3.9), 7%. One reason for the discrepancy might be that the
mapped area, which included the whole lower part of the basin,
contained several spots of unsaturated soil where rainwater
could be stored.

Buskbäcken A, see main text, p. 189.
Gårdsjön Fl A and Fl B, see main text, pp. 179 and 182.
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Gårdsjön F3 A and B, see main text p. 184.

Nåsten A, November 1979 (Fig.A3.2)

The first of the two large runoff events shown in Fig.A3.2 could
not be separated, since the important rainfalls were either
lighter or heavier in 180 than the initial streamwater. The
second event, referred to as Nåsten A, could be roughly sepa¬

rated, but there might be a considerable influence of pre-event
surface water.

The accumulated weighted mean was taken as 6p, starting on
November 24. Since the daily values of rainfall 6180 deviated
progressively from that of the initial streamwater, this
procedure tends to underestimate the groundwater fraction.

The 6180 of streamwater during the first peak was taken as 6g.
This also tends to underestimate the groundwater fraction, but
due to the large difference in the 6180 of the flow components,
the calculated groundwater fraction is not very sensitive to
errors in 6g.

The dominance of groundwater is clear from the isotopic data.
The fact that streamwater 6180 did not return to its initial
value indicates that the 6180 of groundwater contributing to
streamflow changed during this large event. A model reservoir
volume of 500 mm in Eg.(3.6) roughly describes the total change
in groundwater 6180, yielding a groundwater fraction of total
discharged volume of 86% as compared to 81% by constant 6g.

The large fraction of the rainfall being discharged during this
event, estimated at 95%, is to be noted. It is the result of
rainfall on a very wet basin during a season when potential
evapotranspiration is very small.

Nåsten B, December 1979-January 1980 (Fig.A3.3)

A cold period, with air temperatures below freezing, ended on
December 23. A snowpack, reaching a water equivalent around
6 mm, was formed during the period. Melting of the snowpack, in
connection with some sleet, caused a small increase in discharge
around December. 24. Large rainfalls on December 28 and 29 gen¬

erated a considerable discharge peak, which could be roughly
separated by 180.
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Fig.A3.2 Stream hydrograph with calculated flow of groundwater and rain-
or meltwater, 6^0 of streamwater, and 6^0, amount and type of precipi¬
tation. The length of the horisontal precipitation lines shows the duration
of precipitation when known; if the duration is not known the length marks
the 24 h sampling period. Nåsten A, November 1979.
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December 1979 - January JJ&fä.
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The accumulated weighted mean 6180 was taken as the 6180 of
rainwater (and meltwater), starting at the melting on December
23. It was hereby assumed that the meltwater amount and 6180
were equal to those of the snow precipitation collected during
the cold period. Since the rainfall on December 29 (6.6 mm,

6 = -12.9°/oo) was higher in 180 than the preceding accumulated
mean, the groundwater fraction may be overestimated as from
this day.

PRECIP.

(mm)
r 20

i,8o-i 0
• rain
# snow

Total flow

Groundwater



50

The low value of streamwater 6180 in the sampling of December
28, yielding a calculated instantaneous groundwater fraction
of 0.25, is noteworthy. It agrees with the findings in some

other events showing large relative contributions of rainwater
during the hydrograph rise. A close inspection of the water-
level recording chart shows a small extra peak around the
moment of streamwater sampling on December 28, as marked in the
hydrograph.

Nåsten C, June 1980 (Fig.A3.4)

The isotopic conditions for separation were good at this summer

event, since all rainfalls associated with the discharge peak
were substantially higher in 180 than the initial streamwater.

Q(l/s) q (mm/day)

<S180(%o)
-4

-6

-8

-10

RAIN

(mm)

r20
- 10

O00HO - 0

—1—r—i 1 1 1—i r—i 1—|—
30 5

MAY JUNE

Fig.A3.4 Stream hydrograph
with calculated flow of ground¬
water, 6^80 of streamwater, and

1 O *
6iO0 and amount of rainfall,
(legend, see Fig.A3.2). Nåsten
C, May - June 1980.

Surprisingly, no significant change in streamwater 6180 was seen

during the peak. Thus the groundwater -flow, calculated using
the weighted mean of rainfall 6180 from June 1 and 2, is almost
identical with the total flow and cannot be distinguished in
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Fig. A3.4. The separation is not very sensitive to errors in 6g
or 6p, so errors in the assessment of these variables are not
likely to explain the apparent lack of direct rainwater contri¬
bution to streamflow. Denser sampling during the time of hydro-
graph rise might have revealed some rainwater contribution and
slightly changed the groundwater hydrograph. But since two
samples were taken near the time of peakflow, and since isotopic
fluctuations during recession are very unlikely, the shortage
of data on streamwater 6180 cannot seriously have affected the
calculated groundwater fraction of total flow volume.

As in the other events, the electrical conductivity of stream-
water showed a dilution inversely related to stream discharge
(from 38 to 26 mS/m) . But due to the large variations of the
observed electrical conductivity of groundwater in the basin,
from 10 to 70 mS/m, this tracer cannot be used for two-component
hydrograph separation.

Nåsten D, August 1980 (Fig.A3.5)

Except for a small rainfall (3.3 mm, 6 = -7.5°/oo), on August
7) all rainfalls during the hydrograph rise were lower in 180
than the initial streamwater. During recession, on August 16,
an isotopically heavy rainfall occurred, preventing separation
from that day onwards.

As in Nåsten C, the streamwater samples show little influence
of rainwater on the isotopic composition of streamwater. The
initial 6180 of streamwater is somewhat uncertain, since values
of streamwater 6180 of -10.4 - -10.8°/oo were noted from August
3 to 6. The separation was made up to August 15 using 6g =
-10.4°/oo and weighted 2-day means as 6p.

Due to the sparse streamwater sampling the total volume fraction
of groundwater cannot be given. But considering that a decrease
in groundwater fraction after peakflow is unlikely, the ground¬
water hydrograph is extrapolated, establishing a rough lower
limit of groundwater fraction up to August 15 of 66%.

Nåsten E, I and II, June-July 1982 (Fig.A3.6)

The isotopic conditions for separation of these two, very small,
events were acceptable. But during the first event, rainwater
was lower in 180 than the initial streamwater and during the
second event, it was higher.
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Fig.A3.5 Stream hydro-
graph with calculated
flow of groundwater,
6^0 of streamwater, and
6^0 and amount of rain¬

fall, (legend, see Fig.
A3.2). Nåsten D, August
1980.

Different values of 6g were used for the two events, -10.0 and
-10.4°/oo, respectively. The first value is that of pre-event
streamwater, while the second one is streamwater 6180 during
the first event. By the latter choice a lower limit of ground¬
water fraction is obtained. The weighted mean 6180 of the first
two rainfall samples was used as 6p for event I. For event II
rainfall 6180 of July 3 was used. Due to the small difference
between 6p and 6g, the separation of event I is uncertain. The
results may also be affected by enrichment during surface water
flow at these very low flows in summertime. For this reason,
event I is not listed in Table 8.6 and not included in the

general discussions.

Storrayra A, see main text, p. 185.
Storrayra B, see main text, p. 185.
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Stormyra C, June 1980 (Fig.A3.7)

A heavy thunderstorm delivered a rainfall of 47 mm in the late
evening of June 1. The rainwater was considerably higher in 180
than the initial streamwater. Streamwater sampling of this large
event was very sparse, but fortunately one of the samples was
taken at the moment of peakflow. The minor rainfalls on May 30
and 31 were disregarded in the separation.

According to isotope data, the instantaneuos groundwater frac¬
tion was 0.60 at peakflow. In the recession samples it was 0.80
and 0.85, respectively. Although the streamwater sampling is
very sparse, the volume fraction of groundwater can be accept¬
ably estimated. This is so since the groundwater fraction is
unlikely to increase after peakflow and since a little fraction
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of the total discharge appears before peakflow. The groundwater
fraction is estimated at 68% of the total discharged volume.
The shapes of the rainwater and groundwater hydrographs, on the
other hand, cannot be obtained. Smaller groundwater fractions
are likely to have occurred during the hydrograph rise.
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Fig.A3.7 Stream hydro-
graph with calculated
flow of groundwater,
of streamwater, and
and amount of rainfall,
(legend, see Fig.A3.2).
Stormyra C, June 1980.
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A model reservoir in Eq.(3.6) of 100 mm roughly describes the
observed net change in streamwater 6180 during the event, i.e.,
the indicated change in groundwater 6180.

Storrayra D, I and II, July 1980 (Fig.A3.8)

The isotopic and hydrologic conditions for hydrograph separation
were good at these two events until the rainfall on July 20,
which, in contrast to the earlier rainfall, was higher in 180
than the initial streamwater. For the first event the total

groundwater fraction could be roughly estimated. But since
there are no samples from peakflow of the second event, the
sparse streamwater sampling does not allow the total fraction
of groundwater to be estimated for this one. Lower limits of
the fraction can, however, be established.

Accumulated weighted means of rainfall 6180, calculated for
each event, were used in the separations. The 6l80 of stream-
water on July 1, which was before any rainfall occurred, was

taken as 6g for both events.

At the large event, one streamwater sample was taken during the
hydrograph rise. This sample showed the smallest instantaneous
fraction of groundwater during the events, 54%.

Estimated lower limits of total groundwater fractions, according
to the groundwater hydrographs sketched in Fig.A3.8, were 63%
and 53%, respectively, for the events. (The second value refers
to the total fraction up to June 20, when the isotopically
unfavourable rainfall occurred). The limit given for the large
event is conservative, since streamwater 6180 is unlikely to
change rapidly during recession, which was presumed when
sketching the groundwater hydrograph around peakflow.

Svartberget Nedre A, see main text, p. 191.

Svartberget Nedre B, September-October 1981 (Fig.A3.9)

In contrast to Svartberget Nedre A, this event was generated by
rainfalls higher in 180 than the initial streamwater, and the
observed increase in streamwater 6180 was a change in the
expected direction. The 6180 of the different rainwater samples
show little scattering until October 4, after which day sepa¬
ration could not be performed. Using the initial streamwater
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Fig.A3.8 Stream hydrograph with calculated flow of groundwater, ö180
of streamwater, and öl80 and amount of rainfall, (legend, see Fig.A3.2).
Stormyra D I and II, July 1980.

6180 as 6g and the 6180 of the main rainfall as 6^, the total
volume fraction of groundwater up to OctoberVwas 85%. There
were no streamwater samples taken during the hydrograph rise,
but possible deviations of streamwater 6180 during the rise
would make only minor changes in the calculated total fraction.
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Fig. A3.9 Stream hydrograph with
calculated flow of groundwater,
<5^80 of streamwater, and 6iö0
and amount of rainfall,(legend,
see Fig.A3.2). Svartberget Nedre
B, September - October 1981.
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Due to the large difference between 6p and 6g, the separation
is not very sensitive to errors in 6g, which may have been
changing during the event (see the discussion on Svartberget
Nedre A).

Svartberget Nedre C, October 1981 (Fig.A3.10)

The rainfall and snowfall during this event were very low in
180 as compared to the initial streamwater; still the changes
in streamwater 6180 were small, indicating little direct
rainwater contribution. The 6180 of the rainfall on October 20

was used in the separation throughout the event. Possible
influence of the very 180-depleted snowfall on October 21 would
give still larger groundwater fractions.

The estimated groundwater hydrograph is almost identical with
the total hydrograph and gives a total fraction of groundwater
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of 99%, comparatively insensitive to errors in 6g and 6p. The
smallest instantaneous fraction of groundwater, 93%, was
encountered during the hydrograph rise.
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Fig.A3.10 Stream hydrograph with calculated flow of
groundwater, 6180 of streamwater, and 6*80 and amount
of rainfall, (legend, see Fig.A3.2). Svartberget Nedre C,
October 1981.
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APPENDIX 4 INFLUENCE OF PRECIPITATION ON HYDROGRAPH
SEPARATIONS DURING SNOWMELT
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Influence of precipitation on hydrograph separations
during snowmelt

With the considerations in Section 9.2, a corrected value of X,

XCOrr' can be obtained from mass and isotope balance for the
four flow components: groundwater (G, 6g), meltwater (M, 6p),
melted snowfall (P's, <5ps), and rainwater (P'r, <5pr), mixing
into streamflow (Q, 6S):

G6g + M6p + P's 6ps + P'r 6pr = Q6S (A4.1)

G+M+P's+P'r=Q (A4.2)

giving

G
- 6s " 6p _ P's(6ps" 6p) + P'r(6pr~ 6p) (A4.3)

Q 6g - 6p

or

Q(6g- 6p)

p's(6ps- 6d) + p'r(6nr- 6d)
Xcorr = X - 2— —I—E£ E_ (A4. 4)

Q(6g- 6"}

The application of Eq.(A4.4) is equivalent to the application
of Eq.(3.3) using a corrected value of 6p, 6p corr, defined as

Sp corr = 6P " g" tP's<Sps- 6p> + P'rfV" V1 (A4"5)
If the flows of water are expressed per basin area, the direct
contributions from snowfall, P's, and rainfall P'r, are given
by

P's = Y'PS (A4.6)

P'r = Y"Pr (A4.7)

where Ps and Pr are the total snowfall and rainfall respect¬
ively, while Y' and Y" are discharged fractions of the new

snowfall and rainfall over the basin. Y' is then assumed to be

the basin fraction of snow-free discharge area, since only
snowfall on such areas is likely to reach the stream directly.
Y" depends on the rainwater storage in the snowpack and on the
disposition of the rainfall to generate overland flow. The
effect of isotopic exchange between percolating rainwater and
snowpack, tending to decrease 6pr - 6p for 6pr > ß , can be
accounted for in Eq.(A4.7) by a corresponding relative decrease
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in Pr. According to the hypothesis for the present study,
Y" < Y, where Y is the basin fraction of discharge area; but
this, of course, cannot be postulated.

Due to water storage in the channel network, the correction can¬

not be applied to daily values of precipitation. An idea of the
influence can be obtained from period mean values, however.

The influence of precipitation, as expressed by Eq.(A4.4), has
been estimated for each snowmelt period using period means of
precipitation, snowpack, and stream data (Table 9.2). Two
values of Ax = Xcorr- X have been calculated, using different
assumptions on Y":

AX1 from Y' = 0.5 Y and Y" = 0.5 Y

Ax2 from Y' = 0.5 Y and Y" = 2 Y

With the latter assumptions, possibilities of Hortonian overland
flow of rainwater from outside the saturated areas are taken

into account.

The estimates of Y' and Y" are based on the values of Y, deter¬
mined by uncorrected values of 5p. An iteration procedure would
be more correct, with Y being successively determined from
corrected values of 6p. But since the steps from Y to Y' and Y"
are mere guesses, only the uncorrected values of Y are used.
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APPENDIX 5 MOLECULAR EXCHANGE BETWEEN OVERLAND FLOW
AND GROUNDWATER
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Molecular exchange between overland flow and groundwater

The isotopic composition of water flowing as overland flow may

be modified by molecular exchange with water in the soil on
which it flows. A necessary condition for such a modification
is that the vertical diffusive flow of 180 through the soil
surface be larger than the advective flow, i.e., the flow caused
by water flow. The exchange may occur during downward as well
as upward water flow, provided that the diffusive flow dominates
(cf. discussion on enrichment by fractionation at the surface
of a non-mixed body of water). The largest modification of the
surface water is to be expected when the groundwater table
reaches the soil surface, but no outflow or inflow of ground¬
water occurs. The isotopic changes of a water film flowing over
such an area is estimated below. The problem, which never seems
to have been dealt with in the literature, will be treated in
some detail. A general expression for the isotopic change is
deduced, and attempts are made to apply it to situations met in
the present study.

Consider the situation shown in Fig.A5.1. A saturated area with
no groundwater flow through the surface extends a distance 1 up
the slope from the stream. Overland flow, having an original
tracer concentration cin, passes the saturated area at a rate Q
per width unit. For stationary water flow, the tracer concen¬

tration of the water leaving the saturated area at a time t,

cout (i) r is obtained by tracer balance

F(t)

Fig.A5.1 Tracer balance of water flowing on a satu¬
rated area. Q = rate of overland flow, c = tracer
concentration, 1 = length of the saturated area, F =
diffusive tracer flux to the groundwater.

Qcin~ Qcout (t) - lF(t) = 0 (A5.1)

where F(t) is the flux of tracer to the groundwater. (The
storage of tracer in the surface water is disregarded, making
the right hand side of Eq.A5.1 = 0.) Note that t is the time
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from the beginning of the flow situation, not the time of travel
over the saturated area. The tracer change, Ac(t) = cout(t)-cin
is given by Eq.(A5.1) as

Ac(t) = - — F(t) (A5.2)
_Q

1

The diffusive flux, F, is estimated using the theory of mole¬
cular diffusion in solids. To simplify the problem we assume

that the tracer concentration at the ground surface is con¬

stantly kept at c = cin (Fig.A5.2). In this way an upper limit
of F is obtained, since in reality c - cg decreases downslope,
reducing the diffusion of tracer into the groundwater.

surface water

-> c

t = 0

}'/''
/ f2

/ groundwater

Fig.A5.2 Vertical distribution
of tracer concentration in

surface water and groundwater.
c^n and Cg are tracer concen¬
trations in surface water and

groundwater respectively, z

depth, and t time.

C9

In analogy with the one-dimensional distribution of temperature
in a semi-infinite solid originally having a constant tempera¬
ture, but with the surface kept at another temperature from time
t = 0 (see Carslaw and Jaeger 1962, p.58), we get the vertical
tracer distribution in groundwater as

c ( z, t) - c = (cin - c ) (1 - erf - ) (A5.3)8
2 /~Dt

where c(z,t) = tracer concentration of groundwater
cg = original tracer concentration of groundwater
cin = tracer concentration of surface water
z = depth
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D = coefficient of molecular diffusion for the tracer
in water

2 fx
erf = error function; erf x = | e" £2d£

Vn 0J

The flux at the surface, z = 0, is given by

6c(0,t)
F (t) = - p D ( ) (A5.4)

6z

where p is the porosity1 of the soil. Now ^^^ is simply
6z

-(c0 - cg)/VnDt (Carslaw and Jaeger, p.61) giving
cn - c0

F (t) = p D i. (A5.5)
VnDt

Defining the relative tracer change, r(t), as

A c (t)
r (t) = (A5.6)

cin~ cg

we get by Eqs.(A5.2) and (A5.5)

P n/D
r (t) = - _ — (A5.7)

j- J?
The largest tracer change is thus obtained at the beginning of
situations with small flow rates. As the flow situation pro¬

ceeds, the tracer gradient into the groundwater - and thereby
the diffusive flux - decreases, making the tracer change of the
overland-flowing water decrease.

By integration of Eq.(A5.7) we get the mean relative tracer
change from time t = 0 (beginning of the flow situation) to
time t,

_ 2p ,/D
r (t) = - _ (A5.8)

^ Q jz

1 The porosity does not appear in Eq.(A5.3) since the smaller cross-section
area for diffusive flux in soil water as compared to "massive water" is
compensated for by the smaller tracer storage capacity per bulk volume of
the soil. The porosity therefore disappears in the mass balance equation
to which Eq.(A5.3) is a solution.
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The mean tracer change up to a certain moment is thus twice the
instantaneous tracer change at the same moment,

r(t) = 2r(t) (A5.9)

Looking at the whole basin, the term Q/l can be written q/Y",
where q is the rate of overland flow per basin area and Y" the
basin fraction of saturated area with no groundwater flow
through the surface. With p = 0.5 and D = 1.68-10"9 m2 s-1
(D H2180 in water at +10°C; Wang, 19651), Eq.(A5.7) becomes,
with the corresponding 6-values

1.4
(A5.10)

q
7t

Y"

for q in mm h"1 and t in h.

Possible values of q and Y" during runoff production in the
basins investigated and the resulting values of q/Y" are given
in Table A5.1.

The values of Y", 0.01 and 0.05, are mere guesses. The only-
related field data are those from surveys of saturated areas

carried out during some of the spring floods. These values
range from 0.10 to 0.35 of the basin areas. According to field
experience, the fractions are considerably smaller during
summer. But the extent to which saturated areas without ground¬
water outflow exist is not known.

In assessing values of q, two extremes were chosen. The large
values in Table A5.1, q-^, presume that all rainfall or snowmelt
in the basin generates overland flow, giving q-^ = i, where i is
the intensity of water input. The smaller values, q2, are ob¬
tained if overland flow is assumed to be generated on saturated
areas only, giving q2 = i Y, where Y is basin fraction of dis¬
charge area. In calculating q2 it is assumed that Y = 5 Y".

1 According to Zimmermann et al. (1967), the molecular diffusion coef¬
ficient for water in soil is about 80% of its value in massive water.

Considering the large variation of D with temperature (an increase by
about 3% °C~1 around 10 °C, Wang, 1965) and the crude assumption made
on the porosity, this reduction is not taken into account here.
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Table A5.1 Flow situations for which tracer changes by molecular exchange
between overland-flowing water and groundwater are estimated.

Intensity of Dura¬

Situation water input Y" qi °l2 qi/Y" q2/Y" tion

(mm h~1) (mm h"-1) (h)

Intense rainfall 20 0.05 20 5 A00 100 1

Medium rainfall A 0.01 A 0.2 A00 20 10

Intense snowmelt 2 0.05 2 0.5 AO 10 100

Slow snowmelt 0.2 0.01 0.2 0.01 20 1 100

Y" = basin fraction saturated area with no groundwater outflow
= maximum rate of overland flow (see text)

q2 = minimum rate of overland flow (see text)

Duration (hours)
Fig.A5.3 Mean relative tracer change, r, versus
duration of flow for various flow rates, q is rate
of overland flow per basin area and Y'' basin
fraction of saturated area without groundwater
outflow.

From Fig.A5.3 and Table A5.1 it is seen that the isotopic changes
of the overland flowing water can be disregarded (r <0.1) during
rainfall events, at least during those of large rainfall inten¬
sity. But snowmelt situations can be imagined in which the iso¬
tope changes according to Eq.(A5.10) cannot be disregarded. And
even if the mean isotopic changes are small, the modification
might be large during the first hours of low-intensity events.
The conditions for diffusive modification are also seen in



69

Fig.A5.4, where the necessary duration (t) of different flow
conditions (q/Y") for the relative tracer change (r) to fall
below certain limits is shown.

In Fig.A5.3 the relative tracer change exceeds 1 for small
values of t. With small values of q/YM, 1 is exceeded for a

considerable time. This preposterous result stems from the
assumption of constant tracer concentration of the surface water
in the calculation of F. When r>l, the tracer inflow is smaller
than the calculated diffusive flux. As pointed out earlier, the
assumption results in an overestimation of the tracer change.
But, except at the very smallest flow rates (q/Y" <1 mm h"1),
the overestimation of the mean change is moderate for t of a

few hours or more, since the lower start value of the true r-t
curves is compensated for by delayed recession of the curves.

Fig.A5.4 Duration needed for various flow rates for the mean
relative change, r, to fall below certain values, q is rate
of overland flow per basin area and Y*1 basin fraction of
saturated area without groundwater outflow. Dotted areas

symbolize flow conditions to be expected for rainfall and
snowmelt events respectively.

Eq.(A5.10) describes the effect of molecular diffusion in satu¬
rated areas with no groundwater outflow. The diffusive tracer
changes of overland flowing water are largest in such areas. But
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there may be (minor) diffusive changes also by overland flow on
areas with water flow through the surface, downward (infil¬
tration) as well as upward (groundwater outflow). These changes
take place only at small vertical flow rates, when the diffusive
flux dominates over the advective flow. The rate of groundwater
outflow needed to prevent tracer changes of the surface water
is estimated below.

The depth of tracer penetration, defined here as the depth z01
at which c(z,t) - cg = 0.1(cin- cg), is obtained from Eq.(A5.3)

0.1 = 1 - erf 20,1 (A5.ll)
2 yst

giving

z0>1 = 2.3 VDt (A5.12)

The mean upward water velocity needed to counteract the downward
diffusive flux at the surface is thus

Zn i 2.3
v = 0>1 = (A5.13)

t Vt

and the corresponding flow rate

2.3 p VD
q„ = —— (A5.14)8

Vt

where p is the porosity.

The tracer change of the surface water decreases with an in¬
creasing rate of groundwater outflow, and becomes negligible at
the outflow rate given by Eq.(A5.14). The corresponding con¬
dition for tracer change during infiltration is not obtained
directly from Eq.(A5.3), since in this case the tracer front is
moving downward. Due to lack of mixing in the soil water, the
tracer concentration at the front is smaller than cin. The dif¬
fusive flux at the front is less than that given by Eq.(A5.5),
and the flux at the surface is still less. Tracer changes during
overland flow on recharge areas, i.e., during Hortonian overland
flow, are therefore disregarded.

In Fig.A5.5 the mean rates of groundwater flow per unit of
saturated area in the present investigation, both estimated by
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180, are compared with the outflow rate needed to prevent mole¬
cular exchange according to Eq.(A5.14) with p = 0.5 and D =

1.68-10"9 m2 s"1. The figure shows that the outflow rates are

usually large enough to prevent any considerable diffusive flux
into the groundwater. But most snowmelt events fall close to
the curve for qg, and for some (small) snowmelt events the
diffusive flux cannot be disregarded. The figure shows esti¬
mated mean rates of groundwater outflow in the discharge areas.

Considering the variability in hydraulic conductivity and
topographical conditions, there is a large variability in the
rate of outflow within the discharge areas. If the outflow is
concentrated in certain parts of a discharge area, the rate of
outflow will be smaller in other parts, and the tracer change
could be larger than that obtained from Eq.(A5.10) and the
assumed values of Y".

qg(mm-h ])

Fig.A5.5 Mean upward groundwater flow, qg, needed
to counteract the diffusive flux as a function of
the duration of the flow situation. Median values
and ranges of groundwater discharge per discharge
area, as estimated by ^80, and approximate durations
of the two types of events are marked in the figure.
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Conclusion and discussion on molecular exchange between
overland flow and groundwater

In the above discussion it has been examined whether the isotope
content of water flowing on the ground is likely to be changed
by molecular exchange with the water in the soil on which it
flows. Such a change would cause an overestimation of the
groundwater fractions calculated by Eq.(3.3), since fresh rain-
or meltwater reaching the stream isotopically would look partly
like groundwater. It should be noted that the results of the
theoretical considerations in this section are merely indica¬
tive, being based on incomplete field data.

It has been shown that the possibility of a modification of the
isotope content of the overland flowing water cannot be excluded
for all flow situations. The largest modification occurs at
small values of q/Y", i.e., at small rates of overland flow per
unit of saturated area with no groundwater outflow. For the
present investigation, the effect can safely be disregarded at
high-intensity rainfall events and probably also during medium-
intensity rainfall and high-intensity snowmelt events. During
low intensity snowmelt events, a modification affecting the
chemical or isotope hydrograph separation is, however, not
inconceivable. The modification may also occur at the early
stages of higher-intensity events.

Since tracer changes are small at high-intensity events, the
comparatively large groundwater fractions observed at such
events, are accurate. However, the inverse relationship found
between groundwater fraction and rate of water input (e.g.
Fig.10.2) could be partly fictitious according to the present
discussion.

The choice of q in Eq.(A5.10), and thus the estimated tracer
change, depends on the assumed model for streamflow generation.
In Table A5.1 q^^ represents the Horton model (with very little
infiltration) while q2 represents the present model. Fig.A5.3
shows that with the former values the tracer change is negli¬
gible. A possible modification with the latter values implies
that the estimated fractions of discharge area are too small,
since in reality more new rain- or meltwater reached the stream

directly.

In judging the effect of diffusive tracer changes on hydrograph
separation it has so far been assumed that the surface near

groundwater in "no-flow areas" is isotopically identical with



73

the groundwater contributing to streamflow. But the topmost

groundwater in such areas is more likely to consist of newly
infiltrated water. Due to the very small or non-existing ground¬
water outflow, the upper layers dry by evapotranspiration after
an event and refill by infiltration during the next. This is
particularly true for "no-flow areas" within temporary discharge
areas. If the groundwater is purely event-infiltrated water,
there will be no tracer change of the overland-flowing water,
of course. On the other hand, if the non-flowing groundwater to
a considerable degree consists of pre-event rainwater differing
isotopically from the rainfall of the event, the hydrograph
separation might be distorted in either direction.

Finally, it should be noted that any molecular exchange that
might occur only affects the results concerning the water-flow
pattern, which is important for instance in the development of
runoff models. From a chemical point of view, the discharged
amount of rain- or meltwater exceeding the one estimated by 180
is groundwater. This is so since the coefficient of diffusion
for chemical constituents in water is about the same as the one

for 180. If there is a considerable exchange of 180, there
would also be correspondingly large exchange of the other
constituents.
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