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Preface 

This book was initiated by The Swedish Scientific Research Council in the 1980s with the 
aim to promote the new understanding which had been developed in hydrologic research 
during the preceding decades on the key role played by groundwater for water flow and 
quality in streams. The book is aimed primarily at those who have some background in the 
field and those who come into contact with water issues through their work. It is suitable 
as course literature at university level and for school teachers in natural science. 
 
The English version of the book is a translation of the Swedish edition from 2000, which is 
almost identical to the original edition from 1985. A few numbers, mainly concerning 
atmospheric deposition, have been updated to more recent values.   
 
The understanding of water’s passage from rain to stream has developed during the 33 
years that have passed since this book was first published. Progress within the area was 
highlighted in a special issue of the journal Hydrological Processes (Vol 29 (16), 2015): K. 
Bishop and J. Seibert (Eds.), Runoff Generation in a Nordic Light: 30 Years with Water’s 
Journey from Rain to Stream. It turned out that the view presented in the book is still valid, 
but more detailed and in-depth knowledge has of course been obtained in many areas. 
 
Short films and a lecture with physical demonstrations on concepts and processes 
concerning storage and flow of water in the soil that are presented in the book (mainly 
Chapter 3) are available at www.geo.uu.se/student/waterinsoil.  
 
Stockholm and Uppsala January 2019 
 
Harald Grip and Allan Rodhe 
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In his great work Mundus Subterraneus (The underground world) from 1664 the German Jesuit monk and scientist 
Athanasius Kircher suggests that rivers get their water from lakes inside mountains. These cave-lakes are replenished from the 
sea via underground rivers (dark in the figure). Kircher claims that laboratory experiments showed that water could rise to the 
mountains through increases in pressure caused (for instance) by winds and tides. 
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1. The origin of streamwater – a controversy 

In 1674 the French philosopher Pierre Perrault published a book called “On the origin of 
springs”. The book profoundly contributed to understanding of a question (What are the 
sources of water in springs and streams?) that had been discussed since Antiquity. Today 
the answer seems obvious. Everyone knows that rain or melting snow delivers water to 
streams. But it is far from obvious that rain, forming a pool of water a few mm or cm thick 
if it falls into a bucket, is enough to feed the huge volumes of water in rivers. Many 
suggestions had been discussed, e.g., that the water came from the oceans via subsurface 
rivers or the air was transformed into water in the cold interior of mountains. However, 
measurements by Perrault showed that the rain and snowfall was easily sufficient to feed 
the River Seine with its water. According to his calculations, the annual flow of water in 
this river was equivalent to just a sixth of the precipitation that fell within what we now call 
its catchment, i.e., the area that the topography indicates may collect the river’s water. 
(Modern calculations support the conclusion, but indicate that this flow (or runoff) is 
equivalent to about a third of the precipitation.)  

What are water’s pathways from rain to stream? 

Perrault laid the foundations for our understanding of the water balance of a catchment, 
i.e., that precipitation falling in an area is temporarily stored, evaporated or discharged. But 
it is a big step from grasping this fundamental notion of the water balance to understanding 
how water passes through an area to a stream. Even today, 300 years after Perrault, there 
are many questions concerning the processes, collectively called runoff generation, that 
transform precipitation over an area into water flow in a stream. Many basic questions 
remain to be answered. What pathways will water particles take through the area? How 
large are the flows and residence times on the soil surface and in different soil layers? How 
do different parts of the catchment contribute to the flow in the stream? How is water 
pressure transmitted from the infiltration to the discharge into or close to the stream? To 
address these, and other questions, effects of numerous factors (particularly the climate, 
topography, geology and vegetation) must be understood. 
 
Knowledge about the process of runoff generation is essential for predicting groundwater 
supplies, water flow rates in streams and rivers, and effects of human activities on these 
flows. Such knowledge is also essential for understanding the chemical changes that water 
undergoes during its passage through an area, which is crucial for addressing major 
problems related (for example) to acid precipitation and eutrophication. 

Overland flow and base flow – the traditional view  

The traditional understanding of runoff generation that dominated hydrology textbooks 
and practice during the 20th century is that flow events in a catchment’s streams are 
generated by water flow on the soil surface, i.e. surface runoff or overland flow. According to 
this understanding, overland flow is generated over the whole catchment when more rain 
or meltwater is delivered to the soil surface than can infiltrate into the soil. The water on 
the soil surface initially collects in depressions, forming puddles. When these depressions 
are filled, the water starts to run off in ephemeral rills, which merge, grow and eventually 
reach the perennial stream system. In addition to the overland flow, streams receive water 
from the ground (groundwater) via so-called base flow, which is thought to be marginally 
influenced by storms that cause overland flow. Between flow events mediated by overland 
flow the streamwater consists exclusively of groundwater, but during such events the 
groundwater flow may only contribute a small fraction of the total flow. According to this 
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view, water entering the soil (infiltration) withdraws water from stream runoff. Thus, the 
infiltration capacity, i.e. the soil’s ability to absorb water, determines whether a storm of a 
given intensity will lead to runoff in the streams. 
 
With this view the water in the streams mainly consists of fresh rain or snowmelt water, 
i.e., water that has been in the catchment for only a few hours or days. The water has not 
been exposed to chemical processes in the soil and a large part of the pollutants that are 
added with the precipitation will reach the stream directly. An early mathematical model for 
flood forecasting, built on this theory, is the so-called unit hydrograph. By comparing the 
water flow in a stream with the precipitation intensity in the catchment, an area-mean 
infiltration capacity is calculated. This infiltration capacity is then used together with the 
measured lag between precipitation and runoff to calculate the runoff in the stream 
associated with different possible precipitation intensities.  
 
Robert E. Horton formulated this approach to modelling runoff formation during the early 
decades of the 20th century. His empirical work focused mainly on arable land and dry areas 
in southern USA. In such areas, overland flow from extensive parts of the catchments may 
dominate much of the substantial streamflow associated with large storms, and crusts may 
form on the soil surface during the intervening dry periods, leading to low infiltration 
capacity. 

Does overland flow really occur on Swedish till soils? 

This book considers hydrological phenomena generally, but focuses particularly on 
processes that occur in typical Swedish climates and landscapes. So, a key question is 
whether significant overland flow occurs in such a climate and landscape. How many 
people have seen water extensively flowing on the surface of soil in forested areas? Even 
when the discharge in streams has increased substantially during and after a heavy or long-
lasting storm, your feet may only splash in water in areas that are permanently boggy or 
have compacted soil (such as footpaths), and thus reduced infiltration capacity. Moreover, 
in the wet areas this is usually because the groundwater surface has risen to the ground 
surface, so groundwater discharge prevents rainwater infiltration. The infiltration capacity 
of the soil seldom limits infiltration. 
 
Of course, there are situations where the infiltration capacity is limiting. Examples include 
on rock-faces (although overland flow in such cases will infiltrate after a short distance into 
cracks or the soil below the exposed rock), and on manmade surfaces such as asphalt 
paving. It may also occur on some arable land following heavy rain or snowmelt. It may 
even occur occasionally during spring on some forest soils, when repeated freezes and 
thaws have formed an ice sheet in the upper soil layers. However, rainwater from whole 
catchments will rarely, if ever, reach their watercourses through overland flow.  
 
In recent decades, extensive research has been conducted on runoff formation, mainly in 
parts of Europe and North America that have similar climates to Sweden, but also in New 
Zealand and Australia. Numerous approaches have been used to elucidate the process. 
These include: measurements of flows on and in soil profiles using troughs, analysis of 
groundwater levels over extended areas, mathematical simulation of groundwater flows 
along hillslopes, studies of relationships between land surface topography and soil moisture 
distributions, and investigations of the origin of streamwater by monitoring appropriate 
water chemistry variables and tracing isotopes. 
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From where is the stream’s water coming? Photo: Tore Hagman/N 

Overland flow may only form on wet soil 

Investigations in eastern USA during the early 1960s found that precipitation intensity 
could best be related to streamflow if it was assumed that only a small part of the 
catchment contributed to the discharge, but all precipitation falling on that part contributed 
to runoff. This so-called “active area” was assumed to consist of moist areas close to the 
stream. The idea developed into a view that flow events in the streams originated from 
overland flow from areas where the groundwater surface was at or above the soil surface, 
i.e. saturated areas. The extent of these saturated areas was assumed to vary with time as the 
groundwater level varied in the area. According to this view a certain storm would cause a 
larger streamflow when groundwater levels were high, i.e. during periods with generally 
moist conditions. Moreover, groundwater would have a largely passive, regulatory role in 
runoff formation, governing the proportion of precipitation that generates stream runoff, 
but not actively contributing to increases in flow. Thus, rainwater would still be the main 
contributor to streamflow.  
 
In contrast to this view, other investigations have shown that increases in groundwater 
flow to the stream or saturated areas close to the stream may play major roles in flow 
events in watercourses. The presence of such large subsurface stormflows has been 
demonstrated both directly using troughs and indirectly through water chemistry or isotope 
analyses. According to this view, a significantly larger area than that saturated to the ground 
surface contributes to flow events. Water infiltrates over a large part of the catchment and 
presses groundwater into the streams, whose discharge is often dominated by groundwater. 



8 
 

 
Clearly two theoretical explanations of runoff generation in our climate have developed. 
Both deviate substantially from the traditional view of excess infiltration, but they are also 
quite distinct. The difference can be partly explained by differences in geology, topography 
and climate in the areas where field investigations have been performed. As investigations 
are conducted on few sites, while suggested models may be applied at sites scattered all 
over the world, it is crucial to critically scrutinise both the models and the conditions for 
which they may be valid. Thus, the roles of subsurface contributions in flow events, and its 
importance, have been intensively debated in the international literature. 

The view that has developed in Sweden 

In Sweden, a new view has developed since the late 1960s, which also involves an active 
role of groundwater in runoff generation. In Swedish till landscapes the groundwater 
surface largely follows the soil surface. The groundwater is normally shallow, maybe a few 
metres below the ground surface on hilltops. In the lower parts of the hillslopes and some 
flat areas the groundwater is just a few decimetres below the soil surface, while in wetlands 
and streams the water surface coincides with the groundwater surface, which consequently 
lies above the soil surface. 
 
By considering whether water is flowing into or out from the groundwater zone, the terrain 
can be divided into recharge and discharge areas. High areas are mainly recharge areas, while 
low-lying areas are discharge areas. Mires and streams are parts of the latter. 
 
In Sweden, the infiltration capacity generally exceeds rain or snowmelt intensity, so water 
delivered to recharge areas will infiltrate. If the distance between the soil surface and the 
groundwater surface is small, the groundwater level will rapidly rise in response to 
infiltration. For several reasons, the discharge from discharge areas increases when the 
groundwater rises. The slope of the groundwater surface increases and the thickness of the 
groundwater zone increases. In addition, the hydraulic conductivity of the soil is often 
much larger close to the soil surface than in deeper layers, so the groundwater outflow may 
increase strongly even when the groundwater rises slightly. Thus, the discharge in the 
stream will increase quickly in response to increases in water input. 
 
In contrast, rain and meltwater on discharge areas cannot infiltrate as the soil’s pores are 
already full. That water will therefore run off directly to the stream as overland flow 
together with the discharging groundwater.  
 
According to this view, the water in streams during flow events consists of both rainwater 
that has fallen on discharge areas and groundwater discharged in these areas due to 
infiltration in the recharge areas. Moreover, the flow events are often dominated by 
groundwater. 
 
What has been sketched here is a hypothesis for runoff generation in Swedish till terrain. 
Much research is still needed to quantify all the mechanisms involved and connect them 
with the characteristics of each area and climate. But the hypothesis has proven to be a 
powerful tool for understanding and predicting water occurrence, flow and chemical 
composition in different parts of catchments and the streams. In this book, we address 
water flow through catchments based on this hypothesis, focusing on the main principles 
involved. Thus, the descriptions are quite general, based on a typical Swedish till landscape. 
It should be noted that local geological conditions, topography, vegetation and land uses 
should always be considered when applying the principles to specific catchments. 
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2. Water turnover at a catchment scale 

The turnover of water within a land area involves the continuous flow of water from hills 
to valleys, and from small to large watercourses. For some time water may be stored as 
snow or in soil, bedrock or watercourses. These storages are filled and emptied depending 
on seasonal variations. The source of the flow is precipitation and the output is by 
evaporation or runoff.  
 
In this chapter we describe the roles of the main storages in the water’s path from 
precipitation to its appearance in streams. The mechanisms governing storage and flow are 
considered in more detail in later chapters. 
 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 1 Svartberget catchment, 
Västerbotten, northern Sweden 

 

The catchment is delimited by a water divide 

Upstream from any point in a watercourse a catchment may be defined as the total area 
within which precipitation may contribute to the flow at that point. The catchment is 
delineated by a water divide. Precipitation that falls outside the water divide may contribute 
to the flow in another stream or to the flow in the same stream, but further downstream. A 
catchment defined at a point far downstream in a watercourse will include all possible 
catchments defined upstream of that point. No points in a landscape are not part of a 
catchment (Fig. 1). 
 

Gauging station 

Water divide 
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A water divide is the boundary between catchments. Water always moves along slopes. 
Water divides plotted on a topographical map will therefore cross elevation contours at a 
right angle. However, surface water and groundwater divides may not coincide. A surface 
water divide appears in the terrain as a ridge (of varying prominence), on each side of 
which water falling on the surface runs in different directions. Of course, in nearly flat 
terrain it is difficult to pinpoint positions of water divides. Groundwater divides are similar, 
but follow ridges of the groundwater table. The closer the groundwater table is to the soil 
surface, the closer the agreement between the surface and groundwater divides. The 
position of a groundwater divide may change with changes in the groundwater level. 
 
In the till landscapes of Sweden, where the soil cover is shallow on hilltops and the 
bedrock has relatively few cracks, the surface and groundwater divides coincide fairly well 
and we do not normally have to consider the difference between them. 

No water can disappear 

Precipitation falling on a catchment may be temporarily stored within the catchment, 
evaporate or run off. This is illustrated by the water balance equation: 
 

P = E + R + S 
 
Here: P is precipitation 
E is evaporation  
R is runoff 

S is change in storage, i.e. the 

change () of the storage S. 
The units are normally volume per 
unit time and area, e.g. mm per year, 
month or day. 
 
 
 
 
 
The unit mm (more strictly, mm water) denotes a volume of water per unit area, 1 mm = 1 
litre/m2. The runoff in a watercourse is normally expressed as discharge, in terms of the 
volumetric flow per unit time (m3/s or litre/s). Dividing discharge by the catchment area 
gives the specific discharge — litre/(s km2) or mm per unit time, where 1 litre/(s km2) = 31.5 
mm/year. The term runoff often, but not always, refers to the specific discharge. 
 
Precipitation may occur in liquid form as rain, dew and fog drops, or solid form as snow 
and hail. Evaporation can occur from wet surfaces (wet vegetation, pools, lakes or 
watercourses), from snow and from bare ground. It can also occur (as transpiration) via the 
stomata of plants’ leaves and needles. Runoff can occur as surface runoff or groundwater 
runoff. 
 
The basis of the water balance equation is that no water can disappear. Water that enters 

the catchment (P) must be stored (S) or leave (E + R). The change in storage in the area, 
which is positive when the storages are replenishing and negative when they are emptying, 
will have a moderating influence on the temporal variations of the runoff. The water in a 

Evaporation 
In this text, the word evaporation is normally 
used to denote the total flow of water vapour 
from land and water to the atmosphere, i.e., 
synonymously with the word evapotranspiration. 
Thus, it includes flow from liquid water (water 
in lakes, rivers and soil, plus water on the 
vegetation) and from plants’ transpiration. It 
also includes the flow from sublimation, i.e. 
evaporation from snow and ice. In some cases, 
however, when transpiration is specifically 
discussed, evaporation refers solely to the flow 
of vapour from free water (and snow), excluding 
the flow from transpiration. 
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rainstorm lasting one or a few hours is partly stored, 
and may give rise to runoff lasting for several days. 
 
 Fig. 2 Schematic illustration of the water balance equation. The 
precipitation (P) falling over a catchment during a certain time will be 
partitioned between evaporation (E), runoff (R) and change (∆S) of the water 
storage (S). When considering areas that are not complete catchments, such as 
small areas or lakes, inflow from surrounding land must be added to the 
precipitation. 

The water balance equation can be applied to areas of any size, from 
Amazon River catchment to a domestic garden. For small areas the water 

budget of a layer of the soil, for instance down to 1 m depth, is usually considered. The runoff is then often the downward flow 
from the layer, which will eventually recharge the groundwater. 
 
 
 

Ways to describe water’s transit time  

When considering chemical changes taking place during the water flow, it is often 
important to know how long water stays in specific reservoirs (storages) or how rapidly it 
turns over. In reservoirs with through-flow, e.g. a lake, the water particles have different ages. 
Some have just entered the reservoir and are young, while others have been there for a 
longer time. Thus, the water in the reservoir has an age distribution. The time a particle 
takes to pass from the inlet of the reservoir to its outlet is called the transit time (or travel 
time). The flow paths of the water particles through the reservoir have varying lengths and 
the particles move with varying mean velocities. Therefore, different water particles may 
take widely varying times to pass through the reservoir and those leaving it will have a 
transit time distribution. A reservoir’s turnover time is normally expressed as the ratio 
between its total volume and total through-flow. The residence time is often used to denote 
the mean time a water particle stays in the reservoir. 
 

 
 
 
 
Fig. 3 Transit time distribution for water in the catchment 
of the river Råne älv, Norrbotten, northern Sweden. 
Nuclear bomb explosions in the atmosphere during the 
1950s and 1960s added large amounts of radioactive 
tritium (3H) to the atmosphere. After the test ban treaty in 
1963 the tritium content of precipitation gradually decreased 
and since around year 2000 it is low and fairly constant 
over time. The residence times of water particles in the 
catchment were calculated by comparing the tritium content 
of precipitation and river water over a long time.  

The diagram indicates that 29% of the water particles 
that leave the catchment have been there one year or less, 
27% from one to two years etc. A very small fraction of the 
water has been in the catchment more than 10 years. 

 
 

 
 
During the passage of groundwater through soil and rock its content of dissolved matter 
changes through slow chemical reactions with its surroundings. Thus, groundwater’s transit 

Relative frequency 

Transit time (years) 
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time strongly influences its quality at the point of outflow, and the turnover time influences 
the quality of water in lakes. Water in a small lake with a large drainage area may be 
replenished several times per year, while large lakes with small drainage areas may have 
turnover times of decades. 

Temporary storage in different reservoirs 

Water may be occasionally stored in various reservoirs of various sizes during its 
movement through a catchment, as outlined in this section, which follows water’s flow 
path from precipitation via the generally identified reservoirs to the stream. 

Interception 

Some of the precipitation that falls in a typical forested catchment will never reach the soil 
surface, but will be caught on the leaves and branches of the plants. This is called 
interception. The storage capacity in the tree canopy varies from 0.5 to 2.5 mm water, 
depending on the tree species and leaf area. The native Swedish tree species with the largest 
interception capacity is Norway spruce. In forested areas 20 – 40% of a summer’s 
precipitation will be transferred back to the atmosphere by evaporation from the 
interception storage. This reservoir is normally emptied (the trees’ surfaces dry) within a 
couple of hours after a storm event. Although some of the intercepted water evaporates 
during the storm most of it evaporates after the rain has stopped. Therefore, the total 
amount of water that evaporates from intercepted precipitation strongly depends on the 
number of drying occasions, and hence the number of storms. As shown in Fig. 4, 
intercepted water flows along the sloping spruce branches and drips off their tips. That is 
why a dense spruce provides good shelter if you are caught in a storm. In contrast, another 
Swedish species, beech, collects intercepted water like a trough because it has smooth bark 
and branches oriented upwards. So, substantial amounts of water may flow along stems of 
beech trees and drip from their branches. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 4 Around 2 mm of a rainfall may be “intercepted” (caught) by the canopy in a forested catchment. 
When the interception storage is full all subsequent precipitation will reach the ground surface by dripping, stem flow, or rainfall 
between the canopies. The large turbulence that develops when the wind is blowing over the rough canopy surface provides efficient 
transport of water vapour to the atmosphere. The trees’ surfaces dry quickly after rainfalls even if the weather is not very 
favourable for evaporation. About a third of the summer precipitation in a central Swedish coniferous forest never reaches the 
ground surface due to interception. 
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Snow cover 

In large parts of Sweden the snow cover strongly affects the yearly turnover of water and 
sets the characteristic annual pattern of variation in runoff. The density of snow normally 
increases with time, from about 100 kg/m3 for newly fallen snow to about 400 kg/m3 for 
old snow. The snow cover represents a large water reservoir. A 0.7 m deep snow pack with 
a density of 300 kg/m3 contains about 210 mm water, called the water equivalent of the 
snowpack. The snow cover is also a large cold store, which requires a lot of energy to melt. 
During a warm day in spring 10 – 15 mm will melt, mainly at the snow surface. 

Soil water 

The water stored in the soil above the groundwater surface is called soil water. The upper 
part of the soil water reservoir, where most of the roots are located, is called the root zone. 
In forest soil the roots are normally concentrated in the upper half metre, and 90% of the 
root biomass may be located in the top 10 – 20 cm of the soil. The amount of soil water 
that the trees can utilise in a till soil may be of the order of 20 – 30 mm water per 100 mm 
soil depth. The storage of water in the root zone is crucial for the vegetation’s water 
economy (i.e. plants’ uptake, use and transpiration of water). In Sweden, precipitation is 
often rather low in early summer, and the plants must rely on stored water in the root zone. 
The storage in the root zone is usually maximal after the snowmelt period in spring and in 
the autumn, when water uptake by plants is small.  
 
Let us estimate water’s turnover time in the root zone of a typical Swedish forest soil. 
Suppose the yearly precipitation is 800 mm and the evaporation of intercepted precipitation 
amounts to 150 mm per year. The water supply to the soil surface, and thus the infiltration, 
is 650 mm per year if all water infiltrates. In a 0.5 m thick root zone with a mean water 
content of 30% the total water volume is 0.5 x 0.3 = 0.15 m or 150 mm. The turnover time 
of this root zone, i.e. its volume to flow ratio, is 150/650 = 0.23 years, or 2.8 months.  

Groundwater 

The size of the groundwater reservoir in the soil is determined by the pore volume relative 
to the total soil volume (30 – 60 %) and the depth to the bedrock. The water content in the 
primary rocks may amount to a few parts of a percent of the total rock volume. If the 
groundwater zone in the soil is one metre deep and the pores account for half of the 
volume the groundwater reservoir will contain 500 mm of water. With the same infiltration 
as in the preceding soil water example, and transpiration by the vegetation of 300 mm per 
year, the flow to the groundwater will be 350 mm per year. The turnover time will then be 
about 1.4 years. Different parts of the groundwater reservoir are renewed at different rates. 
Thus, different water particles can have very different ages. The mean age of groundwater 
in till soil is probably higher than the turnover time, because deep groundwater moves 
substantially slower than shallow groundwater. A substantial part of the groundwater 
consists of water particles that have been in the groundwater zone for a long time, which 
gives the groundwater a high mean age. There is, however, shallow groundwater with a 
comparatively high velocity, in which all water particles are young. These young water 
particles comprise a small part of the total groundwater volume and have little effect on the 
groundwater’s mean age, but they can substantially shorten the turnover time as they form 
a large flow.  
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Surface water 

The surface water reservoir consists of water in lakes, pools and watercourses. In a catchment 
with no lakes the surface water reservoir is small. Following snowmelt or large storms 
pools may form in the lower parts of a catchment. This water, the surface of which is 
normally part of the groundwater surface, may represent a reservoir of up to 5 – 10 mm 
(litre per m2 of the catchment’s area) when the water supply is large. When the supply 
decreases the groundwater level decreases and most pools vanish. The water in the 
watercourses represents only a few mm, ranging from close to zero to maybe 10 mm. The 
turnover time may vary from a few hours in a small stream to a couple of days in a large 
river. If the watercourse contains lakes the total reservoir (and thus the turnover time) will 
be substantially larger. 

Hydrological new-year in the autumn 

In order to calculate the evaporation component using the water balance equation, 
measurements of precipitation and runoff must be available, and an estimate of the storage. 
As illustrated by the overview of reservoirs presented above, accurately measuring changes 
in storage between different times is extremely challenging (if not impossible). However, if 
a sufficiently long time interval (years) is chosen the change in storage can be neglected. In 
order to minimize changes in storage from year to year (and thus errors), water balance 
calculations are usually based on hydrological years, with the new-year set at a time when the 
storages are as equal as possible between years. A good choice is when the storages are 
small. In the Swedish climate this is in early autumn. 

Runoff variation 

Largest amount of precipitation during summer – largest water supply during 
spring 

Almost all over Sweden precipitation is largest in July and August, and smallest in late 
winter and spring. However, it is the water supply (rain or snowmelt) that governs runoff 
generation. Due to storage of snow during winter, the seasonal variation in water supply 
differs from that of precipitation. In most of northern Sweden more than 40% of the 
annual precipitation falls as snow, in central Sweden about 30% and in southern Sweden 
about 20%. In the southern part this snow will melt now and then, but in the central part, 
and especially the northern part of the country, most of the snow will be retained during 
the entire winter and only melt during a few intense weeks in spring. Thus, in much of the 
country the water supply is largest in spring. 

Most water evaporates 

The effect of water supply on runoff is strongly dependent on evaporation, the rate of 
which closely correlates with air temperature and thus is highest in summer. During late 
autumn and winter the evaporation rate is very small. In most of the country more than 
half of the precipitation evaporates. 

Regular seasonal variation of runoff in the North and South 

The runoff in Swedish watercourses varies seasonally, but the pattern depends on the 
region. In the North, water from snowmelt is the main contributor to the annual runoff. 
The spring flood occurs in June or July in the mountain streams, and earlier (in May) in 
northern forest rivers. The mountain streams of the North have only one flood period per 
year, and after the spring flood the discharge decreases continuously until next year’s 
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spring. In addition to the spring floods, the forest rivers and mountain streams of central 
Sweden also have an autumn flood. This is normally much smaller than the spring flood 
and occurs between September and November. Like the mountain streams, the runoff in 
forest rivers is lowest just before the start of the spring flood. 
 
In southern and central Sweden the flow is usually lowest in July, although this is often the 
month with most rain, because evaporation is largest during this month. In small rivers in 
the southernmost part of Sweden runoff peaks during December and January, so their 
seasonal variations are almost opposite to those of the mountain streams.  
 
The small rivers in central Sweden commonly have both a spring and an autumn flood. 
The latter (due to the combined effects of low evaporation and autumn precipitation) may 
be larger than the spring flood. Fig. 5 compares the long term mean monthly runoff in a 
small river outside Uppsala with daily runoff in 1981 and 1982. The spring flood in 1981 
was distributed over a number of flow events from January to May. Additional flow events 
were caused by a rainy summer. The dramatically high flow rate in August was due to heavy 
rains. A rainy autumn resulted in large flow from the end of October to the beginning of 
December. The mean runoff during 1981 was the second highest during a 24-year period 
of observations.  
 

 
 
 
 
 
 
 
 
 
 
Fig. 5 Daily runoff during 1981 and 1982, and 
long-term mean values of monthly runoff in the river 
Uppsala-Näs-bäcken, Uppsala, central Sweden, 
which has a 6.8 km2 catchment. In this part of 
Sweden the snow storage is irregular, resulting in 
numerous runoff events during some winters. In other 
winters there may be long periods with little flow 
ending with a strong spring flood. Normally the 
runoff is very small during summer, even if it rains, 
but very large rainfalls may also occur and generate 
high flow during this time. During autumn the 
evaporation is small and the rains often result in 
considerable runoff. 

The daily mean values, shown in the diagram, 
do not show the maximum flow, since the flow varies 
during each day. During the spring flood in 1982 
the highest momentary flow recorded was 720 l/s. 

 
The runoff in 1982 was concentrated during the snowmelt in March and April, and the 
autumn flood in November and December. During the summer the stream nearly dried up. 
The mean runoff during 1982 was close to the mean for the 24-year observation period. 
The large difference between the runoff distributions during the two years is typical for 
central Sweden, which has unstable winters, high evaporation rates during summer and 
often heavy rains during the autumn. 

Discharge 
(l/s)    mm/day 
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Fig.6 Annual precipitation and runoff in river Uppsala-Näs-bäcken, Uppsala, central Sweden. The runoff follows the variation 
in precipitation, resulting in large relative variations in the runoff and, thus, water availability. 

 

Large variations in annual runoff 

 
As shown in Fig. 6, the precipitation varies substantially from year to year. During the 23-
year period covered in the figure, the annual precipitation ranged from 370 to 740 mm in 
Uppsala, while the runoff varied between 110 and 380 mm. The data show that the 
variation in annual runoff is strongly connected to the variation in annual precipitation. If 
the change in storage between years is ignored the evaporation can be roughly derived 
from the difference between the two graphs in the diagram. It should be noted that the 
annual evaporation is larger than this difference due to systematic errors in the 
precipitation measurements. The SMHI (Swedish Meteorological and Hydrological 
Institute) gauges used to record precipitation do not collect some of the raindrops and 
(especially) snowflakes, so they underestimate it. In addition, some water evaporates from 
the gauges before they are read. Attempts are sometimes made to correct the measured 
amounts of precipitation, based (inter alia) on the wind exposure of the gauge and the 
number of snowfall and rainfall events. Without such corrections the estimated 
precipitation over Sweden is 15 – 25% too low, and the larger the proportion of 
precipitation that falls as snow, the larger this error. The precipitation values presented in 
Fig. 6 are, like those routinely presented by the SMHI, uncorrected. 
 

mm/year 

runoff 

year 

precipitation 
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Fig. 7 Components of the water balance equation were measured over a 10-year period in a number of supposedly representative 
catchments to get basic data on the flow and storage of water in small catchments. The figure shows storages and monthly runoff 
during two years in two of these catchments: Lappträsket (river Råne Älv, Norrbotten, northern Sweden) and Kassjöån 
(Jämtland/Medelpad, central Sweden). The storages are shown relative to arbitrary reference levels (the smallest values during the 
observation periods). The graphs display the changes in each storage compartment and total storage. The absolute magnitude of the 
storage can only be seen for the snow storage, which is empty in summertime. The soil water storage in Lappträsket, for example, 
was not zero in September 1973 but was at its lowest value during the observation period at that time. 

The seasonal variation of runoff, with a dominant spring flood and a smaller autumn peak, is typical for forested areas of 
northern Sweden. 

 
Since the variation in runoff is similar to the variation in precipitation, and the runoff is 
much smaller than the precipitation, the relative variation in annual runoff is much larger 
than that of the precipitation. The runoff from an area is a good indicator of its water 
resources. For sustainable use of the water resources, it is not the size of the groundwater 
and lake reservoirs that matters, but their filling rate, which determines how much water 

lake 

snow 

soil water 

groundwater 

snow 

snow 

snow 

soil water 

mm/month 

groundwater 

runoff 

runoff 

mm/month 

lake lake 
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can be extracted. The large relative variation of the annual runoff shows that the water 
resources vary substantially from year to year. Manifestations of these variations in dry 
years include falls in groundwater levels and occasional problems with water supplies. The 
causes are falls in precipitation, and when it increases again the groundwater reservoirs 
recover. 

Large changes in storage during a year 

Each of the reservoirs has a characteristic pattern of seasonal variation. This is most 
evident in areas with large snow accumulation and stable winters (see the upper part of Fig. 
7), where the snow storage continuously grows during the whole winter, while the 
groundwater and lake storages are successively emptied. The variation in soil water storage 
during the observed winter periods is irregular due to sudden (but brief) melt periods 
during the winters and soil water flow induced by soil frost expansion. During spring, 
snowmelt rapidly decreases the snow storage while groundwater, soil water and lake 
storages increase and reach their largest volumes. During the summer these storages again 
decline. When the evaporation is low during the autumn the rain fills the storages before 
the next emptying period in winter. In southern Sweden, where melt periods and rain 
commonly occur during winter, the storages may be kept at high levels due to frequent 
water additions. 
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3. Water’s occurrence and flow in soil and bedrock 

To provide background information for further discussion of water’s passage through a 
catchment, we next describe the processes that control water’s storage and flow in soil and 
bedrock. This is done in considerable detail, because we believe that flows in nature are 
best understood in terms of the basic physical principles. A few mathematical expressions 
are used to illustrate points raised in the text and figures in a concise manner, we hope that 
they do not intimidate the reader.  

Water – a fantastic liquid 

Water has several unique characteristics that influence its behaviour. One of the most 
important is that it is a liquid at temperatures and pressures typically found in most 
terrestrial environments, for at least part of the year, while most compounds with similarly 
low molecular weights are gases. Water has unusually high melting and boiling points for its 
molecular size, high latent heats of melting and vaporization, and high surface tension. The 
cause of these extreme characteristics is water’s molecular structure. 
 
A water molecule consists of two hydrogen atoms and an oxygen atom (H2O). The 
hydrogen atoms are bound to the oxygen atom so that the three atoms roughly mark the 
points of an isosceles triangle, with an angle of 104.5° between the oxygen and two 
hydrogen atoms. As oxygen attracts electrons more strongly than hydrogen, the oxygen 
side is somewhat negatively charged, while the hydrogen side is somewhat positively 
charged (a dipolar configuration). Thus, the oxygen atom also attracts the hydrogen atoms 
of other water molecules, so they tend to orient towards each other and form hydrogen bonds, 
which give water the unusual characteristics mentioned above. This is also why water is 
such a good solvent, and adsorbs (sticks) to solid surfaces. 
 
In ordinary ice, the oxygen atom in every water molecule is surrounded by the oxygen 
atoms of four neighbouring molecules in a regular tetrahedral pattern or lattice, held together 
by hydrogen-binding. When it melts, the molecules can pack closer together than in ice, 
with its strict geometric demands. Therefore, water at 0°C is denser than ice at the same 
temperature, so ice floats on water. It has been calculated that only about 15% of the 
hydrogen-bonds break when ice melts to water at 0°C. Raising the temperature above 0°C 
causes more hydrogen-bonds to break, and the packing can be even tighter. Water is most 
dense, and therefore heaviest, at +4°C. With further temperature increases the heat-
induced movements of the molecules cause greater increases in space than the melting-
induced reduction in space, so the density decreases. However, even at 100°C there is 
strong attraction between water molecules, and a lot of energy is needed to eventually 
overpower these bonds and transform liquid water into water vapour. 
 
The fact that the solid phase, ice, floats on the liquid phase, is perhaps the most remarkable 
feature of water. If water behaved like most other liquids, then in Scandinavia and other 
regions with sub-zero temperatures for sustained periods, lakes would freeze to the bottom 
and only a thin surface layer would thaw during the summer. In those regions, higher life 
would simply not be possible in water. 

Water Content and Porosity 

Soil is comprised of solid material, liquid and gas. The solid component consists of both 
mineral grains and organic matter. The liquid component includes water and dissolved 
substances. The gas component is a mixture somewhat different from that of the 
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atmosphere. The solid phase can be regarded as the soil’s ‘skeleton’. The configuration of 
this skeleton determines the size and shape of the pore space (the space between the solid 
particles), which in turn governs the behaviour of liquid and gas in the soil. Since water and 
air compete for the pore space, one decreases when the other increases. 
 
The term porosity refers to the proportion of the total soil volume that is comprised of pore 
space. For spherical mineral particles of uniform size, the porosity varies between 28 and 
48% depending on how the particles are packed, but not on their size. A bucket of apples 
and a bucket of peas that have both been shaken to maximize the packing density will both 
contain about 30% air by volume. If large and small particles are mixed, the porosity will be 
smaller, since the interstices between the large particles will be partially filled by the smaller 
particles. In a soil, the particles are not spherical, which increases porosity. Typical porosity 
values are 30 – 60% for a mineral soil and more than 90% for peat. 
 

The size of the pores depends partly on the 
size and shape of the mineral particles, and 
partly on their arrangement in the soil 
‘skeleton’. The term texture usually refers to 
the size of the soil particles. So, for example, 
in a sandy soil both the particle size 
distribution and porosity are related to the 
texture. However, in a fine-grained soil the 
mineral particles tend to stick together in 
larger units, aggregates. Between these 
aggregates are much larger pores than those 
that could form between individual mineral 
particles. Therefore the soil can feel coarse, 
even though it is very fine-grained. The 
formation of aggregates gives soil what is 
termed structure, which is particularly evident 
in the superficial soil layers due to effects of 
biological activity and soil frost. (An 
important reason for ploughing and other 
agricultural treatments is to give soil a 
structure that promotes growth of crops.) 
Worm holes, the channels left by decayed 
roots, and drying cracks are examples of pores 
that contribute to the soil’s structure. 

 
The proportion of water in the total soil volume (solid material and pores) is called the 
water content, and is often expressed as a volumetric percentage. In other contexts the 
expression “water content” may refer to the weight of water relative to the weight of the 
solid soil, expressed as a percentage by weight. The following expression describes the 
relationship between volumetric percentage and weight percentage. 
 
θ = w · s / ρ 
 
θ = water content in volumetric percent 
w = water content in weight percent 
s = dry bulk density, the ratio between a soil sample’s mass and volume 
ρ = density of water 

Fig. 8 About half of a well-sorted soil 

consists of solid material. Water and air 

compete for the interstitial volume. 

Porosity = the interstices’ portion of the 

total soil volume 

Water Content = water’s portion of the 

total soil volume 

 

water air 

mineral 
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If all pores are completely filled with water, the soil is saturated. The water content at 
saturation is identical to the porosity. The water storage, S, in a soil layer of a given 
thickness is often expressed in terms of mm of water, i.e. as litre/m2. If θ is the average 
water content between levels z1 and z2, then S = θ · (z2-z1). (Here θ should be expressed as a 
fraction, not as a percentage.) 
 
The groundwater level is the level of the groundwater surface, which can be simply found by 
digging a hole in the soil, or inserting a perforated tube, and observing the level to which 
water rises. This is the level where the water pressure is the same as that of the atmosphere. 
Beneath the groundwater level, in the saturated zone or groundwater zone, the water pressure is 
greater than the atmospheric pressure, and all pores are completely filled with water. Above 
the groundwater level, in the unsaturated zone (also called the vadose zone or soil water zone), the 
pressure is less than the atmospheric pressure. There is both water and air in these soil 
pores. (In the discussion of runoff generation, we refer to the saturated area, as mentioned 
on page 7: the portion of the catchment where the soil is saturated all the way to the soil 
surface, i.e., the area where the groundwater level is at, or above, the soil surface.) 
 
The root zone plays a key role in the transmission of water to the groundwater zone. In 
this zone plant uptake determines how much of the infiltrating precipitation returns to the 
atmosphere via transpiration, and how much water flows further down to the groundwater 
zone. This is also the zone where some of the most rapid changes in water chemistry occur. 
The unsaturated zone between the root zone and groundwater level is called the intermediate 
zone.  

Water’s binding to the soil 

Soil tends to retain water even when it is freely drained. If a small tank with a tap at the 
bottom is filled with gravel and water, almost all the water will drain when the tap is 
opened. However, if the tank is filled with fine sand, or a mixture of fine sand and gravel, 
only a few drops will drain when the tap is opened. Thus, ability of gravel to retain water 
differs markedly from that of sand or a sand-gravel mixture. 

 
 
 
 
 
Fig. 9 Water binds to mineral particles through adsorption 

in a very thin layer. In the pores between mineral particles, 

water can be held by interactions between the liquid, gas 

and mineral (or organic) phases via ‘capillary binding’ 

caused by water’s surface tension. Capillary binding can 

only occur if there is an interface between liquid and gas, 

and therefore not when the soil is saturated. 

 
 

Water binds to the soil through both adsorption and surface tension. Adsorption, or the 
adhesion of water molecules to soil particles, results from the electrostatic forces between 
the dipolar water molecules and charged surfaces of the soil particles. 
 
A water molecule within a body of water is attracted in all directions to the neighbouring 
water molecules. For a molecule at the water surface, the forces of attraction to the 
molecules in the air are weaker than those to the water molecules beside and below it. 

capillary bound water 

adsorptively bound water 
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Therefore, the water surface tends to hold together. This is the surface tension, which gives a 
water drop its rounded form. The surface tension is influenced by dissolved substances. If 
the attraction between the molecules of dissolved substances and water molecules is 
stronger than the attraction between the water molecules, then the solution’s surface 
tension will be greater than that of pure water. This is the case with a salt solution. 
 
Extremely important contributors to hydrological processes are illustrated by the capillary 
rise, mediated by adsorption and surface tension, that occurs in a narrow glass tube placed 
in water. We will now see how water is held in soils’ pores by these capillary forces. 
 
The water surface bends upwards where it meets something like a glass wall. This is 
because the adsorptive forces between the glass and water are stronger than the forces of 
attraction within the water and between the air and the glass wall. Therefore, water wets the 
wall and the angle of contact between the wall and the water is a pointed tip. Similarly, a 
bulging water surface forms in a narrow glass tube that is pushed down into water, and the 
size of the bend in the water surface is negatively correlated with the tube’s diameter. The 
bend shows that the water under the surface has lower pressure than the air above it. The 
pressure at the water surface outside the tube is that of the atmosphere. The water is 
therefore pushed up into the tube by the greater pressure on the free water outside the 
tube, until the original pressure difference is balanced by the pressure from the water 
column that has been pushed up. The capillary rise in a circular tube is described by the 
following relationship: 
 
h = 2 · γ · cos α / (ρ · g · r) 
 
Here: h = capillary rise 
γ = the liquid’s surface tension 
α = the angle of contact between the meniscus (curved upper surface of the liquid) and 
wall (0o indicates complete wetting, with the wall of the tube tangential to the meniscus) 
ρ = the liquid’s density 
g = acceleration due to gravity 
r = the radius of the tube 
For water and mineral soil (like water and glass) the angle of contact is close to 0o. This 
gives, for h and r in cm, 
 
h = 0.15/r 
 
This expresses the relationship between the pore radius and the capillary binding force that 
the pore generates. Due to the binding force (a negative pressure in the water) a compensating 
force is required to drain a pore of its water, since the water is held in the pore. The 
binding force is caused, as explained above, by the interaction between the water 
molecules, wall and air. One of the prerequisites for the existence of this binding force is an 
interface between water and air. If there is no such interface, as in the groundwater zone, 
there are no capillary forces, and the water is not held by capillary forces in the pores. 
(However, the adsorptive forces, which bind the water to the mineral particles, still exist.) 

Water’s binding described by the pF-curve 

Let us return to the tank filled with gravel and sand. In both the sand and gravel only a very 
small volume of water is bound by adsorption. However, as the soil’s grains become finer, 
the surface area of particles per unit volume increases and the significance of the 
adsorptively bound water increases.  The layer around every particle bound by adsorption is 
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thought to be about seven molecules thick, and every water molecule is ca 3 · 10–7 mm in 
diameter. Assuming that the particles are spherical the content of water bound by 
adsorption in sand with 0.6 mm diameter particles is 0.001%. The percentage is even 
smaller in the gravel. The tiny volume of water that remains in the gravel after it has been 
drained is largely the fraction bound by capillary forces where the mineral particles are in 
contact with one another (cf. Fig. 9).  After draining the sand and the sand and gravel 
mixture, practically all of their pore volumes are filled with water held by capillary forces. 
 
The assumption that particles are spherical may be reasonable for very coarse-grained soils. 
However, a corresponding calculation for clay (with 0.0002 mm diameter particles) 
underestimates the proportion of water bound by adsorption (3.3%) because clay particles 
are far from spherical. Instead they are rather flat (like plates), so they have a significantly 
larger surface area per unit volume than spheres of similar size. The proportion of the 
water volume bound by adsorption in clay may be about 20%. Thus, soils’ clay content is a 
major determinant of the amount of water they bind by adsorption. 

 
 
 
 
 
 
 
 
 
 
 

Fig. 10 Device for determining the relation 

between binding pressure and water content 

in a soil sample. The sample is placed on a 

ceramic plate in contact with a reservoir of 

water with free water surface. When the water 

pressure below the ceramic plate is reduced 

by lowering the reservoir, water is sucked 

from the soil sample through the pores of the 

ceramic plate. When the soil sample stops 

draining, its binding pressure = -h. The 

corresponding water content can be 

determined by weighing the soil. 

The ceramic plate cannot admit air since the 

pores of the plate cannot be drained by the 

moderate suction generated by the apparatus. 

The pores of the plate that are not in contact 

with the water in the soil sample are blocked 

by the capillary forces generated at the 

interface between the water and air. 
 

To empty a pore of water, one must apply stronger suction than the binding forces 
associated with the pore (see the equation on page 22). In the laboratory, suction can be 
applied to a soil sample using the apparatus illustrated in Fig. 10. The more the free water 
surface is lowered, the more water is drained from the sample and its water content 
decreases. By monitoring how much water is drained as the suction increases, one can 
determine the relationship between binding forces and water content in the soil sample. 
This relationship is referred to as the water retention curve, or the pF-curve, and is a very 
informative soil characteristic. 
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In a dry soil, the water is bound tightly. The pressure in the water is strongly negative, 
corresponding perhaps to a water column of several hundred metres. The concept pF has 
been introduced to express the water’s pressure in a manageable fashion for both large and 
small negative pressures. pF = 10log(-ψ), where ψ is water’s pressure expressed in terms of 
cm of a water column. pF 1 and 4 thus respectively denote water pressures of -10 and -
10,000 cm.  
 
The terminology used to describe soil water and groundwater pressures can be confusing. 
We have assigned the atmosphere a pressure of zero. Groundwater’s pressure is then 
positive, and that of soil water negative. To facilitate conceptualization of negative 
pressures the word suction is sometimes used synonymously, i.e., strong suction is the 
same as a strong negative pressure (as expressed by a large negative number of cm of 
water). 
 
 

 
 
 
Fig. 11 A soil’s water 

retention properties are 

illustrated by its water 

retention, or pF, curve. A 

large proportion of the 

pore volume in coarse-

grained sand is drained 

when even a small suction 

is applied, while fine-

grained clay retains a lot of 

water even when a large 

suction is applied. 

   A well-sorted, coarse silt 

has pores of very uniform 

size, which drain at a 

specific suction where the 

water content falls 

dramatically. The till and 

this clay have pores with 

diverse sizes, so the water 

content decreases 

gradually as the pressure 

becomes more negative. 

 
 

  

(m) 

water content 
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The largest suction that the apparatus illustrated in Fig. 10 can generate is the atmospheric 
pressure, which is equivalent to the pressure generated by a 10 m column of water (pF 3). 
To drain the soil sample further in the laboratory, the pressure in the air on the upper side 
of the soil sample can be increased, or the equilibrium established between the negative 
pressure in the water and the vapour pressure in the surrounding gas can be exploited.  
 
A water retention curve provides informative indications of a soils’ pore size distribution. 
Increases in a soil’s clay content increase the proportion of small pores, and the binding of 
water at any given water content. Sorted soils have a relatively uniform pore size, so much 
of their water is held within a narrow pressure interval. Thus, many of the pores empty at a 
certain suction, manifested by a plateau in the pF-curve (as shown by the curve for the 
coarse silt in Fig. 11). This results from the narrow interval in sorted soils’ texture. Soil 
structure can also give rise to smaller plateaus in pF-curves. 
 
When determining a pF-curve, thin soil samples are used, so the differences in pressure at 
different levels in the samples can be ignored. In a ‘tall’ soil sample with a large vertical 
dimension, these pressure differences cannot be ignored, as water in upper parts of the 
sample is subject to more negative pressure than water in the lower parts. When the free 
water surface in the reservoir of the apparatus is level with the sample’s lower surface (h = 
0 in Fig. 10), the suction at the sample’s upper surface is equivalent to the height of the soil 
sample, and that suction can drain larger pores. 
 
When an initially saturated soil sample is allowed to drain freely until the flow of water 
stops, the pressure in the water at the sample’s lower surface is equal to atmospheric 
pressure. This level corresponds to the free water surface. At that time, the suction at any 
level in the soil sample is equivalent to the pressure of a water column corresponding to the 
distance to the lower surface (assuming no water evaporates from the upper surface of the 
sample). The reason why so little water was drained from the tank with sand or sand and 
gravel was that the forces holding the water in the pores (the binding pressure) was greater 
than the height of the tank, so that not even the uppermost pores drained.  

 
Fig. 12 This figure shows two wet mats on a washing line. When they stop dripping, the mat hung 

vertically (on the left) is drier than the one hung horizontally (on the right). At that point, the suction at 

any level in the mats is equal to the distance to the mat’s lower edge, where the water pressure is the 

same as atmospheric pressure. In the upper portion of the left-hand mat the suction is great, and the 

water content low. In the right-hand mat, most pores are still filled at the modest suction found even at 

the upper edge of the mat.  

  The groundwater level influences the soil water content in a similar fashion. 
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In the above example, the “free water surface” can be replaced with “groundwater level” 
and “soil sample” by “soil above the groundwater level”. When there is no vertical 
drainage, i.e. at drainage equilibrium, the soil water’s suction at any level is equal to the 
pressure of a water column corresponding to the distance to the groundwater level. The 
location of the groundwater level is thus highly significant for the water content in the 
unsaturated zone, when the groundwater is relatively shallow. If the groundwater level is 
deep, equilibrium is never established between the soil water and the groundwater level. 
The drainage of water from the soil stops because the capacity of the soil to transmit water 
is practically zero when the suction reaches a certain level. In a sandy soil, this occurs 
already when the suction is about 0.5 m, in glacial till at 1-2 metres of suction, and in silt or 
clay soil at about 3 metres of suction. These are the greatest depth at which the 
groundwater level influences the soil water content near the soil surface. (In the apparatus 
illustrated in Fig. 10 the conditions and responses are different, as the soil sample drains 
through a tube that is filled with water, and thus does not lose its ability to transmit water.) 

Plant-available water 

Two concepts often used to describe the hydrological status in the root zone are field 
capacity and wilting point. 
 
Field capacity refers to the water content in a previously saturated soil after free drainage, 
such as might result from lowering the groundwater table. This is the greatest water 
content the soil can hold against the force of gravity. During, and shortly after, a large rain 
event the water content can exceed the field capacity. After a period of drainage, the 
downward flow essentially ceases, and the water content remains almost constant at the 
field capacity. (Continued reductions in the soil’s water content after that result primarily 
from water uptake by plants associated with transpiration and evaporation from the soil 
surface.) 
 

 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 13 During dry periods, plants must rely on the plant-available 
water in the root zone, the amount of which equals the difference 
between the water contents at field capacity and the wilting point.  

The diagram shows the water retention qualities of sorted 
soils with different particle sizes. The high drainable water volume 
of the finest soils results from the presence of large pores created by 
the soil structure. 
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An implication of relationships considered in the discussion of water retention is that the 
field capacity depends on the depth to the groundwater level (as shown, for example, in 
Fig. 12). The deeper the groundwater level, the more water drains from the root zone 
(within certain limits, generally until the groundwater level is a few metres deep). A more 
precise definition of the field capacity is the “soil’s water content at pF 2.0”, i.e. at a suction 
of 100 cm (water pressure). This definition is applicable to individual soil samples. In a root 
zone above shallow groundwater, the equilibrium water suction at any level is equal to the 
distance to groundwater surface, and therefore varies with depth in the root zone. Thus the 
definition of field capacity based on pF 2.0 is not applicable. 
 
One way to determine the field capacity of soil in the field is to water the soil surface 
generously, and then monitor the water content. The field capacity is the soil water content 
after it has fallen to a relatively constant value, most likely after a few days, as described in 
more detail on page 33. 
 
The wilting point is the water content at which the water uptake by plants ceases as the soil 
dries. Plants draw up water through suction created in roots. At the wilting point, the water 
remaining in the soil is so tightly bound that the plants cannot create sufficient suction to 
pull out any more water. The wilting point is usually assigned a value of pF 4.2, which 
corresponds to a suction equivalent to 150 m water pressure. The wilting point is largely 
controlled by the amount of adsorptively bound water in the soil. The more fine grained a 
soil is, the larger its water content at the wilting point. 
 
The difference between a soil’s field capacity and wilting point corresponds to the volume 
of water that plants can use during dry periods. This is usually referred to as the plant-
available water and can be determined from the pF curve. The amount of plant-available 
water varies markedly between different soils. For a sandy soil yielding a curve like the one 
for sand shown in Fig. 11, this amounts to just 3% (15 mm in a 0.5 m root zone). In such 
soil, much of the water drains before field capacity is reached. For the coarse silt depicted 
in the figure, 40% of the soil volume consists of plant-available water (200 mm in a 0.5 m 
root zone), but in the clay shown in the figure the fraction of plant-available water is 
relatively small, 23%. Here most of the water is still held in the soil at the large suction 
corresponding to the wilting point. It should be noted that this is an extremely stiff clay, 
unaffected by soil processes. The plant-available water in most Swedish clay soils is 
considerably larger, which makes them particularly suitable for agriculture. 
 
In gardens (and flowerpots) the soil’s particle size distribution can be manipulated to create 
soils that have large reservoirs of plant-available water and thus can sustain plants through 
extended drought periods.  

The driving forces behind the flow of soil water and groundwater 

In the discussion of water retention we have primarily considered equilibrium conditions, 
i.e., situations where any flow has ceased. Thus, we have ignored another force that 
contributes to water retention in the soil, friction. The force of friction that is generated by 
flow in a soil pore is proportional to the velocity of the flow. (This applies as long as the 
flow is laminar, i.e., it occurs in layers without mixing in the pore; when turbulent mixing 
occurs the friction forces increase proportionally to the square of velocity. That is the case 
for, i.e. the aerodynamic drag on a car and the bed friction in a stream). The proportionality 
between velocity and the force of friction forms the physical foundation for Darcy’s Law, 
which expresses the relationship between driving forces and flow in the soil. This 
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relationship, which we will consider in some detail, is the basis for almost all calculations of 
water flow in the soil water and groundwater zones. 
 
Groundwater flow can be treated, as we shall see, as a special case of soil water flow (where 
the pressure is greater than atmospheric and the water content is equal to the porosity). 
Therefore, when discussing flows we often refer to both soil water and groundwater as soil 
water.  
 
The flow of soil water and groundwater is driven by the forces of gravity and pressure. The 
driving forces are balanced by the frictional forces generated by the flow. Since the 
frictional forces are proportional to the velocity of flow in a pore, flow is proportional to 
the driving forces. 
 
A useful concept for understanding and describing soil water and groundwater flow is 
potential energy. In physics, the term refers to the work (force times distance) required to 
move a body to a given position or state. For example, a mechanical spring’s potential 
energy is the work needed to stretch it to a particular position. Gravitational potential 
energy can be defined as the work required to lift a body from a certain reference elevation 
to a new elevation. By definition, a force acts in the other direction (towards a position of 
lower potential energy) on a body attached to the stretched spring, or a raised body. The 
decline in the body’s potential energy that occurs when that force is allowed to work equals 
the sum of the increases in the body’s kinetic energy and the frictional energy (heat) that is 
generated. 
 
The soil water potential is defined in a similar way. (In soil contexts the word energy is usually 
dropped from potential energy to avoid tedious repetition.) The total potential of the soil water 
is the sum of the gravitational potential and the pressure potential. There is also an osmotic 
potential, but that can usually be ignored. 
 
A body’s potential energy is usually expressed in terms of energy per unit mass (J/kg). 
When speaking of water flow the terms energy per unit volume (J/m3), and energy per unit 
weight (metres of a water column) are used. The latter terminology, which is very practical, 
is derived by dividing the term J/m3 by ρ · g where ρ = water’s density (kg/m3) and g is the 
gravitational acceleration (9.81 m/s2). 
 
The gravitational potential of soil water is the amount of work required to move a unit mass 
of water from a reference level to the level where that water is. In terms of metres of a 
water column, the water’s gravitational potential is its elevation above the reference level.  
 
Pressure potential is defined as the work required to transform a unit mass of water from 
atmospheric pressure to the pressure in the water. This is simply the pressure of the water 
relative to atmospheric pressure. The pressure potential is thus negative in the soil water 
zone, zero at the groundwater level, and positive in the groundwater zone. Pressure 
potential in the unsaturated zone is often called the binding potential. Pressure potential at a 
point is the height above (or negative distance below) that point where a free water surface 
in equilibrium with the water at the point would stand. In the unsaturated zone the water 
pressure can be measured with a tensiometer. If the water tank in Fig. 10 is removed, so only 
the tube remains below the ceramic plate, the water level in the tube will adjust to the 
pressure in the soil sample. This is the principle of a tensiometer. The water level in this 
case is lower than the measurement point in the soil, so the height is negative (pressure 
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potential <0). In the saturated zone, pressure is measured with a tube that is open at the 
top and has an intake only at the soil level being measured, called a piezometer. 
 
Thus, the soil water’s total potential at a given point is the sum of the point’s height above 
a certain reference level (gravitational potential) and the elevation of the water level in a 
measuring device relative to the measurement point (pressure potential). The total potential 
is therefore also the elevation of the water level in the measuring device relative to the 
reference level. 
 
Osmotic potential arises when a substance is dissolved in a liquid. If the solution does not 
have uniform concentrations of the dissolved substance, there will be a net migration 
(driven by random motions) of the substance’s molecules from areas with high 
concentrations to areas with low concentrations. This process is called diffusion. If the liquid 
is divided with a semi-permeable membrane that allows the solvent through, but not the 
dissolved substance, there will be net movement of the solvent through the membrane 
from the side with the higher concentration of solvent to the side with the lower solvent 
concentration (i.e. from the side with the lower concentration of the dissolved substance to 
that with the higher concentration). The counter-pressure that one must apply to stop the 
migration of the solvent is the solution’s osmotic potential. The osmotic potential is 
significant for water uptake by plants’ roots, which function as such a membrane. If the soil 
water has a high salt content, then the osmotic potential is low (a large negative value) and 
it may be difficult for plants to generate sufficiently strong suction to extract water from 
the soil, even if water is available. However, for flow within the soil the osmotic potential is 
not of practical importance, since the effect requires the presence of a semi-permeable 
membrane. 

Calculation of saturated and unsaturated water flows  

Darcy’s law, formulated in 1856 by the Frenchman Henri Darcy, was originally intended 
for application to groundwater flow, but has subsequently been shown to apply to 
unsaturated flow too. The law states that flow between two nearby points in soil is 
proportional to the total potential difference between those points, as follows:  
 

Q = - K · A · d  /dx 
 
Q = water flow (m3/s) 
A = cross-sectional area of the soil layer (m2) 
K = the soil’s hydraulic conductivity (m/s) 

 = the water’s total potential (m) 
x = distance (m) 

d  /dx = the change in total potential per unit distance, potential gradient (m/m, i.e. unitless) 
 
In the equation, Q is the water flow, i.e., the volume of water that moves per unit time 
across a cross-section of the soil with an area A. The flow of water per unit area of soil, 
Q/A, is called the volumetric flux. This has the unit m3/(s · m2) = m/s, or in the case of 
vertical flow, for example, litre/(day · m2) = mm/day. 

 
The minus sign in the equation is a result of flow occurring in the direction of decreasing 
potential, which means that Q is positive (in a positive direction along the x-axis) when the 
potential gradient is negative. For unsaturated flow, the expression implies that flow tends 
to occur downwards (towards lower gravitational potential), and to drier regions (towards 
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lower pressure potential). These forces combine when water infiltrates into a dry soil, but 
they oppose each other when water evaporates from the soil surface. 
 

. 

 

The soil’s hydraulic conductivity 

The hydraulic conductivity is a measure of a soil’s ability to transmit water. This depends on 
the soil’s pore size distribution, the composition of the pore system, and the soil’s water 
content. The conductivity of a soil is greatest when the entire pore volume is filled with 
water, i.e. under saturated conditions. The hydraulic conductivity at saturation is sometimes 
called the permeability, but strictly permeability refers to a soil’s capacity to transmit a liquid 
or gas, for example oil or air. This is a property of the soil that does not depend on the 
properties of the liquid or gas. Permeability has the unit m2. 
 
The soil’s hydraulic conductivity is a key factor for calculating flows of water in it. The 
hydraulic conductivity can be determined from Darcy’s Law by measuring the flow(s) and 
the associated potential gradient(s), either for a soil sample in the laboratory or an entire 
soil layer in the field. The saturated conductivity, i.e. hydraulic conductivity under saturated 
conditions, is normally determined. In the field this can be done by so-called pumping 
tests, which provide data relating the amount of water pumped from a well to the lowering 
of the groundwater level around the well. 
 
 

Table 1. Approximate values of saturated 
hydraulic conductivity for some soils. (From 
Fagerström & Wiesel, 1972.) 

Soil Hydraulic conductivity at 
saturation (m/s) 

Fine gravel  10-1 – 10-3 
Coarse sand  10-2 – 10-4 
Medium sand  10-3 – 10-5 
Fine sand  10-4 – 10-6 
Coarse silt Coarse till 10-5 – 10-7 
 Sand till 10-6 – 10-8 
Fine silt Silt till 10-7 – 10-9 
 Clay till 10-8 – 10-10 

Clay Till clay <10-9 

 
Note. These values apply to the conductivity 
associated with unstructured soils with the 
indicated particles. In fine-textured soils the 
saturated conductivity is often larger in the upper 
soil layers, due to soil structures like dry cracks, 
root channels, worm holes, etc. 
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Let us see how the conductivity depends on the pore size and water content. The velocity 
of water flow in a narrow tube is defined by the following relationship: 
 

v = constant · r2 · d  /dx 
Here: v = average velocity 
r = the radius of the tube 
 
Thus, the velocity of the water induced by a given driving force increases rapidly with 
increases in the tube’s radius. This is because friction’s ability to retard the flow decreases 
as the radius increases. The flow of water (Q) through the tube is given by the velocity (v) 
times the cross-sectional area (A): 
 
Q = v · A 
 
Since both v and A increase proportionally with r2, the flow of water is a function of r4. 
Thus, a tube with a radius of 1 mm conducts as much water as 10,000 tubes with a radius 
of 0.1 mm. 
If we regard the soil as consisting of narrow, parallel tubes with very thin walls oriented in 
the direction of flow, and the tube diameter increases ten-fold, then the total flow across 
the cross-sectional area of the soil increases by a factor of 100. (Water flow through every 
tube is 10,000 times greater, but a given cross-section of the soil contains 100-fold fewer 
tubes.) 
 
This illustrative calculation implies that the saturated hydraulic conductivity in a real soil 
increases quickly with increases in the size of the pores, and thus with increases in size of 
the soil’s particles (Table 1). In addition to the particle size, the structure is also highly 
significant. A water-filled worm hole or a water-filled crack can transmit, as demonstrated 

Gradient 
 
Gradient is a mathematical term that within physics normally describes how the size of 
a quantity changes per unit distance in a specified direction. Temperature gradients, for 
example, define how many degrees the temperature (T) changes per unit distance in a 
given direction (x). If the temperature increases when moving in the direction, the 
change (dT) is positive, and the temperature gradient (dT/dx) is positive. If the 
temperature decreases, the gradient is negative. 
 
Similarly, the potential gradient of soil water describes how soil water potential 
changes in a specific direction in the soil. A force acting on water promotes movement 
from zones of high potential towards zones of low potential. If the potential gradient 
in the x-direction is negative, i.e., if the potential decreases with increases in x, then 
flow occurs in the direction of the x axis. This is usually defined as a positive flow in 
relation to the x-axis. In order for a negative potential gradient to generate a positive 
flow, one must place a minus sign in front of the right side of the equation expressing 
Darcy’s Law. In simple applications of the equation to saturated flow the direction of 
flow is easy to record and the minus sign can often be omitted, but in applications to 
unsaturated flow the direction of flow might be the variable sought, so the minus sign 
is good to have in the equation. In flow modelling the minus sign is also necessary. 
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above, much more water than “ordinary” soil pores with the same total cross-sectional 
area.  
 
Of course, for a pore to transmit water it must contain water, so the water pressure must 
not be less than the binding potential of that pore. As a soil dries, progressively smaller 
pores are emptied of water. Thus, the conductivity rapidly decreases, partly because the 
water content (and hence the water-filled portion of the soil’s cross-sectional area) 
decreases, but mainly because the largest pores (which contribute most to the total flow) 
drain first.  
 
A sandy soil and a clay soil can have approximately the same porosity, perhaps 50%. Thus, 
they have approximately the same cross-sectional area for water flow at saturation 
(assuming that all water contributes to flow, ignoring water bound by adsorption). The 
saturated conductivity is larger in the sandy soil because of its larger pores. If strong 
suction is applied, the large pores drain and the clay soil, with its numerous small pores, will 
then contain the most water and have higher conductivity. Similar patterns are displayed by 
the differences between two sandy soils presented in Table 2. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

 
 

Table 2. Measured hydraulic conductivity (K) and water content (θ) of two sandy soils under saturated 
and unsaturated conditions.  (From Jansson, 1980.) 
 
Pressure 

(m) 
Soil 1 (coarse) 

(Well sorted medium sand) 
Soil 2 (fine) 

(Non-sorted sand containing fine particles) 

 θ 
(vol %) 

K 
(m/s) 

θ 
(vol %) 

K 
(m/s) 

0 39 2.4·10-4 59 0.7·10-4 

-0.25 10 3.9·10-6 36 3.9·10-6 

-0.50 6 1.1·10-8 22 1.7·10-7 

At saturation, the coarser soil has the highest conductivity, because the considerably larger 
pore volume in the finer soil cannot compensate for the contribution from the largest pores 
in the coarse soil. In both soils the conductivity rapidly decreases with increases in suction, 
i.e., when the largest pores are emptied. At -0.5 m pressure there are few water-filled pores in 
the coarse soil. The conductivity is now greatest in the fine-textured soil. 
       It should be noted that the suctions in these cases are relatively weak. In sandy soils like 
these the water movement is strongly reduced during dry periods, when the pressure can 
amount to minus many tens of metres of water and the water content becomes very small. 
This also hinders water uptake by plants and the wilting point (pressure = -150 m water) is 
seldom reached. 
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Fig.14 a. The groundwater surface is the level at which the water pressure equals atmospheric pressure. In the groundwater zone all pores 
are filled with water and the pressure is higher than atmospheric. In the soil water zone the pores contain both water and air. The water 
pressure is lower than atmospheric. 

 
The unsaturated conductivity is partly related to the saturated conductivity, which serves as 
the starting point when a soil dries. The conductivity is also partly related to the pF-curve, 
which determines how much water is left at a particular suction. This relationship is used 
when calculating the unsaturated hydraulic conductivity at different suctions, since there 
are often no available direct measurements of the unsaturated hydraulic conductivity. 
 
Due to the differences in conductivity changes with changes in water pressure, sandy and 
clay soils drain in different ways. In a sandy soil, drainage essentially ceases at a certain 
suction. In a clay soil the drainage is slower, but it decreases more gradually. Even at very 
strong suctions, flow can still occur in clay. Because of this difference, the concept of field 
capacity is better defined in a coarse-grained soil than in a fine-grained soil. 
 

  

s o i l  w a t e r 

g r o u n d w a t e r 
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Fig. 14 b. Water pressure, water content and vertical water flow in an unsaturated soil. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

(1) Water flows from zones with relatively high potential to zones with lower total potential.  

(2) Water’s total potential = pressure potential (pressure) + gravitational potential (elevation).  

(3) Gravitational potential, i.e. elevation, always increases at a rate of one metre for every metre moved upwards.  

(4) Along line b, the pressure decreases at a rate of one metre for every metre moved upwards (the line has a slope of –
45o). The pressure potential decreases as much as the gravitational potential increases. The total potential is therefore 
constant and no flow occurs.   

(5) In the case pertaining to curve a, the soil surface has dried and the pressure in the soil water zone decreases faster 
with increases in elevation gain than in b. The pressure potential’s decrease with increases in elevation exceeds the 
increase in gravitational potential. Thus, the total potential decreases upwards, and the flow of water is upwards.   

(6) In the case pertaining to curve c, water has been added at the soil surface. In this case, pressure decreases more 
slowly with increases in elevation gain than in b. The pressure potential’s decrease with increases in elevation does not 
fully compensate for the increase in gravity potential. Thus, the total potential increases upwards and the flow of water 
is downwards.  

One cannot determine the vertical direction of water flow in a similar fashion from the change in soil water content 
with depth. It is the pressure and not the water content that determines the flow direction.  However, the pressure can 
be calculated from the water content using the soil water retention curve. 

(1) Q = -AK d/dz 

(2)  = ψ + z 

(3) dz/dz = 1, i.e. d/dz = dψ/dz + 1 

(4) b) dψ/dz = -1, which gives d/dz = 0, 
 i.e. Q = 0, no flow 

(5) a) dψ/dz < -1, which gives d/dz < 0,  
 i.e. Q > 0, flow upward 

(6) c) dψ/dz > -1, which gives d/dz > 0, 
 i.e. Q < 0, flow downward 
v 

     w a t e r    p r e s s u r e 
suction                z           pressure 

water content 

a    upward flow 
b    no flow 
c    downward flow 

(m) 
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Water pressure and vertical flow in unsaturated soil 

Let us consider some applications of Darcy’s Law. Consider Fig. 14 (a and b), which shows 
a soil with a horizontal soil surface and a horizontal groundwater level. When there is no 

vertical flow, the total potential is identical at all levels (d/dz = 0). Since the gravitational 
potential increases linearly with elevation, the pressure potential must decrease at a 
corresponding rate, so the sum remains constant. In the unsaturated zone the pressure is 
negative and equal to the distance to the groundwater level (as outlined on page 27). In the 
saturated zone the pressure is positive, and identical to the depth below the water level. 
The pressure potential is described by a straight line with a slope of –45o in the diagram. 
 
The water content varies in a different manner. Below the groundwater surface the water 
content is constant, and equal to the porosity. Above the groundwater surface, the water 
content varies with elevation in accordance with the water retention curve (drawn with a 
linear scale in the figure). Here the pores begin to empty at a suction corresponding to, say, 
some dm above the groundwater surface. This pressure, the air-entry pressure, plays a 
major role in soil water flow at near-saturation conditions. The hydraulic conductivity first 
begins to decline markedly at greater suctions. 
 
If water is added to the upper soil layer through infiltration, then the soil profile is no 
longer in equilibrium. Water pressure at the surface increases (becomes less negative), 

which increases the total potential at the surface, and a downward flow begins (d/dz > 0). 
If water is instead removed by evaporation from the soil surface or water uptake by plants, 
the water pressure at the surface decreases (becomes more negative). The total potential at 

the surface decreases and an upward flow will begin from deeper levels (d/dz < 0). 
 
The pressure forces in the unsaturated zone, primarily generated by capillary forces, can 
thus work downwards as well as upwards, and in other situations even sideways. The force 
of gravity always acts downwards, as is well-known. (Even in the groundwater zone 
pressure forces can work in all directions, as we will see later.) 
 
For every water pressure in the soil, there is a corresponding water content in accordance 
with the water retention curve for the soil in question. The water content in the considered 
flow situations has been drawn in Fig. 14 to represent the water content at equilibrium and 
an imagined extension of that curve.  
 

Figure 15 also illustrates the relationship between total potential at different levels and the 
direction of flow, in a flower pot. Note that the difference in total potential in the soil 
water is not proportional to the magnitude of the flow, since the conductivity depends on 
the suction. A specific potential difference in a soil under moist conditions will therefore 
give rise to a much larger flow than the same total potential difference under dry 
conditions. 
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Fig. 15 Soil water pressure is measured 

with tensiometers. Here these consist of 

a ceramic cup connected to a free water 

surface. The height of the free water 

surface above or below the 

measurement point gives the pressure 

(or suction) at that point, i.e. pressure ψ 

= h – z, where h and z are heights above 

a reference level. Under unsaturated 

conditions, h < z and the water pressure 

is negative relative to that of the 

atmosphere. 
Total potential = pressure potential + 

gravity potential  = h – z + z = h 

 

The height of the free water surface thus 

denotes the total potential 

a) The total potential decreases downwards and the flow is downwards 

b) The total potential is constant and there is no flow 

c) The total potential decreases upwards and the flow is upwards 

 

A coarse layer diverts unsaturated flow 

The effect of a coarse layer in a fine-grained soil provides an interesting example of the 
variation among soils in conductivity changes associated with changes in suction. If that 
layer slopes somewhat, unsaturated flow vertically downwards will be diverted to the side 
(Fig. 16). This is not because the coarse layer transmits the water to the side, but because 
the water cannot penetrate it. Instead, the water flows in the fine-grained soil along the 
upper edge of the coarse layer. At the suctions that can exist in soils after a moderate 

     reference level 
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addition of water, the coarse pores do not fill with water, so the conductivity is low in the 
coarse layer and water flows in the fine soil with higher conductivity. If the input of water 
increases significantly, creating nearly saturated conditions, the water runs downward into 
the coarse layer, as illustrated in Fig. 17.  
 
This principle has been exploited when covering old garbage dumps with soil. To prevent 
rainwater infiltrating into the garbage and transporting pollutants into the groundwater, the 
garbage can be covered by a coarse-grained layer. A fine-grained layer is then placed above 
this. 
 
 

Fig. 16 Large pores 

transmit water much more 

efficiently than small 

pores. But pores that 

contain no water do not 

transmit any water at all. 

When the soil water 

pressure is moderately low, 

the large pores are 

emptied. In a coarse-

grained soil there are few 

water-filled pores, but in 

the fine-grained soil there 

are many. A moderate flow 

of water from above, 

caused, for example, by 

infiltration, is diverted to 

the side into the lower 

portion of the fine-grained 

soil since the coarse-

grained soil cannot 

transmit the water. Thus, 

the large, unfilled pores 

block the flow. 

 

If the coarse layer is horizontal, there will be no diversion of the flow. Instead a nearly 
saturated layer will build up in the fine-grained soil. When the pressure increases 
sufficiently, the water will suddenly drain through the coarse layer. Such a breakthrough 
can be very local, due to horizontal discontinuities in the soil and possible undulations in 
the upper surface of the coarse layer. 
 
A hole dug in the unsaturated zone diverts unsaturated flow in a similar fashion. For water 
to come out into the hole, which can be treated as an extremely large pore, the water 
pressure must be equal to that of the atmosphere. The water content on the up-gradient 
side of the hole increases initially due to the flow of soil water. This increases the water 
pressure, thereby decreasing the potential gradient, which drives that flow. If the cross-
section of the hole in the direction of the flow is small, say 0.5 m, then all flow is diverted 
around the hole.  
 
If the cross-section is large, say several metres, diversion will continue to the sides. In the 
middle of the hole, saturation may occur, at which point water will begin flowing into the 
hole. However, the flow into the hole will be less than the flow across that same cross-
section without a hole. 
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We have previously emphasized that flow occurs in the direction of diminishing total 
potential. Strictly, this applies to a homogeneous soil with the same conductivity in all 
directions. Figures 16 and 17 show examples of situations where this is not the case. 
Because the gravel has much lower conductivity than the sand in this example of 
unsaturated flow (when the input of water is moderate) the small component of the 
potential gradient along the boundary of the sand layer is much more effective for 
transmitting flow than the larger component perpendicular to the boundary, into the 
gravel. Another example is provided by groundwater flow in a sandy soil overlain by clay. 
Even if the total potential gradient is directed up toward the clay, the flow will still remain 
essentially parallel to the boundary between the two soil types. 

 
Fig. 17 In situations such as those illustrated here, when the water input is small the water pressure is 

rather low and the unsaturated conductivity is much larger in the sand than in the gravel. The flow is 

diverted laterally along the lowest layer of the sand (a). When the water input is large the soil is almost 

saturated and the large pores in the gravel fill with water. The conductivity of the gravel becomes large, 

and almost all flow goes through the gravel (b). Under saturated conditions conductivity is much larger 

in the gravel than in the sand. 

Water flow in saturated soil 

When we have discussed unsaturated flow, we have primarily considered flow directed 
either upwards or downwards. These flow directions usually dominate in the soil water 
zone. Even in the groundwater zone vertical flow occurs, or flow with a vertical 
component, but here the horizontal component is usually dominant. 
 
In the most common applications of Darcy’s Law under saturated conditions, it is assumed 
that the total potential gradient at every level is the same as the slope of the groundwater 
surface relative to the horizontal plane. Thus, vertical differences in total potential are 
ignored. The pressure at every level is assumed to be equivalent to the distance to the 
groundwater surface. This implicitly assumes that the flow at every level is horizontal; a 
simplification called Dupuit’s assumption, after its originator. 
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Water flow (Q) through a cross-section with area A, if the x-axis is horizontal, is now given 
by: 
 
Q = - K · A · dh/dx 
 
Here: h = elevation of the groundwater surface (m) 
dh/dx  = the slope of the groundwater surface (m/m, and thus unitless) 
 
The hydraulic conductivity is a measure of the soil’s capacity to transmit water expressed 
per unit cross-section area. Often it is practical to define the capacity to transmit water per 
unit width of the cross-section. This is called the transmissivity, T (m2/s).  
 
Q = -K · A · dh/dx = -K · m · b · dh/dx = -T · b · dh/dx 
 
Here: m = the thickness of the soil layer  
b = the width of the soil layer  
 
Thus, transmissivity expresses the capacity of an entire soil layer to transmit water. It is 
related to conductivity by the expression T = K · m. As we shall see later, K often varies 
considerably with depth. In such cases T is the sum of the contributions of every soil layer 
to the hydraulic conductivity, 
 

=
2

1

z

z
KdzT  

 
If we know the transmissivity, we can determine the total flow of groundwater per unit 
width directly from the slope of the groundwater surface. 

Determining the direction of groundwater flow 

As we stated earlier, knowledge of the hydraulic conductivity is crucial when calculating 
groundwater flow. As it varies by many orders of magnitude between different soil types, 
and even in the same soil type due to variations in soil structure, it is difficult to obtain 
reliable estimates of the conductivity in natural environments. Thus, it is difficult to 
calculate flow volumes accurately. However, determining the direction of the groundwater 
flow is simple, as it follows the slope of the groundwater surface. From observations at 
three or more points of the groundwater table with appropriate spacing the slope of the 
groundwater surface, and thus the direction of groundwater flow, can be easily determined.  
 
Figure 18 shows a detailed map of the groundwater surface in a small area of forested, 
glacial till soil, based on observations of the water level in perforated plastic tubes driven 
into the soil in a grid covering the area. The groundwater’s direction of flow is 
perpendicular to the contour lines of the groundwater level. A comparison with the ground 
surface topography shows that the groundwater table essentially follows the slope of the 
ground (except in the close vicinity of the streams that are incised into the soil). The 
groundwater thus flows perpendicular to the contour lines of the ground surface. This is 
the usual pattern in glacial till terrain, even in areas where the groundwater level is not as 
close to the soil surface as in this case. The deeper the groundwater level, the more local 
divergences there will be from the ground surface topography, but the principal direction 
of flow will still coincide with the principal direction of the slope. If the direction of the 
groundwater flow is unknown, the best guess is often in the direction of the hillslope’s fall 
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line (although in some other geological formations, for example in a glaciofluvial esker, this 
does not apply). Figure 18 also shows the relationship between the streams and the 
groundwater level. The groundwater flows towards the streams, the surfaces of which can 
be regarded as low parts of the groundwater surface. This is typical for streams in the 
Swedish climate zone generally, not just those in till soils. 
 
 

 
Fig. 18 Topographic contours (upper panel) and 
the groundwater surface (lower panel) near two 
streams that join in Kloten, Västmanland, 
central Sweden, September 1983. 

The groundwater level is very close to the 
ground in this till hillslope. The flow of 
groundwater, which occurs perpendicular to the 
groundwater contours largely follows the slope of 
the soil surface.  

Normally groundwater flows towards 
streams. In one of the stream channels and below 
the confluence, there is a streamflow gauge 
(indicated by the straight line across the stream in 
the figure) that dam the water. The resulting 
increase in the stream level leads to a groundwater 
flow from the stream into the slope adjacent to the 
gauge. Calculations show that this leakage is not 
significant for the determination of streamflow.  

 

 

 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

The groundwater surface shown in Fig. 18 was defined with the help of observation tubes 
constructed so that water could enter along their entire lengths below the groundwater 
level. Thus, two tubes driven to different depths at the same point will have the same water 

ground surface 

groundwater surface 

height 

height 
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level. This is the groundwater level, defined as the level where the pressure in the soil water 
is the same as the atmospheric pressure. 
 
If tubes perforated only at a specific level are used instead, tubes installed at the same 
location with water intakes at different depths may have different water levels. The water 
level is determined by the total potential of the groundwater at the level of the intake, and 
the total potential may vary with depth. In the middle of a hillslope, the total potential in 
the groundwater is often the same at all levels, and the flow is essentially parallel to the 
groundwater surface, so Dupuit’s assumption applies well. However, near the ends of 
hillslopes, the assumption is less valid. At the upper end, near the groundwater divide, there 
is a downward flow component, and the total potential decreases with depth. At the foot of 
the hillslope, the situation is reversed, and the total potential increases with depth, so there 
is an upward flow component. In an observation tube with an intake one or two metres 
under the bottom of a stream the water level is often several cm higher than the surface of 
the stream, showing that groundwater is flowing from the bottom of the stream into the 
stream. 

The velocity of soil water and groundwater flows 

At least three different velocities are frequently used when characterizing soil water and 
groundwater flows: Darcy velocity, particle velocity and the pressure wave propagation 
velocity. These ‘velocities’ can be easily confused sometimes. 

Darcy velocity 

As already stated, Darcy’s Law can be expressed as follows: 
 

Q/A = -K · d/dx 
 
The term Q/A refers to volumetric flux, i.e., the amount of water passing a cross-sectional 
area of soil per unit time, and it has the units of velocity (m/s). This is often called the 
velocity and represented by v, the customary symbol for velocity, and sometimes it is called 
the ‘Darcy velocity’ (vd). It is important to note that this ‘velocity’ does not refer to the 
velocity of a water particle (vp), i.e., the velocity at which a perfect tracer would move. 

Water particle velocity 

In some cases, such as streams, the entire cross-sectional area contributes to the flow of 
water, and then the following expression holds: 
v= Q/A 
 
where v = the average water particle velocity. In the soil, only a portion of the cross-section 
contributes to flow, which we can call the effective area (Ae). The water particle velocity vp 
can be described as: 
vp = Q/Ae 
 
If the presence of water bound by adsorption is ignored, then:  
Ae = θ · A 
 
where θ = water content (expressed as a ratio, not a percentage). This yields the following 
relationship: 
vp = Q/(A · θ) = vd /θ 
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Since the water content is less than one, the particle velocity is greater than the Darcy 
velocity. In groundwater flow, the water content is equivalent to the porosity, p and:  
vp = vd /p 
 
 

 

 

Fig. 19 Schematic illustration of piston flow, marked by a thin layer labelled with dye, in the 

unsaturated zone. Ignoring a certain spreading of the dye, the labelled layer of water maintains its 

identity while moving through the soil. The “groundwater” created in the bucket during the experiment 

consists of different water particles from those that infiltrated at the surface.  

 
This relationship applies to groundwater flow in a sorted, reasonably coarse-grained, 
unstructured soil (e.g. sand). In such cases the volume of water bound by adsorption that 
does not participate in the flow is a small fraction of the total porosity. Since the soil lacks 
structure, there is no interconnected system of large pores. All water particles therefore 
participate in the flow on equal terms. Of course, specific water particles’ velocities depend 
on the sizes of pores they pass through, but at larger scale the water particles have the same 
average velocity during their passage through the pores, Q/(A · p). 
 
In a fine-grained soil, the water bound by adsorption cannot be ignored when calculating 
velocities. To account for this, the porosity in the particle velocity expression is often 
replaced by the effective porosity or kinematic porosity, defined as vp/vd. A comment on the 
terminology is needed here. In some literature, the term effective porosity refers to the 
drainable volume fraction of the soil, i.e., the fraction that is “effective” for groundwater 
extraction, which equals porosity minus field capacity. That porosity, called the specific 
yield (see page 63), should not be used when calculating the particle velocity of 
groundwater. Below the groundwater level, as noted on page 22, there are no capillary 
forces. All water, except water bound by adsorption, participates in the flow. 
 
In a soil with structure there may be integrated systems of larger pores, such as cracks, 
worm holes and root channels. Under saturated conditions, these can enable rapid 
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movement of water particles. Therefore, some of the particles will have higher velocity 
than Q/(A · p) while others, which do not enter the larger pores, will have lower velocity. 
A tracer will move at highly variable velocities, depending on whether it is moving in the 
larger or smaller pores. 

Pressure wave propagation velocity 

The two preceding equations described the relationship between the Darcy velocity and 
particle velocity. The third velocity, the pressure wave propagation velocity, cannot be 
related to the others in any simple way. It is always much greater than the particle velocity 
in both unsaturated and saturated flow. Thus, a groundwater level at 2 m depth can begin 
to rise a few hours after rain has begun, although the infiltrating water particles may not 
reach the groundwater for several months. An increase in the groundwater level and an 
increase in its slope increase the outflow of groundwater from a discharge area, but it will 
consist of different water particles from those that caused the groundwater level to rise. 
The pressure propagates rapidly while water particles move slowly. 
 
These relationships can be illustrated by considering a long garden hose attached to a water 
faucet. It takes a while to fill an empty hose before it begins to spray water out of the far 
end, and this delay is determined by the particle velocity. However, when the faucet 
attached to a hose that is already filled is opened, the hose begins to spray water 
immediately, as the rapidity of the discharge’s response is governed solely by the pressure 
wave propagation velocity. 
 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 20 In the case schematically illustrated here, the 

soil is not homogeneous and there has been a large 

amount of infiltration. Under the almost saturated 

conditions created in the soil, systems of larger pores 

can transmit water and the percolating water 

particles move at different velocities. Such situations 

can also arise through local breakthroughs in a 

coarse horizontal layer. This is not piston-flow. 

 

 

The Sausage-filling Principle 

Water’s chemical transformation in the unsaturated zone strongly depends on its residence 
time in the zone, which in turn depends on the water’s velocity. An assumption underlying 
the equation describing water particle velocity (page 41) is that all water particles in the 
flow participate on equal terms, i.e., they all have the same average velocity. No particles 
are passed by others that have taken a faster path. This type of flow is usually called piston 
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flow. A whole water volume moves through the soil without changing the internal ordering 
of water particles within that volume. This means that in a vertical flow in the soil water 
zone, all the water particles at a particular level have the same age. Such piston flow in the 
unsaturated zone is visualized in Fig. 19 by a coloured water layer, which moves downward 
uniformly when there is a moderate input of water at the ground surface. However, as 
illustrated in Fig. 20, if the input of water is large the water particles will have different 
average velocities, there will no longer be piston flow, and particles at a given level will 
have different ages. This may be due to inhomogeneities in the soil, for example a vertical 
system of larger pores, so called macro pores (see page 98), that fill with water when the 
infiltration rate is high, or horizontal lenses of coarser material, through which local 
breakthroughs can occur (as described on page 37).  

Soil frost growth and disappearance 

In a frozen soil layer the water is completely or partially frozen. During freezing the depth 
of frozen soil increases at a velocity that depends on the net soil heat flux at the freezing 
front. Thus, it depends on the difference between the rate of heat loss by conduction 
through the frozen soil to the soil surface and the rate of heat gain by conduction through 
the unfrozen soil from the warmer layers below. Extension of the soil frost is favoured by 
large energy losses at the soil surface, which make the soil surface cold. Conducive 
meteorological conditions are low air temperatures and high rates of negative net radiation. 
Snow has low heat conductivity and reduces energy losses from the soil surface, thereby 
reducing soil freezing rates. Thus, accumulation of a few dm of snow on bare frozen soil 
may stop extension of soil frost, and in some cases the frozen soil may start to melt. 
 
In addition to the meteorological conditions, the depth of soil frost depends on the heat 
conducting properties of the soil matrix, and the soil water content. The larger the soil 
water content the more heat must be conducted away for a given soil layer to freeze. In 
soils with high water content the soil frost extends slowly downward. The differences in 
frost depths in different soils demonstrate the connection between water content and soil 
frost depth. Soil frosts are generally deepest in the coarsest soils because they have the 
lowest water contents at the time of freezing due to their low water-holding capacities. 
 
Frozen soil is mainly thawed by heat flow from above when the snow cover has 
disappeared and the sun can heat the soil’s surface. When the soil surface has been heated, 
soil frost is also melted by heat conduction from below. At this time the temperature 
gradient in the frozen layer decreases and hence upward heat conduction from the frost 
front declines. 
 
The depth of soil frost in an area can vary substantially, due to differences in the energy 
balance of the surface, the soil type and water content (see Fig. 21). Radiative heat losses 
from the soil surface are smaller in a forest than in the open, because of heat radiation 
from the forest canopy. Similarly, less ice forms on water bodies (and skating is more 
hazardous) below bridges than on open water due to heat radiation from the bridges. 
Below dense forest stands the snow is shallower, which counters the effect of heat 
radiation from the canopy to the soil surface and thus may allow high rates of frost 
formation. The air temperature close to the soil surface can also vary substantially from 
place to place. For example, cold air will collect in low-lying parts of the terrain (as 
illustrated by data recorded in a clear-cut at a site with silt soil in Fig. 21). The frost depth 
in the soil also varies greatly between years because of variations in weather and snow 
cover. During the winter after the one that the data presented in Fig. 21 were collected, 
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both sites on till soil were free from soil frost and the frost depth at the clear-cut at the site 
with silt soil reached a maximum of 40 cm. 
 

 

 

 
Fig. 21 Snow and frost depths recorded at three sites in Svartberget Research Forest, Vindeln, Västerbotten, northern 
Sweden, during the winter of 1982/83. 

The snow depth was similar at the observation points in the forest and clear-cuts, but snow accumulated (and melted) more 
slowly in the forest.  

The soil frost was much deeper in the open area than in the forest, where the soil remained essentially unfrozen during the 
entire winter. The difference in soil frost depth between the two clear-cuts can be partly explained by the topography at the clear-cut 
on fine-silt tending to gather cold air, and partly because it had a deep groundwater table and hence low soil water contents. 

The depth of the soil frost was measured indirectly, with a pressure sensor – a method that exploits the dramatic reduction 
in soil water pressure (i.e. increase in suction) when soil freezes. This method cannot be used following the input of meltwater 
(from the beginning of April in the presented cases), which increases the soil water pressure in the entire frozen layer. At that 
point there is ice as well as water with a relatively high pressure in the soil. The melting of frost during this period has been 
estimated based on experience from other measurements (dashed lines). 

 

 

Almost all published measurements of soil frost in Sweden have been recorded on open 
ground. There is little knowledge of the distributions and depths of soil frost in forested till 
soils. However, even in mid-winter the frost depth is probably small and often 
discontinuous over areas with such soils. 

  

Oct            Nov               Dec                 Jan                  Feb             Mar                  Apr               May             Jun 

frost depth ice and water 

spruce forest, till soil 
clear-cut, sloping till soil 
clear-cut, fine silt, flat land 

snow depth 
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Water movement during soil frost formation 

Some water in the soil will not freeze at 0oC, the freezing point of water falls when the soil 
water pressure decreases, and when heat is conducted away from soil at 0oC the water in 
the large pores freezes first. Thus, when soil freezes the pressure of the remaining water 
decreases (as it does when soil dries), and its freezing point falls. The more fine-textured a 
soil is, the more unfrozen water it can hold at a given temperature below 0oC. When clay 
and sandy soils saturated with water are cooled to –5oC, the proportions of water that 
remain unfrozen in them may be 5% and just 0.5%, respectively. 
 
The lowering of the water pressure caused by frost formation leads to a pressure gradient, 
and thus a flow from the underlying soil water to the frost front. The soil frost sucks water 
from the surroundings that freezes if sufficient heat is conducted away from the frost front. 
Effects of this redistribution of water in the soil profile depend on the soil’s unsaturated 
hydraulic conductivity and water-holding properties. In clay soils, ‘ice lenses’ may be 
formed. The water in single pores starts to freeze and sucks water from the surrounding 
unfrozen soil. Horizontal ice lenses form in the otherwise unfrozen soil. These ice lenses 
may be a few mm thick and a few cm long, but dm-thick lenses may also form. In a coarser 
soil the water freezes in the whole pore system and homogenous (but not normally 
massive) soil frost develops. Soils with predominantly medium-sized pores will have 
sufficient unsaturated hydraulic conductivity to allow substantial water flow from the 
underlying soil and groundwater towards the frost front. Thus, the ice content of a frozen 
soil layer may be higher than its water content before frost formation. 
 
An effect of such upward water flow and freezing can be seen on some roads in 
springtime. When water freezes its volume increases. If a large flow occurs from below and 
that water freezes at the frost front, the volume of the total soil will increase considerably, 
causing the soil surface to heave. Heaving during the winter is progressive and even, so it is 
not usually observed. However, the frozen soil rapidly thaws in the spring, the soil sinks 
unevenly and pits form in the road surface. The upward directed water flow, and thus the 
frost heaving, is extraordinarily large in fine silt close to the groundwater surface. Thus, 
roads on such soils are notoriously susceptible to frost heaving. 

Evaporation from wet surfaces and transpiration 

If not specified otherwise, in this book evaporation refers to the total flow of vapour from 
land and water to the atmosphere. This flow has two components  evaporation from liquid 
water (for example wet leaves, lakes, watercourses and soil) and ice (called sublimation) and 
transpiration from the stomata of plants’ leaves. To emphasize that the total evaporation is 
the sum of these two flows, the term evapotranspiration is often used in the literature to 
denote the total flow. 
 
Evaporation from wet surfaces and transpiration are driven by meteorological conditions. 
Unless the atmosphere is nearly saturated with water (so the relative humidity is almost 
100%), it is drier than moist surfaces it is in contact with, so it ‘demands’ (or sucks) water 
from them. When plants open their stomata to collect carbon dioxide for photosynthesis 
they expose moist surfaces to the atmosphere and the plants cannot avoid release of water. 
Much more water flows through the plants than they require for growth and reproduction. 
The large transpiration may be one way to avoid over-heating of the leaves. However, 
plants have some ability to regulate the stomata opening and thus transpiration flows (see 
below). If the water flow to the atmosphere exceeds amounts plants can take up from the 
soil for a sufficiently long time, the plants will wilt. 
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Evaporation requires: an unsaturated atmosphere, energy to transform the water from 
liquid to gas, and a mechanism that transports the resulting water vapour into the free 
atmosphere. The required energy mainly comes from the net radiation, i.e. the difference 
between incoming and outgoing radiation. In some situations, energy stored in warm 
vegetation, soil, water and air may also be used. This energy storage causes a delay between 
changes in evaporation rates and changes in net radiation, both during the year and during 
the day. In the morning, for example, much of the net radiation warms the soil, leaving 
little energy to drive evaporation. In the afternoon the stored energy adds to the net 
radiation, and the rate of evaporation is comparatively large. 
 
The flow of water vapour into the free atmosphere is driven by a gradient in vapour 
content. The air just above an evaporating surface has higher moisture content than the air 
at higher levels. The resistance of the air restricts the transport of water vapour. This 
aerodynamic resistance decreases with increases in wind velocity, because of associated 
increases in turbulence. The resulting vortexes lift air with high moisture content and 
replace it with air that has lower moisture content. The higher the vegetation, the more 
turbulence it creates. Thus, aerodynamic resistance is smaller over forest than over grass. 

Fig. 22  Analogously with Ohm’s law, the flow of water vapour between two points can be expressed as 

flow = the difference in water vapour concentration between the points divided by resistance (cf. I = U / 

R for electrical current, where I =current, U=voltage difference, R = resistance). When intercepted water 

evaporates the only resistance to flow of the water vapour is the so-called aerodynamic resistance (ra) 

between the surfaces of the leaves and the atmosphere. Transpiration flows are also influenced by 

resistance in the stomata, and the total effect of all stomata coupled in parallel is called surface 

resistance (rs). 

 

 
When water evaporates from wet surfaces its movement into the free atmosphere is only 
hindered by the aerodynamic resistance, while movement of water lost by plants through 
transpiration is also hindered by resistance in the stomata. In a dry forest this so-called 
surface resistance is 10 – 30 times stronger than the aerodynamic resistance. Hence, 
evaporation rates from wet forest are many times larger than those from dry forest (due 
solely to transpiration) under similar climatic conditions. For a grass-covered surface the 
aerodynamic resistance is approximately equal to the surface resistance, so rates of 
evaporation from wet grass are about twice as large as rates of transpiration from dry grass 
(Fig. 23). 
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The amount of water that can be evaporated (and/or transpired) under ideal conditions (if 
the water supply is unlimited and the flow is only restricted by the weather) is called the 
potential evaporation (or potential evapotranspiration). Potential evaporation can be calculated 
from net radiation, air temperature, relative humidity and wind speed. Calculated potential 
evaporation is often strongly correlated with measured evaporation from small open water-
filled containers. However, these values are poor indicators of real evapotranspiration 
because plants (but not water containers) can reduce their water losses. 
 
  

 
Fig. 23 Illustration of the dependence of evaporation rates on aerodynamic resistance (ra) and surface resistance (rs) during a 
summer day. Evaporation rates from dry forest and dry grass in given weather conditions are similar (and mediated almost 
entirely by transpiration), but they are much higher from wet forest than from wet grass because forests create intense vortexes that 
effectively transport water vapour away, i.e. the aerodynamic resistance (ra) is small. An assumption underlying the presented 
relationships is that both the wet and dry vegetation was exposed to the same summer weather. However, directly after rain the 
weather is often less favourable for evaporation (because the vegetation is cold, the air moist and the net radiation small). 
Nevertheless, evaporation rates from wet forests are still high, perhaps as high as evaporation (transpiration) rates from a dry 
forest on a nice summer day due to the effective transport of water vapour from the evaporation surfaces. 

 

Plants can actively reduce their water loss 

Plants generally increase resistance to transpiration, by closing their stomata, increasingly 
strongly as the relative humidity falls, but decrease it with increasing solar radiation. 
 
The resistance is also influenced by the water availability in the root zone, and increases 
with decreasing water content because the soil water is then held at more negative 
pressures, which reduces the flow towards the roots. The sensitivity to reductions in water 
availability differs among plant species, but the pressure potential where many plants wilt 
(the wilting point) is fairly constant, -150 m. The pressure potential when the stomata start 
to close also depends on the potential evaporation. If the potential evaporation is high the 
reduction starts when the available soil water is still high, but when it is low the reduction 
starts at lower water availabilities (Fig. 24). 
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During and after rain when needles and leaves are wet, water evaporates almost exclusively 
from the wet surfaces because the total resistance to evaporation from liquid water is much 
lower than the resistance to transpiration. 
  
Trees first lose water stored in leaves, trunks and stems when they transpire, but when the 
storage in the plants decreases the potential gradient between the soil and plants increases, 
which increases their water uptake. The water uptake therefore lags slightly behind the 
transpiration during the day. 
 

 
Fig. 24 Actual evaporation from dry vegetation at three values of potential evaporation (PE, mm/day) as a function of soil water 
content. The wilting point and field capacity are represented by the soil water contents (x-axis) 0 and 1, respectively. 

The transpiration depends on the potential evaporation (and thus the weather), and the soil water content. The water flow 
to plant roots decreases as the soil dries. When the potential evaporation is small, the water flow in a comparatively dry soil is 
sufficient to allow evaporation at the potential rate. When the potential evaporation is high, the evaporation may be limited by low 
soil water flow. 

 

The water uptake from the root zone depends on water availability at different horizons 
and the root distribution. If pressure potentials in all horizons are the same, the water 
uptake from each level is often said to be proportional to the root density in each layer. 
When the pressure potential differs between horizons, most water is taken up from the 
points from where it is most easily extracted. Roots’ activity decreases rapidly with 
reductions in soil temperature, and they can take up water less easily from a cold soil than 
from a warmer soil with the same pressure potential. One effect of this is that coniferous 
trees may desiccate during spring, when the atmosphere’s demands for water strongly rise 
and the soil contains a lot of plant-available water, but it is still too cold for the trees to 
extract the water effectively. 
 
 

  

         plant-available soil water content (degree of filling) 

actual evaporation 
(mm/day) 
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4. Water in recharge areas 

In Chapter 2 the areal unit considered in the discussion was the catchment. We considered 
water’s inputs to catchments from precipitation and discussed its fate. During a given time 
some water accumulates, some is lost by evaporation, and some is discharged as runoff in 
streams. Flows and storages were explained per unit area of the catchment (see Fig. 7). 
Differences between catchment sub-areas were not considered, and no attempt was made 
to explain the mechanisms that govern water storage and flow during the water’s passage 
from rain to stream. 
 
In this and the coming chapters we emphasise instead the differences within a catchment. 
Based on the physical principles presented in Chapter 3, we will follow the water from 
recharge and discharge to discharge areas. 
 
The most common landscape type in Sweden is coniferous forested till terrain on solid 
rock. We use this landscape type to discuss the water flow through a catchment. Examples 
from other landscape types are used when we want to discuss specific processes or certain 
practical problems. 

Groundwater is formed in recharge areas 

Recharge areas are the parts of a catchment where groundwater is recharged, that is, where 
groundwater is formed. In these areas water percolates from the soil water zone to the 
groundwater zone. 
 
Recharge areas can be defined, based on the groundwater flow direction, as “areas where 
the upper groundwater has a flow component directed into the groundwater zone”. If the 
groundwater surface is sloping, the flow direction must be related to the groundwater 
surface, not the horizontal plane. Thus, for groundwater recharge to occur the slope of the 
flow resultant at the surface must be larger than that of the groundwater surface. In 
practice the slope of the groundwater surface is usually small compared with possible flow 
directions, and a sufficient definition is “areas where the upper groundwater flow has a 
downward component”.  
 
Groundwater recharge can be detected by measurements of the total potential at different 
depths in the groundwater zone (as described on page 41). A reduction in total potential 
with increasing depth indicates recharge. The groundwater flow in a hillslope is often more 
or less parallel to the soil surface. The downward potential gradient is small in such cases 
and may not be detectable. 
 
As already stated, in Swedish till slopes the groundwater surface is generally close to the soil 
surface. The surfaces of streams are the lowest parts of the groundwater surface. Thus, 
according to principles already outlined, groundwater will generally flow from high to low 
positions in the landscape and discharge in and around the streams. We know, therefore, 
that groundwater flows through a catchment to the streams, but we do not know the 
magnitude and importance of this flow for runoff generation. There is no practical 
possibility to measure the total groundwater discharge into the streams of even a small 
catchment. Calculations based on Darcy’s law may indicate, but not robustly quantify, the 
groundwater flow, because the hydraulic conductivity of the till soil and bedrock are not 
well enough known. The few available measurements of conductivity show large variations 
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with depth and between different measurement points, implying that calculations of flows 
and their variation with time will be uncertain. 
 
Because we can neither measure, nor sufficiently accurately calculate, the groundwater flow 
in a catchment, we must rely on indirect methods to judge the validity of the hypothesis for 
runoff formation that was outlined in the introduction. 
 

Water input 

In Sweden rainfall normally has low intensity. During a ‘rainy’ day, when you would get 
properly wet without a raincoat, the rainfall intensity may be 2 – 4 mm per hour. The 
showers during summer afternoons often have higher intensities, maybe 10 mm per hour, 
and the intensities of heavy thunderstorms may be 30 – 50 mm per hour. Rain with such 
high intensities is rare, and usually lasts much less than an hour (often just a couple of 
minutes). As shown in Fig. 25, the intensity only exceeds 40 mm per hour for 10 minutes 
once per year, on average (so the return period is one year), and for 35 minutes once per 
decade in Gothenburg, southern Sweden. Conditions are similar, in this respect, in other 
parts of the country 

  
 
Fig. 25 Probabilities of rain of indicated intensity and duration, based on observations during a 10-year period in Gothenburg, 
southern Sweden. Rains with high intensity have a long return period, i.e., they are rare, and when they occur they have short 
duration. For example, the intensity exceeds 30 mm per hour for a 10-minute period twice per year on average (so the return time 
is 0.5 years). 
 

Figure 25 shows the intensity and return periods of the heaviest rains. Such diagrams 
provide important foundations for calculating the maximum runoff from impermeable 
surfaces, for example, when calculating appropriate dimensions for urban stormwater 
pipes. However, they provide no information about the intensity of frequent storms, which 
we focus upon when we discuss runoff generation. As shown in Fig. 26, most rain falls at 

rainfall intensity 

     (mm/h) 

return period 

     (year) 

duration of rainfall (min) 
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low intensity in Östersund, northern Sweden (the patterns displayed are also generally valid 
for other parts of Sweden). For example, 50% of the rain falls at lower intensity than 2 mm 
per hour and 80% at lower intensity than 6 mm per hour. However, the rare heavy rains 
also contribute a significant proportion of the total: about 6% of the total amount falls with 
an intensity exceeding 25 mm per hour. Even if these storms are infrequent and only last 
for a short time, they bring large amounts of water.  
 
We have already shown (on page 14) that snowmelt contributes a large proportion of the 
total water input, and often contributes more to runoff generation than the same amount 
of rain. In comparison with rain, snowmelt has low intensity. 
 
 
 

 
Fig. 26 Rainfall intensity distribution over a nine-year measurement period in Östersund, northern Sweden. The staircase curve 
shows how much of the rain fell at a given intensity (left scale). The smooth curve shows how much fell at intensities lower than a 
given value (right scale). Most of the rain fell at low intensity, and almost half at intensities less than 2 mm per hour. 

 
Snowmelt is determined by the energy input to the snow pack. This is largely the sum of 
solar radiation, heat conduction from the air, and (if the air has sufficiently high humidity) 
condensation of water vapour (as energy is released when water is condensed). Thus, 
snowmelt is promoted when the weather is sunny, winds are strong, and the air is warm 
and moist. The wind and associated turbulence transport heat and water vapour from the 
air mass to the snow surface. Often the air is relatively dry and evaporation from the snow 
pack occurs rather than condensation. The water loss through evaporation is small, but it 
consumes a relatively large fraction of the available heat, thereby decreasing the melting 
rate. Some energy may be added to the snow pack from rain, but that is normally negligible. 
At an air temperature of +4oC, 20 mm of rain will only melt a volume of snow equivalent 

fraction of total rainfall 
           (%) 

accumulated fraction 
           (%) 

intensity (mm/h) 
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to 1 mm of water. On the other hand, a rainstorm on a melting snow pack may strongly 
affect runoff, because the soil is already wet and the rate of evaporation is small. 
 
Experience shows that the air temperature is a good indicator of energy inputs to the local 
snow pack. For each degree above 0oC, about 2 – 5 mm snow melts per day. This ‘degree-
day-factor’ is larger for open areas than for forested areas, because solar radiation and wind 
speeds are higher on open areas, so snow melts more quickly on them. 
 
The snowmelt intensity is usually less than 10 mm per day. During some warm days it may 
be as high as 15 mm per day, and in rare cases intensities up to 30 mm per day have been 
recorded. Its intensity also has a characteristic pattern of daily variation, peaking during the 
afternoon and falling (often to zero) during the night. If we assume that all melt occurs 
during 12-hour day, the melt intensities given above would be 0.8, 1.3 and 2.5 mm per 
hour, respectively. 

Water entrance into the soil 

Infiltration (in this context) refers to the entrance of water into the soil, and is often reported 
(as a volumetric flux) in mm per hour. The infiltration capacity of a soil is the maximum 
infiltration rate that a specific soil can support. The proportion of the precipitation that 
forms groundwater is sometimes referred to as the infiltration coefficient. However, plants 
generally take up and transpire a large proportion of the water that infiltrates, so the 
groundwater recharge is far less than the infiltration. Thus, the term infiltration coefficient 
is misleading as the infiltration refers to the water that penetrates the soil surface, and 
“coefficient of groundwater recharge” would be a better term. 
 
If the intensity of rain or snowmelt exceeds the soil’s infiltration capacity, the surplus 
accumulates on the soil surface and eventually overland flow forms. It is useful to 
distinguish between two types of overland flow: 
 
Hortonian overland flow is the surface runoff that forms when the infiltration capacity is 
exceeded in areas where the groundwater level is below the soil surface, i.e. mainly in 
recharge areas. 
 
Saturated overland flow forms on areas where the groundwater surface is at the soil surface. 
No infiltration can occur in such areas and all rain or snowmelt will form overland flow 
together with the discharging groundwater. On such areas it is meaningless to use the term 
infiltration capacity since discharge occurs and no infiltration. 
 
A prerequisite for all overland flow is saturation of the top layer of the soil. Only then can 
free water exist on the soil surface. However, when Hortonian overland flow occurs the 
saturated top-layer is thin and there is an unsaturated horizon between that layer and the 
true groundwater surface. In contrast to saturated overland flow some of the water will 
infiltrate where Hortonian overland flow occurs (as long as the surface is not completely 
watertight). Unless otherwise stated, overland flow refers to Hortonian overland flow in the 
following text. 
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Determination of infiltration capacity 

Soils’ infiltration capacity has usually been determined in the field using either 
infiltrometers or overland flow measurements. A ring infiltrometer is a stump of a pipe 
with a diameter of, say, 20 cm or more that is driven several cm into the soil surface. Water 
is added to the pipe until there is a layer of water a few cm thick on top of the soil in the 
pipe. The infiltration capacity is given by the rate of water addition that is needed to keep 
the water level at the same position, just above the soil surface. The water flow below the 
cylinder will not be totally vertical because a pressure potential gradient is formed from the 
near-saturated area below the pipe to the drier soil around it. The lateral spread of water 
leads to overestimations of the infiltration capacity. To minimize this error, another pipe 
with considerably larger diameter is often placed around the inner pipe, and the water level 
within it is kept equal to that of the inner pipe. This reduces the lateral spread from the 
inner pipe. Darcy’s Law can be used to correct the infiltration capacity with respect to 
lateral spread. 
 
Another way to estimate infiltration capacity is to collect and measure runoff from natural 
surfaces with small well-defined areas, so-called runoff plots. Surfaces of maybe 1 –100 m2 are 
contained within artificial water divides. Water is added by either natural precipitation or 
artificial rain simulators. This method has been commonly applied internationally, but 
rarely in reported studies in Sweden. 

Factors influencing the infiltration capacity 

Water content 

The infiltration process involves interactions between gravity and suction that move water 
downward from the soil surface. As infiltration proceeds, the forcing pressure gradient 
decreases and the infiltration capacity declines. Eventually, perhaps after a few hours, the 
infiltration capacity reaches a constant rate equal to, or somewhat smaller than, the 
saturated hydraulic conductivity. When the infiltration capacity of a soil is quantified, this 
constant rate is usually the measured variable. 
 
A very dry, fine-textured soil may have low infiltration capacity due to changes in structure 
when wetted. In such soil the infiltration capacity is highest at intermediate water contents. 

Saturated conductivity 

For reasons mentioned above, a soil’s infiltration capacity depends on its saturated 
hydraulic conductivity, which is governed by its pore size distribution (texture) and 
aggregate formation (structure). The large structural pores do not normally contribute to 
the infiltration in Swedish soils, because they are seldom water-saturated at the pressure 
potentials prevailing under natural infiltration. However, they contribute to the infiltration 
capacity, that is, infiltration under unlimited water addition. 
 
Activities of vegetation, worms and other organisms in the soil increase conductivity by 
creating structure. Compaction of the soil due to passage of humans, animals and vehicles 
reduces the conductivity. In this respect, agricultural and forest machines play an important 
role. The surface pores can also be compacted by high intensity raindrops and splashes in 
more extreme climates. 
 
Soil frost decreases soil’s hydraulic conductivity because it fills some of the soil pore 
volume with ice, which cannot participate in water flows. The decrease strongly depends 
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on the water content when the soil freezes. The larger it is the lower will be the hydraulic 
conductivity and therefore the infiltration capacity. On the other hand, soil frost causes 
loosening of the soil structure and an increase of the infiltration capacity during the frost-
free period. (Infiltration into frozen soil is discussed in more detail later.) 

Storage capacities and layering 

The comments on infiltration capacity above mainly apply to non-layered soils. In a layered 
soil the infiltration capacity may decrease with time in a more complex manner. For a 
limited time during an infiltration episode, when water reaches the final infiltration 
capacity, the capacity depends on an interaction between conductivity and storage 
capacities in the different soil layers. The magnitude of the final infiltration capacity 
strongly depends on the conductivity of the least permeable layer, but in natural conditions 
the duration of infiltration episodes may be insufficient for this layer to be limiting. 
 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

 
Fig. 27 Results of infiltration measurements in Swedish clay soils (grey bars, 52 experiments) and till soils (blue bars, 64 
experiments). In most of the till soils the infiltration capacity is sufficient for all rain and meltwater to infiltrate. In many clay 
soils the infiltration capacity is too low and Hortonian overland flow may occur. 

 
Normally both conductivity and porosity decrease with soil depth. Precipitation in an 
intense rainstorm may infiltrate and be temporarily stored in the upper soil layers. 
Percolation to greater depths may then continue for a long time at much lower intensity 
than the rain had. The deeper soil horizons will not limit the infiltration capacity in such 
cases. 
 
Vegetation plays an important role in this storage. Even before rain reaches the ground, 
interception, that is, storage of water on trees, bushes, dwarf shrubs, herbs, grasses and 
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mosses, reduces the intensity of water supply to the soil surface. In the soil further 
important storage may occur in dead organic material, both non-decomposed litter and 
decomposed humus.  
 
The slope of the soil surface does not influence the infiltration capacity, but on a slope the 
possibilities for storage on the soil surface and in the upper soil layers are limited. Overland 
flow or lateral water flow in the upper soil layers will be favoured at the expense of 
infiltration. Terracing sloping arable land increases the possibilities for storage on the soil 
surface, increasing the infiltration (but not infiltration capacity) and reducing the overland 
flow. 

Measurements of infiltration in Sweden 

Results of numerous infiltrometer measurements in Sweden are summarised in Fig. 27. 
Some were made on the natural soil surface (the humus layer) and others on the mineral 
soil surface after scraping the humus layer away. The latter generally gave lower infiltration 
capacities. Structural cracks probably contributed strongly to the high infiltration capacities 
recorded for some clay soils. A comparison of rain intensities and measured infiltration 
capacities indicates that Hortonian overland flow is rare on till soils but may occur more 
frequently on some clay soils. 
 
To collect possible overland flow from five forested till slopes close to Uppsala, 1 m long 
collecting troughs were installed in the mineral soil about 1 cm below the humus layer in 
pits with tanks for water collection. During two seasons of snowmelt, about 15% of the 
snowmelt from their recharge areas was collected in two of the troughs. In the other 
troughs much less was collected (< 1%). During two summer and autumn periods the 
troughs collected between 0% and 3% of the rain. Similar results were obtained from 
observations, over a shorter period, of a sloping meadow clay soil. No overland flow, as 
water flowing on the soil surface, was observed during numerous visits to the area during 
rain and snowmelt. In the cases where water collected in the troughs, it trickled out from 
the humus layer. In another trough in sandy till covered with heavily cultivated grass, 
overland flow was observed during one snowmelt period. In that case an ice sheet had 
formed on the soil surface due to frequent periods of freezing and thawing (see also page 
57). 
 
On page 37 we stated that a pit diverts unsaturated water flow in the soil. A saturated flow, 
on the other hand, tends to concentrate in a pit. The study with the troughs investigated 
the occurrence of saturated flow either on the soil surface or in the surface soil layer. The 
disturbance caused by the pits should therefore have led to overestimation of the flow, but 
its effect was probably minor in this experiment 
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Infiltration into frozen soil 

We have already seen that water can move in frozen soil. Even soil that was saturated when 
it froze, may be permeable to water. However, the conductivity in such cases is very small, 
because unfrozen water is only present in the smallest pores and around the soil particles. 
The conductivity also decreases rapidly with reductions in temperature because then the 
water in successively smaller pores freezes. Saturated frozen soil may have a relatively high 
conductivity at 0oC, but be practically impermeable at just some tenths of a degree below 
zero. For example, in an experiment the conductivity of a saturated fine-textured soil was 
observed to decrease from 10-7 to 10-11 m/s (10 to 0.001 mm per day) when the 
temperature was lowered from 0.0oC to –0.4oC. 
 
The situation is often different when water is infiltrating frozen soil because soils are not 
normally saturated when they freeze. If the water content was low enough when the soil 
froze there is a “spare” pore space for infiltration. Infiltrometer-based and overland flow 
experiments have shown that the infiltration capacity of frozen soil is often enough for 
meltwater to infiltrate. 
 
Overland flow experiments on silt soil in Alaska have demonstrated the influence of soil 
water content on infiltration capacity. Normally all meltwater infiltrated on the runoff 
plots. However, in one spring (of three during the study period), overland flow was 
observed. In that case there was a heavy rain shower just before the soil started to freeze in 
the preceding autumn. The depth of the soil frost was about 1.6 m during all winters of the 
study period (despite differences in water content). 
 
Thus, the infiltration capacity of frozen soil is not determined by the frost depth but by the 
water content of the surface soil layers at freezing, and the redistribution of water during 
the winter season. The water content of the surface layers is probably highest at the lower 
parts of hillslopes because the depth to the groundwater is smallest there. If soil frost is 
present along a whole hillslope, all meltwater may infiltrate in the upper parts, but only 
some of the water in the lower parts. In such cases Hortonian overland flow from areas 
just above the discharge areas would contribute to saturated overland flow. 
 
During some winter seasons heavy ice formation occurs at the soil surface and in the 
surface soil layers. This is most frequent in southern Sweden when temperatures below 0oC 
occur after large water inputs by rainstorms or snowmelt. If the remaining snow cover is 
thin a massive ice crust may form on the soil surface. The ice crust will be especially thick 
after repeated cycles of freezing and thawing. Such soil frost can be impermeable to water, 
and if so additional water supply generates overland flow. On arable land this type of ice 
formation may damage winter crops. 

Water storage in the upper soil horizons 

The importance of water storage in the upper soil horizons is illustrated in Fig. 28. During 
the night of the covered observation period, 8 mm of rain fell with ‘normal’ low intensity. 
During the first hour all added water was stored in the moss layer. When the water content 
of the mosses had increased by 1.5 mm, water started to percolate into the litter and humus 
layer, increasing their water content. The water storage in the moss layer continued to 
increase, and when the rain was most intense the water content of that layer was 3.5 mm 
higher than its initial value. When the rain intensity sharply decreased, the water content of 
the moss layer also decreased because the drainage to lower soil horizons exceeded the 
input from above. Two hours after the rain started recharge of the mineral soil started. 
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After another two hours there was a detectable effect of rainfall at 20 cm depth in the 
mineral soil. The water content in the deeper soil layers continued to increase long after the 
rain had stopped. Below 30 cm soil depth the increase in water content was small during 
the 10 hours covered by the presented data. 

 
Fig. 28 Infiltration into a sandy soil during and after a short rainfall event at Jädraås, Gästrikland, central Sweden, 28 
September, 1975. The water content in the moss layer increased as soon as the rain started. The water content increased in 
successively deeper layers in the mineral soil. Due to the storage in each of the layers, the flow intensity decreased with depth. 
Limitation of infiltration by denser layers was not involved because of the short rainfall duration. 
 

The groundwater surface is about 15 m deep at the site. All water from this rainstorm was 
probably stored in the root zone even after the 10-hour observation period and no 
groundwater recharge occurred. At otherwise identical sites with very shallow groundwater, 
some recharge of the groundwater would have occurred, thereby increasing groundwater 
levels and groundwater discharge to streams. 
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rainfall intensity (mm/h)      accumulated rainfall (mm)  
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The slopes of the curves in Fig. 28 display changes in water content per unit time, that is, 
change in the storage in the indicated layers (positive during recharge, negative during 
drainage). As long as the water content in the layers below is not changed the change of 
storage in a layer is equal to the input. When the water content of the layers below is 
increasing the storage increase is only part of the input, which in this case is larger than the 
slope of the curve. The input to a layer can be calculated by subtracting the storage change 
in the layer above from the input to that layer. The highest input intensity to the lowest 
layer was 0.7 mm per hour, substantially less than the intensity of the rain and the input to 
the moss layer (4 mm per hour). The maximum input intensity to the mineral soil was 3 
mm per hour. Clearly, storage in horizons above has a damping effect on the rate of 
percolation to the lower horizons. Thus, the conductivity required in a layer to cope with 
input from above decreases with increases in soil depth (if the rain is not very long lasting). 
 
It should be noted that the curves in Fig. 28 show the increases in water content of each 
layer relative to their initial values. The water content in the mineral soil was about 25% at 
the beginning of the rain event, corresponding to 25 mm of water in a 10 cm thick soil 
layer. Thus, the relative changes in the soil layers’ water contents were small.  
 
The increasing time lags between the curves with increasing depth show the propagation 
velocity of the precipitation pulse, which was about 10 cm per hour in the mineral soil. 
This velocity can be compared with the velocity of the water particles as follows. 
 
If we assume that all water particles participated in the flow, the velocity of the water 
particles was: 
 
vp = Q/(A·θ) 
 
The volumetric flux (Q/A) at 10 cm depth was about 1 mm per hour. Given the water 
content θ = 25%, the particle velocity, vp = 4 mm per hour. The three velocities discussed 
on page 41 were therefore: 
 
Volumetric flux (Darcy-velocity)     1 mm per hour 
Particle velocity      4 mm per hour 
Pressure propagation velocity 100 mm per hour 

The further movement of water through the soil profile 

The downward unsaturated flow of water in a soil profile is called percolation, in which the 
velocity of the water particles and the pressure propagation velocity characteristically differ. 
In several studies the particle velocity of the percolating water (in sand deposits with deep 
groundwater tables) has been estimated using natural and added tracers in the water. From 
relatively sparse observations, particle mean velocities of about 0.1 – 0.2 m per month have 
been estimated. These are mean velocities that can be used, for example, to estimate 
transport rates of a contaminant in the unsaturated zone. During each percolation event 
the velocities were probably larger (as indicated by the velocities in the example above). 
The pressure propagation velocity in these thick unsaturated zones has been estimated to 
be about 3 m per month. 
 
These investigations, and the one providing the data shown in Fig. 28, focused on sandy 
soils with small water holding capacity. In till soils the water content is often larger and the 
particle velocity lower for a  
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Fig. 29 Changes in the groundwater level before, during and after 14 mm of rain fell during two hours (7 mm per hour) of the 
afternoon on July 28, 1983, on a till hillslope at Lagga, Uppland, central Sweden. Within a few hours the groundwater level 
had risen almost 40 cm (400 mm). Thus, the groundwater level can respond rapidly and strongly, even to relatively small 
rainfalls. 
 
given flow. In contrast, the pressure propagation velocity is higher. Fig. 29 shows how the 
groundwater table in a till hillslope responded to a rainstorm. The groundwater level at 1.5 
m depth rose within an hour of the start of the rain. During this storm the rainwater 
particles reached a maximum depth of about 4 cm. When the velocities of the water 
particles were calculated using the equation on page 41, piston flow was assumed (see page 
43). Water held by adsorptive forces was neglected, as well as possible flow in large 
structural pores. There are good justifications for these assumptions when considering 
phenomena in sandy soils, but they are less valid for till soils, where soil structure can 
strongly influence flows in saturated or near-saturated conditions. 

Water movement followed by a natural tracer 

A case of piston flow in the unsaturated zone, monitored using the stable oxygen isotope 
18O (oxygen-18), is shown in Fig. 30. Before discussing the results, we give some details 
about this tracer, which we will refer to later. 
 
About 0.2% of the water molecules in natural water contain an 18O-atom instead of the 
more abundant 16O-atoms. The 18O-concentration in precipitation varies during the year, 
being lowest in winter and highest in summer (Fig. 30, right hand curve). The variation is 
small and does not affect water’s density or flow characteristics, but it provides natural 
labelling that enables discrimination of water that precipitated in different seasons, and 
even water originating from different precipitation events. 
 
As shown in Fig. 30, after sampling water from a sandy soil profile in Uppsala in May 1982, 
water from the current and previous year’s winter precipitation could be identified at 0.7 
and 2.3 m depth, respectively. Later samplings showed that the 18O-wave was successively 
pushed downwards when new water was added at the top, although the pattern was 
confounded somewhat by transpiration, which pulls water from the root zone. The 
identification in May of the previous year’s meltwater at 2.3 m depth indicates that the 
mean particle velocity at that time and site was about 0.2 m per month. 

rainfall intenisty (mm/h)    depth to groundwater 
   table (cm) 

27 July 
29 July 28 July 
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Fig. 30 The 18O-concentration of soil water in a sandy soil profile in Uppsala, central Sweden, on two occasions and the monthly 
mean 18O-concentrations in precipitation during the two preceding years. During the first half of 1981 the 18O-concentration of 
the precipitation was estimated from nearby stations (hatched line). 

The seasonal variation of the 18O-concentration in precipitation can be traced in the soil profile. In May 1982 the winter 
precipitation with low 18O-concentration was found about 0.7 m below the soil surface, and the previous year’s winter 
precipitation at about 2.3 m depth. During the summer and autumn until December 1982 the soil water particles moved 1 m 
downwards. 

The notation δ18O indicates the deviation of a sample’s 18O-concentration from that of an international standard water. 

 
In addition to the 18O concentrations, the water content at each of the considered levels 
was also determined (not shown in Fig. 30). The water content between two levels is the 
mean water content between the levels multiplied by the thickness of the layer (as 
explained on page 21). The mean water content between 0.7 and 2.3 m depth was 17.5% in 
May, giving a total water content of 280 mm between the two levels. The flow below half a 
metre depth can be regarded as downward during the whole year, because it is in a sandy 
soil with a relatively deep groundwater table. The total percolation during the year is 

              δ
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therefore equal to the water content between the two levels, that is, 280 mm. This is a 
reasonable value of the groundwater recharge during a year. There is no overland flow at 
the site, so all precipitation that is not evaporated will form groundwater (as illustrated by 
the yearly runoff in Fig. 6). 
 
Similar regular variation in the 18O-concentration of soil water with depth was found in till 
soil in the Kloten-area of Västmanland, central Sweden. From a sampling in September the 
water from last year’s snowmelt was identified at 1.5 m depth. 

Below the root zone water seems to move by piston flow 

Findings that the annual variation in 18O-concentration of the precipitation can be 
observed in the soil water zone, and that calculating the groundwater recharge as above 
gives a reasonable value, indicate that the soil water moves by piston flow below the root 
zone. That is, the whole water volume successively moves down through the soil when 
water is added at the top, and the soil water particles at a given level have similar age. If 
substantial flows had occurred in large interconnected pores in the soils where the 18O 
concentrations were performed, the annual variation of the isotope signal should have 
vanished as different portions of the water from particular infiltration events should have 
travelled at different velocities and thus be spread vertically. Alternatively, calculations 
based on the annual variation would have underestimated the groundwater recharge, since 
a large proportion of the infiltrating water would have reached the groundwater level 
almost directly. 
 
Partly conflicting results have been reported from experiments in which soil surfaces were 
irrigated with dyed water, then pits were dug to observe the dye’s penetration. In both 
sandy and till soils an irregular dye pattern was observed, indicating that the percolation 
rate of the water particles varied. However, the experiments involved very high artificial 
rain intensity, so they provide limited information on phenomena in natural conditions (as 
discussed on page 44). 

Confined and unconfined aquifers 

An aquifer is defined either simply as a geological formation that contains groundwater or 
(more practically) as a formation from which groundwater can be extracted. According to 
the latter definition clay soils, for example, are not aquifers even though they usually 
contain groundwater. There are two main types of aquifers: unconfined and confined. 
 
In an unconfined aquifer the groundwater surface (defined as the level in the soil that the 
water rises to in a perforated tube) coincides with the upper level of the groundwater zone. 
This is the most common type of aquifer in Sweden, for example the one illustrated in Fig. 
14. Such a formation is also called an aquifer with a free groundwater surface. 
 
A confined aquifer may exist where a sandy soil is overlain by clay soil. The clay soil is virtually 
impermeable, compared to the sandy soil, and acts as a cover above the sandy aquifer. The 
groundwater in the sand is often exposed to overpressure. So, water in a tube with 
perforations allowing water to move from the sand but not the clay will rise above the 
sand-clay boundary, and often even above the soil surface. The sand deposit in such cases 
is a confined aquifer, and the groundwater surface is a pressure level, called a piezometric 
pressure head. It is (as also in an open aquifer) the water level in an observation well. 
Aquifers with the piezometric head above the ground surface are sometimes called artesian. 
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In the valleys of central Sweden there are often till aquifers below the surface clay layers. 
These confined aquifers, in which the pressure head is often above the soil surface, obtain 
their water from water infiltrating the till hillslopes surrounding the valley bottoms. The 
pressure head of the groundwater in the confined aquifers is primarily determined by the 
level of the free groundwater surface in the till deposits surrounding the clay soils. There is 
also a groundwater level in the clay layer, a free groundwater surface that is often lower 
under natural conditions than the one in the underlying confined aquifer. 
 
In the following discussion we only occasionally consider water flow in confined aquifers 
and largely consider the free groundwater surface, and groundwater flow in the till deposits. 
 
The storage coefficient of an aquifer denotes the relation between changes in its storage and 
groundwater level: 
 

M = ΔS/Δh 

 
Here: M   = storage coefficient 
ΔS = change in storage 
Δh = change in groundwater level 
 
The storage coefficient is equal to the volume fraction of water that is drained when the 
groundwater level decreases. The storage coefficient of an unconfined aquifer is also called 
the specific yield. From the earlier definition (page 42) we can see that the specific yield is the 
difference between porosity and field capacity.  
 
The storage coefficient may be up to 20% in coarse sand and around 2 – 5% in till. If the 
storage coefficient is 5% and 20 mm of water is added to the groundwater, it will increase 
the groundwater level by 20/0.05 = 400 mm or 0.4 m. 
 
In a confined aquifer the storage coefficient is not determined by the water-holding 
properties of the soil, but by the ability of the soil matrix to withstand pressure changes in 
the water. Storage coefficients in confined aquifers are very small, often only fractions of a 
percent. Thus, small storage changes, caused for example by groundwater extraction, result 
in large changes in the groundwater level (the pressure head of the groundwater). 

Ways to estimate the rate of groundwater recharge 

The rate of groundwater recharge determines how much groundwater can be extracted from an 
aquifer without permanently reducing the groundwater level. The amount of groundwater 
that can be extracted from a certain well also depends on the hydraulic and water-holding 
properties of the aquifer and construction of the well. 
 
In Sweden, the groundwater recharge in an area is somewhat smaller than the runoff from 
the area. Over a long time the groundwater that dominates runoff must be recharged at the 
same rate as it discharges to the streams. By definition, however, groundwater recharge 
only occurs in recharge areas. Expressed per unit area of recharge area, the groundwater 
recharge is equal to the specific discharge (runoff per unit area) for the whole catchment, or 
perhaps slightly larger. This somewhat paradoxical relationship can be explained as follows. 
If there is no Hortonian overland flow on the recharge area, the groundwater recharge over 
a long time is equal to the difference between precipitation and evaporation on that area. 
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The specific discharge from the catchment is equal to this difference across the whole 
catchment (i.e., both recharge and discharge areas). Evaporation rates should be highest in 
the discharge areas, where the water availability is always high, while precipitation rates 
should be equal in both types of areas. Consequently, the difference between precipitation 
and evaporation will be largest on the recharge areas, so the amount of groundwater 
formed per unit recharge area will be somewhat larger than the specific discharge from the 
whole catchment. 
 
The total groundwater recharge in an area will increase when the groundwater level 
decreases due, for example, to large extractions or drainage. If the groundwater level 
decreases, the extent of the discharge area (where no groundwater recharge occurs), will 
also decrease. The term potential groundwater recharge denotes the groundwater recharge that 
would occur in an area if the whole area was recharge area. The potential groundwater 
recharge is, thus, the groundwater recharge per unit recharge area. 
 
The specific discharge gives a mean value, perhaps somewhat too low, of the potential 
groundwater recharge within a catchment for which discharge data are available. 
Neighbouring, relatively large catchments (some km2) have similar specific discharge values 
because the variations in evaporation within the catchments are smoothed out. Maps of 
long-term mean specific discharge show only the mean recharge across the landscape with 
its mosaic of different soil types and land uses. When water supplies are planned, the focus 
is more on the groundwater recharge in a certain aquifer, which can deviate substantially 
from the areal mean. 
 
The groundwater recharge at a point or in an aquifer may be calculated in various ways. 
Some methods based on different principles with various possible time resolutions and 
measurement demands are: 
 

• Calculations of water balances in the root zone. The water content in the root zone is 
calculated from, for example, daily values of precipitation and potential evaporation, the 
latter reduced to actual evaporation with the help of calculated soil water content. When 
the water content reaches the field capacity, a volume comparable to additional input 
from precipitation is assumed to percolate. This method requires, among other things, 
knowledge of the water-holding properties of the soil in the root zone. 

• Percolation calculations using Darcy’s Law. This requires detailed knowledge of the 
unsaturated hydraulic conductivity and water-holding properties of the soil in the root 
zone. 

• Percolation analyses with natural or artificial tracers to derive the velocity of the water 
particles, from which the groundwater recharge can be calculated, with measurements of 
water content (as in the example on page 60), provided the percolation is of piston flow 
type. 

• Calculation of the horizontal groundwater balance within an area over a long time. The 
groundwater recharge in an area is equal to the difference between the groundwater 
outflow from and inflow to the area. The calculations require information on the 
topography of the groundwater surface and transmissivity. 

• Calculation of the groundwater storage resulting from measured increases in groundwater 
level during all episodes with increasing groundwater level over a long time. The method 
requires all groundwater flows to be small during the episodes, and the specific yield of 
the aquifer must be known. 

• Long-term pumping from wells with defined recharge areas. The mean discharge at 
equilibrium is equal to the groundwater recharge. 
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This list is presented to illustrate the range of perspectives that can be applied when 
considering (and estimating) groundwater recharge. No attempt is made to evaluate or rank 
the methods here. In practice, there is usually little choice; one must simply accept the local 
conditions and the available data. 

Groundwater recharge in a pine forest on sandy soil 

Fig. 31 illustrates the percolation during several summer periods in a pine-forested sandy 
soil in central Sweden, calculated using a model based on the first two methods listed 
above. Although there were numerous rain events (not shown) during the periods, 
percolation and groundwater recharge only occurred on a few occasions. The soil, which 
has an unusually well-defined field capacity, is a sandy soil with relatively uniform pore 
sizes, and there is a coarse sand layer below the root zone that acts as a valve for the soil 
water flow. When the soil is dry (that is, at low water pressure) the hydraulic conductivity 
of the coarse layer is very small because nearly all pores are empty. When the pressure of 
the soil water increases to a certain level just below atmospheric pressure, the coarse pores 
are filled with water and the sand above is drained at a rate determined by the conductivity 
of this layer. Thus, the valve is either completely closed or completely open. In a soil with 
finer texture such a ‘valve’ should open and close more gradually (as discussed on page 33). 
 

 
Fig. 31 Calculated percolation below the root zone in a pine-forested sandy soil at Jädraås, Gästrikland, central Sweden. In this 
well-sorted soil the field capacity of the root zone is extraordinary well defined. Percolation occurs rarely, only when this field 
capacity is exceeded. At lower soil water contents all infiltrated water is stored in the root zone and a large fraction is lost through 
evapotranspiration. 
 
 
The groundwater recharge during the summer periods covered in the figure varied between 
69 mm (in 1976, a dry year) and 157 mm (1978). The precipitation was also lowest and 
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highest during these periods (235 and 365 mm, respectively). In this case, the largest 
amount of rain coincided with the largest groundwater recharge. Due to interception, water 
storage in the unsaturated zone, and transpiration, the groundwater recharge is not 
determined solely by the total rain that falls during a period. A few large storms will result 
in more groundwater recharge than many small rain events, even if the total amounts of 
rainfall are the same. It should be noted that the largest groundwater recharge during a year 
at this location, and other places in central and northern Sweden, occurs during snowmelt 
(which is not covered in Fig. 31). 
 
 

 
 Fig. 32 Observed groundwater levels in 
the Tärnsjö area, Västmanland, central 
Sweden. The fluctuations of the 
groundwater levels differ characteristically 
between different geological deposits. In 
the gravel deposit much water is needed 
for a given rise in the groundwater level. 
The water content is low in the 
unsaturated zone and there is a large 
empty pore volume that must be filled. In 
the fine-textured till soil the water 
content is relatively high in the 
unsaturated zone. Only a small water 
input is needed to fill the remaining pore 
volume and increase the groundwater 
level. The variations are small in the 
gravel deposit and large in the till.  

The figure is based on bi-weekly 
observations. The fluctuations are 
probably larger in the till and granite 
than those shown. The level fluctuations 
are rapid here and continuous 
measurements would be needed to catch 
the real pattern. 

 

 
 

 

Large annual variation in groundwater levels in till soil – small in gravel 

The increase in groundwater level associated with a certain groundwater recharge is, as 
noted on page 63, inversely proportional to the storage coefficient of the soil. In Fig. 32 the 
groundwater levels in different aquifers are compared. In the till aquifer with the lowest 
storage coefficient the groundwater level varies within a range of 2 m during a year; in the 
gravel aquifer it varies only by about one dm. 
 
The difference between the two soils is exaggerated by the smoothing of the percolation 
peaks that occurs in the unsaturated zone. In the till soil, with a high water content and 
shallow groundwater, the groundwater can respond to recharge pulses within one to a few 
hours (as illustrated in Fig. 29). In many gravel and sand deposits, for example eskers and 
other glacio-fluvial deposits, the groundwater level is deeper, leading to a delay in responses 
to pulses of groundwater recharge. These pulses will also be smoothened before they reach 

groundwater levels 

granite 

till soil 

gravel 
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the groundwater. In Fig. 32 a delay of about one month can be seen between the variations 
in the till and gravel deposits.  
 
The temporal variation in groundwater level is not dependent only on the storage 
coefficient and depth to the groundwater surface. Changes in the level at a given point also 
depend on the groundwater balance at that point, that is, groundwater recharge and 
groundwater inflow minus groundwater outflow. Thus, the variation in groundwater levels 
differs, for example, along a hillslope even if the soil is homogeneous. 

 
 
 

The start of a stream is often well-defined, rather than tiny rivulets merging and forming a stream. Here a stream starts in a 
permanent discharge area, an alder fen in a hollow, during spring flood in Saltsjöbaden, Södermanland, southern Sweden. Photo: 
Allan Rodhe. 
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5. Water in discharge areas 

In discharge areas groundwater is tapped in two ways. One is through unsaturated outflow 
to the root zone, where the water is taken up by plants and transpired back to the 
atmosphere (in some cases plants may take up water directly from groundwater). The other 
is via saturated outflow from the soil to the soil surface or directly to streams. 
 
Discharge areas can be defined as “areas where the groundwater has a flow component 
directed out from the groundwater zone”. Thus, they are recognised as areas where the 
total potential increases with depth, so the water level is higher in observational tubes with 
deep intake openings than in tubes with shallow intake openings. We will see later that the 
extent of discharge areas varies with time and is related to groundwater fluctuations. 

The topography gives recharge and discharge areas 

Calculated total potential and streamlines for groundwater flow in a homogenous aquifer 
with an undulating groundwater surface are shown in Fig. 33. The ground surface is not 
shown in the figure, but we can assume that it coincides with the groundwater surface in 
the valleys and is somewhat higher than the groundwater surface on the hills. The figure 
illustrates an equilibrium state, with continuous recharge from above (otherwise the 
groundwater surface would have declined in the recharge areas) and continuous discharge 
of water from the discharge areas (otherwise the groundwater surface in those areas would 
have risen). 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 33 Calculated total potential (hatched lines) and streamlines for groundwater in a homogenous aquifer with an undulating 
groundwater surface. The figure has equal height- and length scales. The absolute scale is arbitrary, but the depth of the aquifer is 
set to 100 m, giving a reasonable topography of the groundwater surface and soil surface.  

The undulating groundwater surface results in groundwater recharge on the hills and groundwater discharge in the valleys. 

 
Dupuit’s assumption (that the total potential is constant with depth, giving a horizontal 
flow at all depths) is not applicable for calculating the groundwater flow pathways (page 
38). Figure 33 shows the variation in total potential with depth, calculated using a more 
complex application of Darcy’s Law. When the total potential has been calculated 
streamlines can be drawn. These always cross the flow lines at a right angle. The water flow 
between two streamlines is constant along the flow because no flow can occur across 
streamlines. If the streamlines, as in this case, are drawn in such a way that the total flow 
between all adjacent pairs of streamlines is equal, they show both the pathways and 

    recharge     discharge 
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magnitude of the flow. The flow at every point is inversely proportional to the distance 
between the lines. Thus, dense streamlines indicate large groundwater flows.  
 
From Fig. 33 and comparable analyses of the groundwater flow in different topographical 
situations several important conclusions about the groundwater flow can be drawn: 

 
 
Fig. 34 The groundwater at different depths and positions in the landscape has different origins. The deeper below the ground 
surface and the lower in the landscape, the further away the groundwater may have originated and the older it may be. 
 

 

• If the groundwater surface follows an undulating ground surface recharge occurs on 
local hills and discharge in local valleys. 

• Groundwater flow occurs even at large depths, but the magnitude of the flow decreases 
rapidly with depth. 

• Flow systems with recharge and discharge acting at scales ranging from local to regional 
can be recognized. A local flow system consists of the nearest slope to a discharge area. 
Most of the groundwater formed in an undulating landscape discharges into local 
discharges areas. However, the proportion of discharging groundwater that could have 
been formed in recharge areas further away and higher than the local ones increases with 
distance downstream in a catchment. The proportion of groundwater that has been 
transported long distances is small, but may be important for the groundwater’s chemical 
composition. At regional scales (tens of kilometres) flows are probably very small. 
 
Consequently, the real recharge area in a local system may be somewhat smaller than the 
local topography indicates, because some of the infiltrating water may be transported 
further down in the main slope of the landscape without discharging into local discharge 
areas. This ‘groundwater leakage’ may be manifested as increases in specific discharge with 
increases in the catchment area. However, its effect is difficult to estimate because 
precipitation and evaporation also vary. 

Schematic table of the groundwater flow systems 

Scale Depth  
(m) 

Length  
(km) 

Transit time 
(years) 

Local 1 0.1 1 
Intermediate 10 1 10 
Regional 100 10 1000 
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• The groundwater age increases with increases in both soil depth and distance from the 
water divide. Thus, the youngest groundwater is found in shallow wells on hilltops and the 
oldest in deep wells in valley bottoms. 
 
It should be noted that the flow patterns described above may not coincide with those of 
particle velocity, which is (as stated above) given by the ratio between flow and porosity. If 
the porosity is constant, as in the case illustrated in Fig. 33, the particle velocity is 
proportional to the flow at every point, and thus inversely proportional to the distance 
between streamlines. Broadly speaking this is also true for a soil with varying porosity 
because the variation in porosity is comparatively small. 
 
The situation may be different in bedrock with cracks. The mean porosity may be very 
small, perhaps only a tenth of a percent, but have large variations. Water flows in a few 
cracks, which have very small volume relative to the total rock volume. So, the velocities of 
water particles may be much larger than they normally are in soil deposits, although the 
flow per unit cross-sectional area of the rock is smaller. Thus, distances between 
streamlines in a soil and a rock are not directly comparable in terms of water particle 
velocity and age. 
 
The age of the groundwater at different depths has been estimated, inter alia, from studies 
of natural radioactive and stable isotopes in water (for example carbon-14, tritium and 
oxygen-18). Such investigations have given highly varying results for the age of deep 
groundwater in bedrock, with estimated ages ranging from months to thousands of years. 

The conductivity of till soils varies with soil depth 

The hydraulic conductivity of the soil illustrated in Fig. 33 was assumed to be constant 
down to the impermeable underlying rock at 100 m depth. In till landscapes the conditions 
for groundwater flow are quite different. 
 
Results of the few relevant investigations indicate that the conductivity is high close to the 
soil surface, but decreases rapidly with depth (Fig. 35). The deeper till soil is often more 
compacted than the upper layers and may have low conductivity, but it should be 
remembered that the composition of till soils may vary with depth. For example, there may 
be sandy or gravely layers at some points in the profile, which have high conductivity and 
strongly affect the groundwater flow. 
 
The till soil is seldom thicker than one or a few metres on the hills, but may be tens of 
metres thick in the valley bottoms. The bedrock below the till soil may have higher or 
lower conductivity than the overlaying till. At the boundary between the till and bedrock 
there is often a crushed zone with high conductivity. In solid rocks the conductivity is 
determined by the frequency of cracks, which depends on the tectonic conditions and rock 
type. For example, the rock is often crushed near faults, and granite is rich in cracks while 
some gneiss has low frequencies of cracks. The uppermost 50 metres may be especially rich 
in cracks and have relatively high conductivity. Illustrative mean conductivity 
measurements in Swedish solid rocks (measured in bore holes in 25 m sections of the rock 
that include both solid rock and cracks) are 10-7 m/s at 50 m depth, decreasing to 10-10 m/s 
at 500 m depth. 
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Fig. 35 Saturated hydraulic conductivity, K, as a function of depth in till soil, recorded at three locations in the catchment of 
Masbybäcken, Kloten, central Sweden. 
Hydraulic conductivity is maximal near the soil surface due to the synergistic effects of several factors. The till soil is least 
compacted there because it does not bear the weight of any other soil layers, and it is loosened by processes including the 
decomposition of dead roots, digging by worms (if present) and insects, leaching of minerals, the downward transport of fine-
textured materials, and soil frost.  

The hydraulic conductivity clearly increases towards the soil surface in this area, although one of the curves deviates from the 
general pattern. Few such measurements of till soils’ conductivity at other locations in Sweden are available. 

 
 
The pattern shown in Fig. 33, the underlying principles, and the conclusions drawn from 
them, are valid even when the conductivity decreases with depth. The only difference is 
that the shallow flow dominates even more. Thus, the streamlines close to the surface will 
be closer to each other than streamlines at greater depth. The figure may be seen as 
depicting the flow lines of the deeper groundwater. Above this, dense streamlines (barely 
distinguishable at the figure’s depth scale) of the shallowest groundwater need to be added. 
These streamlines are nearly parallel to the groundwater surface, except at the top and foot 
of the hillslopes. In till soil this superficial flow constitutes most of the total flow.  
 
In solid rock the flow occurs in the cracks, so the streamlines are unlikely to be as smooth 
as those (illustrated in the figure) in homogenous soil. 

Discharge areas may be saturated or unsaturated 

We have defined discharge areas as areas where the groundwater has an upward flow 
component, but it may be appropriate to distinguish two types of discharge areas. In a 
saturated discharge area the groundwater surface is at the soil surface, no infiltration can occur 
and all precipitation will form saturated overland flow together with discharging 
groundwater. In an unsaturated discharge area the groundwater does not reach the soil surface, 
and unsaturated flow up into the root zone occurs during dry periods. During wet periods 
the water may flow downwards in the unsaturated zone, as shown in Fig. 36, while it flows 
upwards in the saturated zone. A requirement for this is high hydraulic conductivity at the 
groundwater surface, provided by a coarse layer that the groundwater can discharge into 
and laterally transfer the up-welling groundwater and percolating soil water. Such 
unsaturated discharge areas are probably common in till soils due to the large vertical 
variation in hydraulic conductivity. The soil surface may therefore remain unsaturated even 

hydraulic conductivity 

depth 
  (m) 
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during heavy rainstorms at places where the topography indicates that groundwater 
discharge should occur. 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 36 Water flows in an unsaturated discharge 
area. The high hydraulic conductivity in shallow 
layers results in lateral diversion of the discharging 
groundwater and the soil surface will not saturate. 
During dry periods the up-welling groundwater 
contributes to plant water supply. If the conductivity 
is high enough close to the soil surface, the surface 
can remain unsaturated even when infiltration 
occurs, as shown in the figure. 

 

Discharging groundwater of different ages 

The chemical composition of groundwater reflects its flow pathways and residence times 
up to the sampling point. An important chemical variable is the total salt content, which is 
generally directly correlated with the groundwater’s electrical conductivity (see textbox 
below) and thus can be easily determined. As discussed in Chapter 7 it also generally 
increases with increases in the groundwater’s age. 
 

 
 

Electrical conductivity 
 
The ability of a water sample to transmit electrical current, its electrical conductivity, is a 
useful measure of salt content. Since the dissolved salts in the water transmit the current, 
the electric conductivity is largely proportional to the concentration of dissolved salts. 
The electrical conductivity has many names; often it is simply called conductivity. We use 
electrical conductivity to distinguish it from hydraulic conductivity, which is also 
sometimes called conductivity. The risk for confusion is normally small since electrical 
conductivity is a quality of the water, while hydraulic conductivity is a quality of the soil 
or bedrock. The unit of electric conductivity is mS/m (millisiemens per meter). 
Because of their small size, hydrogen ions transmit electrical current five to ten times 
more effectively than other common ions in natural water. To use electrical conductivity 
as a measure of the total salt content in a water sample the hydrogen ions’ contribution is 
normally subtracted. This is especially important for acidic waters. Whenever electrical 
conductivity is mentioned hereafter, the concept excludes contributions from hydrogen 
ions. 
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The recorded relationship between the electrical conductivity of the shallow groundwater 
in the lower part of a hillslope and the groundwater’s flow pathways is shown in Fig. 37. At 
every sampling point the salt content increased with soil depth, and it was highest at the 
bottom of the hillslope, where the total potential indicated an upward flow component. 
Here relatively old groundwater, rich in solutes, was flowing.  
 
Closer examination of Fig. 37 reveals that flow pathways and salt contents did not coincide 
in detail. Streamlines drawn through the lowest sampling points indicate that electrical 
conductivity decreased in the direction of the flow. This may be partly due to errors in the 
electrical conductivity and total potential measurements. However, more importantly, the 
potential lines give a snapshot of the pattern when the samples were taken, while the flow 
pattern varies with the water recharge from above. Thus, streamlines and salt contents are 
unlikely to be perfectly aligned. 
 

Fig. 37 Total potential and electrical conductivity (salt content) of the groundwater recorded in the lower parts of a till hillslope in 
Kilmyrbäcken, Jämtland, northern Sweden, 1 October, 1981.  

The total potential was determined at indicated points by measuring the water level in tubes with intake openings only at 
the bottom. The total potential at a point = the vertical distance from a reference level to the point plus the vertical distance from 
the point to the water level in the tube = the vertical distance from the reference level to the water level. At the groundwater surface 
the total potential is equal to the vertical distance from the reference level, because the pressure potential is equal to zero.  

The flow is perpendicular to the total potential lines and in the direction of decreasing potential.  
In the pair of groundwater tubes closest to the stream the water level in the deeper tube was higher than in the shallow tube. 

The total potential decreased upwards in the soil profile and the groundwater had an upward component, that is, there was 
groundwater discharge. The next pair of tubes showed groundwater recharge.  

Changes in electrical conductivity with depth and along the hillslope result from differences in flow pathways and ages of the 
groundwater. 

 
As shown in Fig. 37, the variations in flow paths to the stream result in variations in the 
composition of the discharging groundwater. The older groundwater moving at depth has 
higher salt content than the shallow groundwater with a short residence time in the soil. 
The electrical conductivity measurements of streamwater presented in Fig. 38 show how 
the relative proportions of ‘deep’ and ‘shallow’ groundwater vary (in the same stream as in 
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Fig. 37) along the stream and between different time points. At both sampling occasions 
for which data are presented, only groundwater was flowing to the stream because no rain 
had fallen for a long time. In both cases the salt content increased along the stream. A 
reasonable explanation for this is that the proportion of deep groundwater with relatively 
long flowpaths and residence times increased with distance down in the catchment, as the 
distance from the water divide increased (see Fig. 33). The proportion of deep groundwater 
in streamwater should increase more rapidly in the very uppermost streams that have no 
tributaries. The stream in the figure is almost 1 km long when it receives water from its first 
tributary, a stream of similar size. In this case the increase in salt content completely 
stopped after the junction. This might be related to the stream’s inflow to the mire area, 
but we could not find a good explanation for the phenomenon. The reason for the sudden 
decrease in electrical conductivity after the junction on one of the sampling occasions was 
that the tributary that joined the stream had lower conductivity than the main stream. 
 
The differences in salt content between the two sampling occasions were probably due to 
the higher proportion of shallow groundwater, with shorter residence times in the soil, 
under the high flow conditions. 

 
Fig.38 Electrical conductivity recorded along the stream Kilmyrbäcken, Jämtland, northern Sweden on 26 August (low flow) and 
27 July (high flow), 1979. Between points b and c the stream flows through a mire. 

The salt content increases along the stream, probably because the proportion of deep groundwater with long flow paths and 
residence times increases downstream. At high flow the proportion of shallow groundwater with low salt content is higher all along 
the stream. 
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distance from start of the stream (km) 



75 
 

Large increase in runoff when the groundwater level increases 

Figure 33 and the accompanying discussion illustrate and consider flows in equilibrium 
conditions where the groundwater level and the flow pattern do not change with time. In 
reality, the groundwater level varies frequently and often rapidly. However, the discharge of 
deep groundwater changes relatively little when the groundwater level rises in a recharge 
area. The vertical outflow is proportional to the difference in height between the 
groundwater levels in the recharge and discharge areas. This difference may be tens of 
metres before an infiltration event and even if the groundwater level increases by a metre in 
the recharge areas the relative changes are limited. In contrast, when shallow layers with 
high hydraulic conductivity are activated and contribute to a lateral flow parallel to the soil 
surface, the outflow of shallow groundwater can increase substantially.  
 
Fig. 39 shows the groundwater surface along the lower parts of a hillslope on two 
occasions, one when the groundwater level was normal in October 1977 and one in the 
middle of the spring flood (when the groundwater level is maximal) in March 1978. The 
slope of the groundwater surface coincided well in both cases with the soil surface. The 
water flow was much larger at the higher water level. The cross-sectional area that 
contributes to the flow increases when groundwater levels rise, but the main reason for 
such increases is that the shallow layers with high hydraulic conductivity start to contribute 
to the flow. 

Fig. 39 Groundwater levels recorded along a hillslope at Lagga, Uppland, central Sweden, on two occasions: October 1977 
(Curve a) and March 1978 (Curve b). 

Normally the groundwater surface in this hillslope does not reach the soil surface except in the stream, but with abundant 
water supply the saturated discharge area can extend half-way up the hillslope for a few days. 

height (m) 

height (m) 
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The extent of the discharge areas varies over time 

The water levels presented in Fig. 39 were measured in the normal way, i.e., using 
groundwater tubes with perforations along their entire lengths. The water level in the tubes 
then gives the groundwater level, the slope of which indicates groundwater flow in the 
direction of the slope. The total potential at different depths was not measured, so we have 
no information on the vertical groundwater flow components and cannot determine the 
upper limit of the discharge area. At the lower groundwater level, the discharge area, as 
defined on page 68, may have reached 10 m from the stream and at the higher groundwater 
level perhaps 60 m. However, the saturated discharge area is easy to identify. At the 
autumn measurement occasion it was only the stream itself, and at the snowmelt occasion 

it reached 55 m up the hillslope. (The stream is 
actually a dug ditch; before ditching the soil surface 
would probably have been saturated some distance 
from the stream even at the lower groundwater 
level.) Thus, the extent of a saturated discharge area 
can vary considerably over time. During frequent 
visits to this and other nearby hillslopes rapid 
changes in the extent of discharge areas were 
observed. During dry and semi-dry periods the soil 
surface was saturated only in the streams and some 
fens. When the groundwater level rose in 
connection with snowmelt, intermediate and heavy 
autumn rains, or some large rainstorms during 
summer, the boundaries of the saturated discharge 
area moved rapidly up the hillslopes. When the 
water input ceased the boundaries moved rather 
rapidly down the hillslopes again and after some 
days only the soil surface closest to the streams was 
saturated. 
 
The sizes of saturated discharge areas were also 
determined during one or two spring floods in six 
Swedish catchments (all dominated by coniferous 
forested till soils, with areas between 0.03 and 6.6 
km2). Sites where water splashed walkers’ feet, i.e. 
areas with water on or close to the soil surface, 
were classified as saturated discharge areas. 
According to these field investigations the saturated 
discharge areas covered 10 to 35% of the 
catchments. The investigations were done when 
there was high flow in the streams, so the results 
should indicate the proportion of discharge areas 
when it is close to maximal. During drier periods 
the proportions of discharge areas are much smaller 
and in areas with no fens they may be only a few 
percent or less (for further information see the 
results of 18O-experiments presented on page 84.) 
 

Fig. 40 When the groundwater surface rises the areal extent of the discharge areas increase. The rise in groundwater level also 
extends the stream network.  
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The water surfaces of the streams form part of the groundwater surface, so the extent of 
the drainage network varies with the groundwater level. At high groundwater levels the 
drainage network can be considerably larger than indicated on a topographical map, and 
after a prolonged dry spell stream channels may be dry far down in the catchments. 

The role of topography 

The extent of the discharge areas is a significant indicator of runoff generation in several 
ways. Their variation in time at one location is an indicator of groundwater discharge. They 
also indicate the catchment’s ability to rapidly form runoff after a precipitation input. Much 
of the precipitation will rapidly reach the watercourses as saturated overland flow, that is, 
without passing through the soil profile if the saturated discharge areas are large. When the 
saturated areas are large they are also surrounded by large areas with shallow groundwater 
and high soil water content. Infiltration in such areas rapidly results in increased 
groundwater discharge and increased runoff in the watercourses.  
 
In the discussion about the temporal variation in groundwater levels (page 66) we noted 
that the groundwater level is usually deep in glacio-fluvial eskers. Let us here briefly discuss 
how the geology influences the depth to the groundwater surface and the extent of the 
saturated discharge areas. Given a certain groundwater recharge, the depth to the 
groundwater surface is determined by the ability of the soil and bedrock to drain the 
recharged groundwater. The larger the hydraulic conductivity, the smaller the slope of the 
groundwater surface will be, and the thinner the groundwater zone required to drain the 
recharged groundwater. Thus, the groundwater surface tends to be deep and the saturated 
discharge areas small in coarse-textured soils. However, for a geological formation to have 
a deep groundwater level, high hydraulic conductivity is not enough. A thick soil layer 
above the threshold level determining the groundwater level in the aquifer is also required 
for a deep unsaturated zone. This requirement is also often met in glacio-fluvial eskers, 
where the groundwater level is commonly at depths of tens of metres. In thin sand 
deposits, and deep sand deposits where the groundwater is dammed by a rock threshold or 
a lake, shallow groundwater and extended saturated discharge areas may be found. 
 
The following sections outline clues that can be gleaned from the topography of the 
ground surface to identify possible discharge areas and areas with high soil water contents 
in a till soil landscape. 
 
Due to the relatively low hydraulic conductivity of till soils and underlying rock, as already 
stated, the groundwater surface largely follows the ground surface. The groundwater 
surface is often some metres deep, even on hills with heights of tens or hundreds of 
metres. At smaller scales the topography strongly influences the depth to the groundwater 
surface and the soil water content. 

Largest discharge area in a concave hillslope 

At equilibrium with a certain water input from above the boundary of the saturated 
discharge area can be estimated using Darcy’s law with Dupuit’s assumption. Consider the 
hillslopes illustrated in Fig. 41. The groundwater surface is forced to the soil surface where 
the accumulated water input to the groundwater above the point starts to exceed the largest 
possible groundwater flow, that is, when the groundwater surface is at the soil surface. If 
the hydraulic conductivity and depth of the water-transmitting layer are known, the 
maximum total groundwater flow of the hillslope can be calculated. When the groundwater 
surface reaches the soil surface the slope of the groundwater surface equals the slope of the 
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ground surface and it is therefore known. For a straight hillslope the calculation is simple 
because the slope of the soil surface, and thus the maximum groundwater flow, is constant 
(see example on page 124). Given a certain slope of the ground surface, the upper limit of 
the discharge area depends on the groundwater recharge, the conductivity and total depth 
of the soil layer. For convex and concave hillslopes the calculations are somewhat more 
complex, because the slope of the ground surface changes along the hillslopes. The 
relationships are illustrated in Fig. 41, which schematically shows the discharge areas in 
straight, convex and concave hillslopes, under the same combination of groundwater 
recharge, hydraulic conductivity and soil depth. The steady state profiles of the 
groundwater tables in the figure were calculated using the same values of groundwater 
recharge, hydraulic conductivity and soil depth for the three slopes. 
 

 
 
 
 
 
 
 
 
 
 
Fig. 41 If groundwater can flow in the 
whole soil layer, the slope of the 
groundwater surface cannot be larger than 
that of the soil surface. In the convex 
hillslope the slope of the ground surface 
increases down the hillslope. The soil 
profile can therefore transmit the 
gradually increasing groundwater flow 
from uphill. In the concave hillslope, 
where the slope decreases down the 
hillslope, a point is soon reached where 
the accumulated groundwater recharge 
uphill is larger than the maximum 
possible groundwater flow. The 
groundwater surface is forced to the soil 
surface and the saturated discharge area 
will be large.  

 
 

In a concave hillslope the groundwater flow capacity of the soil decreases downhill because 
the slope of the soil surface, and thus the groundwater surface at saturation, decreases. 
Therefore, a large saturated discharge area forms. Conversely, in the convex hillslope the 
slope and thus the capacity increase downhill. The soil surface in the convex hillslope 
remains unsaturated. 
 
It should be noted that we have significantly simplified the conditions affecting 
groundwater flow in these and the following examples to highlight particular effects of the 
topography. In real hillslopes, forms, geology and soil conditions vary and the final results 
may be different. 
 

convex 

straight 

concave 
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Hollows are wettest and react most rapidly to precipitation 

So far we have discussed groundwater flow in two dimensions, vertical and horizontal, 
along hillslopes. Let us now consider the flow in three dimensions and let the form of the 
slope vary across the hillslope. The effects of topography will then be even more obvious. 

 
Fig. 42 The schematically illustrated hillslopes have the same constant slope but different forms. (Numbers indicate height of the 
contour lines.) In the concave hillslope the water flow is concentrated. Soon the soil profile cannot transmit all the water added 
from upslope and the soil surface is saturated (blue). The groundwater flow per unit width will never be this large in the convex 
hillslope, where the width of the soil profile (and hence capacity to transmit groundwater) constantly increases downslope. Even far 
down in such a hillslope the soil profile can transmit all water from above and the soil surface remains unsaturated. 

 
In the same way as in the last set of examples, the differences between the hillslopes 
illustrated in Fig. 42 may be highlighted by simple examples. Let us assume that the 
hillslopes all have the same constant slope, soil depth, and saturated hydraulic conductivity. 
Then there is a maximum possible flow per unit width that the three hillslopes can 
transmit. At equilibrium conditions the boundary of the saturated discharge area will be 
where the groundwater flow over the whole width of the hillslope is equal to the water 
recharge above it. Finding the position of the boundary is now only a geometrical problem. 
 
In the figure we chose the position of the boundary close to the foot of the straight 
hillslope. Under the same conditions this boundary of the saturated area will be much 
higher in the concave hillslope while the convex hillslope will not get saturated at all.  
 
To simplify the calculations hillslopes with constant slopes, that is, the same distance 
between contour lines, were chosen. The differences between the hillslopes would be even 
larger if the concave hillslope was also concave along the hillslope, and the convex hillslope 
was also convex along the hillslope (as in a hollow and ridge, respectively; see Fig. 43). In a 
hollow a saturated discharge area will soon develop. Water will migrate to this location via 
both saturated and unsaturated flow. Through this water recharge, which continues long 
after rain has ceased, the area will remain saturated for a long time after rainfall events. 
In an investigation in England precise runoff measurements along a stream revealed how 
the flow in the stream during a rain event increased where hollows reached the stream, 
although the soil was not saturated to the ground surface. Below ridges the flow in the 
stream did not change significantly. The hollows and ridges considered in the cited study 
were weakly developed, but they still clearly influenced the groundwater flow. 
 

convex concave straight 
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For a considerable flow to occur in soil it must be saturated or nearly saturated. The 
hollows can be regarded as troughs that concentrate the water, thereby increasing the soil’s 
hydraulic conductivity and enabling a large lateral flow. 
 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

Fig. 43 Discharge areas are abundant in hollows, where effects of concavity illustrated in Figs. 41 and 42 are combined. 
(Numbers indicate height of the contour lines.) The slope of the ground surface decreases down the hillslope, and the flow from a 
large part of the hillslope is concentrated. The groundwater surface will be shallow and the soil moisture content high.  

 

Mires – discharge or recharge areas? 

Mires are wet areas where dead organic material accumulates and peat is formed. Different 
types of mires form, with different characteristic vegetation, depending mainly on their 
position in the landscape and the water recharge mechanisms. In addition to precipitation, 
fens receive water from the surrounding mineral soils, while bogs receive water solely from 
precipitation.  
 
Many fens have an almost horizontal surface. These fens form when residues from 
vegetation fill lakes, bays, and watercourses, or when hollows with shallow groundwater 
become waterlogged. In an undulating landscape sloping fens may develop, in which the 
soil water and groundwater are less stagnant than in other mire types. Increases in net 
precipitation increase the frequency of sloping fens, and the steepness of slopes they can 
occupy. ‘Hanging mires’ (literal translation from Swedish) in the mountains are examples of 
such fens. 
 
Bogs are former fens that have grown in height, and lost contact with the groundwater in 
the surrounding mineral soil. They frequently form on flat land, often on water divides. 
When they grow the groundwater surface in the bog also rises above the surrounding 
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groundwater surface. Especially well separated from the surrounding mineral soil water is 
the water in raised bogs, which have a parabolic form and a drainage zone around their 
edges. This drainage zone is a fen because it also receives and drains mineral water from 
the surroundings. Mire complexes often form, with bogs, fens and intermediate forms. 
Groundwater from the surrounding mineral soil only influences some parts of such 
complexes. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 44 As schematically illustrated here, fens receive water from the surrounding mineral soil and precipitation, while bogs only 
receive water from precipitation. Fens are discharge areas and bogs are recharge areas. This can be shown by the pressure 
differences between the water in the mires and the mineral soil below them. 

 
In a fen, the pressure surfaces of the mire and underlying aquifer coincide, or the pressure 
surface of the underlying aquifer is higher than that of the fen. Thus, a fen is a discharge 
area for groundwater. Conversely, the pressure surface of a bog aquifer is higher than that 
of the underlying aquifer. A bog is therefore a recharge area (Fig. 44). 
 
The physical properties of the peat in mires can vary considerably, especially vertically. This 
is because the peat-forming vegetation may have varied during growth of the mire and the 
peat has usually been exposed to more humification, and thus is more decomposed, in the 
deeper parts of the mires. 
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The dry bulk density of peat (page 20) increases as humification proceeds, and peat can be 
classified by its degree of humification. With few exceptions the dry bulk density of peat is 
between 40 and 200 kg m3 (while in mineral soils it is normally 1100 to 2000 kg/m3). 
 
The porosity of peat is very high. In hardly decomposed peat it may be 97% and in highly 
decomposed peat 85%. The porosity decreases as the peat decomposes, and the pore size 
distribution shifts from large towards increasingly small pores. Consequently, the 
proportion of water held with greater suction than the wilting point increases from about 
5% to about 20%. The water content at field capacity is about 30% in hardly decomposed 
peat, but more than 60% in well decomposed peat. The plant available storage is largest 
and the storage coefficient smallest in highly decomposed peat.  
 
The hydraulic conductivity of peat decreases rapidly with the degree of humification. In 
Finnish peat soils hydraulic conductivities ranging from 1.1·10-4 to 2.0·10-8 m/s have been 
recorded, which should also be valid for peat in Swedish conditions. Generally, the 
conductivity is lower in Sphagnum peat than in other forms of peat with the same 
humification degree. 
 
In peat, a substantial proportion of water (20 – 30% by volume) is held in dead plant cells 
and other more or less closed pores. The proportion of adsorptively held water may be 5 – 
10% by volume. Thus, about 25 – 40% of the total volume of water barely participates in 
the water flow in mires. As in till soils, water has long turnover times in mires. Conversely, 
the residence time of the discharging water is rather short. 
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6. Runoff generation 

In the two previous chapters we addressed patterns and factors affecting runoff generation 
in watercourses, including water inputs to the soil surface, the question of infiltration or 
overland flow, groundwater recharge, groundwater flow pathways, and distributions of 
discharge areas. In this chapter, we discuss the runoff generation starting from the 
discharge in streams. However, while addressing phenomena in the streams we often 
consider processes in the surrounding hillslopes to extend previous discussions about water 
storage and flow. 
 
 

 
Fig. 45 When precipitation on recharge areas infiltrates, the groundwater level increases and the discharge in the discharge area 
increases. This is because the slope of the groundwater surface increases and layers with high conductivity start to contribute to the 
groundwater discharge. 

In the figure the size of the groundwater flow is marked by the intensity of the grey colour. Precipitation on saturated 
discharge areas cannot infiltrate but forms saturated surface discharge together with the discharging groundwater. Normally the 
groundwater discharge dominates over the rainwater flow in the stream. 
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The runoff can be described by a hydrograph 

A diagram in which stream discharge is plotted against time is called a hydrograph. The 
discharge associated with a single rain event has a characteristic form, as the flow initially 
increases relatively rapidly (during the rising phase) reaches a peak value and subsequently 
slowly declines (during the recession phase). The parts of a hydrograph showing the flow 
during the rising phase and recession phase are sometimes called the rising limb and recession limb, 
respectively. The total response of a stream to a rain or snowmelt event (the rising phase, 
peak value, and recession phase) constitutes a flow event. 
 
Given a certain water input, the rising phase parameters and peak value at a given point 
along a stream depend on the position of the groundwater surface and the soil moisture 
content before the water input. However, the change in flow during the recession phase (as 
shown by the recession limb of a hydrograph) is almost identical after all peak values, 
declining rapidly at high flow rates and successively more slowly as the flow decreases (as 
illustrated in Fig. 5). 
 
The peak value is normally reached after the water input has stopped or substantially 
declined in intensity. The time lag may be a few hours in a small stream. However, as 
catchment size increases (under otherwise similar conditions) the lag time increases, and 
peak flows (per unit area) become smaller but flow events last longer. This is due to 
corresponding increases in the interval of time when flow impulses from different parts of 
the catchment reach a given point. Water storage in lakes or flooded areas has similar 
effects as increases in catchment size, reducing peak flows and increasing durations of flow 
events. 

The origin of streamwater can be determined by tracers 

The water in a stream can be regarded as a mixture of two types of water: groundwater and 
fresh rain or meltwater. If the concentration of a suitable tracer in groundwater and rain or 
meltwater is known, the relative contributions of the two sources to the streamwater can be 
calculated. 
 
Let cg, cp and cs be the concentrations of such a tracer in groundwater, rainwater (including 
meltwater) and streamwater, respectively. Further, let the discharge of the stream be Q and 
the fraction of groundwater in the stream be X. Mass balance of the substance used as 
tracer, i.e., that the input of the substance from groundwater and rainwater is equal to the 
transport of the substance in the stream, gives 
 
X ·Q ·cg + (1 – X) ·Q ·cp = Q ·cs 
 
Hence: 
X = (cs – cp) / (cg – cp) 
 
Where: X = fraction of groundwater 
cs = tracer concentration in streamwater 
cp = tracer concentration in rain or meltwater 
cg = tracer concentration in groundwater 
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This equation can be applied if the concentration of the tracer in discharging groundwater 
is fairly uniform and differs from its concentration in precipitation. The stable oxygen 
isotope 18O (page 60) has proven to be a useful tracer.  

 
Fig. 46 Hydrograph and calculated contributions from groundwater and rainwater (upper panel), 18O concentrations in 
streamwater and rain (middle panel), and rainfall intensity (bottom panel) recorded in a stream designated F1, Gårdsjö area, 
Bohuslän, southern Sweden, 1982. 

It was assumed that the streamwater consisted solely of groundwater before the indicated rainfall event began, and 
subsequently a mixture of new rainwater and groundwater.  Contributions of these sources to the streamwater were calculated 
from the 18O concentrations. The 18O concentration in the streamwater changed very little, although the 18O concentration of the 
rainwater deviated substantially, because streamwater during the flow event mainly consisted of groundwater. 
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We have already shown that 18O distributions in soil water associated with seasonal 
variations in its concentration in precipitation can be found in some soil profiles (Fig. 30). 
It was concluded that the water particles at a given soil level were of similar age. However, 
the groundwater that reaches a well or is discharging in a discharge area consists of water 
with diverse ages due to variations in transit times in both the unsaturated zone and 
groundwater zone. Therefore, the 18O-signal in rainwater is strongly damped, and the 
seasonal variation in the 18O concentration of groundwater is rather small. Due to this 
damping of the seasonal variation, the 18O concentrations of groundwater and precipitation 
will differ sufficiently to apply the equation following some (but not all) precipitation 
events. 
 
Fig. 46 shows calculated contributions from groundwater and rainwater during a flow event 
in a small stream in the Gårdsjö area, Bohuslän, southern Sweden. The area is covered with 
coniferous forest and has a thin till soil on solid rock. In the calculations, the 18O-
concentration of the groundwater is assumed to be equal to that of streamwater before the 
start of the rain, because it followed a long period with no rain and surface water storages 
had probably emptied, so the streamwater consisted solely of groundwater. During the 
focal event, a long period of frontal rain, with low intensity (about 3 mm per hour), gave 56 
mm rain in total. This gave rise to a large flow event in the stream. The 18O concentration 
in the rain differed well from the concentration in groundwater making it suitable to apply 
the equation. The results clearly show that the rainwater only weakly influenced the 18O 
concentration in the streamwater, which was thus dominated by groundwater during the 
flow event. 
 
A mean value (given in the figure) for the 18O concentration in the rain was used in the 
calculations, although it varied substantially during the rain event. Because of this variation 
the rainwater and groundwater hydrograph curves are uncertain, but estimates of the total 
volumes of rainwater and groundwater in the stream are sufficiently reliable for our 
illustrative purposes. The total runoff during the flow event amounted to 17 mm, 82% of 
which (14 mm) originated from groundwater, with an estimated error of ± 10 percentage 
units. 
 
From the discharged volume of rainwater, the size of the saturated discharge areas can be 
estimated. For this, we assume that all rainwater that appeared in the stream originated 
from rain that had fallen on saturated discharge areas (including the stream itself), and that 
no other rainwater had reached the stream (see Fig. 45). The total rainwater volume that 
was discharged during the flow event is then equal to the amount of rain that fell on 
saturated discharge areas, giving: 
 
Vp = P ·Au 
 
So, 
Au = Vp/P 
 
Here: Au = saturated discharge area (m2) 
Vp = discharged volume of new rainwater (m3) 
P = rainfall or snowmelt amount (given in m) 
 
According to this equation, the saturated discharge area during the flow event recorded in 
Fig. 46 was about 4% of the catchment area. 
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After a few weeks with no notable rainfall events a rainstorm passed. The rainfall intensity 
was higher than in the previous event, up to 15 mm per hour, but the total rainfall was 
smaller, only 17 mm. The flow event was also smaller and (as in the previous event) 
groundwater dominated, accounting in this case for 96% of the discharged volume. The 
estimated saturated discharge area was just 0.4% of the catchment area (about the area of 
the stream). 
 
If the flow events in Swedish streams are mainly generated by groundwater discharge, there 
should be a strong correlation between groundwater level and runoff. Such correlations for 
two groundwater observational wells in a small catchment in the Gårdsjö area are shown in 
Fig. 47. The presented data cover one summer and autumn period, during which a number 
of flow events occurred in the stream. The wells were both situated close to discharge 
areas. Far up in the recharge areas the relation was weaker. The bending curves could be 
due to hydraulic conductivity of the soil increasing close to its surface. A given increase in 
groundwater level results in a larger increase in runoff when groundwater levels are high 
than when they are low. The relation does not show that the flow events are dominated by 
groundwater, but this is a prerequisite. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 47 The groundwater level as a function of stream discharge recorded in stream F1, Gårdsjö area, southern Sweden.  
 

Many Swedish catchments have rock outcrops in their upper parts. The Gårdsjö stream 
discharges a typical area in Bohuslän, with outcrops on the hills and soil in the valleys. The 
high proportion of groundwater in the streamwater may seem surprising, as no infiltration 
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occurs on the outcrops, but the stream flows on the soil deposit and has no contact with 
the outcrops. The Hortonian overland flow formed on the outcrops infiltrates into cracks 
and into the soil below the outcrops, thereby contributing to the groundwater runoff in the 
stream. In this manner the outcrops concentrate the precipitation in the lower, soil-covered 
parts of the area. This favours groundwater recharge and groundwater discharge there. The 
18O-based investigations show that the soil surrounding the stream has sufficient 
transmissivity for the groundwater discharge to dominate the flow events. They also show 
that the soil and groundwater storages are sufficiently large to ensure that the water 
retained in the storages only to a small degree is exchanged by the water that infiltrates 
during a single flow event. 

Groundwater dominates in many streams 

The investigation of the flow events in the Gårdsjö area was part of a larger investigation in 
which the origin of streamwater following rainfall and snowmelt events was studied by 
methodology including 18O analyses in one or a couple of small catchments at six locations 
in Sweden, all dominated by coniferous forested till soils on solid rock.  
 

Fig. 48 Hydrograph and calculated contribution from groundwater, and 18O concentrations, in streamwater and snow packs at 
Svartberget, Vindeln, Västerbotten, northern Sweden, 1981. 

The 18O concentrations in snow packs were measured weekly at 10 locations in the catchment. The mean, maximum and 
minimum 18O concentrations obtained from these measurements are shown. Groundwater contributed about half of the spring 
flood. 

 
Recordings of a flow event after rain at Stormyra (Södermanland, southern Sweden) are 
particularly noteworthy, and thus are summarized here. A thunderstorm in June 1980, 
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which resulted in flooding in many places in the area, deposited 47 mm of rain during a 
little more than an hour. The streamflow increased rapidly to the level of a large spring 
flood. Water sampling at the peak of the flood showed that the proportion of groundwater 
was then 60%, and the proportion of groundwater in the total flow event was about 70%. 
Thus, groundwater may dominate even in such extreme events. 
 
Records of a spring flood at Svartberget, Vindeln (see map of the catchment in Fig. 1) are 
shown in Fig. 48. The snow water storage was 200 mm when the snowmelt started and the 
precipitation during the snow-melt period was 11 mm. 18O mass budget calculations 
indicate that groundwater accounted for 47% of the total runoff during the two peaks 
during this spring. The calculated proportions of saturated discharge area in the catchment 
area during the first and second of these peaks were 14% and 28%, respectively. Field 
observations soon after the spring flood culminated indicated that saturated discharge areas 
covered about 25% of the catchment. The relatively large meltwater runoff was explained 
by snowmelt on the rather large saturated discharge areas. 
 
Simultaneous investigations indicated that groundwater accounted for a larger fraction of 
the total flow (64%) in the western tributary. The difference was probably due to the 
influence of the mire (see map in Fig. 1). Due to its high groundwater level, the mire 
rapidly becomes a large saturated discharge area when snow melts, thereby strongly 
contributing to large meltwater runoff in the eastern stream and the total flow from the 
catchment. 
 
In these calculations the 18O concentration in meltwater was set equal to that in the 
snowpack. This introduces an error since these concentrations differ due to isotope 
fractionation during melting. A better method would be to use measured 18O concentration 
in meltwater. 
 
During the observations presented in Fig. 48 samples were normally taken once per day. 
The discharge shown in the figure is based on momentary flow values at the time of water 
sampling. During a few days when runoff peaked, samples were taken twice per day. The 
results indicate that a continuous hydrograph would have shown large daily variation, 
which commonly occurs during snowmelt periods in small streams in the area. The 
snowmelt intensity is highest in the afternoon, but the time lags in the snow pack, soil and 
watercourse lead to a peak flow in the stream in the evening, night or the following 
morning, with the delays increasing with increases in size of the catchment area. An 
interesting observation in the Svartberget stream is that daily variation in the 18O 
concentration was small, indicating that proportional contributions of the meltwater and 
groundwater to the streamflow remain similar during the day, even when the daily variation 
in runoff is large. Thus, when the meltwater input increases during the day, the meltwater 
runoff from saturated discharge areas and the groundwater discharge apparently increase in 
the same proportions. 
 
An assumption underlying the interpretation of the 18O concentrations in streamwater 
shown in Figs. 46 and 48 is that the 18O concentration in the groundwater remains constant 
during a whole flow event. Really, the 18O concentration in the discharging groundwater 
changes slightly because of the input of new rain or meltwater that generates the 
groundwater discharge. Thus, the calculated groundwater proportions are underestimates. 
They show the proportions of ‘old’ water in streamflow, i.e., water that was groundwater or 
soil water before the recorded flow event started. Some of the water that was identified as 
rain or meltwater in the streamflow was groundwater formed by water particles that 
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infiltrated during the flow event. The error is largest at large water inputs, and was 
estimated to account for about 6% of the total discharge during the spring flood at 
Svartberget. Correcting for this error would give a groundwater fraction of 53% instead of 
47%. 
 
The following conclusions were drawn from these investigations on the origin of water in 
streams: 
 

• All flow events generated by rain, and most of those generated by snowmelt, were 
dominated by groundwater. 

• Field observations of saturated discharge areas were performed during seven spring 
floods. The results from these coincided, with one exception, surprisingly well with the 
fractions estimated from 18O-concentrations. 

• When all flow events connected to snowmelt were compared, the groundwater fraction 
of the total discharged volume was lowest during the largest snowmelt events. 

• No connection was found between rainfall intensity and the fraction of groundwater in 
streamflow. If the flow events were generated by rain intensity exceeding the 
infiltration capacity of the soil the fraction of groundwater should have decreased with 
increases in intensity. 

 
The origin of streamwater can also be studied using the chemical composition of water. 
The electrical conductivity, i.e. the salt content, is much easier to measure than 18O. As we 
have already shown, groundwater has higher electrical conductivity than precipitation. A 
common observation is that the electrical conductivity of streamwater decreases when the 
flow increases, indicating that contributions from rainwater to the stream increase. 
However, the reduction is difficult to interpret with the simple model formulated in the 
equation on page 84, because the electrical conductivity of the discharging groundwater 
varies widely due to the variations in this water’s flow pathways and transit times (as 
illustrated in Fig. 37). The contribution from the shallow groundwater with relatively low 
salt content increases during flow events, so streamwater seems to contain more rainwater 
than it really does.  
 
 
Table 3. Summary of results from 18O-based investigations of the origin of streamwater (After Rodhe, 
1984.) 
 

 Groundwater fraction (%) Fraction of saturated 
discharge area by 18O (%) 

 n Max Min Median Max Min Median 
Rain events 15 100  68  85  17  0   2 
Snowmelt events 24   91  32  64  63b)  2  23 
Whole spring 
floodsa) 

16   86  41  59  49b)  9  26 

a) The spring floods often had a number of peaks (Fig. 46), listed as ‘Snowmelt events’. 
b) This value, from Aspåsen, Hälsingland, northern Sweden, is considerably larger than 
the fraction observed in the field. 
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A mathematical model 

The Swedish investigations with 18O show that flow events are often dominated by 
groundwater. This has been confirmed by investigations with 18O and other natural 
isotopes in water elsewhere, for example Germany and Canada. The results support the 
view that recharge and discharge areas are key factors for the process of streamflow 
generation. In earlier chapters, we have discussed in some detail the rationale for this view, 
and provided evidence of their roles, but we have not yet considered the mechanism of 
groundwater discharge. How is it possible for the groundwater discharge to respond so 
quickly to a water input to a catchment? Where in the catchment does the infiltration that 
generates the groundwater discharge occur? One way to address such questions is to 
calculate the flow under selected conditions with a mathematical model. 
 
 

 
Fig. 49 Soil water and groundwater flows in a layered hillslope calculated using a mathematical model. To give the figure a 
reasonable size the vertical scale is exaggerated (as in many other figures in this book). The arrows indicating the size and 

direction of flow are drawn in the same vertical and horizontal scale.  The longest arrow denotes a flow of 8.7·10-6 m3/(s m2) = 

32 litres /(m2 hour). At small flows the direction is given as an arrow around a point. In places where the arrows overlap the 
arrowheads are omitted (the vertical flow in Fig. b). 
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Responses of the groundwater table’s position and groundwater discharge on a given slope 
to infiltration arising from rainfall events with given intensities and durations can be 
calculated using Darcy’s Law. The calculations are rather complex, because the flows are 
not in equilibrium (unlike those illustrated in Fig. 41, for example), but vary with time. 
However, a mathematical model consisting of a series of equations that are solved stepwise, 
can be constructed to calculate the pressure and flow of soil water and groundwater at 
numerous points along the hillslope with small time intervals. The calculations require 
knowledge of the saturated hydraulic conductivity and soil water retention parameters in 
each part of the hillslope. 
 
Calculated soil and groundwater flows before, during and after an infiltration event using 
such a model are shown in Fig. 49. All of the water flow is assumed to occur in a 1 m thick 
layer on an impermeable bed (ignoring the deep flow illustrated in Fig. 33). Based on 
measured values of the saturated hydraulic conductivity in till soils, the conductivity was 
assumed to decrease from 2.4·10-4 m/s in the surface soil to 1.3·10-5 m/s at the bottom of 
the profile. 
 
The response of the water flow to precipitation depends not only on static properties like 
the form of the hillslope and hydraulic properties, but also dynamic properties such as the 
soil moisture distribution and position of the groundwater table before the rain starts. In 
these calculations the soil moisture and groundwater conditions before the rain were 
assumed to be in equilibrium, with an infiltration intensity of 0.07 mm per hour. Thus, the 
soil water content is assumed to be close to field capacity when the rain starts, and the 
groundwater surface has a realistic shape. The position of the groundwater surface at the 
bottom of the hillslope was held constant, mimicking outflow to a stream. 

Direction of soil water and groundwater flow 

In the saturated zone the water flow is directed downslope. In the unsaturated zone the 
flow direction varies. When there is little or no infiltration the flow is mainly downslope. 
When infiltration is large the flow is mainly vertically downward. The difference may be 
explained by differences in total potential conditions of the soil water. When there is little 
or no infiltration, the soil water potential is almost equal to the height above the 
groundwater table (as described on page 35). Because the groundwater surface is sloping, 
two points at the same level, but at different distances from the stream, will have different 
total potentials and the one closest to the stream will have the lowest total potential. The 
gradient in total potential is largely parallel to the groundwater surface. When the water 
input through the soil surface is large, the suction at a given level will be less than the 
distance to the groundwater level (see curve c in Fig. 14) and a substantial gradient in total 
potential will be directed downwards. The lateral gradient is still present, but the vertical 
gradient will dominate and give a practically vertical unsaturated flow. 
 
In the zone just above the groundwater surface the flow is similar to the groundwater flow, 
in terms of both size and direction. In this zone the hydraulic conductivity is as large as in 
the saturated zone. This is because all pores are actually water-filled at the small suction 
prevailing just above the groundwater surface. The pressure is larger (less negative) than the 
pressure that causes the first bend on the water retention curve, which is called the air-entry 
pressure (see page 35). From a water flow perspective, the saturated zone is somewhat 
thicker than indicated by the position of the groundwater surface. When the groundwater 
zone is thick this has little influence, but when it is thin as in this hillslope the flow just 
above the groundwater surface may constitute a considerable part of the total flow. This is 
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especially true when there is a large increase in the hydraulic conductivity towards the soil 
surface. 

Responses of the groundwater surface and groundwater flow to infiltration 

The groundwater level in the model changes in different ways in different parts of the 
hillslope. At the discharge point, as already mentioned, the groundwater level is held 
constant in the model. A few metres from the stream the groundwater level starts to 
increase within an hour of infiltration starting. In the middle of the hillslope the increase of 
the groundwater level starts after a few hours. Initially there is no groundwater at the top of 
the hillslope. After a few hours the groundwater zone reaches the top of the hillslope and 
the groundwater level also rises there. When the rain stops the groundwater level 
immediately sinks close to the stream, but continues to rise for some hours at the top of 
the hillslope. 
 
Despite the differences in rising rates mentioned above, the slope of the groundwater 
surface remains almost constant, except closest to the stream. The water flow in the 
hillslope increases partly because the cross-sectional area (height) increases, but mainly 
because the added saturated layers have higher conductivity than those below. Closest to 
the stream the slope of the groundwater surface increases and the flow increases at all 
levels. In a real stream, of course, the water level increases when the runoff increases, but 
in many situations the stream surface rises much less than the groundwater level. The 
increase in the slope of the groundwater surface close to the stream, and the resulting 
increase in groundwater discharge, is therefore realistic. 
 
When the rain has stopped the flow in the soil water zone declines rapidly, because the 
water content, and therefore the hydraulic conductivity, decreases. The groundwater flow 
from the upper part of the hillslope continues for a long time and the discharge declines 
slowly. 
 
In this example the groundwater surface never reached the soil surface and saturated 
overland flow from the hillslope never occurred. When the same calculations were 
performed for a concave hillslope a saturated discharge area soon appeared. In that 
example the rainwater outflow dominated the total runoff from the hillslope. The 
importance of hollows for generating saturated discharge areas was stressed in the previous 
discussion of the topography’s role (see Fig. 43). With the two dimensional model used in 
Fig. 49, such hollows cannot be simulated and we have to ignore distributions of saturated 
overland flow and focus on groundwater discharge. 

The groundwater discharge recorded in the 18O-based studies can be simulated 

To test the validity of calculations of groundwater discharge and its variation in time, 
groundwater flows estimated in streams using 18O-based techniques can be compared to 
modelled flows under the same conditions. Suppose that a small catchment consists of a 
stream bordered on both sides by the modelled type of hillslope. A groundwater 
hydrograph generated by the model, with the flow expressed in mm per day, can be 
compared with corresponding groundwater hydrographs obtained empirically from the 
18O-based studies (assuming that the catchments are so small that water storage in the 
drainage net does not significantly confound results in the chosen timescale). In simulations 
by the model used to generate data presented in Fig. 49, the groundwater discharge 
increased from the initial value of 1.7 mm per day to a peak value of 11 mm per day within 
about 6 hours. Despite the higher initial value the increase, the maximum value and 
changes during the following recession phase were very similar to corresponding values in 
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the groundwater hydrograph for the Gårdsjö stream shown in Fig. 46. No attempts were 
made to imitate this catchment exactly, or the moisture conditions and rain that influenced 
the form of the hydrograph recorded at Gårdsjö. The coincidence is therefore coincidental, 
but the comparison confirms that with reasonable hydraulic conductivity the groundwater 
discharge can respond to infiltration in the manner indicated by the 18O-based study. 

The groundwater surface responds rapidly to infiltration close to the 
discharge area 

In a hillslope with homogenous soil the groundwater surface should respond to infiltration 
most rapidly at the bottom of the slope. Because of the shallow groundwater, the soil water 
content is highest there, so pressure from the infiltrating water is rapidly transmitted. In 
addition, the distance to the groundwater surface is short there. 
 
Of course, the pressure propagation implies the occurrence of water transport, which is 
needed to fill the larger pores with water. This is the water transport that constitutes the 
percolation. The water content distributions in the unsaturated zone far down and far up in 
the hillslope may respectively resemble the curves to the right and left in the figure showing 
drying mats (Fig. 12). When the groundwater level rises the curves are displaced upwards. 
At the deep groundwater surface upslope the soil water content must increase in a large 
part of the unsaturated zone until a new equilibrium state is reached. (The increase in water 
content is equal to the product of the storage coefficient and the rise of the groundwater 
surface.) Downslope, in contrast, the unsaturated zone is so thin that there are no layers 
with low water content. The groundwater surface can rise without any substantial increase 
in water content in the soil water zone, because water has filled almost the whole pore 
volume. The storage coefficient is very small in such cases. 
 
Due to the rapid pressure propagation, and tendency of the groundwater surface to rise 
substantially even when little water is added, rises in groundwater levels generated by 
infiltration are fastest and largest close to the discharge areas. At points very close to the 
stream the groundwater level rises only a little because the discharge to the stream keeps 
the groundwater level down (see Fig. 49). These patterns may be altered by variations in the 
soil’s water-holding properties. For example, the proportion of large, easily drained pores 
generally increases towards the soil surface and this ameliorates, but does not eliminate, the 
difference described here. 
 
The rapid rise of the groundwater surface close to discharge areas may lead to the 
formation of a temporary ‘ridge’ in the groundwater surface, from which the water flows 
towards the discharge areas and contributes to increases in stream discharge, but also flows 
up the hillslope. Such ridges have been observed in soils where the groundwater surface 
has small slopes before infiltration events. A partial ridge of this type can be seen in the 
modelled flow shown in Fig. 49b, although the groundwater surface never came to slope 
‘backwards’ (i.e. in the upslope direction) in this case. In other modelled cases fully 
developed ridges have appeared. 

Infiltration close to the discharge area influences flow events most 
strongly 

In a hillslope of the type simulated in the model, with a relatively thin water-conducting 
layer on impermeable bedrock, the groundwater discharge is governed by the height and 
slope of the groundwater surface closest to the discharge area. If the water-conducting 
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layer is deeper, the discharge is also influenced by the height of the groundwater surface far 
up in the recharge area (see Fig. 33). 
 
As stated on page 69, the deeper groundwater is unlikely to contribute substantially to 
increases in flow induced by infiltration, although the hydraulic conductivity may also be 
substantial at great depths. 
 
A conclusion that can be drawn from the simulations is that increases in groundwater 
discharge associated with infiltration events are strongly related to the infiltration close to 
the discharge areas, which drives groundwater level rises in those areas, and thus increases 
in groundwater discharge. The infiltration in upper parts of the hillslope plays important 
roles in the maintenance of high discharge rates and flows during the recession phase. 
 
Similar conclusions can be drawn from calculations with other models allowing infiltration 
along whole or parts of simulated hillslopes and comparison of the resulting hydrographs. 
Field experiments have also shown that infiltration in the upper parts of hillslopes can 
contribute to increases in flows in streams. In one such experiment, all or parts of an 8-
hectare catchment in the USA were irrigated at 6 mm per hour for 8 hours. No Hortonian 
overland flow was observed, and very little saturated overland flow. When the soil was ‘dry’ 
before irrigation, irrigation of the lower third of the hillslopes resulted in the same rising 
limb and peak value in the stream hydrograph as irrigation of the whole catchment. 
However, the decline in streamflow (which started soon after the irrigation ended) was 
much faster after the partial irrigation than after irrigation of the whole catchment. In 
contrast, when the soil water content was initially high, while irrigation of the lower part of 
the hillslope still only induced an initial increase in streamflow, and the recession phase 
started as soon as it ended, the streamflow continued to increase for two hours after 
irrigation of the whole catchment. Thus, in moist conditions infiltration in upper parts of 
hillslopes also contributes to rising phases and peak values of flow events. 

Where in the catchment are flow events generated? 

To address the above question, first we discuss contributions of different parts of 
catchments to flow events, and then the origins of water particles that are discharged 
during them. When stating that a certain area contributes we mean that water inputs to the 
area provide impulses to flow events in the stream, and thus have hydrographic effects. It 
should be noted that it is not necessarily the added water particles that are discharged 
during a flow event. 

Where do impulses to flow events in a catchment occur? 

Generally, the strength of impulses from a water input to a flow event in a catchment 
decreases with increasing distance from the stream. 
 
Ignoring the evaporation during flow events, the flow impulses from saturated discharge 
areas (including the stream itself) equals the precipitation on them. Thus, they essentially 
provide a 100% contribution of precipitation they receive (via saturated overland flow). 
 
In recharge areas, the precipitation infiltrates and generates groundwater discharge in the 
discharge areas. However, due to storage and evaporation, the volumes discharged are less 
than the total infiltration on recharge areas, so recharge areas contribute less than 100% of 
the precipitation they receive. We have previously stressed that the areas close to the 
discharge areas, where the groundwater is shallow and the soil water content high, play a 
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major role in runoff generation. Infiltration here will rapidly lead to increases in 
groundwater discharge. These areas may contribute nearly 100% of the precipitation they 
receive, although this proportion gradually decreases as the distance to the discharge area 
increases. 
 
In the discussion about the role of topography we emphasised that hollows favour the 
formation of saturated discharge areas and areas with high soil water content. An important 
consequence is that hollows usually provide strong impulses to flow events through 
saturated overland flow, infiltration and groundwater discharge. Thus, flow events may be 
stronger in a hillslope with a somewhat undulating soil surface, in which hollows and ridges 
have been formed, than in straight (but otherwise similar) hillslopes with the same mean 
slope. 
 
As stated on page 86, the sizes of saturated discharge areas (Au) may be estimated from the 
ratio of the volume of discharged fresh rainwater (Vp) to precipitation (P): 
 
Au = Vp/P 
 
However, the size of the areas in which the water input gives impulses to groundwater 
discharge during a flow event cannot be estimated in the same manner from the discharged 
groundwater volume, because these areas do not contribute 100% of the precipitation they 
receive. We know that they are larger than the area that would be required if they did 
contribute it all, i.e. Vg/P, where Vg is the discharged groundwater volume. Because the 
flow events are normally dominated by groundwater (Vg > Vp) the impulses must come 
from a considerably larger area than the saturated discharge area. 
 
The size of the area that makes some contribution to a flow event can be estimated by 
comparing the total discharged volume, Vt , with the precipitation. The impulses must 
come from an area that is larger than Vt/P, the area that would have been required if all 
precipitation it received contributed to the discharge. As a fraction of the catchment, this 
area is equal to the fraction of the water input that is discharged during the flow event, 
 Vt /(P ·A), where A is the catchment area. This fraction is easy to determine. It depends, 
among other factors, on the soil and groundwater conditions before the water input. On a 
dry area, considerable amounts of rain may be required (tens of mm) to get any notable 
increase in streamflow. In such cases the discharged water volume may correspond to a few 
percent of the water input. We do not know where the infiltration occurs that results in 
groundwater discharge under such circumstances, although areas with shallow 
groundwater, and thus high soil water contents, seem the likeliest candidates. When it is 
raining on a wet area, or there is large snowmelt, the discharged water volume could reach 
50 - 75% of the water input. In such cases the whole catchment probably provides 
impulses to the flow event. 
 
The fact that impulses to flow events often emanate from only part of the recharge area 
does not mean that other parts of the recharge area play no role in flow events. The 
groundwater flow from these other parts contributes to maintenance of a shallow 
groundwater surface and high soil water content in the lower parts of the catchment 
between flow events. Thus, they influence responses of the catchment to later precipitation 
events. 
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What is the origin of water in a flow event? 

We have now discussed how water inputs in different parts of a catchment contribute to a 
flow event. Because this influence is largely indirect, mediated by pressure propagation, 
water particles added to an area that contributes to a flow event are not necessarily 
discharged during the event. On the contrary, results from the 18O-based studies indicate 
that most of the water discharged during flow events is ‘old’ water. 
 
In saturated discharge areas precipitation acts directly, i.e., rainwater falling on them 
reaches the stream during the flow event (ignoring possible storage in pools). The velocity 
of the water particles in the saturated overland flow depends, among other factors, on the 
water input and both the slope and unevenness of the soil surface. Sheet flow on grass may 
have a velocity of some cm per second. A saturated discharge area of this type extending 10 
m from a stream would transmit rainwater to the stream within a few minutes. 
 
Outside the saturated discharge area, the velocity of the water particles is considerably 
lower. The particle velocity in the vertical flow in the unsaturated zone is seldom higher 
than 1 cm per hour, and velocity of such magnitude is only maintained during and shortly 
after the rainfall (cf. the mean velocity of 0.1 – 0.2 m per month, page 59). Infiltrating 
rainwater only reaches the groundwater during the flow event it helped to create in areas 
with shallow groundwater. 
 
The large variation in groundwater flow with soil depth in till soils is reflected in variation 
with depth in the flow velocity of the water particles. During experiments with added 
tracers at Masbybäcken (Kloten area, Västmanland, central Sweden) particle velocities up to 
25 m per day were recorded in the top 10 cm of the soil profile. Below that the particle 
velocity of the groundwater declined rapidly to about 1, 0.1, and 0.05 m per day at depths 
of 0.2, 1.0 and 1.3 m, respectively. Other experiments with tracers in till soils with 
somewhat deeper groundwater have found similar particle velocities and highlighted the 
importance of sand and gravel lenses with high hydraulic conductivity. In such lenses at 
some metres depth particle velocities of about 1 m per day have been recorded. 
 
The recession of a flow event induced by a single rain event may take a week. Whereabouts 
in the catchment could the water particles discharged during this time have started? Given 
the high particle velocities in shallow groundwater, the groundwater level may clearly be a 
key determinant of the water particles that can reach the stream during the recession of a 
flow event. The groundwater particles that reach the stream via the soil surface or directly 
from the uppermost soil layer presumably come from areas where the depth to the 
groundwater surface is less than a few decimetres, i.e. from the saturated or perhaps 
unsaturated discharge area. 
 
Before the flow event these water particles were probably situated at a somewhat deeper 
level within the discharge area, in layers with lower conductivity and particle velocity. 
However, these particles may be transported to shallower layers, through the upward flow 
in the discharge area, where the particle velocity is high and they can therefore reach the 
stream rapidly. Other water particles discharged during the recession phase were probably 
stored in soil water in the unsaturated zone, just above the groundwater surface close to the 
discharge area, which was transformed to groundwater after a small water input by 
infiltration (causing the groundwater level to rise). In this manner, these soil water particles 
(which were previously relatively immobile) may come to dominate the shallow, large 
groundwater discharge. In most of the recharge area the groundwater level is so deep that 
the groundwater particles only move a few metres during the streamflow recession. The 
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groundwater that discharges closer to the bottom of the stream probably emanates from 
the nearest metre. 

Large flow and high velocity in macropores 

The tracer experiments at Masbybäcken indicated that some particles moved at a ‘high’ 
velocity while others at the same depth moved at a ‘low’ velocity, indicating that some 
water particles follow more readily penetrable routes than others, through connected 
systems of larger pores. (In such cases the flow is not piston type.) Such structural pores, 
with larger diameter than a millimetre, are called macropores, to distinguish them from the 
‘normal’ micro pores of soils. Because such macropores may strongly influence water 
residence times in the soil, and hence chemical equilibria, we briefly discuss them here, 
despite a paucity of information on the occurrence and importance of macropores in 
Swedish conditions. 
 
Macropores are mainly formed in the unsaturated zone by the activities of digging worms 
and insects, decomposition of roots, soil shrinkage when it dries, and changes in volume 
associated with soil frost and the dissolution of minerals from the soil. All these processes 
are most intense closest to the soil surface, and contribute to the high saturated hydraulic 
conductivity there. (Darcy’s Law is valid for flow in macropores under saturated conditions 
as long as the flow is not turbulent. Field determinations of the saturated hydraulic 
conductivity include possible effects of macropore flow.) 
 
The importance of the larger pore systems in infiltration and percolation processes is 
debated. For saturation of a pore with 2 mm diameter, the pressure potential of the water 
must exceed –1.5 cm, according to the equation on page 22, so almost saturated conditions 
are required. In a soil with a pore size distribution (ignoring macropores) that gives low 
saturated conductivity, root channels, cracks and soil in their immediate vicinity may be 
saturated even if the rest of the soil is unsaturated. The macropores will then conduct water 
even if most of the soil is unsaturated. This may occur when a clay soil receives a large 
water input. However, if water is added to a macropore in a coarse unsaturated soil, the 
water will be sucked out into the unsaturated soil around the pore, which will not then 
contribute to the percolation. This is probably the case at normal low rain intensities in 
many Swedish till soils if the groundwater surface is sufficiently deep. 
 
In contrast, in saturated conditions all pores are water-filled and if there are continuous 
large pores the flow in them will dominate the flow. As such pores preferentially form in 
the root zone, they should be most important for groundwater flow in areas where the 
groundwater level occasionally rises close to the soil surface. In the previously discussed 
overland flow experiment close to Uppsala (page 56) it was observed that groundwater 
from one of the hillslopes flowed out of 1 – 5 mm large pores in the pit wall, when the 
groundwater level after large rain storms or snowmelt rose to a few cm from the soil 
surface. In this case the soil consisted of silt layers on clay layers. Large pores were only 
present close to the soil surface, and the flow seemed to occur through the whole cross-
sectional area at lower groundwater levels. In this hillslope flow in macropores contributed 
to the groundwater flow at high groundwater levels. In other countries, lateral flow in 
macropores has been reportedly detected in limited saturated or nearly saturated layers 
some decimetres below the soil surface. In these cases (unlike the experimental site in 
Uppsala) an unsaturated zone was present below the conducting layer. It seems unlikely 
that such situations would occur in Swedish till soils where the groundwater is often 
shallow. 
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The role of evaporation 

In the discussion on runoff generation we have more or less disregarded the role of 
evaporation. This simplification does not lead to any errors regarding the main flow 
patterns and processes. We can simply imagine that rain events we discussed were followed 
by periods with low rates of evaporation or melt periods during the winter. Nevertheless, 
some effects of evaporation are considered here. 
 
Evaporation primarily affects soil and groundwater conditions between rainfall events, and 
thus catchments’ ability to generate runoff. Water inputs to the ground surface are also 
reduced by interception. Evaporation withdraws water from both recharge and discharge 
areas during flow events. This effect can be observed in seasonal variation of streamflow 
recession. During summer, when evaporation rates are highest, the runoff declines more 
rapidly than during winter. In some watercourses daily variation in recession phases may be 
observed (Fig. 50), which has been attributed to the daily variation in evaporation. It is 
probably an effect of evaporation from discharge areas (saturated and unsaturated) and 
their vicinities. Fractions (of varying size, depending on the time of day) of the water flow 
from up-slope disappear into the atmosphere instead of to the stream via evaporation from 
free water surfaces and transpiration from water taken up in the unsaturated and saturated 
zones. Simulations have shown that daily variations in water loss to the atmosphere from 
the unsaturated zone can lead to daily variation in groundwater discharges.  
 

 
 
 
 
 
 
 
 
 
 
 
 
 
 

Fig. 50 Runoff during some rain-free summer days in the stream Kilmyrbäcken, Jämtland, northern Sweden, in June 1980. 
The daily variation in runoff is probably due to evaporation from discharge areas and their vicinities. Some of the flow from 

the hillslopes evaporates into the atmosphere and does not influence the streamflow. The runoff in the stream was small during 
these days, so effects of the daily variation in evaporation were relatively strong. 

Hydrographs can be calculated if precipitation is known 

We end this chapter with a short presentation of a mathematical model that can be used to 
calculate the runoff in watercourses if the precipitation is known. The model was 
developed at the Swedish Meteorological and Hydrological Institute (SMHI) and is now 
routinely used to forecast floods and recharge of hydropower reservoirs, and to estimate 
runoff in streams and rivers during periods for which discharge data are lacking. It is based 
on the basic principles presented and discussed in this book. 
 
In the model presented on page 91 a real hillslope was imitated and the flow was calculated 
from basic physical relationships (Darcy’s Law and continuity conditions). The model 
developed by the SMHI applies another approach, in which a catchment is regarded as 

discharge (l/s) mm/day 

                       14                           15                          16                             17      June 
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being like a number of flowerpots, with holes in their sides at different levels, from which 
the groundwater drains to a delaying storage and then to the watercourse. Let us see how 
such a pot works. The calculations are performed separately for each pot on a daily basis. 
 
First, the water input to the ground surface is determined from precipitation and air 
temperature measurements. At freezing temperatures the precipitation is stored as snow 
and at temperatures above 0oC the precipitation falls as rain. If there is a snow pack, snow 
melts in proportion to the number of positive degrees (following principles described on 
page 53). 
 
All water added to the soil surface infiltrates. The percolation to the groundwater is 
estimated from water balance calculations for the root zone, following method 1 on page 
64. These estimates involve use of data on potential evaporation and plant-available soil 
water. The fraction of a certain water input that percolates increases gradually when the 
calculated soil water storage approaches field capacity. 
 
All added water percolates when the field capacity is reached. The limited percolation that 
occurs before this point in the model may imitate total percolation on a limited part of the 
catchment. In this manner variability in the water holding capacity within the catchment is 
simulated. The occurrence of saturated discharge areas is not directly considered, nor the 
influence of topography on soil moisture conditions, but their role in runoff generation is 
partly addressed by the variable water holding capacity.  
 
For some applications, the agreement in total runoff over a long period (i.e. consistency of 
the areas below the curves) is most important, while in other applications accurate 
determination of the maximum discharge or the dates when flows increase may be more 
important.  
 
The calculated discharge from the groundwater zone depends on the calculated 
groundwater level. It is proportional to the groundwater level, but the proportionality 
factor increases with increasing groundwater level (the openings in the ‘pots’ increase from 
the bottom to the top of the pots). Thus, a given rise in water level leads to a larger 
increase in discharge at high water levels than at low water levels (in accordance with Fig. 
47). Thereby the model accounts for the variation in depth of the hydraulic conductivity 
and the increasing slope of the groundwater surface when it approaches the soil surface. 
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Fig. 51 Air temperature, precipitation and runoff (observed and simulated) at Nolsjön, Velen-area, Västergötland, southern 
Sweden. The simulated streamflow was calculated on a daily basis using the SMHI model described in the text.  

 
The delay in responses of flow in a catchment is handled by the delaying storage that the 
discharge must pass through. Some of the groundwater discharge from one day is 
discharged the same day, another part the next day and so on. 
 
Both precipitation and air temperature vary in a real catchment, for example with height 
above sea level (the precipitation is largest and the temperature lowest in the highest areas). 
In addition, the snowmelt differs considerably between forested and open areas (as 
discussed on page 53). These variations in a catchment are considered in the model by 
representing a catchment with a number of pots that are assigned different climates and 
fractions of forested and open land. 
 
The model includes numerous coefficients that must be determined for each catchment 
where it is applied, including (among others) the maximum amount of plant-available water 
and its distribution, proportionality constants between groundwater level and discharge, 
and delay factors for runoff. The coefficients are determined from trial and error runs with 
the model, and the combination of coefficients giving the closest similarity between 
observed and modelled runoff is chosen. When the coefficients are determined the model 
can be used to calculate runoff from precipitation, air temperature and potential 
evaporation data. Five-day forecasts of the weather can be used to generate short-term 
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runoff forecasts. To forecast possible events further in the future, for example probable 
maximum floods during a given period, historical flows calculated with the model using 
historical climate data from the local or a nearby catchment are used.  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Shallow groundwater during spring flood in the Kassjöån area, Medelpad, northern Sweden. In the road cut at the foot of a long 
till hillslope the discharging groundwater reflects the incident light. Water in the unsaturated zone does not reflect the light. There 
the water layers around the soil particles are too thin and the small water surfaces between the particles are concave and give no 
reflection. 
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7. Chemical processes along the water flow path 

In the preceding chapters we have given examples illustrating use of water’s chemical 
composition (dissolved salts or isotopic composition) for identifying its origins and flow 
paths through a catchment. Conversely, in this chapter we discuss the chemical changes 
that occur in water during its passage. We focus on chemical processes that change the 
content of dissolved substances in the water, and thus the environment in which the water 
flows. 
 
Some basic chemical concepts that are used in this chapter are defined on pages 143 – 144, 
which also provide a list of chemical notations used in the text. 

Overview of the chemical processes  

Infiltrating water first passes through the topsoil layer, which mainly consists of organic 
material in various stages of decomposition. This humus layer contains large amounts of 
exchangeable hydrogen and metal cations, which reduce effects of variations with time in 
the chemical composition of the precipitation. 
 
In the root zone, weathering of soil minerals adds more metal cations to the soil solution. 
The plant roots take up nutrients and water, and release carbon dioxide to the root zone 
when they respire. When the carbon dioxide is dissolved in soil water carbonic acid is 
formed, which contributes to further weathering during the percolation of water to the 
groundwater. 
 
Along the groundwater flow paths further weathering and mineral transformations occur. 
Thus, concentrations of many ions successively increase. When the groundwater finally 
leaves the groundwater zone in a discharge area, the partial pressures of oxygen and carbon 
dioxide sharply change, and iron and calcium may precipitate. 

Supply of substances to the soil surface 

The soil surface in a catchment is supplied with chemical substances from the atmosphere 
(outside the catchment) and vegetation (inside the catchment). These supplies are 
components of each element’s biogeochemical cycle, which involve both very slow 
geological processes and fast chemical reactions at diverse scales. The internal supply is part 
of what is often called the ‘small cycle’, consisting of uptake of elements by roots, 
incorporation into living tissues, decay and litterfall, decomposition, release and another 
round of uptake by roots. However, no ecosystem is closed, so the ‘small’ cycles and 
biogeochemical cycles of all scales are tightly interconnected.  

External supply 

Chemical substances flow from the atmosphere to the soil surface in dissolved form in 
precipitation (‘wet deposition’) or via deposition of gases and particles (‘dry deposition’). 
Dust, salt crystals and other particles that have entered the atmosphere in various ways 
often induce raindrop formation by providing surfaces that trigger condensation of water 
vapour. They are then carried by the falling raindrops to the ground and contribute to wet 
deposition. While falling to the ground raindrops may also capture further particles from 
the air. 
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Particles larger than a certain threshold that depends on their density and shape may 
sediment from the air on the vegetation or directly on the ground. Smaller particles cannot 
sediment directly, but the trees filter the passing air and large proportions of the particles 
get stuck on leaves and needles. These particles are eventually washed off by precipitation 
or carried to the ground in litter. Thus, there is more deposition in forests than on open 
ground. 
 

Some gases, including sulphur and nitrogen oxides, are efficiently taken up by trees through 
the stomata in their leaves or needles. These gases may subsequently be further oxidised to 
sulphuric and nitric acids and eventually reach the ground. 
 
Sulphur (S) is supplied to the catchment as sulphate ions (SO4

2-) or sulphuric acid (H2SO4) 
dissolved in precipitation, as sulphate salts in particles or as sulphur dioxide gas (SO2). The 
most important natural sources of sulphur in the atmosphere are splashes from breaking 
sea waves and bubbles, volcanic activity and release of hydrogen sulphide from swamps. In 
industrial countries most S emissions into the atmosphere come from combustion of fossil 
fuels. 
 
In 1987 the fraction of wet sulphur deposition that did not originate from the sea 
amounted to about 10 and 3 kg per ha per year in southwest and northern Sweden, 
respectively1. The total deposition is roughly double that of the wet deposition. 
 
Nitrogen (N) is supplied to catchments mainly as ammonium ions (NH4

+) or nitrate ions 
(NO3

-) dissolved in precipitation, or as nitrogen oxides (NO and NO2) taken up by the 
vegetation. Biological nitrogen fixation mediated by certain microorganisms in catchments 
may also add nitrogen directly from the atmosphere. 
 
Nitrogen gas is the main constituent of the atmosphere, but the supply of nitrogen as a 
nutrient often limits plant growth. To be biologically useful the nitrogen must be bound to 
hydrogen or oxygen ions. It can be bound to hydrogen ions by biological nitrogen fixation. 
Nitrogen oxides are naturally formed in the atmosphere by electrical discharges. The 
amount of nitrogen oxides formed by combustion at high temperature is globally of the 
same order of magnitude.  
 
Ammonia (NH3) is an end-product of the complete decomposition of organic material. In 
an acidic environment, each ammonia molecule binds one hydrogen ion, forming an 
ammonium ion. On calcareous ground, limed agricultural land, manure deposits and other 
basic environments, gaseous ammonia may be emitted to the atmosphere. One of the 
largest sources of ammonia today is the fertiliser industry. 
 
The wet deposition of nitrogen in 1987 amounted to about 8 and 2 kg per ha per year in 
southwest and northern Sweden, respectively2. As for sulphur, the total deposition of 
nitrogen is about twice that of wet deposition. 
 
The positively charged ions calcium (Ca2+), magnesium (Mg2+), sodium (Na+) and 
potassium (K+), together with the negatively charged ion chloride (Cl-) are supplied to 
catchments both dissolved in precipitation and via dry deposition of salt particles. These 

                                                 
1 In year 2015 the wet deposition of sulfur in SW and N Sweden had decreased to about 2 and 1 kg 
per ha per year, respectively.) 
2 Until year 2015 the deposition of nitrogen has remined fairly constant. 
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ions and particles enter the atmosphere from breaking waves, land eroded by wind and 
combustion. 
 
Supplies of aluminium (Al), phosphorous (P), silicon (Si), iron (Fe), manganese (Mn) and 
other elements to catchments are small compared with those of the elements mentioned 
above. 
 
Natural rainwater in equilibrium with carbon dioxide in the atmosphere contains hydrogen 
carbonate and has a pH around 5.5. In acid precipitation the negative hydrogen carbonate 
ion (HCO3

-) from carbonic acid, which is a weak acid, has been replaced by the negative 
ions of the strong sulphuric and nitric acids, i.e. sulphate (SO4

2-) and nitrate (NO3
-) ions. 

The pH of precipitation in the mid-1980s was about 4.3 in central Sweden3. 

Internal supplies 

Dead plant material falling to the ground as litter adds considerable amounts of nutrients to 
the soil surface, most of which were previously taken up from the root zone. In addition to 
the supply by dead plant material some elements (e.g., potassium) leach from canopies and 
thus contribute to internal supplies. 

Chemical processes in recharge areas 

The upper part of the ground that is influenced by the weather, living organisms and 
associated processes, is called the soil. When water percolates through a soil, and thereby 
participates in soil-forming processes, it is simultaneously dramatically transformed 
chemically – as precipitation water is transformed to soil water and groundwater.  
 
The natural dead organic debris that has not yet been decomposed by the soil-forming 
processes is called litter. Litter is added to the soil surface from canopies of the vegetation 
(dead needles, leaves, twigs, branches etc.), from the bottom layer (dead animals and 
mosses) and from within the soil (dead roots, soil fauna, fungi, bacteria and other 
organisms). Humus is the organic material in the soil excluding litter and living organisms, 
i.e. organic material with unidentifiable origins. The humus layer consists of both humus 
and decomposing litter. 
 
In recharge areas water moves predominantly vertically downward. Here podzols are formed 
(Fig. 52). These are soils with a characteristic series of layers (with varying degrees of 
development), from the top: a humus layer, a bleached eluvial horizon, and an enriched 
illuvial horizon. Below these layers, the soil is less affected by the surface processes but may 
contain material in various states of weathering. The humus layer of podzols contains 
minimal amounts of mineral particles and is called mor. 
 
If a soil contains a lot of digging animals, especially earthworms, the characteristic horizons 
of podzols are not formed, as the soil organisms effectively mix the dead organic material 
with mineral particles. Instead of mor and an eluvial horizon a mull horizon is formed. This 
type of soil is called brown earth. It is formed in broadleaf forests and is especially abundant 
in Sweden in the south-west of the country and around Lake Mälaren. In the following text 
we limit the discussion to podzols, which cover the largest area in Sweden and most clearly 
show the chemical processes. 

                                                 
3 In year 2015 pH in central Sweden had increased to about 5.0. 
 



106 
 

 
 

 
 
 
 
 
 
 
 
 
 
 
 
 Fig. 52 Schematic profile of an iron 
podzol. This type of soil dominates on 
sloping recharge areas with a wide range of 
moisture contents. Iron and aluminium 
that dissolved in the eluvial horizon are 
deposited in the illuvial horizon. 
Deposited iron hydroxides give the illuvial 
horizon a rusty colour. 

 
 
Litter from the trees and bottom layer continuously supplies the mor layer with dead 
organic material (for example, a Scots pine loses about a third of its needles every year). 
Bacteria, fungi, and soil fauna use the dead material as a source of energy and nutrients, 
thereby successively decomposing it. The readily decomposable parts turn over relatively 
rapidly, while the least decomposable material may remain in the mor layer for several 
hundred years. In the mor layer there are also plant roots, which can take up mineralised 
nutrients. 

The mor layer gives its signature to passing water 

The decomposition of the organic material is an oxidation process, which ultimately forms 
carbon dioxide gas (CO2) if it progresses to completion, but in the process material with 
abundant hydroxyl- (-OH) and carboxyl- (-COOH) groups is formed. The hydrogen ions in 
these groups are weakly bound and can be easily removed into the soil solution. They are 
therefore acids. The organic acids containing these groups have widely varying molecular 
sizes, ranging from butyric, citric and malic acid with four to six carbon atoms to humic 
acids with many thousands of carbon atoms. While small organic acids are soluble in water 
and can be carried by the infiltrating water down through the soil profile, the larger humic 
acids have much lower solubility and largely remain in the mor layer. 
 
When the hydroxyl groups in humus release hydrogen ions they are exchanged with other 
positive ions, cations, from the soil water. Thus, the humus acts as an ion exchanger for 
positive ions. The mor layer in a forest represents a very large cation exchanger and can 
damp short-term fluctuations in the precipitation’s composition. Regardless of which 
positive ions are present in the precipitation deposited by a storm, the percolating water 
has a rather uniform cation composition after passage through the ion exchanger in the 
mor layer. 
 

mor 

eluvial 
horizon 

parent material 

illuvial 
horizon 
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An important variable for plant growth is the degree of base saturation; the proportion of 
negatively charged sites in the ion exchanger that are occupied by basic cations (mainly Ca2+, 
Mg2+, Na+, and K+). Most of these are essential mineral nutrients and are called basic 
because their oxides have basic properties (this should not be confused with the pH of the 
soil). Hydrogen and aluminium ions are bound to most of the other sites in the ion 
exchanger. The proportion of the cation exchange sites in the mor layer occupied by 
hydrogen ions is correlated with the hydrogen ion concentration in the soil water, and thus 
the soil water’s acidity. Increases in the pH of soil water may be due to increases in the 
proportion of basic cations bound to exchange sites of the solid phase, or increases in 
proportions of aluminium ions (in which case aluminium displays basic properties, while it 
may have acidic properties in other cases).  
 
The mor layer also contains large amounts of basic cations, forming a ‘reservoir’ of these 
cations that is typically equivalent to amounts deposited (wet and dry) from the atmosphere 
during about 50 years in a forest soil in central Sweden. In coniferous forests the basic 
cation addition from litterfall is of the same order of magnitude. The turnover time (see 
page 11) of basic cations in the mor layer is therefore about 25 years. 
 
When water evaporates from the soil surface, the concentration of dissolved substances 
increases, because only water molecules are emitted. Thus, water percolating from the mor 
layer has a higher concentration of dissolved substances than the precipitation. Soluble 
organic acids have also been added to the water and the pH corresponds to the degree of 
base saturation of the humus. 

The crystal structure of the minerals present governs their tendency to weather 

The mineral soil in till consists of a mixture of fragments of diverse sizes of various rock 
species and transformation products. The rock species present in a till depends on the 
original location of the parent material scraped off by the glacial ice. Every species of rock 
consists of various minerals, each of which has a specific chemical composition. Oxygen is 
the most common element, followed by silicon, aluminium and iron. Because oxygen 
atoms are also relatively large, oxygen occupies about 92% of the total volume of the solid 
rock. 
 
After oxygen, the most abundant element in most common minerals is silicon. These 
minerals are called silicates. Before we discuss the decomposition or weathering of silicates in 
the soil we will briefly consider their structure. 
 
There are numerous silicates with widely varying composition, for example: olivine, (Mg, 
Fe)2SiO4; phenacite, Be2SiO4; and zircon, ZrSiO4. All these minerals consist of crystalline 
lattices with unit cells that include oxygen ions, commonly arranged in regular tetrahedrons 
(a shape with four sides consisting of four equilateral triangles). Each of the oxygen ions 
has two negative charges, which must be balanced by one or more positive ions. For the 
crystalline structure to be stable, the oxygen ions in each unit cell must all be in contact 
with a positive ion (thus each of the latter must be in contact with four oxygen ions in a 
tetrahedral arrangement). The better the positive ions fit into the spaces between the 
oxygen ions, the more stable the structure. Thus, the ratio between the radii of the positive 
ions and oxygen ions is a measure of the mineral’s stability, i.e., its resistance to weathering. 
If this ratio is 0.15, the oxygen ions will form corners in equilateral triangles. If the ratio is 
0.22 they will form corners in tetrahedrons, if it is 0.41 corners in octahedrons (a shape 
with eight sides of equilateral triangles, like two pyramids with their bottoms stuck 
together), and if it is larger than 0.73 corners in cubes. The oxygen ions can be ordered 
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tetrahedrally with positive ions providing ratios between 0.22 and 0.41. If the ratio is 
smaller than 0.22 the structure will collapse, as the positive ions cannot maintain contact 
with all the surrounding oxygen ions. Conversely, if the ratio is larger than 0.22 the stability 
decreases, but it can still be maintained up to a ratio of 0.41. 
 
Silicon provides the optimal fit in the spaces between tetrahedrally ordered oxygen ions as 
the ratio of silicon to oxygen ionic radii is 0.30. Furthermore, silicon ions have a charge of 
+4. Quartz (SiO2) has this structure and is therefore the most stable silicate mineral. 
Aluminium ions, which have a radius ratio to oxygen ions of 0.43, fit second best, but as 
the ratio is larger than 0.41 the oxygen ions will be ordered octahedrally around the 
aluminium ions. A tetrahedral structure can be retained if some aluminium ions substitute 
silica ions. However, aluminium ions only have +3 charges, so some other cation(s) must 
be included in the structure to maintain the balance between positive and negative charges. 
Potassium feldspar (K Al Si3 O8) has the same composition as quartz, except that every 
fourth silicon ion has been exchanged by an aluminium ion, together with a potassium ion 
(K+) that restores the charge balance. Potassium feldspar has a less optimal structure than 
quartz and decomposes more easily. The main weathering processes are summarized in 
Table 4 (and briefly described in the following sections), and the relative resistance to 
weathering of some of the minerals commonly found in Swedish rocks are listed in Table 
5. 
 
Table 4. Main weathering processes 

  
Weathering 
processes 

 

  

Physical Temperature 
variations 

Temperature fluctuations may break rock containing minerals with 
different thermal expansion coefficients. Rocks may also be 
cracked by the tension arising between their surfaces rock and 
deeper parts due to daily temperature variations. 

 Frost Water that freezes in cracks exerts a large breaking effect.  
 Vegetation Roots in cracks exert a breaking effect. 
   

Chemical Hydration Adsorption of water by a mineral. 
 Hydrolysis Formation of an acid and a base when water reacts with a salt. 
 Dissolution The process whereby a mineral is dissolved in water and carbonic 

acid. 
 Oxidation/Reduction Mainly oxidation of iron in a mineral, leading to its destruction. 

 

Primary minerals weather primarily through hydrolysis 

Physical weathering refers to the mechanical disintegration of a species of rock, while chemical 
weathering is the decomposition of the crystal structure of a mineral. Increases in the relative 
surface area of a mineral grain (and thus reductions in its size) increase the effect of 
chemical attacks, so physical weathering enhances rates of chemical weathering. The 
products of chemical weathering may be free ions or new solid phases, called secondary 
minerals in contrast to the original or primary minerals. The secondary minerals are richer 
in aluminium and iron than the primary minerals from which they stem. 
 
Some minerals can take up water, a process called hydration. The only primary mineral 
capable of hydration is biotite, which consists of thin plates. When water is absorbed 
between the plates, the biotite swells and finally breaks. In the presence of water salt 
minerals can dissolve. Calcite is also weathered through dissolution, but the reaction will be 
very slow unless carbon dioxide is dissolved in the water. Minerals containing iron (II) 
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(Fe2+) can weather in the presence of gaseous oxygen gas, which oxidises the iron to iron 
(III) (Fe3+). Then the minerals will be unstable and disintegrate. 
 

 
Table 5. Weathering resistance of small mineral particles (1 = low, 15 = high), abundance of the minerals 
in Sweden (1 = most abundant) and their chemical formulas 

Weathering  
group 

Abundance Mineral 
(p=primary) 

Chemical formula 

1  Gypsum CaSO4 2H2O 
2 7 Calcite CaCO3 
3 5 Hornblende (p) 3CaO·Na2O·8(Fe2+, Mg)O·2(Al,Fe3+)2O3· 14SiO2·2H2O 
4 4 Biotite (p) K2O·6(Fe2+, Mg)O·Al2O3·6SiO2·2H2O 
5  Albite (p) Na2O·Al2O3·6SiO2 
 2 Anorthite (p) CaO·Al2O3·2SiO2 
 3 Potassium  

feldspar (p) 
K2O·Al2O3·6SiO2 

6 1 Quartz (p) SiO2 
7 6 Muscovite (p) K2O·3Al2O3·6SiO2·2H2O 
8  Vermiculite Mg0,55(Al2,3Si5,7)(Al0,5Fe3+

0,7Mg4,8)O20(OH)4·nH2O 
9  Montmorillonite Ca0,4(Al0,3Si7,7)Al2,6(Fe3+

0,9Mg0,5)O20(OH)4·nH2O 
10 8 Chlorite AlMg5(OH)12(Al2Si6)AlMg5O20(OH)4 
11  Allophane Al2O3·mSiO2·nH2O 
12  Caolinite Al4(Si4O10)(OH)8 
13  Gibbsite Al(OH)3 
14  Goethite FeO·OH 
 10 Magnethite (p) Fe3O4 
15  Rutile TiO2 

 
The most quantitatively important process in the disintegration of primary mineral is 
hydrolysis. During hydrolysis the primary minerals react with water, and an acid (silica acid) 
and a base (aluminium hydroxide) are formed. Decomposition of their crystal lattices is 
facilitated when hydrogen ions are absorbed and basic cations are simultaneously released. 
Silica acid may react with aluminium hydroxide to form secondary silicates (clay minerals, 
the composition of which depends on the constitution of the soil solution).  
 
An example of hydrolysis is the disintegration of potassium feldspar (K2O ·Al2O3 ·6SiO2) 
into silica acid (H4SiO4), aluminium hydroxide, or gibbsite (Al ·(OH)3) and potassium ions 
(K+). 
 
2 K2O ·Al2O3 ·6SiO2 + 28 H2O + 4 H+ ↔ 12 H4SiO4 + 4 Al ·(OH)3 + 4 K+ 
 
During the first level of silicate weathering, hydrogen ions are exchanged with base cations 
in the surface layer of the mineral. Hydrogen ions diffuse successively deeper into the 
mineral crystal, while basic cations diffuse outwards. Then aluminium and silica also 
disappear from the surface layer. In a very acidic environment (with pH lower than 3.5) 
aluminium has a greater tendency to leave the mineral crystal than silica, while the opposite 
is true in very basic environments (with pH higher than 9.5). In the first case the weathered 
surface layer contains, apart from oxygen, only silica. In the second case it contains only 
oxygen and aluminium. 
 
Within the more common range of pH (between 4.5 and 9) a new solid phase is formed on 
the surface of the weathering mineral. This so-called weathering skin mainly consists of 
aluminium hydroxide, but may also contain clay minerals. These secondary silicates are also 
called layered minerals and are formed from aluminium hydroxide and silica acid if the 
silica acid concentration is high enough. 
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Clay minerals mainly consist of Si-O-tetrahedrons and Al-O-OH-octahedrons. All clay 
minerals originate from aluminium hydroxide and silica acid that have combined. Our clay 
soils contain fragments of primary minerals in addition to clay minerals. The relative 
concentrations of primary and secondary minerals vary with the textural composition of 
the soils. Fine clay, for example, with particles smaller than 0.0002 mm in diameter, almost 
exclusively consists of secondary minerals, while fine silt (Swedish: mjäla), with particles 
between 0.02 and 0.002 mm in diameter, almost exclusively consists of primary minerals. 
 
Weathering rates are increasingly accelerated as pH becomes increasingly extreme (either 
very low or very high). However, variation in pH between 4.5 and 9 (the range of most 
natural waters) has little effect on weathering rates. This might be an effect of minerals’ 
weathering skins, which resist the outflow of weathering products and inflow of water. A 
weathering skin is continuously formed at the surface of a weathering mineral and 
disintegrated at the boundary with the free soil water, especially through the formation 
(mediated by various agents) of organic complexes. 
 
Organic decomposition products, especially organic acids, are leached from the mor layer 
and effectively bind iron (III) and aluminium ions through a process called chelation (from 
the Greek word for pincers, chelé). The iron and aluminium ions that are otherwise bound 
to solid organic material (humus), or to oxygen ions in hydroxides, can then be transported 
as complexes with soil water down in the soil profile. Thus, organic acids actively increase 
weathering rates. 

Weathering and enrichment give the soil profile characteristic colours 

Due to the continuous flux of organic acids from the mor layer, the uppermost mineral soil 
layer is subjected to heavy chemical weathering and loses much of its iron and manganese. 
Thus, its colour becomes pale grey and the layer is called the bleached or eluvial horizon. 
During the weathering process the easily decomposed minerals are decomposed first. 
Therefore, the proportion of quartz, which barely weathers at all as long as feldspar is 
present, increases with time in the eluvial horizon. 
 
As the percolating water passes through the eluvial horizon, where hydrogen ions are 
consumed in the weathering process, it becomes less acid and contains more metal cations 
than it did when it left the mor layer. The addition of sodium, potassium, calcium and 
magnesium from weathering may be of the same order as the atmospheric deposition of 
these elements. 
 
In the enrichment or illuvial horizon that forms below the eluvial horizon, the iron from the 
eluvial horizon is normally deposited as hydroxide. This gives the illuvial horizon a rusty 
colour. Humic acids that percolate to this horizon are also deposited and give the horizon a 
darker brown colour. The boundary between the eluvial and illuvial horizons is normally 
very sharp, while the transition from the illuvial horizon to the unaffected parent material is 
often diffuse. 
 
Roots are found in the eluvial as well as in the illuvial horizon. However, the abundance of 
roots decreases rapidly with soil depth, and roots are sparse below 0.6 m. Plant roots take 
up most of the mineralised nitrogen and large proportions of the released mineral 
nutrients. When parts of the plants die, the nutrients are returned to the soil as litter. In this 
way large amounts of plant nutrients circulate. 
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Root respiration releases carbonic acid into soil water 

The roots and micro-organisms in the soil consume oxygen and release a corresponding 
amount of carbon dioxide during their respiration. The soil atmosphere is therefore to 
some extent depleted in oxygen, but has more carbon dioxide than the free atmosphere. 
The carbon dioxide concentration in the root zone is often 30 to 100 times higher than in 
the atmosphere, and in some circumstances may be much higher. In the same manner as 
heat is transferred through a solid body from a warm side to a cold side, a gas moves 
through the air or water in the soil from areas with high concentrations of that gas to areas 
with low concentrations by molecular diffusion. Because the carbon dioxide concentration 
is much higher in the soil gas than in the free atmosphere carbon dioxide diffuses from the 
soil into the atmosphere. Similarly, oxygen diffuses from the free atmosphere down into 
the soil profile where the oxygen concentration is lower. In water gas diffusion is more 
than a thousand-fold slower than in free air. The soil water content plays an important role 
in the gas exchange between the soil and the atmosphere. If the root zone is water-
saturated, the oxygen concentration very rapidly falls close to zero and reducing conditions 
arise. Then sulphate in the water may be reduced to sulphide, for example in the form of 
hydrogen sulphide (H2S) or pyrite (FeS2). Nitrate may be reduced to free nitrogen gas or 
nitrous oxide gas. All these reactions are mediated by micro-organisms, which use sulphate-
sulphur or nitrate-nitrogen as electron acceptors, and organic carbon forms as electron 
donors. Deposited Fe (III) may be reduced to water-soluble Fe (II). The carbon dioxide 
concentration under such conditions will be very high. 
 
When carbon dioxide dissolves in water (reaction 1 below) carbonic acid is formed 
(reaction 2). The carbonic acid dissociates into a hydrogen ion and a hydrogen carbonate 
ion (reaction 3). The latter further dissociates into a hydrogen ion and a carbonate ion 
(reaction 4). 
 
CO2(g) ↔ CO2(aq)    (1) 
CO2(aq) + H2O ↔ H2CO3   (2) 
H2CO3 ↔ H+ + HCO3

-   (3) 
HCO3

- ↔ H+ + CO3
2-    (4) 

 
The g and aq notations in parenthesis denote gas and dissolved in water, respectively. 
 
The last equation can be neglected if the pH is lower than 8, as in almost all natural waters. 
The hydration of the carbon dioxide (reaction 2) is irrelevant in equilibrium conditions. 
Therefore reaction (2) and (3) can be combined, giving: 
 
CO2(aq) + H2O ↔ H+ + HCO3

- 
 
The reactions described by these equations are equilibrium reactions, which means they can 
proceed in either direction, and the net direction depends on the pressure, temperature and 
concentrations of species that participate in them. If the concentration of a species to the 
left in an equilibrium reaction is increased, the equilibrium point will shift to the right and 
vice versa. Thus, the reactions collectively form a buffer system. If hydrogen ions are 
consumed in any other reaction the equilibrium points of the reactions in the carbonic acid 
system will shift to the right and generate more hydrogen ions. Conversely, if hydrogen 
ions are added the equilibrium points of the reactions will shift to the left. 
 
In this manner a buffer system ameliorates changes in a system’s hydrogen ion 
concentration. In the root zone hydrogen ions are produced when the carbon dioxide 
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generated by respiratory processes dissolves in soil water. These hydrogen ions are 
consumed in the weathering process. Then the reactions’ equilibrium points shift to the 
right and more carbon dioxide can dissolve. Since one hydrogen carbonate ion is formed 
for every hydrogen ion consumed, the hydrogen carbonate concentration is an indicator of 
the weathering. Since large amounts of carbon dioxide are added in the root zone the 
carbon dioxide concentrations are not significantly influenced by this consumption, and the 
root zone is said to be an open system with respect to carbon dioxide. 
 
If water moves slowly through the root zone a lot of weathering can occur during its 
passage, and the concentrations of both hydrogen carbonate and cations released by 
weathering will be high in the water leaving the zone. Conversely, if the particle velocity is 
high, the hydrogen carbonate and cation concentrations will be low.  
 
If calcite, i.e. pure calcium carbonate (CaCO3), is present in the root zone it weathers as 
follows: 
 
CaCO3(c) + H2O + CO2(aq) ↔ Ca2+ + 2HCO3

- 
 
The notation (c) means that calcite is in crystalline form. 
 
From the formula we can see that two hydrogen carbonate ions are formed for each 
calcium ion that is released. Since calcite is an easily weathered mineral the groundwater in 
calcite-rich soils has a high concentration of hydrogen carbonate. These ions act as buffers 
if acids are added, which makes carbonate-rich waters resistant to acidification. 

Below the root zone the weathering rate decreases 

In the intermediate zone, between the root and groundwater zones, the partial pressures of 
oxygen and carbon dioxide are similar to those in the root zone. Therefore, weathering can 
proceed, but it will be much less intensive since nearly all the organic acids and complex 
formers previously present in the percolating water will have been deposited in the illuvial 
horizon or mineralised. Further weathering is also hampered by increases in concentrations 
of basic cations and other weathering products in the soil water down in the unsaturated 
zone.  
 
Due to the weathering and lower concentrations of organic acids, the pH and 
concentration of silica acid (H4SiO4) increase down in the soil profile. This leads to a 
succession of weathering reactions, eventually leaving quartz at the top, goethite (FeOOH) 
and diaspora (AlOOH) in the illuvial horizon, kaolinite (Al4Si4O10(OH)8) further down and 
finally montmorillonite deep down in the groundwater zone. The young soils in Sweden 
will not reach this stage for a long time.  
 
Because gases diffuse in water very slowly, the oxygen and carbon dioxide that were 
dissolved in the percolating water in the intermediate zone cannot be renewed in the 
groundwater zone. Hence, the groundwater zone is a closed system with respect to carbon 
dioxide, which restricts the possible weathering of calcite in it. If the groundwater zone 
contains organic material, all dissolved oxygen will be consumed and the groundwater will 
be oxygen-free. Iron(III) (Fe3+) may then be reduced to Fe2+ and dissolve, while sulphate 
(SO4

2-) may be reduced to sulphide (e.g. FeS2) and precipitate. 
 
In cases where weathering rates are high in the unsaturated zone, the rates will be low in 
the saturated zone. If the groundwater table is close to the soil surface, little weathering can 
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occur in the unsaturated zone and some weathering (limited by the amounts of dissolved 
oxygen and carbon dioxide) can occur at depth. In the groundwater zone the weathering 
rate decreases at the same time as the concentration of weathering products increases. 
Hydrogen ions are consumed during the weathering, so the pH increases with increasing 
groundwater age. The concentrations of silica acid and basic cations also usually increase, 
so old groundwater generally has higher salt concentrations than young groundwater 

Chemical processes in discharge areas 

In discharge areas on till soils the soil profile is normally characterised as some kind of 
humic podzol. The eluvial and (to some extent) the illuvial horizon are impregnated with 
humus, which gives these horizons a dark brown colour (Fig. 53). Formation of humic 
podzols requires unsaturation of the discharge area for most of the year, since podzols can 
only be formed if there is a downward flow of water through the soil profile. 
 
 

 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 53 Schematic profile of a humic 
podzol. This soil is formed in 
permanent discharge areas with 
occasional very shallow groundwater. 
Humic acids penetrate and are 
deposited in both the eluvial and 
illuvial horizons. 
 

 
In the same ways as recharge areas, discharge areas receive deposition from the 
atmosphere. There are also biological cycles, involving nutrient uptake from the root zone 
and litter fall to the ground surface. The great difference is that the soil profile in a 
discharge area receives discharging groundwater from below and from the upslope. This 
groundwater has a higher pH and is richer in basic cations than infiltrating precipitation. It 
also often contains aluminium in complexes with organic acids. 
 
The water that percolates from the root zone in a recharge area will eventually emerge as 
groundwater in a discharge area. Because the discharge area is normally much smaller than 
the recharge area the efflux per unit area will be much larger than the corresponding 
percolation in the recharge area. 
 
When the discharging groundwater reaches the root zone, ion-exchanging complexes in 
this zone will equilibrate with the discharging groundwater and the substances it carries. 

mor 

eluvial 
horizon 

parent material 

illuvial 
horizon 
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Thus, the composition of the groundwater will strongly influence the storage of positive 
ions in the soil. 
 
Due to the high concentrations of basic cations in groundwater and large water flow, large 
amounts of cations may be stored in a discharge profile (perhaps around three times more 
than in a recharge profile). Because of the large flow the turnover times (storage/flux 
ratios) of the basic cations will still be shorter than in soil profiles in the recharge areas. If 
the lateral flow component is large the aluminium concentration can also be very high. 
 

 

 
When groundwater is discharging from the soil, the carbon dioxide equilibrates with the atmosphere. In this carbon-rich area this 
causes a dramatic fall in the water’s carbon dioxide concentration. Some of the calcium that was dissolved from the soil and 
bedrock can no longer stay in solution. Thus, calcium carbonate is precipitated and coats turf around the spring. Svindalen, 
Jämtland, northern Sweden. Photo: Allan Rodhe. 

 
In the root zone discharging groundwater dissolves some organic material (especially if the 
humic complexes have a high degree of hydrogen ion saturation) and carries away some 
suspended humic particles. Streamwater in coniferous forested areas is brown  
due to dissolved humic substances, while streamwater in deciduous forested areas is often 
almost colourless, although both kinds of water may contain equal amounts of dissolved 
organic material. This is because the latter contains other humic fractions that are 
colourless. 
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If the groundwater is oxygen-free it will be re-oxygenated in the discharge area, then 
dissolved iron- and manganese-containing compounds will be oxidised and precipitate as 
hydroxides. Thus, rusty iron deposits often form at springs. Some forms of iron pans, in 
which soil is glued together by iron and aluminium hydroxides and humic substances, may 
also form in this way. 
 
In discharge areas, the dissolved carbon dioxide equilibrates with that of the atmosphere, 
and (thus) the water’s carbon dioxide concentration sharply falls. This increases the pH of 
moderately acidic groundwater. In lime-rich soils the calcite dissolution can reach 
equilibrium even in the unsaturated zone. The partial pressure of carbon dioxide is high in 
such groundwater and it has a high concentration of dissolved calcium. When the 
groundwater is discharging, the carbon dioxide pressure decreases and calcium carbonate 
may precipitate and coat the ground. 
 
The characteristics of discharging groundwater vary in time. During periods with shallow 
groundwater and large flows the discharging groundwater is relatively young. It has low pH 
and low concentrations of dissolved basic cations. When the groundwater level is low the 
discharging water is older and both the pH and concentrations of basic cations are high. 
 
However, characteristics of the groundwater may change if it is discharged through 
occasional discharge areas. Hydrogen ion-saturated carboxylic groups, formed during the 
mineralisation of organic substances in the soil, may take up metallic cations from the soil 
solution. The pH of the soil water and its concentrations of metallic cations will then 
decrease. 
 
In discharge areas precipitation is added to the discharging groundwater. This will weakly 
affect its chemical composition in a saturated discharge area, but in an unsaturated 
discharge area the precipitation water will equilibrate with the ion-exchange system of the 
humus layer. It will then participate in weathering processes in the eluvial horizon and may 
deposit some weathering products in the illuvial horizon before mixing with discharging 
groundwater. 
 
When Sphagnum mosses grow they form uronic acids in their cell walls. These are excellent 
cation exchangers, and thus enable the mosses to capture basic cations from very dilute 
solutions (precipitation for example), but in exchange they deliver hydrogen ions to the soil 
water. This is one reason why mire waters are rather acid. 

Soil and mosses indicate water conditions 

The soil reflects, as we have shown, the water movement through the soil profile, and there 
are characteristic differences between recharge and discharge areas. Indication of water 
conditions at a site can be obtained by digging a soil pit and studying the soil profile, but 
(as is well known) the vegetation can also provide important indications. Distributions of 
certain moss and lichen species are especially informative. Let us follow the changes of the 
soil profile along a hillslope. 
 
At the top of a recharge area the water flow in the unsaturated zone is vertical and 
downward. The distance from the soil surface to the groundwater surface is large enough 
for the upper soil horizons to be rather dry and well-ventilated. The good aeration of the 
humic layer favours mineralisation processes. The humic layer is therefore thin. The soil 
profile is leached from above by the downward moving water, and a podzol profile, with a 
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characteristic eluvial horizon below the mor-layer and then an illuvial horizon, forms. On 
the driest soils lichen podzols are formed. Star-tipped reindeer lichen (Cladonia stellaris), 
reindeer lichen (Cladonia rangiferina), and island lichen (Cetraria islandica L.) are characteristic 
species on these soils. The mor layer is only 1 – 2 cm thick, the grey eluvial horizon 2 – 3 
cm thick and the rusty illuvial horizon normally 10 – 20 cm thick. 
 
On sloping recharge areas, with a wide range of moisture contents, iron podzols form. Here 
red-stemmed feather-moss (Pleurozium schreberi), broom fork-moss (Dicranum Scoparium) and 
stair-step moss (Hylocomium splendens) are found. While lichen podzols form below a thin 
mor-layer, iron podzols form below a thicker (may be 4 – 10 cm thick) mor-layer. The 
grey-white eluvial horizon may be 3 – 6 cm thick and is well distinguished from the illuvial 
horizon, which may be thinner than 10 cm on fine-grained soils and thicker on coarser 
soils. The darker the colour of the illuvial horizon, the moister the soil generally is. 
Normally this is why the colour is darker further down in recharge areas.  
 
In depressions, pits and close to boulders the eluvial horizon is often thicker than in the 
surrounding soil. This is probably because the soil is relatively moist in depressions, where 
water gathers in surface layers, but not necessarily through Hortonian overland flow. It may 
be due to the unsaturated hydraulic conductivity being larger in the humic layer than in the 
mineral soil below it. In such cases water will flow along the lower parts of the humic layer 
towards the bottom of the depression, where a vertical breakthrough occasionally occurs 
(in accordance with the description of the diversion of unsaturated flow by a coarse layer 
on page 36). In such generally moister environments, moisture-loving mosses like common 
haircap moss (Polytrichum commune) grow. The eluvial horizon is generally thicker below such 
mosses, possibly at least partly due to be the composition and persistence of the organic 
acids they form.  
 
Further down in the hillslope, where the recharge area is occasionally converted to a 
discharge area, the soil moisture content is higher and patches of Sphagnum mosses occur. 
The mor-layer will be more peaty and iron humic podzols form. The eluvial horizon looks like 
those in iron podzols, but is normally thicker. If the soil is flat, or only weakly sloping, the 
lateral water movement is limited. At the top of the illuvial horizon a thin humus-rich 
black-brown layer then forms, and below that a more normal rust-coloured layer. Since the 
groundwater level is often high, layers below the illuvial horizon are frequently oxygen 
deficient. The soil here will get a blue-grey colour from iron (II) transported upward by the 
groundwater. If there are coarser pore systems, the soil profile is oxygenated along them 
when the groundwater level falls. Then the iron (II) is oxidised to iron (III), which is 
deposited and can be observed as rusty streaks or patches in the blue-grey background. 
These formations are called gley. 
 
In coarse soils, or steep hillslopes where there is considerable lateral water movement close 
to the soil surface, the illuvial layer will be more diffuse. The upper humus-rich layer may 
be split into a number of darker patches. The rusty coloured layer may also contain such 
dark patches and it turns diffusely into the gley-layer. 
 
In permanent discharge areas where the groundwater is occasionally very shallow humic 
podzols form. Here common haircap moss or Sphagnum spp. dominate the bottom 
vegetation layer. The humic layer is thin peat or peaty mor. The eluvial horizon is 
impregnated to varying degrees by humic substances, giving it a dirty grey colour. If the 
illuvial horizon is thick it will be almost black from deposited humic substances. Otherwise 
it will be dirty brown and less rich in deposited colloids. The latter type is formed when the 
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groundwater surface is very shallow during most of the year and the upward flow 
component is comparatively large.  
 
In the mineral soil below mires, where the water flow is often directed upwards and there is 
oxygen deficiency, blue-grey marsh soils form. As already mentioned, the blue-grey colour 
is given by iron (II). 
 
Chemical processes also contribute to changes in the hydraulic conductivity of the soil 
profile. Due to weathering and leaching from the eluvial horizon, small particles slowly 
disappear. The hydraulic conductivity will then increase, while the water-holding capacity 
of the horizon declines. The opposite holds true for the illuvial horizon. When weathering 
products from the eluvial horizon and humic substances from the mor layer are deposited, 
the mean pore diameter decreases, the hydraulic conductivity decreases, and the water-
holding capacity increases. If the deposition has been extremely large and iron pans have 
formed, the hydraulic conductivity may be so small that the layer is practically impermeable 
to water. 

Streamwater reflects water flow pathways through catchments 

The chemical composition of streamwater at a given point along a stream depends not only 
on the composition of precipitation it receives (the initial contents), but also on the 
chemical changes that have occurred in the precipitated water during its passage (through 
various paths) to that point. Measurements over time will show temporal variations of the 
streamwater composition, which are due to variations in the relative contributions of water 
with different flow paths and transit times, the composition of precipitation and dry 
deposition, and biological activities, due (for example) to temperature variations. Similarly, 
the composition of water along a stream at a given time will vary, because (for example) the 
diversity of groundwater’s possible flow pathways to discharge points increases 
downstream, and both the character of discharge areas and biological activities vary along 
streams. 

One site – variation over time 

We have already stressed that the large ion-exchange capacity of the mor layer strongly 
damps occasional variations in the composition of infiltrating water. Thus, the composition 
of percolating water remains fairly constant. On saturated discharge areas the precipitation 
water can be diverted to a watercourse without dramatic chemical changes. When the 
runoff is small and the groundwater level low the discharge areas are small and the 
groundwater is discharged into the bottom or walls of the stream without having much 
contact with the organic material in the discharge areas. The pH of the stream will then be 
high and correspond with that of deep groundwater. When the groundwater level increases, 
the proportion of shallow groundwater increases, as well as the proportion of precipitation 
running off without any contact with the mineral soil. This is why the pH of the 
streamwater decreases when the discharge increases (as shown in Fig. 54). 
 
For similar reasons, when groundwater levels and streamflow are low, concentrations of 
elements that mainly come from weathering minerals (such as silicon, calcium, magnesium 
and sodium) are relatively high in streamwater. However, the patterns may be complex. For 
example, in the Kloten area it was found that concentrations of the negatively charged 
sulphate ion correlated with the calcium and magnesium concentrations, but 
concentrations of the negatively charged chloride ion correlated with sodium, calcium and 
silicon concentrations. 
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In addition to the hydrogen ion concentration, the concentration of potassium increases 
with increasing streamflow. Potassium is released by weathering, but also by mineralisation 
of organic material. It may be fixed in clay minerals formed in the deeper horizons of 
discharge areas. Nitrate- and ammonium-nitrogen are also released by mineralisation. In 
groundwater the potassium concentration varies in parallel with the other weathering 
products, but not in streamwater, probably because of the strong uptake of potassium by 
organisms in discharge areas.  
 
The electrical conductivity (adjusted to eliminate effects of hydrogen ions and thus 
reflecting metal cation concentrations) of streamwater along a stream at two considerably 
differing discharge rates (designated ‘low’ and ‘high’) is shown in Fig. 38. At the 
observation point the streamwater’s electrical conductivity was lower when the discharge 
was large than when it was small. This is because the stream gets a larger proportion of 
‘young’ groundwater at high discharge. 
 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

Fig. 54 The relation between runoff and hydrogen ion concentration in the stream Buskbäcken, Kloten area, central Sweden, from 
24 May to 23 June 1970. When the runoff is small the streamwater consists of groundwater discharging from considerable depth 
through the bottom of the stream. This water has a high pH. When the runoff is large shallow groundwater with a low pH 
dominates. 
 

The concentration of organic nitrogen in a stream is highest during the summer. At the 
same time the biological demand for inorganic nitrogen is large and the concentrations of 
nitrate- and ammonium-nitrogen are lowest. 
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One point in time – variation along the stream 

Concentrations of acidic cations (hydrogen and free aluminium) in a stream are highest in 
its uppermost parts, and decline with distance downstream, while concentrations of basic 
cations (calcium, magnesium, sodium and potassium) and dissolved silicon increase. 
Increases in residence time of the discharging groundwater further down increase the time 
that the groundwater can participate in slow mineral transformations. It has been shown 
that more basic cations are released than acid cations are consumed during these 
transformations, indicating that there are still other sources of acids, probably organic acids 
produced by biological reactions. 
 
In Fig. 38 it was demonstrated how the electrical conductivity increased along the stream. 
The rate of pH increase decreases down the stream, but pH often increases down along a 
watercourse until it reaches the sea. The increases far down in a drainage system are 
probably due to changes in the geological environment, for example clay deposits, and 
anthropogenic activities such as fertilisation and sewage efflux.  

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

 
Fig. 55 pH values measured along the first 1000 m of a stream (Kullarna nedre) in Hälsningland, central Sweden, 23 June 
1980. The increase in pH along the stream indicates the increasing flow path lengths of the discharging groundwater and is only 
interrupted when the stream passes through a mire area. 

 
In Fig. 55 we can see how the pH increases (and thus hydrogen ion concentration 
decreases) downstream in a watercourse. The hydrogen ion concentration decreases most 
rapidly at the top of the stream and after less than 1 km the pH is fairly constant. 
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On its way down through the landscape a stream receives inputs from various discharge 
areas. On convex hillslopes the discharge areas are small and seldom have a thick organic 
soil layer. In contrast, at the base of concave hillslopes a thick layer of organic material may 
have developed. Here the discharge areas are large and precipitation that falls on these 
areas will not be neutralised by passing through a mineral soil layer before it enters the 
stream. This might explain why the pH decreases in the area shown in the right part of Fig. 
55.  
 
The chemical composition of streamwater is also altered by biological activity along the 
stream. Following forest fertilisation with urea in the Kloten area it was observed that more 
than 80% of the nitrate that leached into a stream in the fertilised catchment had 
disappeared 500 m further down the stream. About half of this was found as dissolved 
organically bound nitrogen, but the rest (which was probably taken up by shore and water 
vegetation) was not recovered. 
 
Clearly, the composition of the streamwater reflects the water’s pathways through the 
catchment in various ways. Equally clearly, knowledge of water’s pathways from 
precipitation to streams can improve understanding of water quality parameters, the factors 
that affect them, and the processes involved. Similarly, knowledge of the chemical 
composition of water and its temporal and spatial variation facilitates understanding of the 
flowpaths and residence times of water in a catchment. 
 

 
Fig. 56 Storage of indicated substances in a catchment as calculated from input and output observations. Nitrogen accumulates in 
the growing biomass of the area, while calcium is released by weathering and is leached. Chloride neither accumulates nor leaches. 
Data from catchment studies in Hälsingland, central Sweden. 
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The storage of many substances in a catchment changes over time 

The input of water to a catchment equals the output over a sufficiently long time, say a 
decade or more. The water storage in the catchment varies during a year, and between 
years, but over many years changes in storage are small relative to the volumes added and 
removed. There are similar balances between input and output of some, but not all, of the 
chemical substances associated with the water. Those carried in dissolved form by water 
flowing through a catchment can be divided into three main groups according to their 
sources and roles. The first group consists of substances that are mainly supplied by 
deposition (dry or wet) from the atmosphere and do not substantially participate in 
reactions within the catchment (for example chloride). The second group consists of 
substances that are mainly supplied by deposition from the atmosphere but are actively 
fixed in the catchment (for example ammonium- and nitrate-nitrogen that are taken up by 
vegetation). The third group consists of substances that are supplied by deposition to some 
degree, but mainly come from weathering in the catchment (for example sodium, calcium, 
magnesium, phosphorous and aluminium). The deposition of substances of the first group 
is equal to their leaching over sufficiently long timeframes (Fig. 56). Their storage in the 
catchment may be considerable during some years. The input through deposition of 
substances of the second group is larger than the output (over a sufficiently long 
timeframe), while the input of elements of the third group is smaller than the output. 
Besides substances in these three groups there are some that display intermediate patterns. 
Many investigations during the 1970’s and 1980’s found that sulphate is fixed in 
catchments, but later studies during the 1990’s, when sulphate deposition had decreased, 
detected a net loss of sulphur from catchments. This indicates that the soil shifted from 
one steady state to another due to the increase in atmospheric deposition and has been 
reverting to an earlier steady state since the deposition decreased. The fixation may occur in 
discharge areas with a thick mor layer, where conditions are often anoxic. 
 

  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

In the luxuriant vegetation in the foreground intense groundwater discharge occurs. A well is situated on the farmland in front of 
the cowshed. Its pressure surface is situated a few decimetres above the soil surface. The location of the well below the cowshed is 
inappropriate, but no contamination of its water has been found. The recharge area upstream from the well consists of a narrow 
till ridge where the residential house is located. The well also probably receives groundwater from more distant recharge areas 
through cracks in the bedrock. Koxbacken, Västmanland, central Sweden. Photo: Harald Grip.  
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8. Water – a solvent passing through the landscape 

We have followed water’s paths through catchments down to the draining streams, and in 
some cases a short distance along the streams. There the subject of this book ends. The 
processes involved in phenomena such as the propagation of floods and their growth along 
watercourses, and changes in water quality during water’s continuing passage, must be 
considered elsewhere. We stop before the streams grow into rivers and before lakes are 
encountered.  
 
In this final chapter, we apply the physical and chemical principles covered in earlier 
chapters to some practical aspects of water’s movement, storage and use. We do not intend 
to address these aspects comprehensively, but to outline the main issues and factors to 
consider, based on the understanding of water’s paths from precipitation to streams we 
have tried to convey. We hope that the chapter will provide some ideas about ways to 
address problems related to water’s distribution, flow and/or chemical composition. As we 
also hope to show, even when specific information is not available to solve a particular 
water-related problem, it is often possible to obtain good estimates if sound contextual 
understanding of water’s flow through the catchment is applied. 

Forests and water 

In a forest there is a clear interaction between water and production. The plants’ growth 
depends on soil water availability, while the plants strongly influence both this water and 
(hence) the streamwater. Let us consider this interaction in the light of water’s paths to the 
streams. 

Water and nutrients in the root zone govern forest production 

For a tree to grow the roots must take up water, nutrients, and oxygen. On a hillslope, 
plants’ growth is usually fastest close to the boundaries between recharge and discharge 
areas. There the roots have the most favourable access to water, nutrients and oxygen. Let 
us see how these factors vary along a hillslope and how this variation affects forest 
production. 
 
In upper recharge areas trees must rely on water stored in the root zone during infiltration 
events. In the lower parts of recharge areas, and in discharge areas, trees can also use 
groundwater supplied from upslope. If the soil layer is not too thin the storage in the root 
zone is normally sufficient to support some transpiration, so the trees can obtain enough 
water from local precipitation to avoid wilting. However, even if the soil is thick local water 
resources often limit growth, because the trees begin to close their stomata long before the 
water deficit is so large that they wilt. Then transpiration decreases, but also carbon dioxide 
uptake and (hence) growth. In large parts of Sweden the soil is thin on hilltops and it is 
difficult for vegetation to survive long drought periods, even if the water-holding capacity 
of the soil per se is sufficient. Thus, topographical factors and thin soil, as well as scarcity of 
rain, are responsible for droughts in elevated areas during some summers. 
 
Water also plays crucial roles in nutrient availability, as it transports nutrients to plants’ 
roots. This transport occurs in several ways. Some nutrients are transported directly by the 
water flow generated by roots’ uptake of water. Some are also transported by diffusion in 
water towards roots, promoted by roots (or mycorrhizae) actively taking up certain ions or 
other nutrients, which causes the concentrations of those nutrients to decrease around the 
roots. The resulting concentration gradient induces diffusion-mediated fluxes of the 
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nutrients towards the roots. However, the diffusion is slow and only conveys nutrients 
short distances from the roots. Thus, in recharge areas with no lateral water flow roots 
actively ‘search’ for nutrients by continuously growing and penetrating new soil volumes 
where unexploited nutrient resources may be present). In lower parts of the recharge areas, 
and in discharge areas with lateral or upward water flow in the root zone, roots can simply 
take up the nutrients conveyed in the flowing water. Thus, nutrient uptake is very efficient, 
as demonstrated by laboratory experiments showing that practically deionised water can 
sustain trees’ maximum relative growth rates if the water flow is high enough to supply 
sufficient essential nutrients. Thus, it is not the concentration of nutrients in soil water that 
determines nutrient availability, but the number of ions (or other chemical species, in some 
cases) that reach the roots per unit time. For forest trees the hyphae of mycorrhizal fungi 
are important because they extend the root system and increase the soil volumes from 
which nutrients can be taken up.  
 
Even if the nutrient availability is often good in discharge areas, the tree production in such 
areas may be limited by oxygen deficiency in the root zone, as gas exchange with the 
atmosphere is hampered by the soil’s high water content. In such cases, water impairs 
growth of the forest. It is generally assumed that the soil’s air content (porosity – water 
content) should be at least 10% for the roots to maintain normal respiration. Close to the 
boundaries of discharge areas the upper groundwater may be oxygen-rich because the 
water has only been in the groundwater zone for a short time. There the trees have the best 
access to water, nutrients and oxygen. In the Swedish forest soil inventory such areas are 
identified as having lateral soil water movement. 

The groundwater level increases after clear-cutting 

Clear-cutting reduces both the area of transpiring surfaces and interception storage. Thus, 
both transpiration and evaporation from intercepted water decreases when an area is clear-
cut. In the Swedish climate this leads to increases in infiltration, soil water content and 
groundwater recharge. The groundwater surface rises, the discharge areas get larger, and 
the mean runoff increases. For example, reported changes in annual run-off following 
clear-cutting in Swedish catchments include one 180 mm increase from 540 to 720 mm per 
year, and another of 300 mm from 260 to 560 mm per year. 
 
After clear-cutting, the shallow groundwater levels and large discharge areas lead to faster 
runoff responses to precipitation and higher runoff peaks in the streams. The large runoff 
peaks are not due to Hortonian overland flow, but to the higher groundwater level 
reducing damping in the unsaturated zone. The clear-cut area has greater ability to rapidly 
generate runoff than a forested area. The low flow also increases after clear-cutting due to 
the reduced evaporation. 
 
After forest re-grows on a clear-cut hillslope the transpiration increases, the groundwater 
level falls and the runoff returns to its initial mode. However, the higher groundwater level 
on a clear-cutting may hinder forest regeneration on lower parts of hillslopes, as the high 
water content and low air content in the root zone may impair respiration in the young 
plants’ roots. 
 
Clear-cutting is an example of how an action in a recharge area can influence conditions in 
a discharge area. When the groundwater recharge increases in a clear-cut recharge area, the 
groundwater level in the associated discharge area increases and oxygen deficiency may 
develop in the root zone, reducing forest production there. Even clear-cutting only the 
discharge area may lead to forest regeneration problems. As long as a mature forest is 
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growing there is a balance between the water flow from upslope and evaporation, and the 
root zone remains aerated. Clear-cutting the unsaturated discharge area may transform it to 
a saturated discharge area. New plants cannot then grow sufficiently large to cope with the 
water flow from upslope. This problem is especially severe on fine-textured soils, where the 
groundwater flow needs such a large cross-sectional area that the soil surface often 
becomes saturated. 

 
The discharge area around a stream, manifested as the green band in a clear-cut area in late summer. Kilmyrbäcken, Jämtland, 
northern Sweden (the stream referred to in Figs. 37 and 38). Photo: Ulla Maria Calles. 

Discharge areas grow after clear-cutting 

With Darcy’s Law and Dupuit’s assumption we can analyse how the boundary between 
recharge and discharge areas is displaced upslope in a clear-cut hillslope. 
 
Consider a straight forest hillslope. The till overburden on a watertight bedrock is 2 m 
deep. The groundwater discharge begins at a distance from the water divide where the 
accumulated groundwater recharge above is equal to the largest possible groundwater flow, 
i.e., the groundwater flow when the groundwater surface coincides with the soil surface 
(see the discussion on the role of topography on page 77). These factors are related as 
follows: 
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R · x · b = - K · m · b · dh/dx 
Here: R = groundwater recharge 
x = distance from the water divide to the boundary of the discharge area 
b = considered width of the hillslope 
K = saturated hydraulic conductivity of the soil profile, 10-5 m/s 
m = thickness of the soil, 2 m 
dh/dx = maximum slope of the groundwater surface, that is, the slope of the ground 
surface, -0.1 m/m 
 
We assume that the groundwater recharge in the area is 350 mm per year, i.e., R = 350 
litre/(m2 · year). The equation is solved for x and we find that the boundary of the 
discharge area is 180 m from the water divide. If the area is clear-cut and the evaporation 
decreases by 200 mm per year, the groundwater recharge increases to 550 mm per year 
(350 + 200). The boundary of the discharge area will then be 110 m from the water divide. 
Thus, in this example the clear-cutting transformed 70 m of the hillslope to saturated 
discharge area. 

Nutrient leaching after clear-cutting 

The continuous accumulation of nutrients in a growing forest stand depletes the soil of 
exchangeable cations. The vegetation also keeps a lot of nutrients cycling. They are taken 
up by the plants’ roots and incorporated mainly in needles and leaves, which ultimately fall 
to the ground as litter. In the mor layer they are released by microbiological processes and 
become available again for plant roots. 
 
After clear-cutting large amounts of litter are added, as twigs and needles, to the mor layer. 
Often the mineralisation increases due to the sudden increase in available litter. This 
decomposition of organic material is a microbiological process that transforms organic 
material into carbon dioxide, water and mineral nutrients. It is promoted by increases in 
soil moisture as long as oxygen is not limiting. During summer the soil temperature is 
higher on a clear-cut, where the soil is not shadowed by trees, than in the forest. This also 
promotes mineralisation. Before grasses and other vegetation have established on the clear-
cutting there are few living roots that can take up the released nutrients. Some of these will 
therefore be leached from the soil profile and transported away with the discharging 
groundwater. Sometimes water in pools and ditches becomes almost black from dissolved 
organic carbon. 
 
During the mineralisation of organically bound nitrogen, ammonium ions are formed. In 
the cation exchange complex of the soil these positive ammonium ions may be exchanged 
for hydrogen ions or basic cations, and they can be leached from the soil profile. If the 
ammonium nitrogen is oxidised, a process called nitrification, the negatively charged, and 
therefore readily mobile, nitrate ions may be leached. Nitrification, which is also a 
microbiological process, is favoured by a good oxygen supply and high pH. When nitrate 
ions are leached they are accompanied by corresponding amounts of cations. The effect of 
nitrate leaching may be maximal in streams and springs within one or two years, but it may 
also be delayed up to ten years. 
 

It is discharge areas that need to be drained 

If the groundwater table in low-lying parts of forest land has risen close to ground surface, 
it may be necessary to lower the groundwater level by ditching to create an unsaturated soil 
horizon where new plants can develop their root systems. They may only need temporary 
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help. When the new stand is established and the new canopy starts to close, the trees will 
be able to keep the root zone aerated and the increased evaporation will keep the 
groundwater level down. In some cases, it may even be worthwhile to create ditches in 
growing stands. 
 
Ditching lowers the groundwater level, which will coincide with the water surface in the 
ditches at points beside them. The extent of the area around a ditch that is influenced will 
depend on the soil’s hydraulic conductivity. In till soils, which have relatively low 
conductivity, ditching will only influence the groundwater surface close to the ditch, while 
in soils with higher hydraulic conductivity the effects will extend over greater distances. 
 
The effect of ditching also depends on the ditches’ orientation relative to the direction of 
the slope. A ditch dug along a till hillslope, going from the top down, will only lower the 
groundwater surface close to the ditch. A ditch perpendicular to the slope direction will be 
more effective. Upslope, the groundwater surface is only influenced in the area beside such 
a ditch, but downhill the groundwater surface is also lowered further from the ditch, as it 
diverts a large part of the groundwater flow from upslope. The groundwater surface again 
reaches close to the ground surface when enough water has accumulated below the ditch, 
through local groundwater recharge and discharging groundwater from upslope. 
 
Even if the groundwater surface has been lowered to the bottom of the ditch the water 
content in the upper soil horizons will not necessarily be reduced enough to provide good 
conditions for a young plant to establish. The reduction in water content depends on the 
soil profile’s water content at drainage equilibrium, i.e., its water retention curve. 
 
The saturated discharge area is decreased by ditching. So, a larger proportion of the 
infiltrating water from precipitation will pass through mineral soil horizons before it 
discharges into the stream. Ditching mineral soils often raises the pH in associated 
streamwater (Fig. 57). 

Peat soil ditching 

The reason for ditching mires, is the same as the reason for ditching mineral soils, i.e., to 
lower the groundwater level. Most often it is done to increase forest production, but 
sometimes to enable peat extraction. There are two main approaches. One is to decrease 
the inflow to the mire by diverting inflowing water, the other is to drain water from the 
mire by creating a dense ditching network on the mire itself. For a fen (see Fig. 44), it may 
be enough to cut off streams and shallow groundwater inflow, but if there is substantial 
inflow of deeper groundwater directly into the fen, water must be drained by drainage 
ditches. In a bog, the groundwater level can only be lowered by drainage ditches.  
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Fig. 57 The effect of a treatment can be identified by comparisons with a reference object, before and after the treatment. Clear-
cutting a catchment in Kloten did not influence the pH in the stream. After ditching the pH increased about one pH-unit. The 
upper part of the figure suggests a possible explanation for this phenomenon. Before ditching, some of the water reaches the stream 
without being neutralized by weathering in the mineral soil. After ditching, all water passes through the mineral soil. 

 
The hydraulic conductivity of peat is highly dependent on its degree of humification (as 
discussed on page 82). In the upper living horizon of a mire the conductivity is high, but 
deeper in the profile it can be very low. Thus, it is easy to lower the groundwater level a 
little, but a dense drainage network may be needed for further lowering. Ditches with 10 – 
20 m spacing may be required. In practise the appropriate spacing is estimated from the 
mire vegetation, its degree of humification and the local climate. 
 
When the groundwater level is lowered in a mire, evaporation decreases since the surface 
gets drier and the total runoff from the mire is increased. Then, if the land is afforested 
both evaporation and transpiration increase and the runoff decreases. The unsaturated 
zone that is formed above the groundwater zone after ditching has a damping effect on 
runoff because infiltrated water may be temporarily stored there. This will reduce potential 
runoff generation during dry periods, while if there is enough precipitation to fill the 
unsaturated storage area the runoff peaks will be larger than before the ditching, which will 
have reduced the mean distance to drainage channels. 

Fertiliser applied to discharge areas goes directly to the stream 

When forestland is fertilised by nitrogen fertiliser, the fertilizer that falls on drainage 
channels will run off directly. In addition, fertiliser that falls on discharge areas may soon 
be washed off if it is not fixed in the organic material. Thus, for example, analysis of effects 
of fertilizing of a forest in the Kloten area (central Sweden) indicated that the amount of 
nitrate fertiliser discharged during the first 20 days was equal to the amount that had fallen 
in and within 2 m of the stream. 

clear cutting ditching 

affected 

not affected 

year 
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Although large amounts of nitrogen are bound in a forest soil, there is often a nitrogen 
deficiency and the vegetation takes up added fertiliser nitrogen. For example, in a 
fertilisation experiment in which 150 kg nitrogen per hectare was applied (as ammonium 
nitrate) to a forested site in Heby (central Sweden) only 21% of the nitrogen was found in 
the soil after 9 months, and 19% in the needle biomass. It was further estimated that 20 – 
30% was taken up by bushes and shrubs. In another experiment in Kloten, with the same 
amount of fertiliser 4% of the fertiliser was lost to the stream and only 1% was found as 
nitrate in soil- and ground-water. Collectively, these experiments indicate that the fate of 
approximately 30% of added nitrogen is still unknown, but some nitrate-nitrogen may be 
lost to the atmosphere as gaseous nitrogen or nitrogen oxides. 

Pathways for the surplus fertiliser from arable land 

Farming in many ways induces greater changes in soil water conditions than forestry. 
Among other practices, soil management, drainage and sometimes irrigation are used in 
attempts to optimise the soil water conditions in the root zone. Here we will only address 
one aspect of water in agriculture, its role as a transporter of fertiliser. 
 
If more fertiliser is applied to a soil than current vegetation can take up, the surplus may be 
leached from the soil profile. The fate of the leached fertiliser strongly depends on the 
hydrological situation, i.e., if the area is a recharge or a discharge area.  

Agriculture on recharge areas 

The till clays in (for example) Skåne and Östergötland, southern Sweden, and many soils 
with low clay content are often recharge areas, due to the topographical settings. The risk 
of fertiliser leaching is especially high on these light soils. Leached nutrients will 
contaminate the groundwater if they are not taken up by crops or microorganisms, or 
transformed in the unsaturated zone.  
 
Denitrification, i.e. reduction of nitrate to gaseous nitrous oxide or nitrogen, is an example 
of such a transformation. Nitrogen may be transferred to the atmosphere by this process. 
In anoxic conditions microorganisms mediate the transformation when organic substrate is 
present in the soil. The pH of the soil should be in the range 4.5 to 10, ideally 7.5, and the 
process is favoured by high temperature. Even in a soil profile with good aeration, 
conditions may be sufficiently anoxic for denitrification inside some aggregates (which may 
be just a few cm in diameter if they are water-saturated).  
 
In recent decades high nitrate concentrations in groundwater have been observed in many 
regions where agriculture is practised on recharge areas, for example Halland (southwest 
Sweden), Gotland (southeast Sweden) and the Kristianstad plain (Skåne, southern Sweden). 
Clearly, therefore, the denitrification process has not been sufficiently intensive, and 
extensive, to transform all the surplus fertiliser. Accordingly, during the 1980’s the median 
nitrate concentration exceeded 30 mg/l in private wells in 15% of the municipalities in the 
plains of Götaland (southern Sweden). This is a level considered ‘noteworthy’ from a 
public health perspective. 

Agriculture on discharge areas 

A large proportion of Swedish arable land is on clay soils, which are located in low parts of 
the landscape and are often typical discharge areas.  Much of this land has been 
transformed from saturated to unsaturated discharge area through subsurface drainage that 
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diverted the discharging groundwater to drains. The water in these drains consists of both 
groundwater that infiltrated on surrounding slopes, typically forested till slopes, and water 
that infiltrated on the farmland. During dry periods the water in the drains is dominated by 
groundwater from the forested slopes, but during wet periods, when water is percolating 
through the arable soil profile, the water in the drains may be strongly influenced by effects 
of agricultural activities, notably nitrate leaching. In agricultural areas on discharge areas, 
streams receive the surplus fertiliser directly via the drains, resulting in increased 
eutrophication of lakes and streams. 

Acid rain 

Combustion of fossil fuels increased wet deposition of acidifying compounds until the 
beginning of the 1970’s4. The effects of the acid deposition are strongly influenced by the 
water flow paths through the landscape. When planning measures to counteract the effects, 
water flows and functions of the different parts of catchments must be carefully 
considered. In this section, we discuss some aspects of the functions of recharge and 
discharge areas in this respect. 

Acid rain releases metal cations from the soil’s cation storage 

As already noted, the mor layer in a forest soil and the dead organic material in the root 
zone can store large amounts of metal cations (equivalent to amounts deposited from the 
atmosphere in about 50 years), some of which are in exchangeable form. We have also 
stressed that the mor layer smooths out short-term variations in the composition of the 
infiltrating precipitation. 
 
If the cation content in precipitation changes to a new average level, the ion exchange 
system of the soil will eventually equilibrate with the changed input. Such a shift slowly 
occurred due to the increase in hydrogen ion concentration (and hence fall in pH) in 
precipitation. Chemical analyses of the mor layer at numerous places in central Sweden 
indicate that amounts of exchangeable calcium, magnesium and potassium decreased 
during the period of heavy acid deposition while amounts of exchangeable hydrogen and 
aluminium ions increased. If so, the mor layer acidified. Since acid deposition has decreased 
in recent decades the soil is recovering.  
 
When a recharge area receives acid deposition and the mor layer responds, acid cations are 
incorporated and corresponding amounts of basic cations are released. The released cations 
that are not taken up by the roots leave the root zone with the percolating water. In the 
next stage, when the mor layer is in equilibrium with the acid precipitation, no further net 
release of basic cations occurs. The percolating water will then be as acid as the 
precipitation. Even if the weathering rate does not increase, the weathering in the 
unsaturated zone will increase and the weathering front will be adjusted downwards in the 
soil profile. If the soil is thin and the groundwater flow pathways short, aluminium that was 
released by weathering may not necessarily be fixed in deeper soil layers. This results in acid 
groundwater containing aluminium. 

                                                 
4 Shifts to other fuels and flue gas cleaning have decreased the deposition of sulphate since around 
1980. During the 1980-ies the pH in precipitation was about 4.2 in southern Sweden and about 4.5 
in the north, and in 2015 it had increased to about 5.0 in the south and 5.2 in the north. 
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Is the soil acidified by forest growth? 

When we discussed the weathering of silicate (page 108) we showed that hydrogen ions are 
consumed in the reaction. These hydrogen ions are usually supplied by carbonic acid, and 
for every hydrogen ion consumed in this manner one bicarbonate ion is formed (see 
formula 3, page 111). To move with the water, released basic cations must be accompanied 
by a corresponding amount of negative ions (anions), in this case bicarbonate ions. Because 
the root zone is, as we have shown, an open system in terms of carbon dioxide, the 
carbonic acid concentration will not be changed either by weathering or percolation of 
bicarbonate ions accompanying the released basic cations.  
 
If a tree root delivers the hydrogen ions required, and in exchange takes up basic cations 
released from weathering silicate, neither the basic cations nor hydrogen ions appear in the 
soil water. Since the weathering rate seems constant, the leaching of basic cations and 
bicarbonate ions must decrease due to basic cation uptake by roots. As long as the root 
uptake of basic cations is limited to exchange with weathering minerals, there is no 
acidification of the soil or percolating water. 
 
Trees may also potentially take up basic cations from the ion exchange storage in the soil, 
notably from the mor layer. Here the sources of basic cations are litter, weathering primary 
minerals, and deposition (wet and dry) of salt from the atmosphere. When the trees take up 
basic cations from the exchange storage, hydrogen ions will be added to this storage in 
exchange. In such cases there are no available free anions to migrate with the hydrogen 
ions, which thus stay in the mor layer, thereby increasing its degree of hydrogen ion 
saturation. 
 
Basic cations in neutral salts from the atmosphere may in turn be exchanged for hydrogen 
ions in the exchange complex of the mor layer. These hydrogen ions will then be 
accompanied by the anions released from the salts, i.e. anions from strong acids (Cl- gives 
hydrochloric acid, SO4

2- gives sulphuric acid and NO3
- gives nitric acid). The strong acids 

that consequently percolate through the soil profile perturb the carbonic acid system, 
triggering the reaction of bicarbonate and hydrogen ions that yields carbon dioxide and 
water. Following this, the basic cations that were accompanied by bicarbonate ions in the 
percolating water are accompanied by strong acid anions. 
 
Nitrate and sulphate ions are partly taken up by the tree roots since they are nutrients. They 
are accompanied by basic cations. Sulphate and nitrate ions may also be reduced in anoxic 
environments, and hence disappear from the water phase. In such cases, corresponding 
amounts of basic cations are fixed in the soil. 
 
Thus, the uptake of basic cations from the soil’s cation exchange system by trees acidifies 
the soil. If neutral salts are added from the atmosphere the percolating water will be less 
rich in bicarbonate and thus more sensitive to acidification than it would have been 
otherwise. 
 
The pH of the mor layer is generally lower in old pine forests than in younger ones, and in 
the Kloten area the acidity of the most acid runoff in streams (in high flow conditions) has 
been found to be correlated with the age of tree stands growing in the catchments. One 
suggested explanation for these phenomena is that the dry deposition of acidifying 
substances is larger in tall stands, which more effectively clean the air, than in small stands, 
but the higher hydrogen ion saturation of the mor layer in old stands is probably more 
important. 
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Plants that obtain their nutrients exclusively from the atmosphere, e.g. Sphagnum mosses on 
bogs, directly contribute to streamwater acidification by accumulating basic cations from 
salts deposited from the atmosphere in exchange for hydrogen ions. In this manner they 
release strong acids, which are not neutralised by weathering, but are directly delivered to 
streamwater. 

Soil resistance to acidification successively decreases  

Many buffer systems present in the soil limit the pH changes that occur if hydrogen ions 
are added. The most important is the carbonic acid system (carbon dioxide – bicarbonate – 
carbonate), which is active at pH values down to about 4.5. An acidification of water can 
often be identified more clearly as a shift in a buffer system than as a change in pH. The 
limited data available in the 1980’s did not show a general decrease in pH of groundwater 
in Sweden. However, they indicated that the resistance to pH changes in groundwater had 
decreased, especially in southern and southwest Sweden. For example, the bicarbonate 
concentration decreased in some wells by more than 50% during the 1970’s. However, the 
time series are short and these changes may have been temporary variations due to the dry 
years in the mid-1970’s. 
 
Acid precipitation also contains high concentrations of sulphate and nitrate. In almost all of 
Sweden nitrate is a welcome nutrient for the vegetation, as most ecosystems in the country 
are nitrogen-limited, i.e., nitrogen is the most limiting nutrient for plant growth. However, 
this does not apply to some areas in southern Sweden, where nitrogen surpluses are starting 
to develop and nitrate is leaching to the groundwater. 
 
The negatively charged sulphate and nitrate ions move readily in the soil and are 
accompanied by cations when they are carried by the water moving through a catchment. If 
anoxic conditions prevail in the soil the sulphate, as we have already stated, may be reduced 
and deposited as sulphides. In many investigations during the 1980’s it was found that the 
sulphur input was larger than the sulphur output via runoff. The sulphur storage in the soil 
is very large compared with the yearly deposition, and it was probably increasing then 
towards a new equilibrium corresponding to the high input. Since the turn of the century 
the sulphur deposition is less than half of its peak value, and sulphur exports exceed its 
deposition. 

Acid streamwater during high floods 

Generally, the pH of a stream decreases when the discharge increases. In many studies, 
very low pH values have been recorded during flow events, especially spring snowmelt or 
floods after long periods of low flow. This raises questions about the connection between 
these so-called ‘acid surges’ and our previous conclusion that groundwater is the main 
contributor to streamwater, even during major flow events. 
 
Acids deposited (dry or wet) on saturated discharge areas are directly, or almost directly, 
transferred to streams and contribute directly to acid runoff. This holds true for deposition 
on unsaturated peatland, where groundwater is formed without percolation through a 
mineral soil. However, the groundwater from mineral soils that contributes to flow events 
may also be relatively acidic. We previously stated that the pH of groundwater in an area 
varies substantially, due to the variations in the water particles’ flow paths and their 
residence times in different environments. The deep groundwater generally has a rather 
high pH, maybe around 6, or higher, while the shallow groundwater often has very low pH, 
around 5 or lower. During flow events, the proportion of shallow groundwater in the total 
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groundwater discharge increases and the pH of the groundwater that contributes to the 
streamflow falls. The groundwater formed when the groundwater level reaches the former 
unsaturated root zone has especially low pH. This earlier soil water probably constitutes a 
great proportion of the discharging groundwater during flow events (as discussed on page 
97). 
 
The chemical reactions that occur when groundwater comes into contact with the 
atmosphere, and when it mixes with other water in discharge areas, depend on its pH and 
other relevant aspects of its chemical composition. 
 
As previously mentioned, releases of carbon dioxide to the atmosphere may cause increases 
in the pH of the water. The associated concentration of bicarbonate in groundwater is also 
important when it mixes with acid precipitation. If the bicarbonate concentration is high, a 
large fraction of the acids in precipitation will be neutralised. Thus, the mixture of 
groundwater and rainwater in the stream will have a higher pH than expected from the 
hydrogen ion concentrations and relative volumes of these water sources.  
 
When discharging groundwater comes into contact with the atmosphere reactions that tend 
to decrease the pH may also occur. In anoxic groundwater iron is in the reduced form, iron 
(II). When such groundwater comes into contact with oxygen in the discharge area the 
reduced iron oxidises and will be deposited as iron hydroxide. In this reaction hydrogen 
ions are produced and the pH decreases. 
 
As also previously noted, changes during silicate weathering include formation of 
aluminium hydroxide, Al (OH)3. In very acid environments (with pH less than 4.5) free 
aluminium ions (Al3+) and water are formed from the aluminium hydroxide and hydrogen 
ions. These aluminium ions may be transported down in the soil profile, but when the 
water reaches a less acidic environment, for example the groundwater, aluminium 
hydroxide precipitates and new hydrogen ions are released. In this way aluminium ions 
replace hydrogen ions as transporters of acidity in acid environments. If there were no 
aluminium hydroxide, the water would transport the hydrogen ions instead of the 
aluminium ions. In the same way the aluminium ions can transport acidity from the 
unsaturated zone to streams when the groundwater rises and a lateral flow occurs close to 
the soil surface. Wash-out of sulphuric acid and other sulphates generated by oxidation of 
reduced sulphur when the groundwater level was low may also contribute to acid surges, 
especially in acidified areas after a long period of dry weather. 
 
Another phenomenon that contributes to acid surges in the spring is re-crystallisation in 
the snow pack during winter. Water vapour is transported from small to large ice crystals, 
and then soluble contaminants are concentrated on the shrinking crystals while they are 
diluted on the large crystals. The contaminated crystals have lower melting points than the 
clean ones, so salts, as well as acids, tend to leave the snow pack with the first meltwater, 
which is therefore more acidic than later meltwater. 
 
All the processes mentioned increase the acidity of streamwater when the groundwater 
level is high or rising, i.e., when the runoff is large or increasing. The examples of acid 
surges show the importance of knowing the water flow pathways and the chemical 
processes that occur along them to understand (and predict) changes in water composition. 
The chemical reactions that occur when different water masses mix should also be 
considered. 
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Where in the catchment should a waste deposit be localised? 

News media sometimes report that waste deposits have severely contaminated groundwater 
or surface water. This raises questions about whether it would have been possible to avoid 
contamination of the water by choosing a different location for the deposit, and using our 
knowledge of water’s movement from recharge to discharge areas to identify optimal 
locations for given wastes. 
 
If waste is deposited on a recharge area, the leaching water will infiltrate into the soil. Some 
types of contaminants will be deposited or mineralised in the unsaturated zone, while 
others will be transported downwards with the water to the groundwater. The groundwater 
downstream from the deposit will be contaminated, and eventually the surface water in the 
discharge area. Only the deeper groundwater that infiltrated far upslope will remain 
unaffected. 

 
Fig. 58 The choice of waste location is highly important for the spread of contaminants. Waste that is decomposed in the 
unsaturated zone of the soil may be deposited in a recharge area. This figure shows how waste that does not decompose may 
influence water quality. 

 
If the waste is deposited on a discharge area the cleaning that may take place in the soil is 
lost, but the groundwater will not be affected and the contamination may be easier to 
observe. The water in drainage ditches will be a mixture of leachate and clean groundwater. 
 
Neither of these locations seems to solve the contamination problem optimally. Instead, 
waste should ideally be deposited in a manner that allows collection and purification of the 
leached water. The purification process is simplified if the amounts of water that should be 
treated are small. The waste should therefore be placed in such a way that the water flow 
from the surroundings is small, i.e., the catchment should be small, and the amount of 
leached water should ideally be minimized by minimising infiltration into the deposit. 
 
To enable collection of the leached water, waste on a recharge area should be stored on a 
watertight bed with a single outlet so that all drainage water is discharged from the bottom 
of the deposit as if there were a spring. Completely watertight beds for waste deposits are 
hard to find. For example, a bed of silty till may have a hydraulic conductivity of 10-8 m/s 
(c.f. Table 1), which would enable percolation of about 300 mm per year, i.e. a typical rate 



134 
 

of groundwater recharge in many parts of Sweden. A substantial fraction of the rain or 
meltwater that infiltrates the waste deposit will therefore percolate down to the 
groundwater instead of allowing collection at the base of the deposit. 
 
 

Fig. 59 Schematic diagram of a waste deposit that was placed high up in a recharge area close to Toronto, Canada. 
Measurements of the groundwater’s electrical conductivity (given here in mS/m) showed how the salt-rich leached water from the 
deposit spread in the groundwater.  

 
One way to reduce the flow of leached water through a deposit is to cover it with two soil 
layers: a coarse layer topped with a relatively fine-textured layer. If the sides of the deposit 
are sloping this results, as illustrated in Fig. 16, a flow along the lower boundary of the fine-
textured layer. As long as the rain intensity is moderate no water will penetrate the covering 
material down to the deposit. At large rain intensities breakthrough may occur, as 
illustrated in Fig. 17. Overall, however, the flow of leached water will be reduced. 
 
Measurements of groundwater’s electrical conductivity presented in Fig. 59 illustrate how 
contaminants spread from a waste deposit situated on a recharge area close to a 
groundwater divide in Toronto, Canada. Texturally, the soil in the area consists of sand on 
relatively watertight clay. Thus, the groundwater flowed from the deposit toward the area 
shown on the right side of the figure and carried leachate from the deposit. The hydraulic 
conductivity of the sand is reportedly 7.5·10-5 m/s and its porosity 35%. According to 
Darcy’s law and the expression for the velocity of water particles the particle velocity was 
20 m per year. The figure shows the situation about 40 years after the first waste was 
deposited. The estimated length of the contaminant plume (800 m) is close to the measured 
length. 
 
A conclusion from this example is that it is inappropriate to locate a waste deposit far up in 
a recharge area because all groundwater downstream of the deposit will be contaminated. 
Moreover, contamination can continue for a long time and extend far from the source. 
 
The best place to locate a waste deposit may be at the boundary between a recharge and 
discharge area, since the water that infiltrates there will soon discharge again without 
contaminating deeper groundwater. It will therefore be relatively simple to collect the 
leached water and groundwater in drainage ditches for later purification. 
 

deposit  

altitude (m a.s.l.)  
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Of course, restrictions on waste deposits depend on the nature of the waste. The 
constraints are far stricter for hazardous, recalcitrant waste than for substances that are 
harmless or can be readily mineralised. If the waste contains sulphides like pyrites from 
mines it is important to locate them out of reach of oxygen, i.e., below the groundwater 
surface. Otherwise, sulphuric acid will form, which can be very harmful if large quantities 
are leached to watercourses. 

Soil microorganisms can purify household waste water 

Domestic sewage water can be purified by passage through a soil profile, as contaminants 
are transformed by microbial activities and/or adsorbed by soil particles during its 
percolation. The purification mainly occurs at the contact surfaces between soil particles 
and water. Thus, it is most efficient in a fine-textured soil, but for the soil to allow enough 
percolation the hydraulic conductivity should not be too small. Even if sludge and larger 
particles have been separated from the sewage water before infiltration, the pores will get 
partly clogged. So, the soil must be rather coarse-textured, like fine sand, gravely till or 
coarser material.  
 
The sewage water is spread over an area at a depth of about a metre by placing a layer of 
gravel in the soil profile. If the soil is coarse enough and the distance to the groundwater 
table is large enough, the water is allowed to percolate down to the groundwater. If the soil 
is fine-textured and the groundwater level shallow, the sewage water is infiltrated through 
an artificial sand bed. After infiltration the water is collected and diverted to a suitable 
watercourse. Such a construction is called an infiltration bed, while the former construction 
is called an infiltration plant. An infiltration plant, in which the infiltration occurs in the 
natural soil profile, normally purifies the water more effectively than an infiltration bed. 
This is because the water in an infiltration plant percolates through a thicker soil layer and 
the natural soil often consists of finer particles than the sand in an infiltration bed.  
 
An aerobic environment, which is essential for activities of many microorganisms, is 
maintained in the profile when the water is added at a suitable rate. The organisms that can 
acquire all the substances they need to grow and reproduce by participating in the 
purification of sewage water include groups that oxidize ammonium- and nitrite-nitrogen 
to nitrate (in aerobic environments), and others that reduce nitrate to nitrogen and nitrous 
oxide gas and sulphate to sulphides (in anaerobic environments). In experiments with 
infiltration beds almost complete oxidation of the organic material in sewage water has 
been achieved, about half of the phosphorous content has been immobilized, while the 
total nitrogen content has been reduced by 10 to 50%. According to various studies, in 
infiltration beds numbers of coliform bacteria (associated with faeces) are reduced, but they 
are not totally eliminated, while the groundwater beneath well-designed infiltration plants 
may be practically free from these bacteria. 

Private wells 

The groundwater issues most likely to confront private persons concern the amounts and 
quality of water supplied to their house, farm or summer cottage by a private well. Where 
should the well be dug or drilled, how should it be constructed and how should it be 
protected to provide clean, wholesome and abundant water? The geology at the site is of 
course important, but let us give some general comments based on the discussion in earlier 
chapters.  
 



136 
 

The amount of water that can be pumped from a well depends on the groundwater 
recharge in the recharge area of the well and the hydraulic conductivity of the soil or 
bedrock. 
 
Swedish households use about 150 litres of water per person and day. As stated on page 63, 
the groundwater recharge is of similar magnitude to the specific runoff, i.e., the discharge 
in the stream per unit area of its catchment. In Sweden, the specific discharge is lowest in 
landscapes close to the Baltic Sea, with a long-term mean of about 180 mm per year. With 
this groundwater recharge each person needs a recharge area of 200 · 365 / 180 = 400 m2. 
For a single household an area of 2000 m2, equivalent to a circle with a radius of 25 m 
would be needed if (unrealistically) all recharge could be used. In rural areas, the local 
groundwater recharge normally satisfies the household needs, but care must be taken when 
extracting the groundwater to ensure that it sustainably meets both volume and quality 
requirements. Let us first consider the availability of the groundwater. 

Groundwater is present everywhere 

On most places in Sweden groundwater is present at reasonable depth below the ground 
surface. Groundwater is found wherever you dig, push down a tube, or drill. However, to 
use the groundwater sustainably, the transmissivity of the soil or bedrock must be large 
enough to allow a sufficient amount of the groundwater that is recharged in the 
surroundings to flow to the well. 
 
In sorted soils, with texture from fine sand and coarser, as well as in coarse till soils, the 
hydraulic conductivity will not limit the water supply of a household well. If the geological 
formation is reasonably large, and the groundwater zone reasonably thick, enough water 
can be transmitted to the well. 
 
In fine-textured till soils (sand-, silt- or clay-till) it is necessary to find places with sandy or 
gravely lenses of sufficient horizontal extent below the groundwater surface. When 
groundwater is pumped from the well, such lenses, where the conductivity is relatively 
large, will collect water from the layers above and transmit it to the well. The vertical flow 
from the less permeable layers is certainly small, but as it takes place over a large area the 
total recharge to the high conductivity layer can be large. 
 
Valleys with coarse layers below a clay layer often provide suitable water supply. In these 
confined aquifers (see page 62) the groundwater recharge in the elevated areas outside the 
area covered with clay is used. 
 
When wells are drilled in solid rock fissures that can transmit enough water to the wells are 
sought. Water-bearing fissures in rock are usually, like coarser lenses in till soils, in contact 
with groundwater that is formed over a large area. Thus, the groundwater recharge is 
normally sufficiently large and the capacity of the well is determined by the ability of the 
fissures around the well to conduct water. Wells drilled in solid rock often give enough 
water for single households, but their capacity is moderate, and to satisfy greater needs 
wells in coarse soils are needed. 
 
A household’s water use varies during the day, but in a soil with low conductivity the 
largest possible groundwater flow may only satisfy the mean consumption. To enable 
temporary high water extraction, a storage in the well is needed that releases water when 
water is taken from the well and is subsequently replenished by the groundwater flow. Such 
storages are usually needed in till soil wells. In a favourable coarse-textured soil the 
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groundwater flow to the screen of an extraction pipe may be enough even for large 
extractions. 

The recharge area increases when groundwater is extracted 

When water is extracted from a well, the water level in the well sinks below the original 
groundwater level. The groundwater surface surrounding the well then slopes towards the 
well, inducing a flow towards the well. When there is equilibrium between water extraction 
and drawdown the groundwater flow through every imaginable cylindrical surface around 
the well is equal to the extraction rate. The cylindrical cross-sectional surfaces for the 
groundwater flow get smaller closer to the well, because both their radius and height 
decrease. Thus, the groundwater flow in the soil per unit cross-sectional area (Q/A) is 
largest closest to the well. Since the flow is proportional to the slope of the groundwater 
surface, the slope must increase closer to the well. The groundwater surface forms a so-
called cone of depression, with the well as its tip. The shape of the cone depends on the 
extraction rate and conductivity of the soil. In a fine-textured soil, a large slope of the 
groundwater surface is needed to maintain a given flow. The cone of depression is 
therefore deep and steep. In a coarse-textured soil the same extraction rate results in a 
shallow and flat cone. At the same drawdown in both wells, which implies a larger 
extraction rate from the coarse aquifer, the cone of depression covers a larger area in the 
coarse than in the fine-textured aquifer. The advantages of high conductivity are that it 
allows extraction at a high rate for a short time, and long-term extraction of groundwater 
from a large area around the well. 
 
The storage coefficient is often used to characterize an aquifer. As stated on page 63, this is 
the ratio between the changes in groundwater storage and water level. The smaller the 
storage coefficient, the faster the decline of the groundwater surface when an extraction 
starts. However, it does not influence the extraction rate at equilibrium, which is 
determined by the conductivity (see above). 
 
Some wells occasionally dry out after a long dry spell with little groundwater recharge, for 
example during late winter or summer. This is due to a combination of natural recession of 
the groundwater level (as illustrated in Fig. 32) and drawdown from the extraction. In till 
soils the groundwater level may fall below a coarse lens that collects water to the well. 
Additional extraction will then lead to a rapid decline of the water level in the well. In a 
coarse-textured soil, the groundwater level is often rather deep, but the groundwater level 
does not naturally vary much during the year, so the well will not need to reach much 
below the normal groundwater level to maintain a given capacity. In contrast, in a fine-
textured soil the groundwater level is often shallow, but the variations are large so the well 
must reach far below the natural groundwater level to maintain a given capacity. To secure 
the water supply during dry spells a deep well is therefore also needed in such cases. 
 
The recharge area of a well from which no water is extracted is often small. When the 
groundwater surface is a sloping plane it only consists of a narrow strip upstream from the 
well. When water is extracted from the well the groundwater flow lines are diverted 
towards the well by the cone of depression that is formed in the natural groundwater 
surface, and the recharge area increases dramatically. In given geological conditions, wells 
with a large natural recharge area should have the highest capacities. 
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Some natural quality problems 

Given the chemical changes that occur in water along its paths through a catchment it is 
not surprising that the chemical quality of water may vary substantially between wells. We 
have pointed out that the salt concentration increases and the hydrogen ion concentration 
decreases (pH increases) along groundwater flow paths. Although the water quality is 
strongly influenced by the local geology, some general comments can be made regarding its 
connection to the flow of water.  
 
Water in many wells has excessive iron contents, which may lead to rust-coloured bathtubs 
and sinks. Very high iron concentrations give the water a metallic smell and taste. Since 
iron is present in many minerals (see Table 5 on page 109) it is abundant in soils and 
bedrock. This is clearly shown by the illuvial horizon of the podzol profile. However, 
whether dissolved iron is transported with the water to a well or not is largely dependent 
on the groundwater’s oxygen status and contact with organic materials along the flow 
paths. 
 
Compounds with reduced iron (Fe2+) are readily soluble, and iron is mainly transported 
with water in the soil in the form of reduced iron ions. When oxygen is dissolved in the 
water, the reduced iron is oxidized to Fe3+ and forms sparingly soluble hydroxides (rust, 
FeO(OH)) that are deposited and not transported further. If organic acids are present they 
may form complexes with Fe3+ (cf. chelation page 110), which may remain even in aerobic 
water. That is the case in the eluvial horizon. In the illuvial horizon the Fe3+ is deposited 
when the organic acids decompose or are deposited. For reduction of Fe3+, anaerobic 
conditions are needed as well as organic material or some other substance that can be 
oxidized using the iron as an electron acceptor. Iron that is deposited in the illuvial horizon 
when the groundwater level is low may be reduced later when the groundwater level is high 
enough to reach the root zone. The oxygen gas that is consumed by the root respiration 
will not then be replaced by new oxygen gas, oxygen-free conditions will form and iron can 
be reduced. Thus, water in wells with recharge areas that totally or partly consist of such 
areas often contain water rich in iron. If there is good contact between the water in the well 
and the free atmosphere, and the water is oxygenated, some iron will be oxidised and 
deposited as rust flocculates in the well.  
 
The most common form of manganese in nature is manganese dioxide (MnO2), in which 
the oxidation state of the manganese is +4. Mn (III) forms a hydroxide (MnO(OH)) in 
water and is precipitated as a black precipitate. In oxygen-free environments both Mn (III) 
and Mn (IV) are reduced to Mn (II), which is water-soluble, like Fe (II). Manganese reacts 
in the same manner as iron, and high iron concentrations in a well are often accompanied 
by high manganese concentrations. 
 
Organic substances in oxygen-free groundwater can also reduce sulphate and nitrate ions. 
When sulphate is reduced, bad smelling hydrogen sulphide (H2S) may form. Nitrate ions 
can be reduced to nitrous oxide or nitrogen gas.  
 
There are, as we can see, many reasons to aerate oxygen-free groundwater. This is often 
done in municipal waterworks, for example by blowing in air at the bottom below the raw 
water. Reduced forms of iron and manganese are oxidised and precipitated, and dissolved 
gases (e.g. hydrogen sulphide) are expelled from the water. 
 
The concentrations of calcium and magnesium in water govern its ‘hardness’ and thus 
several other important qualities of well water. Soft water dissolves concrete and increases 
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the risk of corrosion in water pipes, so calcium carbonate is often added to soft water. 
However, hard water requires more washing detergent and forms compounds with 
calcium, which have low solubility. When hard water is boiled, calcium and magnesium are 
deposited in cooking vessels. Water’s hardness can be decreased using a softening filter, 
which acts as an ion exchanger, exchanging calcium and magnesium for sodium that is 
added as sodium chloride. 
 
The calcium and magnesium responsible for the hardness of groundwater arises from 
weathering of calcium- and magnesium-containing minerals. Thus, the hardness of 
groundwater increases with its age, and the water is especially hard in areas with lime 
bedrock and lime-rich soils. 
 
Sometimes the water in a well may be coloured by humic substances. This often happens 
during spring and autumn, when the groundwater level is close to the soil surface and in 
contact with organic materials. In such situations shallow groundwater can be rapidly 
transported to the well and enter through leaking walls. Such water can have high 
concentrations of dissolved organic carbon and still contain dissolved oxygen. It may also 
contain iron, since it can be transported in complexes with organic acids. 

A good well may easily become unusable 

The most common type of impairment of a well is that the water quality declines, but its 
capacity may also be reduced by effects of human activities. 
 
The groundwater level may decrease and the capacity of a well may become insufficient 
because of digging or large water extractions in its vicinity. The risk of such effects is 
greatest in a coarse-textured soil, where the groundwater level, as noted above, may be 
affected far away from the interference. Digging on the upstream side with respect to the 
groundwater flow poses the greatest risks, since it could divert the natural groundwater 
flow and lower the groundwater level around the well (cf. effects of ditching forest soils, 
described on page 126). Wells that receive water from a coarse layer in a fine-textured soil 
can be very sensitive to interference. Ditching close to the well may, for instance, cut off 
the water-conducting layer. 
 
Variation of the groundwater level during and between years complicates attempts to tell if 
deterioration of water availability in a well is due to interference or natural variation in 
groundwater recharge (as illustrated in Fig. 6). In many cases the well recovers when 
precipitation increases again after a period with low precipitation. The groundwater 
network maintained by the Swedish Geological Survey (SGU) monitors groundwater levels 
in unaffected areas in various parts of Sweden. These observations can assist attempts to 
decide whether human activities have influenced water availability for a well. 
 
Previously good wells in coastal areas may suddenly yield salt-contaminated water when the 
groundwater level decreases because of increased tapping from the well or other wells in 
the surroundings. Along a coast there is always a surface where salt and fresh water meet. 
This surface slopes from the shore under land because the fresh groundwater, which has 
lower density, floats on top of the salt water. The depth to the separating surface at a site 
depends on the groundwater level and the densities of the salt and fresh water. The 
separating surface is about 40 and 250 times deeper than the height of the groundwater 
level above sea level on the Swedish west and east coasts, respectively. The difference is 
due to differences in the salt content of the seas, and thus their density. When the 
groundwater level drops 1 m, the salt water boundary increases 40 and 250 m, respectively, 
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on the west and east coasts. Thus, if a well’s intake is below sea level a decrease in 
groundwater level may lead to salt water intrusion into the well, even if the groundwater 
level in the well is above sea level. Thus, groundwater extractions in coastal areas should be 
carefully coordinated to keep the groundwater level in the area sufficiently high. (Deep 
wells far away from the coast can also yield salt water, but in Sweden this is very old water 
from the time when the area was situated below sea level.) 
 
Since wells are located close to buildings and sites of human activities there are also high 
possibilities of water becoming contaminated on its way to a well. The water will dissolve 
and transport many of the contaminants added to the soil in a well’s recharge areas. To 
protect a well from contamination it is first essential to find out where the water in the well 
emanates from, i.e., its recharge area. For a well in soil this can be done quite safely by 
levelling the groundwater surface at various points around it (cf. Fig. 18). If this is not 
possible, the natural flow directions can be inferred from the topography of the soil surface 
and the general geological situation. The water levels in ditches and other free water 
surfaces can be highly useful, as they are usually parts of the groundwater surface that are 
easy to determine. However, the dimensions and position of the cone of depression are 
difficult to estimate without measurements. The recharge area supplying a well drilled into 
the bedrock is always difficult to determine, since it depends on the extent and orientation 
of the fissures. Deep fissures may receive water from hills far away from the local recharge 
area, but they may also be recharged from areas close to the well. 
 
Some contaminants disappear after some time in the soil, for example large fractions of 
those in domestic sewage (as discussed on page 135). Thus, the residence time of 
groundwater between a contamination point and a well is an important factor. After 60 
days, groundwater is considered safe in terms of risks of spreading diseases. The residence 
time of water in the unsaturated zone may be an even more important factor, since the 
decomposition is most efficient there. A thick unsaturated zone provides good protection 
against many contaminants. However, other contaminants, for example nitrate, are 
transported by water without large changes. For such contaminants, the whole recharge 
area is a risk area. Due to molecular diffusion and variations in water particles’ velocities, a 
contaminant added at a point will spread into a growing ‘cloud’ that is transported with the 
groundwater flow in the same manner as smoke from a chimney spreads in a plume in the 
air. A long flow pathway results in large dispersion and thus dilution of the contaminant as 
the cloud grows. A contaminant will also take a long time to reach a well if the pathway is 
long, but effects of a short contaminant input may last for a very long time after the 
contaminant has appeared in the well.  
 
In chapters 3 and 6 we discussed the velocities of water particles under natural conditions. 
The vertical velocity in the unsaturated zone is often low, with mean velocities of about 
one or a few metres per year. These velocities are valid for natural water inputs to the soil 
surface, i.e., a water recharge that is relatively slow. However, if a barrel of contaminated 
water is poured onto the ground, the soil will be nearly water-saturated and the added water 
particles may soon travel many metres down into the unsaturated zone through coarse pore 
systems (as illustrated in Fig. 20). In this way groundwater may be contaminated very 
rapidly. 
 
Under natural groundwater flow conditions the velocity of water particles may be about 0.1 
– 1 m per day in soils used as aquifers. Particle flow velocities are not higher in a coarse-
textured soil than in a fine-textured soil under natural conditions. Since the porosity is 
similar in different soils, perhaps 30%, at a given flow rate the particle velocity in them will 
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also be similar (as shown by the equation on page 41). At a given groundwater recharge, the 
groundwater flow (volume transported per unit time), is the same at a given distance from 
the water divide, regardless of soil type. So, the volumetric flux (volume transported per 
unit time and cross-sectional area), and thus particle velocity, is governed by the cross-
sectional area, i.e. the thickness of the groundwater zone. If this is the same, the particle 
velocity is the same in a coarse-textured and a fine-textured soil (but the slope of the 
groundwater surface is largest in the fine-textured soil). However, if the slope is the same 
the groundwater zone is thinnest and the particle velocity largest in the coarse-textured soil. 
This is the case in a fine-textured soil with a coarse-textured layer. Here the total potential 
gradient is similar in both soils and equal to the slope of the groundwater surface. The flow 
(as well as the volumetric flux and particle velocity) will then be largest in the coarse layer. 
It may also be the case in soils on impermeable sloping ground (as illustrated in Fig. 49), 
where the thickness of the groundwater zone is determined by the hydraulic conductivity 
of the soil. In many cases the groundwater level in a coarse-textured soil is governed by a 
threshold level (cf. page 77), which can result in a thick groundwater zone but small 
volumetric flux and low particle velocity (and small slope of the groundwater surface) in 
such soils. 
 
In solid rock the natural particle velocity of water can be relatively high. Because the 
porosity is much smaller than in a soil the particle velocity for a given flow is many times 
larger than in the soil. For example, in a preliminary tracer experiment in the Kloten area a 
natural maximum particle velocity of about 10 m per day was recorded in the upper part of 
the bedrock groundwater. 
 
The particle velocity around a well in use differs from the natural velocity in both direction 
and magnitude. Normal extraction from a household well in a soil aquifer seldom results in 
substantial increases in velocities, except within a few metres of the well. If the thickness of 
the groundwater zone at an extraction rate of 2000 litres per day is 1 m, at 2 m from the 
well the particle velocity there will be 0.5 m per day. At 10 m distance the same extraction 
and thickness will result in a velocity of 0.1 m per day. These are mean velocities calculated 
using the equation on page 41, assuming cylindrical cross-sectional surfaces and 30% 
porosity. If flow occurs in coarser lenses or macropores the particle velocities in them will 
be much larger. This maximum velocity is of particular interest, since it determines to 
which degree there is a possibility for a contaminant to degrade before it reaches the well. 
In a well drilled into solid rock even relatively small extractions can result in large particle 
velocities. Pumping in wells in solid rock has resulted in recorded velocities of about 30 m 
per day, with a distance between the point of tracer injection and the well of 30 m (this 
value is the mean velocity over the total length, and close to the well the velocity may be 
even higher). So, wells in solid rock in areas with outcrops or shallow soil cover can be very 
sensitive to sources of contamination hundreds of metres away. 
 
When the extraction from a well increases, the recharge area increases because the cone of 
depression widens. Locations that were previously situated ‘downstream’ may then be 
situated ‘upstream’, and previously harmless contaminations may start to contaminate the 
water in the well. So, for example, while water is extracted from a well by a manual pump 
the water may be clean, but when an electrical pump is installed and the water use sharply 
increases, the water in the well may become useless. 
 
A common problem is that there may be some form of recirculation of domestic water. 
For example, a well may be contaminated by an infiltration plant or leaking sewage pipe. 
Thus, locations of an infiltration plant and a well should be selected that ensure that the 
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groundwater level at the infiltration plant is always lower than the lowest water level in the 
well during extraction. To meet this condition, a minimum distance between an infiltration 
plant and a well of 50 m is recommended in Sweden. 
 
In many wells the water quality declines during periods with abundant water supply, i.e. 
during snowmelt and sometimes during the autumn. This may be due to a shallow 
groundwater table and changes in flow paths in the soil. Water that reaches the well during 
periods with a shallow groundwater table has generally had a shorter residence time in the 
soil than water that enters the well during other times. The unsaturated zone is thinner and 
there may have been insufficient time for contaminants added to the soil surface to 
decompose before reaching the groundwater. Moreover, when the groundwater level rises 
and saturates part of the unsaturated zone, some contaminants that were relatively 
immobile previously may soon be mobilised and start to move with lateral groundwater 
flow. For example, a leaking sewage pipe that was previously in the unsaturated zone may 
be included for some time in the groundwater zone and contaminants it releases may 
rapidly reach the well. In addition, the “natural” groundwater flow and particle velocities 
increase and contaminants from more distant areas may reach the well area before they 
decompose. Of course, the severity of such effects will also depend on how long the 
groundwater level remains at a high level. 
 
Hortonian overland flow from the near vicinity of a well, as well as melt and rainwater 
directly on the well cover, can also transport contaminants to the well. Domestic wells are 
often located in places with low infiltration capacity because the surrounding soil has been 
heavily trampled and compacted, a factor promoting Hortonian overland flow. 
 
In a Danish investigation on dug wells it was found that the bacterial content in the water 
could be predicted from the wells’ construction and location. In reasonably well located 
watertight wells with intake at the bottom only, no bacteria were found. The abundance of 
detected bacteria was increased by leaking lids and walls, together with closeness to manure 
heaps and sewage wells. 

Wells in recharge or discharge areas? 

There are good wells in recharge areas as well as in discharge areas. Since the lowering of 
the groundwater table in a well creates a recharge area, even a well located in relatively flat 
terrain on a former groundwater divide may be useful. A well in use will act as a small 
discharge area, a discharge point. Many older wells make use of springs, i.e., natural 
discharge points that have been formed by some geological irregularity, for example where 
a tight layer approaches the soil surface or at a hole in a tight clay layer on a confined 
aquifer. 
 
A good location for a well depends on the geology rather than topography. In some cases, 
for example in fissure valleys, favourable geology coincides with favourable topography. 
There the soil is thick and the soil layers are often good for groundwater extraction, the 
bedrock is often fissured and the recharge area large. At the bottom of hills, especially in 
concave terrain forms, the groundwater level is also shallow and the natural groundwater 
level fluctuations small.  
 
To minimise risks of contamination, the groundwater should not be too shallow around 
the well. Saturated discharge areas are therefore not suitable if the discharge is not very 
large, as in a richly flowing spring. If the groundwater level can be kept constantly low, by 
extraction from the well or drainage of the shallow groundwater, the water can be of good 
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quality even in a saturated discharge area. In unsaturated discharge areas, with the 
groundwater surface a few metres below the soil surface, the water quality should be good. 
There is especially low risk for contamination in wells in confined aquifers, for example in 
coarse-textured soil below clay soil. In these discharge areas there is normally a flow from 
the coarse layer up through the clay layer. In such cases contaminants in the groundwater 
in the clay layer, for example nitrate from agricultural activities, cannot affect the quality of 
the water in the well. At large extraction rates the flow direction in the clay may be reversed 
close to the well. However, since the conductivity of the clay is very low, and the clay layer 
is often thick, the flow will be small and contaminants will be diluted by flow of other, 
unpolluted groundwater to the well. 
 
 
 
 
 
 

Some basic chemical concepts  

Element Substance consisting only of atoms with the same number of protons 
and hence atomic number. 

Atom The smallest part of an element that retains the properties of the 
element. An atom consists of a dense, central nucleus (consisting of 
positively charged protons and non-charged neutrons) surrounded by 
a cloud of negatively charged electrons.  

Ion An atom with an imbalance between positive and negative charges. 
Cation  An atom that has lost one or more electrons and thus is positively 

charged (e.g. a sodium ion, Na+). 
Anion  An atom that has gained one or more electrons and thus is negatively  
  charged (e.g. chloride ion, Cl-). 
Acid A substance that can donate protons, i.e. hydrogen ions (H+). 
Base  A substance that can accept protons. (There are more general 

definitions of acid and base.) 
Basic cation Potassium (K+), Calcium (Ca2+), Magnesium (Mg2+), Sodium (Na+). 
Acid cation Proton (H+), Aluminium (Al3+), Iron (Fe3+). 
Oxidation Loss of electrons, e.g. Fe2+(aq) → Fe3+ + e-. 
Reduction Uptake of electrons, e.g. O2 (aq) + 2H2O + 4e- → 4OH-. 
Redox  An oxidation of an element always results in a reduction of another 

element so the above two reactions can be combined, giving: 4Fe2+ 
(aq) +O2 (aq) + 2H2O → 4Fe3+ (aq) + 4OH-. 

Ion exchange Exchange of one ion loosely bound to a substance by another ion 
that is more strongly attracted to the substance or more abundant in 
the environment than the displaced ion. Substances that loosely bind 
positive ions are cation exchangers and those that bind negative ions 
are anion exchangers. Nearly all ion exchangers in soils are cation 
exchangers. 

Chemical equilibrium Chemical reactions in the environment may proceed in either 
direction, depending on the temperature, pressure and 
concentrations of chemical involved. Chemical equilibrium is reached 
when the rates of a reaction expressed by a chemical equation from 
left to right and right to left are equal. 
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Base saturation The proportion of cation exchange sites occupied by base cations 
(the remaining sites are occupied by acid cations, especially protons 
and aluminium ions). 

Buffering The counteraction of pH changes in a solution by weak acids or 
bases. For example, the bicarbonate ion dissociates into a carbonate 
ion and a hydrogen ion (proton); HCO3

- ↔ H+ + CO3
2-.  

If protons are added (strong acid) the equilibrium point in this 
equation shifts to the left, so the net addition of protons to the 
solution will be reduced. 

Equivalent weight The molecular weight of a substance, often an ion in soil contexts, 
divided by its charge.  

pH  The negative logarithm of the hydrogen ion concentration in moles 
per litre, - 10log [H+]. 

Precipitate Solid substance that separates from a solution, or the process 
involved in such separation. A precipitate is usually the result of a 
chemical reaction, e.g., combination of ions in a solution resulting in 
formation of a new substance (salt) of low solubility. The texture of a 
precipitate may be crystalline, flocculent, fine-grained, etc. 

Solution Homogeneous mixture of two or more substances. The most 
abundant component is called the solvent, and the other (dissolved) 
substances are called solutes.  

 
 

Chemical terms used in the text 

Al Aluminium  Mg Magnesium 
AlOOH Diaspor  Mn Manganese 
C Carbon  MnO2 Pyrolusite 
Ca Calcium  MnO(OH) Manganese hydroxide 
CO2 Carbon dioxide N Nitrogen 
CO3

2+ Carbonate ion Na Sodium 
Fe Iron  NH4

+ Ammonium ion 
FeO(OH) Iron hydroxide (rust) NO Nitric oxide 
FeS2 Pyrite  NO2 Nitrogen dioxide 
H Hydrogen  NO3

- Nitrate ion 
H+ Hydrogen ion (proton) O Oxygen 
HCO3

- Bicarbonate ion OH- Hydroxyl ion 
H2CO3 Carbonic acid  P Phosphorus 
H2O Water  S Sulphur 
H2S Sulphide  SO2 Sulphur dioxide 
H2SO4 Sulphuric acid SO4

2- Sulphate ion 
H4SiO4 Silicic acid  Si Silicon 
K Potassium  Ti Titanium 
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Mathematical symbols 

A Cross-sectional area; Catchment 
area 

Ae Effective cross-sectional area 
Au Size of saturated discharge area  
b Width 
cs Tracer concentration in 

streamwater  
cg Tracer concentration in 

groundwater  
cp Tracer concentration in rain and 

meltwater  
E Evaporation  
g Acceleration of gravity  
h Height, Groundwater level 
I Electrical current 
K Hydraulic conductivity 
M Specific storage  
m Thickness 
P Precipitation 
p Porosity  
PE Potential evaporation 
Q Discharge 
R Runoff; Groundwater recharge;  
  Resistance 
r Radius 
ra Aerodynamic resistance 
rs  Surface resistance  
S Storage content 
s Dry bulk density 
T Transmissivity; Temperature  
U Voltage (potential difference)

 
 
 
Vg Discharged volume of 

groundwater 
Vp Discharged volume of fresh rain 

or meltwater 
Vt Total discharged volume 
v Velocity 
vd Darcy velocity, volumetric flux 
vp Velocity of water particles (mean 

velocity in macro scale) 
w Water content as weight ratio 
X Fraction of groundwater in 
 streamwater 
x Distance, coordinate direction 
z Height, coordinate direction 
α Contact angle between meniscus 

(the curved surface of a liquid in 
a thin tube) and wall  

γ Surface tension; Electrical  
 conductivity 
Δ Change, difference   
δ18O Relative deviation in 18O/16O  
 isotope ratio of a water  
 sample from that of the 
 international standard water 
 SMOW (Standard mean ocean 
 water) 
θ Water content as volume ratio 
ρ Density of water 

 Total potential of water 
ψ Water pressure potential; 
 Tension 
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